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Isotopes in Economic Geology,
Metallogeny and Exploration—An
Introduction

David L. Huston, Ian Lambert, and
Jens Gutzmer

Abstract

Although (Soddy, Nature 92:399–400, 1913)
inferred the existence of isotopes early last
century, it was not until the discovery of the
neutron by (Chadwick, Nature 129:312, 1932)
that isotopes were understood to result from
differing numbers of neutrons in atomic
nuclei. (Urey, J Chem Soc 1947:562–581,
1947) predicted that different isotopes would
behave slightly differently in chemical (and
physical) reactions due to mass differences,
leading to the concept of isotopic fractiona-
tion. The discovery that some elements trans-
formed into other elements by radioactive
decay happened even before the recognition
of isotopes (Rutherford and Soddy, Lond
Edinb Dublin Philos Mag 4:370–396, 1902),
although the role that different isotopes played
in this process was discovered later. The twin,
and related, concepts of isotopes and radioac-
tive decay have been used by geoscience and
other scientific disciplines as tools to under-

stand geochemical processes such as mineral-
ization, and also the age and duration of these
processes. This book is a review of how
isotope geoscience has developed to better
understand the processes of ore formation and
metallogenesis, and thereby improve mineral
system models used in exploration.

1 Isotopic Research
in the Geosciences

After the discovery of radiogenic decay and
recognition of isotopes, largely by physicists and
chemists, other disciplines—such as geology and
biology—took up process-oriented research and
began to apply isotopic studies to natural systems
led largely by universities and government
research organizations.

1.1 Radioactivity and Geochronology
—Determining the Timing
and Duration
of Mineralization

Within a decade of the discovery of radiation by
Henri Becquerel in 1896, Strutt (1905) first used
radioactive decay (in this case the production of
He (alpha particles) by Th decay) to estimate the
age of a thorianite sample from Ceylon (present
day Sri Lanka) at ca 2000 Ma. The dating of ore
minerals followed soon after: Boltwood et al.

D. L. Huston (&) � I. Lambert
Geocience Australia, GPO Box 378, Canberra ACT
2601, Australia
e-mail: David.Huston@ga.gov.au

J. Gutzmer
Helmholtz-Institute Freiberg for Resource
Technology, Helmholtz-Zentrum
Dresden-Rossendorf, Chemnitzer Str. 40, 09599
Freiberg, Germany

© The Author(s) 2023
D. Huston and J. Gutzmer (eds.), Isotopes in Economic Geology, Metallogenesis and Exploration,
Mineral Resource Reviews, https://doi.org/10.1007/978-3-031-27897-6_1

1

http://crossmark.crossref.org/dialog/?doi=10.1007/978-3-031-27897-6_1&amp;domain=pdf
http://crossmark.crossref.org/dialog/?doi=10.1007/978-3-031-27897-6_1&amp;domain=pdf
http://crossmark.crossref.org/dialog/?doi=10.1007/978-3-031-27897-6_1&amp;domain=pdf
mailto:David.Huston@ga.gov.au
https://doi.org/10.1007/978-3-031-27897-6_1


(1907) used the U–Pb system to date uraninite
samples, yielding uraninite ages of between 410
and 2200 Ma for different localities in Norway
and North America. Holmes (1946) and
Houtermans (1946) independently developed a
method (in effect two-point isochrons) to esti-
mate the age of lead-rich minerals. The old ages
indicated by these studies were a key to under-
standing Earth’s evolution, indicating for the first
time the extreme antiquity of Earth.

Although some of these early geochronology
studies have been discredited for various reasons,
they demonstrated the potential of radiogenic
isotope systems to provide rigorous absolute ages
for geological processes such as mineralization.
Advances in analytical techniques and under-
standing of radiogenic isotope systems have
continually improved so that for many mineral
systems, absolute ages can be readily deter-
mined, and durations of mineralizing events can,
in many cases, be robustly estimated.

1.2 Stable Isotopes—Tracers
for Mineralizing Processes

Within two decades of the recognition of iso-
topes and within a decade of the theoretical
prediction of isotopic fractionation, Epstein et al.
(1953) calibrated a geothermometer based on
measured carbon isotope fractionations from
molluscs grown at different temperatures. Engel
et al. (1958) first used stable isotopes in eco-
nomic geology when they documented the effects
of hydrothermal alteration on carbon and oxygen
isotope characteristics of limestone in the Lead-
ville district, Colorado, USA.

By the mid-1960s light stable isotopic studies
had become a mainstream tool for understanding
processes and sources of components in ore
systems, and the variety and precision of ana-
lytical techniques and isotopic systems has since
only increased. Isotopic studies were critical for
the development of many modern ore genesis
models, for example, porphyry (Sheppard et al.
1969, 1971; Field and Gustafson 1976; Wilson
et al. 2007) and volcanic-hosted massive sulfide
(VHMS) (Sangster 1968; Beaty and Taylor 1982;

Ohmoto et al. 1983; Cathles 1993) systems.
Light stable isotopes provide important con-
straints on the origin of, and interaction, between
ore and ambient fluids, sulfur sources and
chemical processes such as mixing, boiling,
disproportionation and redox reactions.

As an example of the application of isotope
research to mineral and other geological systems,
Box 1 presents a summary of research undertaken
at the Baas Becking Geobotanical Laboratory
(BBL), a research laboratory supported by the
Bureau of Mineral Resources (BMR, now Geo-
science Australia), Commonwealth Scientific and
Industrial Research Organisation (CSIRO) and
industry. Although this laboratory was involved in
many aspects of isotopic research, it is particularly
recognized for having produced ground-breaking
research on sulfur isotope variability in sedimen-
tary rocks and mineral deposits in the Archean to
Proterozoic. Although trends originally noted by
the BBL have held up to subsequent research, the
interpretation of some of these trends has changed
because of continued acquisition of similar data
and the availability of new types of data.

The development of inductively coupled
plasma-mass spectrometry in the late 1970s to
early 1980s (Houk et al. 1980) allowed analysis
of new isotopic systems in the 1990s, including
metallic, stable isotopes (Halliday et al. 1995;
Zhu et al. 2002; Albarède 2004). Initially this
work concentrated on major metals of economic
interest—iron, copper and zinc (Zhu et al. 2000;
Albarède, 2004; Mason et al. 2005; Johnson and
Beard 2006)—but other work has studied the
isotopic behaviour of minor metals such as anti-
mony, molybdenum and silver (Rouxel et al.
2002; Arnold et al. 2004; Mathur et al. 2018),
among others. The advantage of metallic stable
isotopes is that they can track sources of and
processes that affect ore metals themselves and do
not require the frequent implicit assumption that
there is a genetic relationship metals and the
isotopic system (e.g., O, H, C or S) being ana-
lyzed. A challenge of metallic stable isotopes is
that the degree of fractionation is much smaller
than that of light stable isotopes, making the
range in isotopic values much less and, therefore,
more challenging to resolve analytically.

2 D. L. Huston et al.



Box 1 Baas Becking Laboratory
The Baas Becking Geobiological Laboratory
(BBL), which brought together geologists,
geochemists, chemists, microbiologists and
biochemists from the Bureau of Mineral
Resources (now Geoscience Australia) and
the Commonwealth Scientific and Industrial
Research Organisation (CSIRO), operated
from 1963 to 1987. It was established, with
mineral industry backing, to investigate the
role of microorganisms in geological pro-
cesses, particularly the formation of metal
sulfide deposits such as sediment-hosted Zn–
Pb–Ag deposits like Mount Isa, McArthur
River and Broken Hill. Research at the BBL
included studies that contributed to (1) deter-
mining sulfur isotope fractionationassociated
with bacterial sulfide reduction (BSR) in
modern marine sediments, (2) defining and
interpreting sulfur isotope trends in the
Archean and Proterozoic, and (3) under-
standing changes in the carbon cycle leading
up to the Cambrian explosion of life.

Sulfur isotope characteristics of modern
marine sediments

Studies of sulfur isotope fractionation in
modern marine sediments provided
insights into the signatures of biological
activity in metal sulfide ores in sedimen-
tary strata. In modern sedimentary envi-
ronments where sulfate availability is not
constrained, biogenic pyrite exhibits a wide
range of negative d34S, up to 60‰ less
than d34S of source sulfate. In systems,
where sulfate is not/slowly replenished,
d34S values of biogenic sulfides trend to a
range of positive values as sulfate is pro-
gressively depleted (Trudinger et al. 1972;
Chambers and Trudinger 1979). The Per-
mian Kupferschiefer base metal deposit in
black shales in Germany, is a classic
example of mineralisation exhibiting a
typical biogenic S isotope signature.

Sulfur isotope trends in the Archean and
Proterozoic

Documenting sedimentary sulfur isotopic
trends through the Precambrian helped to
define some major trends in biogeochemi-
cal evolution as well as providing insight
into potential sulfur sources in mineral
systems. The vast majority of iron sulfide
minerals in Archaean metasedimentary
rocks, collected near nickel, gold and iron
ore deposits, have d34S in a narrow range
of − 4 to 4‰, similar to the nearby mineral
deposits (Donnelly et al. 1978; Lambert
and Donnelly 1991). The d34S values are
consistent with derivation directly or indi-
rectly from magmatic sulfur, consistent
with high levels of igneous activity. There
were a few sites sampled, however, with
more variability. Although these results
had been interpreted previously (Goodwin
et al. 1976; Ohmoto and Felder 1987) to
indicate BSR, analyzed minerals were from
veins and massive lenses and are closely
associated with volcanics, leading to the
conclusion that the anomalous d34S values
were more likely generated by hydrother-
mal activity, and that there was no clear
evidence of BSR, nor significant levels of
sulfate, in the Archean hydrosphere. The
low concentrations of sulfate in Archean
seawater have largely been substantiated
by later studies, although with some com-
plexities (see below, Huston et al. 2023a, b
and references therein).

This research also had implications for
genesis of and, potentially, exploration for
mineral deposits. In contrast with most
Archean orogenic gold deposits, which
have d34Ssulfide mostly in the range 1–4‰,
Kalgoorlie samples have values of − 7 to
− 1‰, interpreted as resulting from gold
transport as reduced sulfur complexes and
its precipitation as a result of sulfidation of
magnetite-bearing host rocks, which
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resulted in partial oxidation of the ore
fluids (Lambert et al. 1983). Based on this
example, it was suggested that Archean
epigenetic gold deposits of unknown size
are likely to be very large if they have
extensive alteration zones containing
abundant pyrite with negative d34S—a
conclusion supported by further studies
(Phillips et al. 1986).

Although Archean oceans are generally
thought to be sulfate-poor (Lambert and
Donnelly 1991), there are localised occur-
rences of sulfate minerals in Paleoarchaean
provinces, particularly the Pilbara (Western
Australia) and Kaapvaal (South Africa)
cratons. In the Pilbara, BBL studied bed-
ded and discordant barite from the North
Pole (Dresser) deposit, and barite from the
volcanic-hosted massive sulfide (VHMS)
Big Stubby deposit (Lambert et al. 1978).
Barite from North Pole had d34S mostly of
3–4‰, tailing to weakly negative values;
associated sulfide minerals had similar
values. The barite was interpreted to have
formed from Ba-bearing hydrothermal
fluids introduced into a restricted (evapo-
rative?) basin in which microbiological
activities oxidised reduced sulfur, leading
to barite deposition. In contrast, Big
Stubby barite was found to have d34S
values of 11–13‰, while associated sul-
fides had values in the range − 1 to − 5‰.
This was interpreted in terms of the
incorporation of sulfate-bearing basin
waters into barium and base metal bearing
hydrothermal exhalations related to felsic
volcanism.

Research by the BBL contributed to the
recognition of a sustained change in the
sulfur isotope record from the early Pale-
oproterozoic, which was related to the
Great Oxidation Event (GOE). Overall,
Proterozoic sulfides in (meta)sedimentary
rocks have wide ranges of negative to
positive d34S values, with mean values
well above both those of magmatic sulfur

and modern marine sulfides (Hayes et al.
1992). Uncommon sulfate deposits have
d34S values of 10–20‰. The d34S varia-
tions can be accounted for by sulfate
becoming a stable component in low con-
centrations in the hydrosphere around the
Archean-Proterozoic boundary, and its
enrichment in 34S as a result of bacterial
and hydrothermal reduction processes
(Hayes et al. 1992). The rising sulfate
levels likely paralleled the stabilisation of
oxygen in the atmosphere during the GOE,
and proliferation of sulfate-reducing bac-
teria (Lambert and Groves 1981; Lambert
and Donnelly 1991; Hayes et al. 1992).
The predominance of positive d34S values
in Mid to Late Proterozoic sulfides in
stratiform base metal deposits and unmin-
eralized strata were interpreted to indicate
extensive reduction of sulfate-limited sys-
tems—restricted intracratonic marine or
non-marine basins, possibly on supercon-
tinents, where 34S enriched sulfides formed
as biological sulfate reduction proceeded.

Changes in the carbon cycle leading up
to the Cambrian explosion of life

Carbon isotopic signatures of carbonate
and organic carbon in strata straddling the
Neoproterozoic-Cambrian boundary in
China and Svalbard were studied in col-
laboration with the Proterozoic Paleobiol-
ogy Research Group (Knoll et al. 1986;
Lambert et al. 1987; see figure). These data
and data from other sites around the world
defined a trend of carbonate d13C from the
latest Proterozoic that were more positive
than younger marine carbonates. Taken
together with organic carbon d13C data,
this was interpreted to indicate major burial
of organic carbon through this period, in
some cases in closed environments and in
others in open marine systems (Knoll et al.
1986; Lambert et al. 1987). This would
likely have been accompanied by a major

4 D. L. Huston et al.



increase in atmospheric O2, the Neopro-
terozoic Oxidation Event (Canfield 2005).
The transition to the Cambrian was
accompanied by a trend toward negative
carbonate d13C, indicating decreases in
rates of accumulation and/or increased
oxidation of organic matter—the latter
would be expected as a result of the evo-
lution of animals that effectively biotur-
bated the sediments, allowing ingress of
oxygenated waters (Fig. 1).

2 Isotopes in Economic Geology,
Metallogeny and Exploration

This book provides a review of the use of iso-
topes to understand mineralizing processes at
scales ranging from microscopic to continental,
including the timing of duration of these pro-
cesses, regional controls on the localization of
ore formation, sources of ore-forming

components, and chemical and physical pro-
cesses of ore deposition. The book is set out in
four parts. Part I describes the use of radiogenic
isotopes to determine the absolute timing and
duration of mineralizing processes. Part II doc-
uments the use of radiogenic isotopes to deter-
mine metal sources, fingerprint deposit types and
map tectonic and metallogenic provinces. Part III
describes how light stable isotopes have been
used to determine fluid and sulfur sources and to
establish ore forming reactions and processes.
Part IV examines the utility of stable metallic
isotopes for the robust determination of metal
sources and for understanding geochemical pro-
cesses of mineralization like redox reactions.

2.1 Part I—Radiogenic Isotopes
and the Age and Duration
of Mineralization

Ever since the first attempt to date ore minerals
by Boltwood (1907), the main use of radiogenic

Fig. 1 Isotopic data for the
carbonate-rich Upper
Proterozoic to Early
Cambrian succession from the
Yangtze Gorges near Ichang,
China. Reproduced with
permission from Lambert
et al. (1985); Crown copyright
1985 Geoscience Australia.
The original figure used data
summarized by Hsu et al.
(1985)
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isotopes in economic geology, and in the geo-
sciences in general, has been determination of the
age of geological events. Largely because of the
lack of analytical methods and uncertainties in
the rates of radioactive decay, geochronology did
not develop as a discipline until the latter half of
the twentieth century, with the development and
widespread adoption of thermal ionization mass
spectrometry (TIMS) and secondary ion mass
spectrometry (SIMS). The development and
application of ICP-MS, particularly in conjunc-
tion with in situ sampling of individual minerals
by laser ablation (LA-ICP-MS) from the 1990s to
now, has revolutionized geochronology by
enabling access to inexpensive and rapid analy-
sis. This part of the book presents an overview of
the use of radiogenic isotopes and geochronology
to understand the timing and duration of
mineralization.

The first chapter in Part I, by Chiaradia
(2023), presents an overview of the theory and
radiogenic isotope systems used in geochronol-
ogy, including U–Th–Pb, Re–Os, K–Ar (Ar–Ar),
Rb–Sr and Sm–Nd. An important aspect of
geochronology here is the concept of closure,
when a mineral ceases to undergo isotopic
exchange with its surroundings. Potential prob-
lems related to the lack of closure were recog-
nized from the start: Strutt (1905) observed that
the amount of helium would give a minimum age
of a Th-bearing mineral because “the helium may
not have been all retained”. Closure depends
upon many factors, including the mineral, the
isotopic system, temperature and strain. Of these,
the most important is temperature. Closure tem-
perature is the temperature below which the
mineral locks in isotopic composition. This var-
ies not only with the mineral, but also the iso-
topic system (mainly limited by diffusion) and
physical variables such as cooling rate and
crystal size. Chiaradia (2023) presents closure
temperatures for a range of minerals/isotope
systems for which ages are commonly deter-
mined. Consideration of closure temperatures
allows an interpretation of the significance of
different ages (ages determined from mineral
systems do not necessarily reflect primary ages of
mineralization if the mineral remains open for an

extended period of time or re-opens later due to
processes such as heating or deformation), but
also allows an understanding of the rates of
cooling of mineral systems and possible con-
straints on subsequent events. Another important
aspect of geochronology addressed by Chiaradia
(2023) is the duration of mineralizing processes:
individual mineralizing pulses associated with
porphyry copper deposits last at most a few tens
of thousands of years. Individual mineralizing
pulses, however, can overprint each other,
incrementally building up to total endowment to
form world-class deposits.

Chelle-Michou and Schaltegger (2023) pro-
vide a description of the U–Pb isotopic system
and how this system has been the main, and best
understood, isotopic system to determine ages in
most geological systems, including mineral sys-
tems. This overview provides information on
theory, data presentation, processes that can
disturb the system and complicate data interpre-
tation, analytical methods, guidelines for data
interpretation, minerals that can be dated as well
as case studies. In addition, they give a brief
summary of the Th–Pb system. Even though the
U–Th–Pb isotopic system is well understood,
there are many impediments to obtaining robust
ages, and, because ore minerals are rarely dated
directly, geological relationships between the
dated mineral and the ore assemblage must be
considered in data interpretation. Despite this, the
U–Th–Pb system has been the workhorse for
mineral system geochronology, and the high
precision obtainable from this system has
enabled robust studies on the duration of mineral
systems.

The third chapter (Norman 2023) describes
the theory and application of the Re–Os and Pt–
Os systems to dating mineral systems. The Re–
Os system is probably second in importance for
mineral deposit geochronology after the U–Th–
Pb system. In contrast to the U–Th–Pb system,
many minerals dated by the Re–Os systems are
ore minerals (e.g. molybdenite) or closely related
to ore minerals (e.g. arsenopyrite and pyrite). The
Pt–Os system, which can also be used to date ore
minerals, is much less used owing the lower
abundance of suitable minerals and analytical
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challenges. Molybdenite Re–Os dating has been
particularly useful in age dating of mineral sys-
tems as, in addition to being an ore mineral in
many systems, it is resistant to resetting. Despite
these advantages, several processes can compli-
cate data interpretation. Norman (2023) also
describes how the Re–Os system can be used in
understanding processes in orthomagmatic sys-
tems such as metal sources and partitioning of
platinum group elements between sulfide and
silicate melts during magma evolution.

Isotopic systems not described in detail in this
book include K–Ar (Ar–Ar), Rb–Sr and Sm–Nd.
Although the use of the latter two systems is
limited in mineral deposit studies, the K–Ar (Ar–
Ar) system is commonly used, particularly in
dating K-bearing alteration minerals. Owing to
complexities in data interpretation, low closure
temperatures for many datable minerals (e.g.
Chiaradia 2023) and uncertainties in relating
alteration minerals to mineralizing events, care
must be taken in interpreting the significance of
K–Ar and Ar–Ar ages in mineral systems. More
detailed descriptions and applications of the K–
Ar (Ar–Ar) system can be found in Richards and
Noble (1998), Vasconcelos (1999) and Kelley
(2002).

2.2 Part II—Radiogenic Isotopes:
Metal Source, Deposit
Fingerprinting and Tectonic
and Metallogenic Mapping

The second part of this book presents uses of
radiogenic isotopic systems—Sm–Nd, Pb–Pb
and Lu–Hf—to determine metals sources and to
map tectonic and metallogenic provinces using
variations in isotopic ratios. Although demon-
strated as a method last century (Zartman 1974;
Bennett and DePaolo 1987), recent advances in
geographic information systems (GIS) and
increases in the amount of data available have
enabled isotopic mapping at the province to
continental scales.

Champion and Huston (2023) and Huston and
Champion (2023) discuss isotopic mapping using
the Sm–Nd and Pb–Pb isotopic systems,

respectively. Both papers present the theory
behind the isotopic systems as well as analytical
methods prior to describing applications of the
data to metallogenic studies. The availability of
large isotopic datasets combined with GIS visu-
alization and contouring tools has enabled map-
ping of variations in isotopic parameters at the
province to continental scales. Champion and
Huston (2023) illustrate that variations in
parameters derived from Sm–Nd isotopic data
commonly coincide with boundaries between
tectonic and metallogenic provinces. Moreover,
they show that some types of mineral systems
prefer different types of crust (i.e. isotopically
juvenile versus evolved). Huston and Champion
(2023) show that maps based on parameters
derived from lead isotope analyses of ores (e.g.,
l = 238U/204Pb) also define tectonic and metal-
logenic provinces that can be used to predict the
metallogenic potential of mineral provinces.
Moreover, they review previous literature that
shows that lead isotope data can be used to
determine the lead sources and to fingerprint
deposit types in regions of complex metallogeny.

Waltenberg (2023) discusses the theory and
analytical methods of the Lu–Hf isotopic system
prior to considering its utility in metallogenic
studies, particularly isotopic mapping. Although
in many ways similar to the Sm–Nd system, Lu–
Hf isotopic data, which are mostly derived from
zircon analyses, also provide information on
changes in isotopic patterns through time, a
characteristic not available with the Sm–Nd or
Pb–Pb systems. Like the Sm–Nd system,
parameters derived from Lu–Hf data define tec-
tonic and metallogenic provinces or boundaries,
in this case at specific times. Understanding of
the Lu–Hf system is evolving rapidly, hence the
utility of the Lu–Hf system to metallogenic
studies will increase in the future.

2.3 Part III—Light Stable Isotopes:
Fluid and Sulfur Sources
and Mineralizing Processes

Since their early application to metallogenic
studies (Engel et al. 1958), light stable isotopes
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(initially H, C, O and S, but expanding to include
B, Mg, Si, etc.) have played an important role in
developing models for ore deposit and then
mineral systems. Part III of this book presents the
theory, analytical methods and processes that
fractionate the most used light stable isotope
systems (H, C, O, S and, in some cases, B) and
then illustrates how these data have been used to
develop mineral system models for VHMS,
orogenic gold, shale-hosted Zn–Pb and iron ore
deposits.

Huston et al. (2023a) present an overview of the
most used stable isotopes in mineral systems
studies. This chapter describes the general theory
and conventions of these data, documents analyt-
ical techniques, including recent developments in
microanalytical capabilities and interpretation of
multiple sulfur isotope ratios, and discusses how
light stable isotope data can be used to constrain
possible fluid and sulfur sources, how isotopic
patterns can be used to infer geochemical and
geophysical processes, and, potentially, explo-
ration. Huston et al. (2023a) stress that the inter-
pretation of isotopic data is commonly ambiguous
in that different sources and different processes can
produce similar isotopic characteristics.

Volcanic-hosted massive sulfide deposits, the
ancient analogues of modern black smoker
deposits, form at or close to the seafloor in sub-
marine volcanic successions. Because of this
environment, VHMS mineral systems involve a
complex interplay between component sources
and processes. Huston et al. (2023b) review how
stable isotope data, particularly oxygen, hydro-
gen and sulfur data, have been used to determine
(or at least to delimit) fluid and sulfur sources, to
infer processes, and to demonstrate that sources
and processes have evolved with geological time.
Oxygen-hydrogen data indicate that the main
fluid was (evolved) seawater although magmatic-
hydrothermal fluids are thought to have been
present in some systems. Moreover, these data,
particularly d18O, define reasonably consistent
patterns that have been used in exploration and
discovery. Sulfur isotope data (including d34S,
d33S and d36S) indicate that sulfur sources are a
mixture between seawater sulfur (reduced sul-
fate) and igneous (leached or magmatic-

hydrothermal) sulfur, with the proportion of
seawater-derived sulfur increasing with geologi-
cal time. Detailed deposit-scale sulfur isotope
studies using in situ microanalysis demonstrate a
complex mixture of igneous sulfur and that
produced by thermochemical and biogenic sul-
fate reduction (TSR and BSR).

Orogenic gold deposits form in orogenic belts
commonly intruded by igneous rocks, are mostly
in the form of veins or stockworks. The associ-
ation of these deposits with both orogenic belts
and granitic rocks has led to controversies over
the origin of ore fluids and sulfur. Quesnel et al.
(2023) address these controversies using a data-
base of over 8000 oxygen, hydrogen, carbon,
sulfur, nitrogen, boron and silicon isotope anal-
yses collected from deposits of all ages around
the world. Based upon this dataset, Quesnel et al.
(2023) conclude that the isotopic data for these
deposits are most consistent with a dominant
metamorphic fluid having a temperature of
360 ± 76 °C (1r) and that this broad fluid type
did not change significantly over geological time.
Moreover, isotopic arrays can be interpreted to
indicate mixing between this deep metamorphic
fluid and upper crustal fluids. Secular variations
were noted for nitrogen and sulfur isotopes.
Quesnel et al. (2023) interpret the changes in
nitrogen to reflect secular variations in d15N
values, whereas the changes in d34S ultimately
reflect secular changes in d34S of seawater.

Williams (2023) also used an isotopic dataset
compiled from clastic-dominated (shale-hosted
or SEDEX) Zn–Pb deposits in the Paleo-
Mesoproterozoic North Australian Zinc Belt
and in the Paleozoic Northern Cordillera of
Canada and the United States to determine sulfur
and carbon sources and assess competing syn-
genetic and diagenetic/epigenetic timings of
mineralization. An important conclusion of the
study is that earlier bulk sulfur isotope studies
using conventional analytical techniques blurred
the isotopic pattern that became sharper with the
advent of microanalytical methods beginning in
the late 1980s. Carbon–oxygen data from car-
bonates suggest that the ore fluids were warm
(> 150 °C) basinal brines. Microanalytical sulfur
isotope data in combination with observations of
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mineral textures suggest that the earliest, barren
pyrite incorporated sulfide produced by BSR,
whereas later-formed sphalerite and galena
incorporated sulfide derived from TSR. The
sulfur isotope and paragenetic data are most
consistent with a diagenetic/epigenetic timing for
mineralization, although in some deposits (e.g.,
Red Dog, Alaska) the data are indicative of
protracted mineralization, including early syn-
genetic sulfide deposition.

Hagemann et al. (2023) document isotopic
changes in the complex iron ore mineral system
in which iron formation protore was progres-
sively enriched via hypogene and supergene
processes to form iron ore. Data from iron ore
deposits in Australia, South Africa and Brazil,
showed a consistent decrease in d18O from val-
ues of 4–9‰ in iron formation protore to values
as low as − 10‰ in high-grade iron ore. Hage-
mann et al. (2023) interpret this d18O shift to
indicate the incursion of ancient meteoric fluids
along fault and fracture zones. They also inter-
pret that upgrading involved magmatic fluids in
the Carajás (Brazil), basinal brines in the
Hamersley (Australia) and deep crustal (meta-
morphic or magmatic) fluids in the Quadrilátero
Ferrífero (Brazil) provinces. The systematic
decrease of d18O values in iron oxides from the
early to late paragenetic stages and from the
distal to proximal alteration zones, including the
ore zone, may be used as a geochemical vector.
In this case, oxygen isotope analyses on iron
oxides would provide a potential exploration tool
(Hagemann et al. 2023).

2.4 Part IV—Metallic Stable Isotopes:
Metal Sources
and Mineralizing Processes

The development of ICP-MS has enabled stable
isotope studies to be extended from the tradi-
tional light stable isotopes into transition metals
such as copper, iron and zinc and other ore and
related elements such as antimony, molybdenum
and silver. Of these, studies of iron, copper and
zinc in this part are reviewed in chapters by

Lobato et al. (2023), Mathur and Zhao (2023)
and Wilkinson (2023).

Lobato et al. (2023) compile existing data and
present new data on the variability of iron iso-
topes in banded iron formation-hosted iron ore
deposits from Australia and Brazil. This analysis
found that although some characteristics of iron
isotopes varied by metallogenic province, others,
such as the association of hypogene ores with
lower d56Fe and supergene ores with higher
d56Fe, persist in all metallogenic provinces. In
the Quadrilátero Ferrífero district (Brazil), iron
isotopic characteristics in hematite ore differ
between deformational domains: deposits in
domains with low deformation have lower d56Fe
than those in high-strain domains, possibly
reflecting different fluid characteristics, such as
temperature. In the Corumbá region (Brazil),
d56Fe characteristics reflect the interplay of pri-
mary seawater, microbial activity and supergene
alteration. In the Carajás district (Brazil), hypo-
gene magnetite and hematite iron ores have
lower d56Fe than their iron formation protores. In
the Hamersley Province (Australia), d56Fe and
d18O values appear correlated during greenschist
metamorphism and hypogene upgrading, but
negatively correlated during subsequent super-
gene upgrading. Lobato et al. (2023) highlight
that hypogene iron ores tend to have lower d56Fe
values, whereas supergene overprints result in
higher d56Fe values, although they note that more
data are required to confirm these observations.

Mathur and Zhao (2023) review the devel-
opment of copper isotopes over the last two
decades in ore genesis, environmental monitor-
ing and exploration. Compared to other metallic
stable isotopes, d65Cu has a large range of 10‰,
possibly due to copper being involved in redox
reactions, during both hypogene and supergene
mineralizing processes. After documenting ana-
lytic methods and reporting conventions, Mathur
and Zhao (2023) provide an overview of the
natural variability of copper isotopes followed by
a discussion of how copper isotopes fractionate
and evolve in mineral systems including mag-
matic Ni–Cu, porphyry copper (and related
skarns), VHMS, sediment-hosted copper and
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supergene-enriched systems. They document that
the greatest fractionations occur during low
temperature redox reactions, such as supergene
enrichment, and how this information can be
used during exploration of, for instance, leached
caps that form over copper-rich deposits at depth
or in groundwaters.

For zinc isotopes, Wilkinson (2023) reviews
analytical methods and reporting conventions,
and then describes natural variability in rocks
and mineral deposits. Compared to d56Fe and
d65Cu, the variability observed in d66Zn (< 2‰)
is small, probably because in zinc on Earth has
only one valence state and, hence is not involved
in redox reactions. Because of the newness of
analytical methods, zinc isotope data from min-
eral deposits are uncommon. One exception is
sediment-hosted zinc deposits, including both
carbonate-hosted and shale-hosted deposits.
Wilkinson (2023) demonstrates a reasonably
consistent enrichment of d66Zn from the core to
the peripheries of these deposits. For other
deposit types for which data are available
(VHMS, veins and porphyry and related depos-
its) currently available data are simply insuffi-
cient to establish consistent patterns.

Although not discussed in this book, signifi-
cant natural variations have been observed in
other metallic and semi-metallic isotopes,
including antimony, molybdenum and silver
(Rouxel et al. 2002; Arnold et al. 2004; Mathur
et al. 2018). Because these elements are extracted
from some ores or are closely associated with ore
metals, they have potential to further understand
ore genesis.

3 Conclusion

Isotope geochemistry has played an essential role
in the development of mineral deposit and met-
allogenic models at all scales, providing con-
straints on sources (fluid, sulfur and metal),
processes and ages. In particular, the data have
provided critical information for mineral systems
models for porphyry copper/epithermal, VHMS,
orogenic gold, iron ore, sediment-hosted Zn–Pb
and Cu, and orthomagmatic Ni–Cu deposits,

among others. The development of rapid, inex-
pensive and robust geochronological methods for
dating ore and ore-related minerals has provided
the fourth dimension to economic geology and
metallogenic research. Radiogenic isotopes also
provide information on the sources of ore metals,
including lead and rare earth elements; in addi-
tion, mapping of isotopic ratios and derived
parameters provides new insights into tectonic
and metallogenic provinces, including fertility
and metal endowment. Light stable isotopes have
been a workhorse in ore genesis studies since the
mid-1960s, providing important constraints on
fluid and sulfur sources as well as ore forming
processes. Metallic stable isotopes provide
information on metal sources and mineralizing
processes, particularly redox processes. This
isotopic research, like isotope mapping, is in the
early stage of evolution and, when combined
with other major development in isotopic
research, such as the analysis of multiple isotope
ratios in the oxygen (d18O and d17O) and sulfur
(d34S, d33S and d36S) systems, will undoubtedly
provide further invaluable insights into ore
genesis.
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Radiometric Dating Applied to Ore
Deposits: Theory and Methods

Massimo Chiaradia

Abstract

Metallic ore deposits have contributed to the
development of the human society since
pre-historic times and nowadays are one of
the pillars of unprecedented technological
developments. In order to understand how
metallic ore deposits form and thus construct
genetic models that may serve as exploration
guides, determining the age of an ore deposit
is one of the most important pieces of
information needed. More recently it has also
become evident that determining the temporal
duration of mineralizing events can offer
valuable information on how certain deposits
form and thus improve genetic models.
Radiometric dating of ore minerals or of other
minerals that are demonstrably associated in
space and time with mineralization is the most
accurate and precise tool to date an ore
deposit. This Introductory Chapter summa-
rizes basic concepts on why ore deposit dating
is important and how this can be achieved
through different methods. It illustrates basic
differences among different methods and
serves as an introduction to the more detailed

descriptions of specific dating methods pre-
sented in the following Chapters.

1 Introduction

Metallic ore deposits are anomalous accumula-
tions of metal commodities within a few kilo-
metres of the Earth’s surface, which have been
concentrated significantly above their average
crustal contents and in mineralogical forms that
make them economically and metallurgically
exploitable (e.g., Skinner 1997). Although vari-
ous geological processes are implicated in con-
centrating metals in the Earth’s crust, metals in
most ore deposits, except some types, like
orthomagmatic deposits, are precipitated by
aqueous solutions displaying a range of temper-
ature and pH conditions (e.g., Seward and Barnes
1997). These aqueous solutions may derive
directly from cooling and/or rising magmas or
may be modified seawater, meteoric or connate
water, or a mixture of all the above and other
fluids, depending on the typology of the ore
deposit formed (e.g.,Giggenbach 1997; Scott
1997; Mckibben and Hardie 1997). Precipitation
of metals from these aqueous solutions is usually
accompanied by an alteration process of the
rocks adjacent to the fluid path (e.g., Reed 1997).
This is due to chemical disequilibrium between
the fluid and the rocks it interacts with. There-
fore, a mineralization process results ultimately
in the precipitation of metal-bearing ore minerals
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(usually sulfides and/or oxides) and metal-barren
gangue minerals (e.g., carbonates, sulfates, sili-
cates) directly from hydrothermal fluids or as
replacement of pre-existing mineral phases by
fluid-rock reactions.

Dating the time in the past when metals in the
Earth’s crust have been concentrated is instru-
mental for a complete understanding of the
geological processes that form mineral deposits.
Determining the timing of mineralization allows
us to associate it with magmatic, metamorphic,
climatic, biologic, tectonic, and/or geodynamic
events that are the drivers of the mineralization
processes. Many researchers have studied the
distribution of mineral deposit types through
time highlighting their link with major events of
the Earth’s history (e.g., supercontinent assem-
bly, oxidation events, climatic changes) and their
temporal recurrence or uniqueness (Watson
1978; Veizer et al. 1989; Barley and Groves
1992; Goldfarb et al. 2001; Frimmel 2005;
Heinrich 2015). Geochronology of ore deposits
is fundamental to pinpoint these relationships, to
evaluate their repeatability through time, and
eventually to offer a “predictive” tool for explo-
ration of different mineral deposits within speci-
fic geochronological windows.

In addition, establishing the timescales of
mineralizing events improves our understanding
of the physico-chemical processes that lead to
metal precipitation, especially the rate at which
metal precipitation occurs, which is a function of
the energy of the system and how this is dis-
tributed through time (Weis et al. 2012; Chiara-
dia et al. 2013, 2014; Chelle-Michou et al. 2017;
Chiaradia and Caricchi 2017; Chiaradia 2020).

Dating of mineral deposits can be accom-
plished through “indirect” stratigraphic methods
(e.g., paleomagnetism, fossil assemblages, iso-
tope chemostratigraphy using C and Sr isotopes)
or “direct” absolute radiometric dating methods
(e.g., U–Pb, Re–Os, 40Ar/39Ar, K/Ar, Rb–Sr). It
should be emphasized that ages obtained through
“indirect” stratigraphic methods are ultimately
determined by absolute radiometric dating that
establish the geological time scale of the sedi-
mentary sequences deposited on the surface of

our planet (Gradstein et al. 2020). Such “indi-
rect” stratigraphic methods can only be applied
to deposits that are interpreted or inferred to be
syn-diagenetic or syn-depositional, e.g., VHMS
deposits, potentially, but not necessarily,
sediment-hosted base metal deposits and
carbonate-hosted Pb–Zn deposits (Symons and
Sangster 1994; Leach et al. 2001). In the case of
deposits that are not syn-sedimentary, these
stratigraphic methods only allow us to establish
upper and/or lower limits to the age of mineral-
ization. The recognition of the syn-diagenetic or
syn-depositional nature of a mineralization is a
difficult task especially where deposits of older
ages are overprinted by subsequent geological
events that may mask primary textural relation-
ships (e.g., see controversy on the age of the
Zambia copper belt: Sillitoe et al. 2017a, b;
Hitzman and Broughton 2017; Muchez et al.
2017).

The most accurate and precise way of deter-
mining the age of an ore deposit is radiometric
dating, while recognizing that careful textural
constraints on the minerals used for dating are
essential in order to date ore or alteration min-
erals that are genetically associated with the
mineralization (e.g., Chiaradia et al. 2013).
Accuracy refers to how close a measurement of
an age is to the “real” value, which is not trivial
to assess because a priori we do not know what
the “real” age is. Estimation of the accuracy can
be done through measurement of standards with
known, certified ages and evaluating how far our
measure is from the certified value. However,
such measurements do not guarantee that sample
ages are accurate, if, for instance, unknown
samples are affected by open system behavior.
Several parameters may affect the accuracy of an
age determination as it will be discussed below.
Precision indicates the uncertainty that we can
attach to an age that we have measured and
usually depends on limitations of the analytical
tools used.

The goal of this chapter is to provide basic
information on minerals, techniques, accuracy
and precision of radiometric methods used for
dating metallic mineral deposits.
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2 Principles of Radiometric Dating

2.1 Radioactive Decay

Isotopes are nuclides of the same element and as
such are characterized by the same number of
protons but different numbers of neutrons.
Radioactivity is the process through which nat-
urally unstable isotopes of elements emit sub-
atomic particles and energy resulting in changes
of the number of protons and neutrons which
lead to the transformation of the initial isotope
into an isotope of another element (Fig. 1)
(Rutherford and Soddy 1902a, b). When a
radioactive isotope is incorporated into a mineral
at the time of its formation it becomes a natural
clock that may allow the determination of the
time in the past when such incorporation, or the
mineral formation, occurred. Strutt (1905) was
the first to use radioactivity as a geochronologi-
cal tool. Although the formation of a mineral
may not be instantaneous at the scale of human
life it is so at the scale of most geological events.
The way the radioactive isotope clock works is
that in several specific minerals radioactive iso-
topes of some elements can be incorporated at
levels sufficient to be measured with available
analytical techniques and instruments (mass
spectrometers). Through time these radioactive
isotopes (called parents) decay, emitting various
forms of energy and sub-atomic particles and
transforming into isotopes of other elements
(called radiogenic daughters) which may also be
measurable if enough time has occurred since the
formation of the mineral to allow sufficient decay
of the radioactive isotope (Fig. 1). Several types
of radioactive decay exist (e.g., a and b decay:
Fig. 1) and apply to different parent radioactive
isotopes (see specific literature for more details:
e.g., Faure and Mensing 2005; Dickin 2005;
Table 1). The products of radioactive decay may
be stable (i.e., non-radioactive) daughter isotopes
(a typical example is the decay of 187Re to stable
187Os by b− decay or the decay of 147Sm to
143Nd by a decay) or daughter isotopes that are
themselves radioactive parents and decay to

another daughter isotope a typical example of the
latter is the decay chain of 238U to 206Pb, which
occurs through a series of intermediate radioac-
tive daughter/parent isotopes formed by a and b
decay processes, e.g.,

238U !a 234Th !b 234Pa !b 234U !a 230Th

ð1Þ
and so on until stable 206Pb.

The use of radioactivity as a geological clock
is possible because the decay rate of a large
population of a particular radioactive isotope is
statistically constant (and for this reason it is
called the decay constant, identified by the Greek
letter k), can be measured and quantified, and
does not change with changes of physico-
chemical parameters like temperature, pressure
and composition of the phase hosting the
radioactive isotopes (e.g., Faure and Mensing
2005). Different radioactive parent isotopes have
widely differing rates of decay encompass-
ing > 10 orders of magnitude (Table 1), which
allows determination of events that range in age
from billions of years ago to decades ago
depending on the chosen isotopic decay system.
Thus, by measuring the amounts of radioactive
parent isotopes and daughter products present
today in a mineral, and knowing the constant rate
at which the parents have decayed into the
daughters, we can determine the time elapsed
over which the mineral has been accumulating
the daughter isotope since its formation. Time,
rate of disintegration and atomic abundances of
parents and daughters are linked together through
a simple exponential equation

D� ¼ N ekt � 1
� � ð2Þ

where D* and N are the numbers of radiogenic
daughter and radioactive parent isotopes,
respectively, measured in the system today, k is
the decay rate (known as decay constant) and t is
the time since the system (mineral in geological
applications) has formed incorporating the
radioactive parent isotope. This equation can be
solved in order to obtain the time
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t ¼ 1
k
ln

D�

N
þ 1

� �
: ð3Þ

2.2 Conditions

There are several conditions that must be met in
order to use Eq. (3) to obtain a meaningful age.
First of all, the mineral must behave as a closed
system since its formation, not allowing any
escape or any ingression of either parent or
daughter isotope, which would modify the D*/N
ratio produced by the radioactive decay.

This is a condition that is difficult to be real-
ized because: (i) all elements occurring in min-
erals, including the radioactive isotopes, tend to
diffuse in order to re-equilibrate with the sur-
rounding environment under the drive of chem-
ical and thermal gradients; (ii) radioactive decay
creates damage to the crystalline lattice of min-
erals, which favors the escape or ingression of

elements; (iii) the minerals hosting the radioac-
tive parents may be subject to interactions with
fluids during their geological life which will
cause a release or an ingression of radiogenic and
parent isotopes (the reader may refer to Mattin-
son 2005, to see how the problem of crystal
lattice damage of zircons can be tackled in U–Pb
geochronology). Among these three processes,
thermally activated diffusion is a ubiquitous
process, by which elements diffuse within crys-
tals as a function of atomic size, crystal structure
and size, and temperature. For a particular ele-
ment in a particular crystal structure diffusion
becomes increasingly fast with increasing tem-
perature, through an exponential function known
as the Arrhenius law.

All the points above bear on the fundamental
question of what exactly are we dating when we
apply a radiometric clock to a mineral? In ideal
cases, where the mineral has remained a closed
system since its formation, the answer is that we
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are dating the time elapsed since the mineral
crystallised. In other cases, the radiometric age
may reflect the time since the mineral cooled to a
temperature below which diffusion of the parent
and daughter isotopes becomes so slow that the
mineral acts as a closed system. This temperature
is known as closure temperature (Dodson 1973).
Because the closure temperature depends on
crystal structure, grain size of the crystal, and
atomic size of the diffusing isotope, there is a
wide range of closure temperatures (from > 900
to < 100 °C) for the different radiometric dating
systems applied to different minerals (Fig. 2).

In cases where a mineral has grown at tem-
peratures below its closure temperature for the

isotopic system of interest, an isotopic age from
this system is likely to reflect the time of for-
mation of that mineral. In contrast, where a
mineral grows at temperatures above its closure
temperature, the isotopic age will be younger
than the timing of mineral formation. The time at
which a mineral passes below its closure tem-
perature can be variably younger than the time of
its formation and reflects the thermal history of
the rock that contains the mineral.

These considerations highlight the need to
carefully assess the geological meaning of a
radiometric age on a case by case basis, requiring
as much knowledge as possible of the geological
context of the sample.

Table 1 Some radioactive system decay schemes and their applications to dating mineral deposits

Decay scheme Decay constant Half-life Types of datable minerals Datable minerals
238U ! 206Pb
235U ! 207Pb

1.55125 � 10–
10

9.8485 � 10–
10

4.468 � 109

0.704 � 109
Magmatic and hydrothermal
ore-associated minerals ± ore
minerals (e.g., cassiterite)

zr, tit, rt, bd, xen, mon,
all, cs, gar

232Th ! 208Pb 4.9475 � 10–
11

14.010 � 109 Magmatic and hydrothermal
ore-associated minerals ± ore
minerals

all, mon

187Re ! 187Os 1.66 � 10–11 4.17 � 1010 Ore minerals (sulfides) mol, various sulfides
40 K ! 40Ar * 5.81 � 10–

11
1.193 � 1010 Gangue hydrothermal

minerals ± fluids contained
in ore and gangue minerals

K-bearing minerals
(micas, amph, Kf, al,
….) and fluids

87Rb ! 87Sr 1.42 � 10–11 4.88 � 1010 Gangue hydrothermal
minerals ± fluids contained
in ore and gangue minerals

micas, Kf, sl, and Rb-
bearing fluids (as
inclusions in, e.g.,
quartz)

147Sm ! 143Nd 6.54 � 10–12 1.06 � 1011 Certain gangue and ore
minerals (e.g., scheelite)

cpx, gar, sch

176Lu ! 176Hf 1.94 � 10–11 3.57 � 1010 Certain gangue minerals gar
234U ! 230Th 2.829 � 10–6 2.45 � 105 Young zircons and carbonates zr, carbonates
230Th ! 226Ra 9.1929 � 10–6 7.54 � 104 Young zircons and carbonates zr, carbonates
226Ra ! 222Rn 4.33 � 10–4 1.6 � 103 Young carbonates (e.g.,

travertines)
carbonates

210Pb ! 210Bi 3.06 � 10–2 2.26 � 101 Lake sediments, snow/ice bulk sediments,
snow/ice

Decay constant and half-life values are from Faure and Mensing (2005) and are purely indicative. Continuous refining
of these values is proposed in the literature and the reader should refer to the latest proposed values for geochronological
applications
Abbreviations: zr = zircon, tit = titanite; rt = rutile; bd = baddeleyte; xen = xenotime; mon = monazite; all = allanite;
cs = cassiterite; mol = molybdenite; amph = amphibole; Kf = K-feldspar; al = alunite; cpx = clinopyroxene;
gar = garnet; sch = scheelite; sl = sphalerite
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2.3 Systems not Incorporating Initial
Daughter or with Known
Initial Daughter

A rock or mineral can be dated using Eq. (3) only
if it does not incorporate any significant amount
of daughter isotope from the surrounding envi-
ronment during its formation or if the amount and
isotopic composition of the incorporated daughter
isotope are known. In such cases either all the
daughter isotopes measured in the mineral can be
attributed to in-situ radioactive decay or they can
be corrected for the incorporation of the initial
daughter isotopes. Daughter isotopes of any
parent-daughter system are continuously pro-
duced everywhere on Earth and therefore the
possibility to use Eq. (3) depends on the ability of
a mineral to selectively incorporate a radioactive
parent and exclude the radiogenic daughter at the
time of mineral formation. Several commonly-
dated mineral and isotopic pairs satisfy this
requirement, for example, the U–Pb system in
zircon, the Re–Os system in molybdenite, and, to
some extent, the K–Ar system in micas and
feldspars. In the latter case it is assumed that
initial argon present in a mineral has the isotopic
composition of atmospheric argon, which is
known and is assumed to have not changed
through time (see below): this allows the sub-
traction of the initial atmospheric Ar.

The K–Ar method of dating of K-bearing
minerals is more complex than U–Pb dating of
zircon and Re–Os dating of molybdenite for at
least two additional physical and methodological
issues. The first issue is that the relatively low
closure temperatures of Ar diffusion in com-
monly dated K-bearing minerals (Fig. 2), due to
the high diffusivity of Ar, implies that K–Ar
dates record the time at which the minerals pass
below their Ar closure temperatures. The latter,
for most K-bearing minerals, fall in the lower
range of hydrothermal temperatures (Fig. 2) and
therefore may be lower than the dated mineral
crystallization temperatures. In such a case, the
K–Ar age recorded by the mineral will be
younger than the mineral crystallization age. In
other cases, the crystallization of the K-bearing
minerals may occur at temperatures that are
similar or lower than their closure temperature. In
such a case the 40Ar/39Ar date will yield the
crystallization age of the mineral. Careful petro-
graphic studies should be carried out to evaluate
the meaning of K–Ar ages of K-bearing minerals
associated with ore deposits. This is especially
true in multi-pulsed systems like porphyry
deposits that are characterized by long-lived
thermal anomalies above the closure tempera-
ture of commonly dated K-bearing minerals (e.g.,
Chiaradia et al. 2014). In contrast, the high clo-
sure temperatures of zircon (Cherniak and
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Watson 2001) and molybdenite (Stein et al.
2001) for the corresponding U–Pb and Re–Os
systems, most of the time higher than crystal-
lization temperatures of these minerals, imply
that dates obtained on these minerals are crys-
tallization ages. The second issue is that the K–
Ar method requires independent measurements
of K and Ar by distinct analytical methods on
different sample aliquots, which poses a problem
if the sample aliquots are not homogeneous.

The 40Ar/39Ar method of dating is a derivation
of the K–Ar method, which has the advantage that
a date can be obtained through a single mea-
surement of the same sample aliquot on a noble
gas mass spectrometer, thanks to the conversion
of 39K of the sample to 39Ar by neutron irradia-
tion in a nuclear reactor. Since 39K and 40K occur
in a fixed ratio, 39Ar becomes a proxy of 40K
measurement. This method requires the use of
monitors with a known age for the quantification
of the conversion of 39K to 39Ar in the reactor,
and is therefore an indirect dating method relying
on the accuracy of the monitors’ ages.

Another advantage of the 40Ar/39Ar method is
that it allows the acquisition of a series of dates
on the same sample by incrementally heating it,
which causes the release of Ar aliquots at each
different heating step. The dates so obtained
correspond to the release of Ar from increasingly
retentive (i.e., higher closure temperatures) parts
or crystallographic domains of the mineral. This
method allows us to draw an age spectrum dia-
gram using the dates obtained for each step of
argon released during the mineral heating pro-
cess. In ideal cases, several steps (usually the
higher temperature ones) provide statistically
identical ages forming a so-called plateau age.
Younger ages, usually pertaining to the lower
temperature steps, correspond to parts and/or
crystallographic domains of the mineral that have
undergone variable Ar loss. Sometimes, steps
with older ages than a plateau may also occur and
can be associated with other problems of the
40Ar/39Ar method like Ar excess and Ar recoil.
The reader is invited to consult the specific lit-
erature (e.g., Faure and Mensing 2005; Dickin
2005) for detailed information on the K–Ar and
40Ar/39Ar dating methods.

2.4 Systems with Initial Daughter—
The Isochron Method

For other cases, where a significant and not
constrainable amount of daughter isotope may be
incorporated in the mineral at the time of its
formation

D ¼ Di þD� ð4Þ

where D is the total amount of daughter isotope
resulting from the sum of the daughter isotope
incorporated from the surrounding environment
at the time of formation of the mineral (Di) plus
the daughter isotope produced within the mineral
after its formation by decay of the incorporated
radioactive parent (D*).

Thus, Eq. (4) above becomes, by substituting
Eq. (2) into it,

D ¼ Di þN ekt � 1
� � ð5Þ

and Eq. (5) can be solved for t

t ¼ 1
k
ln

D� Di

N
þ 1

� �
ð6Þ

This equation, to be solved for t, requires
knowledge of Di, which cannot be known if t is
not known, except in some cases like discussed
above for the K–Ar system, in which all initial
Ar (Di) is attributed to atmospheric Ar. However,
a solution to Eq. (6) is given by the observation
that

D� Di

N
ð7Þ

is the slope of a straight line in the space [D–Di]
versus N, which corresponds to an isochron. All
the terms of Eq. (7) are usually normalized to a
common reference isotope, like a stable non-
radiogenic isotope of the daughter element.

This solution allows us to solve the age
Eq. (6) by determining the slope of a linear
regression between daughter radiogenic and
parent radioactive isotopes, which form as a
consequence of the radioactive decay.

Radiometric Dating Applied to Ore Deposits: Theory and Methods 21



In order to obtain a linear regression at least
two points should be obtained, but, in reality, two
and three point regressions have very limited
statistical significance (e.g., Ludwig 2001).
Therefore, the reliability and precision of linear
regressions lies in the number of points by which
they are formed and in the statistical dispersion
around the regression (Fig. 3).

Robustness and precision of the regression
depend on: (i) the spread of the points along the
isochron (the wider the spread the lower the
uncertainty on the isochron age), (ii) the analyt-
ical uncertainty of the isotope ratios of each
analysis (the lower this uncertainty the lower the
uncertainty on the age), and (iii) the number of
points defining the regression (Fig. 3). In many
applications of isochron methods in
geochronology, the different points of a linear
regression are represented by different but
cogenetic minerals. The use of different minerals
ensures that they have a broad range of
parent/daughter ratios which is a prerequisite to
obtain a spread of points along the regression. In
some cases (e.g., Pb–Pb isochrons) a single
mineral isochron can be obtained by sequentially
leaching the mineral and extracting different
proportions of radiogenic lead from it (e.g., Frei
and Kamber 1995).

The use of Eq. (6) requires that the minerals
(or mineral leachate fractions) used for the
regression have remained closed systems since
their formation and that they have formed coev-
ally incorporating the radiogenic isotope from the
formation environment (fluid) in the same ratio to
the non-radiogenic isotope, i.e., they must be
formed by an isotopically homogeneous
hydrothermal fluid, in the case of hydrothermal
ore deposits. It should be noted that, for the
reasons discussed above and summarized in
Fig. 3, the precision of the isochron dating
method is usually poorer than dating of minerals
which incorporate very little initial daughter
isotope, e.g., U–Pb dating of zircon, Re–Os
dating of molybdenite, 40Ar/39Ar (K–Ar) dating
of K-bearing minerals (under the reasonable
assumption that all initial Ar is atmospheric).

3 Dating Methods

Table 1 reports the most used radiometric dating
systems in ore geology. The usefulness of these
methods depends on the occurrence of datable
minerals in any particular ore system.

Each method has different ranges of applica-
bility, but a first-level evaluation of the radio-
metric dating methods concerns what type of ore
or ore-related minerals they can date. From this
perspective we can distinguish three main
classes:
1. Methods that may directly date ore minerals

(e.g., sulphides, oxides);
2. Methods that may date hydrothermal minerals

that are paragenetically associated with ore
minerals as a result of fluid-rock interaction or
co-precipitation from the ore fluid;

3. Methods that allow upper and lower age
bracketing of the ore event.

3.1 Methods Directly Dating Ore
Minerals

Re–Os is the most precise and accurate method
for directly dating ore minerals (Stein et al. 2001;
Norman 2023). Rhenium is a siderophile to
chalcophile element, which is incorporated to
variable extents into sulfide minerals. This
method allows high precision dating of molyb-
denite (MoS2) through Eq. (3) and a variety of
sulfides (pyrite, chalcopyrite, etc.; Morelli et al.
2007; Saintilan et al. 2018) through the isochron
method (Eq. (6)). Because of the widespread
occurrence of molybdenite and other sulfides
datable by the Re–Os method in a great variety of
geological environments this method is very
versatile and allows dating of a broad range of
ore deposits (e.g., porphyry systems, stratiform
copper deposits, iron oxide copper–gold (IOCG),
volcanic-hosted massive sulfide (VHMS), Mis-
sissippi Valley-type (MVT) deposits: Li et al.
2017; Saintilan et al. 2018; Liu et al. 2015;
Requia et al. 2003; Nozaki et al. 2014).
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Another method that has been used for dating
directly an ore mineral (sphalerite) is the Rb–Sr
isochron method. This method allows direct
dating of sphalerite from MVT deposits (Nakai
et al. 1993; Christensen et al. 1997). U–Pb dating
of cassiterite is another method that allows direct
dating of ores containing this mineral (e.g., Yuan
et al. 2011).

Other methods that have been used in partic-
ular cases for directly dating ore minerals are Pb-
Pb isochrons on sulfides and oxides (Frei and
Kamber 1995; Requia et al. 2003), 40Ar/39Ar
dating of pyrite (Smith et al. 2001), sphalerite
(Qiu and Jiang 2007), and U-Th/He dating of Fe-

oxides (Wernicke and Lippolt 1994). 40Ar/39Ar
dating of hydrothermal quartz fluid inclusions
(Kendrick et al. 2001) and Rb–Sr isochron dating
of quartz-hosted fluid inclusions (Li et al. 2008)
are methods that have been applied to date ore-
related fluids. In addition, Sm–Nd isochron dat-
ing has been applied to date scheelite (CaWO4)
as the main ore mineral (Eichhorn et al. 1997) or
associated with gold mineralization of variable
age and type (e.g., Anglin et al. 1996; Zhang
et al. 2019). These methods may represent the
only possibility to date the mineralization in
some types of deposits and may return successful
results.
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Fig. 3 Examples of different synthetic Rb–Sr isochrons
with common natural ranges of 87Sr/86Sr and 87Rb/86Sr
values and with a slope corresponding to an age of
701 Ma: a 4-point isochron with large internal uncertain-
ties of single point analyses (up to 1.3% for 87Sr/86Sr)
yielding a large uncertainty on the age (*80%); b same
4-point isochron with 10 times smaller internal

uncertainties of single point analyses yielding a 10 time
better precision on the age *8%); c 4-point isochron with
larger spread of 87Rb/86Sr values yielding a much smaller
uncertainty on the age (*2%); d 7-point isochron with
same spread of 87Rb/86Sr values yielding an even smaller
uncertainty on the age (< 2%)
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3.2 Methods Dating Hydrothermal
Alteration Associated
with Mineralization

40Ar/39Ar dating of K-bearing phases is the most
applied method for dating hydrothermal alter-
ation associated with ore processes. This is due to
the fact that 40Ar/39Ar dating yields high preci-
sion dates and age spectra that indicate the
thermal history of the dated mineral (see above).
K-bearing alteration minerals (ranging from
amphibole to biotite, adularia, muscovite, illite,
alunite and various clay minerals) are almost
ubiquitously associated with porphyry system
mineralization and with low sulfidation epither-
mal deposits, but also with other types of min-
eralization (orogenic gold, Carlin-type, VHMS)
and therefore they have been widely used for
dating hydrothermal activity associated with
various types of mineralization (e.g., Henry et al.
1997; Marsh et al. 1997; Arehart et al. 2003). As
discussed above, the 40Ar/39Ar system, due to its
low closure temperature in the greatest majority
of datable minerals (Fig. 2), records the time at
which a certain mineral has passed below its
closure temperature. Closure temperatures for the
most commonly dated K-bearing minerals men-
tioned above range between 550° and 200 °C
(Fig. 2), which is a range of temperatures for a
wide variety of geological processes. Therefore,
this method is sensitive to later geologic events
during which temperatures may rise above the
closure temperatures of these minerals, but even
to sustained temperature in the lifetime of the
same mineralization event which may be char-
acterized by a protracted thermal anomaly
induced by multiple subsequent magma intru-
sions (Chiaradia et al. 2013). In such a case the
time recorded by the minerals will be the time at
which the temperature drops below the closure
temperatures of each mineral which may be
variably later than its time of formation. In other
cases, in contrast, the temperature of formation of
the K-bearing mineral can be similar to its clo-
sure temperature and/or the cooling rate of the
mineral can be sufficiently rapid that the cooling
age virtually coincides with the crystallization
age of the mineral.

Rb–Sr dating of hydrothermal minerals (bi-
otite, muscovite) has the same problems of clo-
sure temperatures as 40Ar/39Ar (Fig. 2) and
additionally it is less precise due to the fact that a
date in such a case is obtained through the iso-
chron method (see above).

U–Pb dating of hydrothermal titanite, zircon,
rutile, monazite, xenotime, allanite, and U–Pb
isochron dating of garnet have been applied in
several studies and may allow dating of different
mineralization types like skarns, VHMS, and
orogenic gold-type deposits among others (e.g.,
Vielreicher et al. 2003; Schaltegger 2007;
Chiaradia et al. 2009; Fielding et al. 2017;
Wafforn et al. 2018; Schirra and Laurent 2021).
U–Pb isochrons have been applied to date
hydrothermal carbonates associated with MVT
mineralization (Grandia et al. 2000).

3.3 Bracketing

An alternative approach to direct dating of either
ore or hydrothermal minerals associated with the
mineralization is that of dating geological events
bracketing the mineralization. The most common
case is dating magmatic events that, through
stratigraphic or cross-cutting relationships, are
demonstrably pre- and post-mineralization.

For instance, U–Pb dating of zircon has been
widely used to bracket age and duration of
magmatic hydrothermal activity associated with
porphyry-type mineralization by dating pre- to
syn- and post-ore porphyry intrusions (e.g., von
Quadt et al. 2011). Figure 4 shows an idealized
example of such a situation in which the age of
mineralized veins can be bracketed by U–Pb
zircon ages of subsequently emplaced porphyritic
intrusions. The same method, applied to dating
volcanic rocks occurring in the stratigraphic
footwall and hanging-wall of strata-bound
VHMS mineralization, has also been used to
bracket the age of VHMS mineralization (e.g.,
Barrie et al. 2002). Of course the closer in age the
bracketing events the more useful the resulting
age for constraining the timing of mineralization.
Unfortunately, this cannot be known a priori,
although both in the porphyry and in the VHMS

24 M. Chiaradia



environment genetic models suggest that mag-
matism used for bracketing is closely spaced in
time (to a maximum of few 100 s of thousands of
years in most cases). In the absence of alternative
methods this remains a powerful method, prin-
cipally when it is based on the presently most
accurate and precise dating method, which is U–
Pb dating of zircon.

3.4 Other Methods Applicable
to Dating of Ore Deposits
and Associated Processes

Low-temperature thermochronological methods
like the U-Th/He and fission track dating meth-
ods have been used in combination with
geochronological methods (e.g., U–Pb zircon
dating) to determine timing and duration of
porphyry mineralization processes, rate of
exhumation and erosion of intrusive-related ore
deposits and comparative preservation potential
(e.g., McInnes 2005).

4 Successful Dating of Ore Deposits

The possibility to date reliably and precisely ore-
forming events depends on the occurrence of
suitable minerals in the mineralization. Ore
deposits intimately associated with intermediate-
felsic magmatism (e.g., porphyry deposits, high-
sulfidation epithermal deposits, skarn deposits)
are probably the most reliably and precisely
datable. This is so because these deposits can be
dated by the three most accurate and precise
dating methods available. U–Pb zircon ages
provide a close-to-mineralization upper temporal
limit or, in the case of multiple intrusive events
showing cross-cutting relationships, also a tight
temporal bracketing (Fig. 4). In addition, such
deposits very often contain molybdenite, which
allows direct Re–Os dating of the mineralization
and its comparison with zircon U–Pb ages of the
magmatic pulses associated with it (Fig. 4).
Further constraints on these types of deposits

come from the possibility of dating K-bearing
alteration minerals by the 40Ar/39Ar method.
There is a large amount of literature showing the
successful combined use of U–Pb dating (zircon,
titanite), Re–Os (molybdenite), and 40Ar/39Ar
(various K-bearing alteration phases) in porphyry
Cu-Au, high-sulfidation epithermal, and skarn
deposits (e.g., Maksaev et al. 2004; Barra et al.
2013; Deckart et al. 2013; Burrows et al. 2020).
Figure 5 shows an example of the gold skarn of
Nambija (Ecuador), which has been dated using
U–Pb in zircon of the causative porphyry intru-
sions, U–Pb dating of hydrothermal titanite from
the prograde skarn, and Re–Os dating of
molybdenite from veins of the retrograde skarn
stage, cross-cutting the gold mineralization
(Chiaradia et al. 2009). All three minerals
returned undistinguishable ages, around 145 Ma,
within uncertainty indicating that magma intru-
sion, skarn formation and gold deposition
occurred in a short time that is not resolvable
with the available precision of the most precise
radiometric techniques. The occurrence of ser-
icite in the same paragenetic association (Fig. 5)
could also be used for 40Ar/39Ar dating of this
mineral.

Ore deposits for which a genetic and spatial
association with magmatic activity is more elu-
sive rely on the occurrence of datable ore and/or
gangue minerals. Examples of these deposits are
low sulfidation epithermal deposits that have
been dated by 40Ar/39Ar on K-bearing minerals
(Love et al. 1998; Hames et al. 2009), IOCG
deposits that have been dated using Re–Os ages
on molybdenite (Requia et al. 2003), U–Pb ages
on hematite and U–Th–Pb dating of monazite
(Zhou et al. 2017; Courtney-Davies et al. 2019,
2020), and orogenic gold deposits that have been
dated using a variety of methods (Re–Os iso-
chrons on sulfides, U–Pb on hydrothermal
monazite and xenotime, 40Ar/39Ar on white
mica).

Low-temperature hydrothermal deposits hos-
ted by sedimentary sequences, e.g., Carlin-type
deposits, MVT deposits, sediment-hosted mas-
sive sulfides, stratiform copper deposits, are
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probably the most difficult to date due to the
paucity of datable minerals with reliable and
precise methods and the small size of the min-
erals which make them more prone to open-
system behavior (e.g., Rb–Sr on galkhaite, Sm–

Nd on fluorite and calcite, Re–Os on Cu–Co
sulphides: Tretbar et al. 2000; Saintilan et al.
2017, 2018; Tan et al. 2019).

In summary, whenever possible, a multi-
method approach carried out on minerals
encompassing different stages of the mineraliza-
tion process (magmatism, ore deposition, alter-
ation) and coupling in situ dating of
petrographically constrained grains with higher
precision bulk grain or sub-grain methods on the
same minerals should be viewed as the ideal
approach for a successful dating of ore deposits.

5 Timing and Duration
of Mineralization Processes

It has been highlighted in the Introduction that
radiometric dating may provide two types of
information: (i) the time in the past when the
mineralization occurred and possibly (ii) how
long the mineralizing process lasted.

Mineral deposit formation is invariably linked
to specific triggering processes, which in turn
depend on large-scale geodynamic, climatic, and
biologic events that may have recurrent or cyclic
occurrence (e.g.,Bekker et al. 2010; Richards
2013; Wilkinson 2013; Heinrich 2015). Deter-
mining the time in the past when a mineralization
occurred allows us to place the mineralizing
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Fig. 4 Schematic
crosscutting relationships
between early porphyry
(immediately premineral),
intermineral, and late mineral
porphyry phases in porphyry
Cu stocks and wall rocks
(modified from Sillitoe 2010
and Chiaradia et al. 2014). U–
Pb zircon, Re–Os
molybdenite, and 40Ar/39Ar
dating can be applied to
magmatic phases and
hydrothermal veins. With
younging ages, each
magmatic unit may present an
increasing range of zircon
types inherited from
protracted crystallization in
the deeper parental magma
chamber
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event in relationship with geological processes
that have triggered and caused the mineraliza-
tion. This is the case for instance of dating the
metallogenic belts of the Andes, which has
revealed an initial trenchward shift of the met-
allogenic porphyry belts and a later shift away
from the trench towards the back-arc through
time (Sillitoe 1988). Also dating of orogenic gold
deposits has highlighted their links with major
geodynamic changes through Earth’s history
(Goldfarb et al. 2001). Such information may
help us to understand the possibilities to find

similar deposits in specific time intervals as a
result of geodynamic events and/or of preserva-
tion and is therefore essential for mineral
exploration strategies.

In recent years, ore geologists have also star-
ted to appreciate the importance of determining
the duration of a mineralizing process. This can
in fact provide valuable information on the rate at
which metals are deposited and, therefore, a
better understanding of the processes that govern
metal deposition and the formation of a mineral
deposit (e.g.,Chelle-Michou et al. 2017;

Fig. 5 Skarn and associated ore and alteration mineral
assemblages from the Nambija gold skarn (Ecuador)
showing various minerals that have been dated with
different techniques (modified from Chiaradia et al. 2009).
a Photomicrograph of the endoskarn assemblage with
hydrothermal titanite (ttn) that has been dated by the U–Pb
method (transmitted light, crossed nicols). b Molybdenite
(mol) dated by Re–Os method in a sulfide-rich vein cutting
through garnet prograde skarn and post-dating retrograde
skarn gold mineralization. c Photomicrograph of

molybdenite in the sulfide-rich vein dated by Re–Os
(reflected light). In the skarn assemblage there are also
K-bearing minerals (e.g., K-feldspar, sericite) that could be
eventually dated by the 40Ar/39Ar method. U–Pb titantite
and Re–Os molybdenite dates have returned undistinguish-
able ages (*145 Ma) alsowith respect toU–Pb zircondates
of the causative porphyritic intrusions (see Chiaradia et al.
2009 for details). Other abbreviations: act = actinolite, ap =
apatite, cp = chalcopyrite, kfs =K-feldspar, pl = plagioclase,
px = pyroxene, py = pyrite, qtz = quartz, ser = sericite
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Chiaradia and Caricchi 2017, 2022). Porphyry
deposits have been the most investigated from
this point of view because the most accurate and
precise dating methods (U–Pb, Re–Os,
40Ar/39Ar) can all be applied to this type of
mineralization. We have now acquired, also in
combination with thermodynamic (Cathles et al.
1997) and numerical modelling (Weis et al.
2012), and element diffusion studies (Mercer
et al. 2015), a quite good understanding of how
long a single mineralizing pulse and the overall
mineralizing event can last to form a porphyry
deposit. The high precision dating obtained in
these deposits (see summary in Chiaradia et al.
2013, 2014; Chiaradia and Caricchi 2017;
Chiaradia 2020) agrees with the durations
obtained through thermodynamic and numerical
modelling (Cathles et al. 1997; Weis et al. 2012)
or through mass balance calculations carried out
using metal concentrations and fluid fluxes of
active geothermal fields (e.g., Simmons and
Brown 2006). According to these data, single
magmatic pulses and associated hydrothermal-ore
activity last for a maximum of a few 10 s of
thousands of years. However, in order to form the
largest deposits these single pulse events must be
repeated several times through a process that
leads to a progressive step-wise increment of the
metal endowment of the deposit over time inter-
vals that can span up to more than one million
years (Ballard et al. 2001; Deckart et al. 2013;
Chiaradia and Caricchi 2017; Chiaradia 2020).

6 Instrumentation

High-precision radiometric dating is carried out
by mass spectrometry (the reader may consult
Faure and Mensing 2005 and Dickin 2005 for
more detailed introductions to mass spectrome-
try). Currently the following types of mass
spectrometry techniques are the most used for
radiometric dating of ore deposits:

1. Isotope Dilution Thermal Ionization Mass
Spectrometry (ID-TIMS) (Chelle-Michou and
Schaltegger 2023): This technique is

routinely used for U–Pb, Re–Os, Rb–Sr and
Sm–Nd dating of various minerals. Single or
multiple grains, but even portions of single
grains (Fig. 6), are dissolved in acids and the
elements of interest are separated from each
other through column chemistry, and then
measured on a mass spectrometer.

2. Noble gas mass spectrometry: this is the
technique used for 40Ar/39Ar dating. Previous
irradiation of the sample to be analysed to
convert 39K to 39Ar, the sample is outgassed
under vacuum using a furnace or a laser, to
liberate stepwise the Ar gas contained in it
(see above). At each step Ar isotope ratios are
obtained that can be converted into dates
yielding an age spectrum (see above).

3. LA-(MC)-ICPMS (Chelle-Michou and
Schaltegger 2023): Laser ablation coupled to
a multi- or single collector mass spectrometer
is used for dating zircons (mostly) but also
other minerals (e.g., titanite, cassiterite,
monazite, hematite, calcite). The material
analysed is ablated by a laser inside an abla-
tion cell and transferred to the mass spec-
trometer where it is ionized and isotope ratios
are measured. The ablated material corre-
sponds usually to circular pits of 30–60 µm in
diameter and a few µm in depth for a total
ablated volume in the order of 103–104 µm3

compared to *105 µm3 for TIMS analyses
(Sylvester 2008) (Fig. 6).

4. SIMS (Chelle-Michou and Schaltegger
2023): Secondary Ion Mass Spectrometry is a
dating technique largely used for U–Pb dating
of minerals that is conceptually similar to LA-
ICPMS but differs in the way by which the
analysed elements are extracted from the
mineral. In SIMS an ion beam (usually of
oxygen ions for U–Pb dating) hits the mineral
surface and sputters it producing secondary
ions that are accelerated and focused into the
mass spectrometer. The beam size can be as
small as 15 µm thus providing the highest
spatial resolution of all dating techniques, but
also resulting in smaller volumes of analysed
material (*102 µm3; Sylvester 2008)
(Fig. 6).
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The major differences among these techniques
in terms of precision and accuracy of the
obtained ages are two: techniques 1 and 2 above,
by virtue of the larger amounts of material
analysed, yield higher-precision whereas in situ
techniques (3 and 4 above) yield a spatial reso-
lution that is not obtainable with bulk mineral
techniques (Fig. 6). Also, in situ techniques have
a much higher throughput and overall lower
operational costs.

It should be highlighted that the “bulk” min-
erals (1 and 2) and in situ (3 and 4) methods
should be viewed as complementary and that the
choice of one or the other depends on the actual
goals of the dating. High precision dating by ID-
TIMS is the only technique to precisely and
accurately constrain the timescales of
hydrothermal events where minerals datable by
high-precision U–Pb and Re–Os techniques are
available, whereas in-situ techniques are the
choice for regional studies and for dating min-
erals with complex textures indicating several
growth episodes. High precision CA-ID-TIMS
dating of zircon may also benefit from previous
dating of the same zircons by in-situ methods in
order to allow a selection of the most appropriate
zircon grains to be subsequently dated by the
more labor intensive CA-ID-TIMS technique
(Chelle-Michou et al. 2014).

A limitation in all radiometric dating is the
physical limitation of signal detectors in mass
spectrometers to precisely and accurately mea-
sure very low signals. This places limits on
precision and accuracy of ages in very young
geological systems in which not enough time has
elapsed to allow the formation of measurable
signals of radiogenic daughter isotopes (Chiara-
dia et al., 2013). These limits are being pro-
gressively improved via technological advances
in ion detection. Accuracy and precision of all
dating methods are also dependent on mini-
mization of ‘blanks’ and background signals
within the measurement system, that is, the
presence of interfering isotopic signals related
to sample preparation and/or instrument
cleanliness.

7 Intra-method Age
Reproducibility, Inter-laboratory
Comparison, Inter-method
Comparisons and Other Caveats

From the above discussion, it is clear that
radiometric dating of an ore deposit can be
conducted through different methods. Various
analytical techniques are available at different
laboratories throughout the world. The quality of
the data output of a laboratory is monitored by
continuous analysis of standards (natural or
synthetic) with known (ideally certified) isotopic
compositions, intercalated with the measurement
of the unknown samples. There are two main
parameters associated with the age obtained at a
laboratory that can be used to evaluate the quality
of the measurement: (i) the uncertainty of the
measured value (precision) and (ii) the accuracy
of the obtained value. Uncertainty depends
mostly on repeatability of procedural methods
(including blanks), counting statistics of the
measurements and on mass instrumental bias
among the different isotopes. Counting statistics
depend on the size of the sample analyzed
(Chiaradia et al. 2013), which translates into
higher or lower signals (counts) of the analyzed
isotopes in the mass spectrometer. Mass instru-
mental bias may represent the largest amount of
the uncertainty associated with an age (e.g., U–
Pb: Schmitz and Schoene 2007) and can be
overcome by using appropriate doping solutions
(spikes) to the unknown samples. These solu-
tions consist of mixtures of isotopes in known
ratios which allow the determination of an
instrumental fractionation factor associated with
the measurement that can be used to correct
isotope ratio measurements in the mass spec-
trometer of the radiometric systems (U–Pb, Re–
Os: Markey et al., 2003; Schmitz and Schoene,
2007). Additional sources of uncertainties derive
from uncertainties in the calibration of spikes,
uncertainties of the decay constants, and also
uncertainties in the ages of secondary standards
in the 40Ar/39Ar method (e.g., Min et al. 2000;
Kuiper et al. 2008; Renne et al. 2010).
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The accuracy of a measurement is how close
the value of such a measurement is to the “real”
value. A way to assess the accuracy of mea-
surements in a laboratory is by measuring certi-
fied standards in order to see if the measurements
return the expected values of the certified stan-
dard. Accuracy depends on systematic uncer-
tainties of various origins (Chiaradia et al. 2013;
Schaltegger et al. 2015).

Age data obtained within the same laboratory
using the same radiometric method can be com-
pared confidently with each other using the “in-
ternal” reproducibility that is associated with the
measurements at that laboratory. In such a case,
uncertainties associated with spike calibration
and decay constants can be disregarded because
they apply in the same way to all sample analyses
(since the same lab will use the same spike
solution and for a given radiometric system the
decay constant uncertainties are fixed). These

“internal” uncertainties are very low (< 0.1–
0.2%, 95% confidence level) for the main dating
systems (i.e., ID-TIMS U/Pb dating of zircons,
ID-NTIMS Re–Os dating of molybdenite,
40Ar/39Ar dating of K-rich minerals; Chiaradia
et al. 2013). This means that the uncertainty on a
mineral that is 10 Ma old is only 10,000 years!
However, if one wants to compare ages obtained
using the same radiometric method at two dif-
ferent laboratories, then “external” uncertainties
in the spike calibration must be taken into
account, if the two laboratories do not use the
same calibrated spike solution. Uncertainty on
the calibration of the spikes, which is an essential
part of the high precision obtainable by ID-(N)
TIMS dating techniques (Chiaradia et al. 2013),
can be considerable (Chiaradia et al. 2013). For
this reason, there is an increased awareness in the
geochronological community to use common
calibrated spike solutions which allow the

100 μm

SIMS
spot (~102 μm3)

LA-ICPMS
spot (~103-104 μm3)

CA-ID-TIMS
bulk grain or
sub-grain (≥105 μm3)

9796 1031021011009998 104
Myr

LA-ICPMS and SIMS

CA-ID-TIMS

a

b

Fig. 6 Analytical techniques of high-precision U–Pb
geochronology. a CA-ID-TIMS: Chemical-Abrasion,
Isotope-Dilution Thermal Ionization Mass Spectrometry
can be applied to bulk single grains or portions of them.
LA-ICP-MS (Laser Ablation Inductively Coupled Plasma
Mass Spectrometry) and SIMS (Secondary-Ion Mass
Spectrometry) are in situ techniques allowing a much
higher spatial resolution but a smaller volume of analyzed

material. b Different precisions of the CA-ID-TIMS
versus the in situ LA-ICPMS and SIMS methods resulting
from the different volumes of zircon analysed by these
methods. The 2SD error bars refer to single spot or
single/fraction grain a zircon 100 Myr old assuming
typical precisions associated with the 2 methods (i.e.,
0.1% for CA-ID-TIMS and 3% for LA-ICPMS and
SIMS). See text for further discussion
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achievement of reproducible ages of standard
minerals from different laboratories at the same
level of uncertainty obtained by dating within the
same laboratory (e.g., Condon et al. 2015).

When we want to compare ages from different
radiometric systems (e.g., U–Pb versus Re–Os
and 40Ar/39Ar for instance), uncertainties in the
decay constants must also be considered. Cur-
rently, the decay constants of 238U and 235U are
known to a higher precision level than those of
40K and 187Re (see discussion in Chiaradia et al.
2013) and this is one of the main reasons why the
U–Pb system is used as a reference system.
Therefore, there is a progressive increase of the
uncertainties of an age measurement when one
wants to compare such a measurement with
another measurement using the same radiometric
system in the same laboratory (“internal” uncer-
tainty associated mostly with counting statistics
and instrumental bias), or with another mea-
surement obtained with the same radiometric
system but in another laboratory (“internal”
uncertainty plus “external” uncertainty associ-
ated, with uncertainty in the spike calibration, if
not using the same calibrated solution), or with a
measurement carried out using another radio-
metric system (“internal” plus “external” uncer-
tainties, plus uncertainties in decay constants).

Accuracy of the ages of standards in sec-
ondary dating methods (like 40Ar/39Ar) must be
also considered and may result in significant
discrepancies of the dates of the same geological
event using different geochronometers (see dis-
cussions in Chiaradia et al. 2013, 2014).

7.1 Geological Factors

An important geological consideration about
radiometric dating is that the older the mineral
dated the more likely is the possibility that it has
been affected by post-formation geological pro-
cesses which might have variably disturbed its
closed-system behavior, a fundamental require-
ment to be a reliable mineral for dating. Super-
imposed geological processes may also cause
remobilization and formation of new ore

minerals at a different time from that of the initial
mineralization, complicating the interpretation of
geochronologic data.

8 Conclusion

Radiometric systems provide the only quantita-
tive tool for dating ore deposits. Dating ore
deposits is an essential step in the formulation of
metallogenetic models because it allows us to
relate the formation of an ore deposit to a specific
geological cause or trigger. In certain cases, like
porphyry systems, it also allows us to determine
the duration of the mineralizing event which
provides essential information on the amount of
energy, fluid and magma needed to form such
deposits, and which can be used to model the
magmatic system features needed to comply with
such timescales.

Dating ore deposits using radiometric methods
is nonetheless not an easy task and require spe-
cialized laboratories and trained personnel. One
should keep in mind that dating minerals from an
ore deposit should be the final step of a detailed
geological and petrographic work that already
provides us with an idea of the relative timing of
the events we intend to date with absolute ages.
Discordancy between a clear-cut geological and
petrographic sequence of events and absolute
radiometric dating should warn us that some
issues may have affected radiometric dating.

Successful radiometric dating of ore deposits
is best accomplished using a multi-method
approach, through which minerals belonging to
different stages of the ore deposit (e.g., causative
magmatic intrusion, ore deposition, alteration)
are dated with different methods. This, on the
other hand, requires careful consideration and
tackling of the issues that comparing dates
obtained with different radiometric clocks
implies, as discussed above. Also coupling in situ
dating techniques with “bulk” (single grain or
sub-grain) dating is a complementary approach
that should be considered for an optimal use of
the different advantages that these different
methods offer.
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Analytical and technological developments
over the last 10–15 years and continuously
ongoing have resulted in increased accuracy and
precision of radiometric dating and this is open-
ing new avenues for the application of
geochronology to the understanding of how
mineral deposits form.
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U–Pb Dating of Mineral Deposits:
From Age Constraints
to Ore-Forming Processes

Cyril Chelle-Michou and Urs Schaltegger

Abstract

The timing and duration of ore-forming pro-
cesses are amongst the key parameters required
in the study of mineral systems. After more
than a century of technical developments,
innovations and investigation, the U–Pb sys-
tem arguably is the most mature radioisotopic
system in our possession to conduct absolute
dating of a wide range of minerals across
geological environments and metallogenic
processes. Here, we review the basics of
U–Pb geochronology, the key historic devel-
opments of the method, and the most com-
monly used analytical techniques (including
data reduction, Pb-correction, uncertainty
propagation and data presentation) and miner-
als while pointing out their respective advan-
tages, weaknesses and potential pitfalls. We
also highlight critical aspects that need to be
considered when interpreting a date into the age
of a geological process (including field and
petrographic constraints, open-system behav-
ior, handling and interpretation of uncertain-
ties). While U–Pb geochronology is strongly

biased toward zircon dating, we strive to
highlight the great diversity of minerals amen-
able to U–Pb dating (more than 16 mineral
species) in the context of mineral systems, and
the variety of geological events they can
potentially date (magmatism, hydrothermal
activity, ore-formation, cooling, etc.). Finally,
through two case studies we show (1) how
multi-mineral geochronological studies have
been used to bracket and decipher the age of
multiple geological events associated with the
world-class Witwatersrand gold province, and
(2) how rather than the absolute age, the
duration and rate of the mineralizing event at
porphyry copper deposits opens new avenues
to understand ore-forming processes and the
main controls on the size of such deposits. The
improving precision, accuracy and spatial
resolution of analyses in tandem with
high-quality field and petrographic observa-
tions, numerical modelling and geochemical
data, will continue to challenge paradigms of
ore-forming processes and contribute signifi-
cant breakthroughs in ore deposit research and
potentially to the development of new explo-
ration tools.

1 Introduction

The knowledge of the timing and duration of ore-
forming processes are perhaps one of the most
desirable pieces of information that geologists
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require to draw a complete picture of the deposit
and to put its genesis into a coherent regional or
even global geological framework. In many
cases, it represents an essential parameter for
establishing detailed genetic models, and can
critically impact on exploration strategies. This
necessarily requires a reliable, precise and accu-
rate geochronometer.

In the past two decades, U–Pb dating has seen
a remarkable success across the Earth Sciences to
become the most commonly used absolute iso-
topic geochronometer. This great success results
from considerable improvements in the analytical
techniques and in advances of our understanding
of the U–Pb system in the geological environ-
ment. The paramount advantage of U–Pb dating
relies on the coexistence of two chemically
identical but isotopically distinct radioisotopes of
U (238U and 235U), both of which have their very
own decay chain and decay rates. Furthermore,
their half-lives are particularly suitable for geo-
logically relevant ages. This allows the determi-
nation of two independent dates of which
equivalence (concordance) can usually be taken
as a sign of the meaningfulness of the date, while
discordant dates can be either geologically irrel-
evant or may be extrapolated to a meaningful
date if the cause(s) of this discordance can be
identified.

The recent success of U–Pb geochronology is
the result of numerous stepwise improvements
over the last decades (see detailed history in
Davis et al. 2003; Corfu 2013; Mattinson 2013),
but has experienced a boost due to coordinated
community efforts (EARTHTIME for isotope
dilution analysis: http://www.earth-time.org;
PLASMAGE for laser ablation analysis: http://
www.plasmage.org).

Geochronology was born out of the U–Pb
system. Radioactivity was discovered at the
dawn of the nineteenth century by H Becquerel,
M and P Curie in their work with various ura-
nium compounds (U-salts, U-metal, pitchblende)
(Becquerel 1896a, b; Curie et al. 1898; Curie and
Skolodowska Curie 1898; Skolodowska Curie
1898). Soon after, E Rutherford first suggested
that the Pb/U ratio of geological materials could

be used to date them (Rutherford 1906). The next
year, B Boltwood applied this method to 43
uranium ore samples and obtained the first
absolute total-U and total-Pb ages ranging from
410 to 2200 Ma (Boltwood 1907). This revolu-
tion conclusively supported the suggestion made
by Charles Darwin half a century prior, that the
earth was several hundred million years old, and
was about to provide absolute age calibrations
for the geological timescale of A Holmes (1911,
1913). However, it was not until the turn of 1930
that the existence of two radioactive U isotopes
and their respective Pb daughter isotopes was
recognized in U ores (Rutherford 1929; Aston
1929; von Grosse 1932), paving the way for
modern U–Pb geochronology. Ever since,
improvements in mass spectrometry, laboratory
procedures and advances in nuclear physics have
permitted the analysis of increasingly smaller
quantities of U and Pb with improved precision
and accuracy. This in turn, enabled a switch from
the analysis of U ore minerals, to low-U bearing
minerals such as zircon, titanite and apatite in the
second half of the last century (Larsen et al.
1952; Tilton et al. 1955, 1957; Webber et al.
1956). However, dating still involved multigrain
mineral fractions which typically show discor-
dance between 206Pb/238U and 207Pb/235U dates,
and render their interpretation subjected to
debate, assumption and uncertainty. The 1970s to
1980s period arguably marks the turning point of
U–Pb geochronology. At that time, the devel-
opment of low blank single grain zircon dating
(Mattinson 1972; Krogh 1973; Krogh and Davis
1975; Lancelot et al. 1976; Michard-Vitrac et al.
1977; Parrish 1987), air-abrasion techniques
(Krogh 1982) and in-situ ion probe dating
(Hinthorne et al. 1979; Hinton and Long 1979;
Froude et al. 1983) concurred to routinely pro-
duce concordant U–Pb ages and triggered an
expansion in the range of application of U–Pb
dating across various minerals, geological ter-
rains and planetary materials. The 1990s saw the
advent of the chemical abrasion technique
(Mattinson 1994) and of laser-ablation induc-
tively coupled plasma mass spectrometry (Fryer
et al. 1993; Horn et al. 2000) that are now
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common practices in many laboratories around
the world. This is the time when U–Pb dating
was embraced by the Earth Sciences community,
and became an essential tool of geological
mapping and mineral exploration. Perhaps as a
sign of a mature discipline, the last decade has
seen U–Pb practitioners around the world col-
laborating in a community driven effort to push
precision, accuracy and inter-laboratory repro-
ducibility of dates toward unprecedented limits,
the EARTHTIME initiative (http://www.earth-
time.org).

This century of development of U–Pb dating
has left us with a powerful tool for ore deposit
studies. While zircon is arguably the most com-
monly used and understood mineral due to its
robustness and minimal amount of Pb it can
incorporate in its lattice during crystallization
(so-called “common” Pb), a number of other U-
bearing minerals are amenable to U–Pb dating
(e.g., titanite, apatite, monazite, xenotime, rutile,
baddeleyite, perovskite, columbo-tantalite, cas-
siterite, allanite, calcite, etc.). While most min-
erals can date their crystallization, a handful of
them (e.g., apatite, rutile, titanite) actually date
their arrival below their respective closure tem-
perature for the U–Pb system. This diversity of
minerals allows a variety of ore deposit types and
related geological processes (magmatic,
hydrothermal, metamorphic, sedimentary and
supergene) to be dated. As we write, U–Pb dates
have been published on almost the full spectrum
of deposit types and an increasing number of
minerals are being tested and improved for U–Pb
geochronology. However, the systematics of the
U–Pb system are only really well-known in zir-
con and possibly monazite, followed by titanite,
apatite, rutile, baddeleyite, and xenotime.

Geochronology can illuminate the apparent
geological chaos at some deposits or districts, as
well as support, refute or generate hypotheses for
ore-forming processes. Nevertheless, only in rare
cases does the dated mineral directly date the ore
itself (e.g., columbo-tantalite, cassiterite, urani-
nite). As examples, zircon from a porphyry stock
dates magma intrusion and not the cross-cutting
copper mineralization, titanite in a skarn dates

the high temperature metasomatism and not the
deposition of the polymetallic ore at lower tem-
perature. Some minerals may date magmatic
crystallization (e.g., zircon, baddeleyite), or
metamorphic reactions (e.g., monazite, titanite)
and some may date their precipitation from
hydrothermal fluids (e.g., monazite, xenotime,
calcite, uraninite). In fact, the meaning of any
date remains deeply anchored into proper field
observations and sample characterization. Some
minerals and dating methods (e.g., fission tracks
in apatite and zircon, 40Ar/39Ar in micas and K-
feldspar, etc.) can also record low-temperature
events that that post-date ore formation, allowing
a fuller understanding of the coupled tempera-
ture–time evolution of mineral systems.

While U–Pb geochronology has been exten-
sively used to determine the age of geological
events, it remains to current and future genera-
tions of scientists to give increasingly more
added value to increasingly more precise and
accurate dates, feeding quantitative and numer-
ical models or ore-forming processes. For
example, when combined with numerical mod-
els, the duration of magmatic-hydrothermal
events or the probability density distribution of
a population of dates may be interpreted in terms
magmatic-hydrothermal flux and volume (Car-
icchi et al. 2014; Chelle-Michou et al. 2017).
This will be a critical step if we want to uncover
the processes at play during ore formation, and
provide mineral exploration professionals with
innovative and efficient tools that may help
locating a distant or deeply buried deposit, or
that could provide early information on the
potential size of the explored deposit (e.g.,
Chelle-Michou et al. 2017).

This chapter reviews the basics of the U–Pb
geochronology and the most commonly used
dating techniques and minerals while pointing
out their respective advantages, weaknesses and
potential pitfalls. Through a series of case
studies, we illustrate the various usages of U–Pb
dating for the study of mineral deposits.
Admittedly, U–Pb geochronology is a field that
is strongly biased toward the use of zircon and
this chapter is not an exception. Nevertheless,
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we will also shed light on U–Pb dating applied
to less commonly encountered and dated
minerals.

2 Basics of U–Pb Geochronology

2.1 The U–Pb System

On first approximation, both naturally occurring
long-lived parent uranium isotopes (238U and
235U) decay to stable lead isotopes (206Pb and
207Pb, respectively) at distinct rates, and thus
have different half-lives and decay constants
(k238 and k235). Details of the U decay to Pb are
actually more complex and involve a long chain
of alpha or beta decays with the production of a
number of intermediate daughter isotopes
(Fig. 1a). This allows the formulation of two
generalized age equations:

206Pb
204Pb

� �
¼

206Pb
204Pb

� �
0

þ
238U
204Pb

� �
ek238t � 1
� �

;

ð1Þ

207Pb
204Pb

� �
¼

207Pb
204Pb

� �
0

þ
235U
204Pb

� �
ek235t � 1
� �

;

ð2Þ

where 204Pb is the only non-radiogenic isotope of
Pb and the subscript 0 indicate the initial isotopic
composition of lead at the time (t) when the
system closed. In cases where the proportion of
initial to radiogenic Pb is negligible, which is
common for zircon, monazite, and xenotime,
Eqs. (1) and (2) can be simplified:

206Pb�
238U

� �
¼ ek238t � 1; ð3Þ

207Pb�
235U

� �
¼ ek235t � 1; ð4Þ

where the superscript * indicate the amount of
radiogenic Pb that has formed since the system
closed. If the system has remained closed since
the mineral crystallized, the 206Pb/238U and
207Pb/235U dates should be identical. Dividing
Eqs. (1) and (2) yield a third age equation:

Fig. 1 a Decay chains of 238U and 235U with the
approximate half-live indicated for each radionuclide.
b Cartoon illustrating the difference between a decay

chain in secular equilibrium and one in disequilibrium.
tinitial and tA refer to the time immediately after and some
time after mineral crystallization, respectively
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This equation has the advantage that the deter-
mination of the age does not require measure-
ment of the U isotopes because the present-day
238U/235U ratio is mostly constant in U-bearing
accessory minerals and equal to 137.818 ± 0.045
(2r; Hiess et al. 2012). However, in practice,
207Pb/206Pb dates are relevant only for ages older
than ca. 1 Ga (see below). The constancy of this
ratio and the low abundance of 235U further allow
the measurement of the 235U to be neglected,
which is common practice in many laboratories.

Decay constants for 238U and 235U are by far
the most precisely determined ones among those
used in geochronology. Recommended values
are those determined by Jaffey et al. (1971) and
are k238 = 1.55125 ± 0.00166�10–10 a−1 and
k235 = 9.8485 ± 0.0135�10–10 a−1 (2r)
(Schoene 2014). However, these constants have
been suggested to be slightly inaccurate
(Schoene et al. 2006; Hiess et al. 2012), but
always within their reported 2r uncertainties.
More accurate values may be available in the
future providing further counting experiments are
done.

2.2 Data Presentation

The trinity of age equations presented above
(Eqs. 3–5) has promoted the emergence of U–Pb
specific plots, the concordia diagrams, that pro-
vide a convenient and elegant representation of
the data. By far, the most common visual repre-
sentations of U–Pb data use either the Wetherill
concordia plot (Fig. 2a; Wetherill 1956) or the
Tera-Wasserburg concordia plot (Fig. 2b; Tera
and Wasserburg 1972a, b). These concordia
diagrams are bivariate plots where each axis
corresponds to one of the three isotopic ratios
used in eqs. 3–5 or their inverse (i.e., 206Pb/238U,

238U/206Pb, 207Pb/235U and 207Pb/206Pb). On
each diagram, the curve represents the line where
both isotopic ratios (in abscissa and ordinate)
correspond to the same dates, it is the so-called
concordia curve. The curvature of the concordia
simply reflects the contrasted decay rates of 238U
and 235U. If the U–Pb system has remained
closed since the crystallization of the mineral and
no common Pb is present, the three dates will be
the same and plot on the Concordia line, meaning
they are be concordant.

For both diagrams (Fig. 2a, b), each analysis
is represented by an ellipse where the center is
the measured isotopic ratios and the size of the
ellipse depicts the analytical uncertainties at a
given level of confidence (usually 2r). Addi-
tionally, uncertainties of isotopic ratios plotted
on both axis of the concordia diagram are not
fully independent from each other and often
correlated (e.g., York 1968; Ludwig 1980). This
is either due to the use of the 206Pb measurement
on both ratios of the Tera-Wasserburg plot or to
the use of 238U to calculate 235U for the Wetherill
diagram. Thus, the orientation of the uncertainty
ellipse reflects the correlation (or covariance) of
the errors.

For data that are concordant, it is also con-
venient to use only the most precise of the three
isotopic dates (usually the 206Pb/238U or
207Pb/206Pb date) and plot them as ranked bars of
which the center represents the date and the
length reflect the associated uncertainty (Fig. 2c).
For a population of dates, the same information
can also be presented as a probability density
function (Fig. 2c) or a kernel density estimate.
The latter is particularly suitable for detrital
studies (e.g., Vermeesch 2012).

Because the production of these specific dia-
grams can be quite labor intensive and calcula-
tions in geochronology involve advanced
statistical methods, it is recommended to use
available software packages dedicated to isotopic
geochronology. The most popular and versatile
package is the Isoplot Microsoft Excel VBA add-
in of K Ludwig (Ludwig 2012) that has served
isotope geochronologists for nearly two decades.
However, Isoplot is no longer being updated for
later versions of Microsoft Excel (last versions
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working on Excel 2010 on PC and Excel 2004 on
Mac). This was the incentive for the development
of the multiplatform replacement geochronolog-
ical application IsoplotR. IsoplotR is a package
developed for the R statistical computing and
graphics software environment by P. Vermeesch
(University College London, UK) and can be
used through the command line in R or as an
online RStudio Shiny applet at http://isoplotr.
london-geochron.com (Vermeesch 2018).

2.3 Causes of Discordance

Since the beginning of isotopic dating, discor-
dance has been the main concern of U–Pb
geochronologists. Ultimately, understanding the
causes of discordance and trying to eliminate it
has been the most powerful driving force to
advance U–Pb dating during the second half of
the twentieth century (Corfu 2013). It is now
established that discordance can have a number
of origins including: mixing of various age
domains, Pb-loss during physical and chemical
changes in the crystal lattice (partially opened
system), initial intermediate daughter isotopic
disequilibrium, incorrect or no correction for
non-radiogenic Pb, or a combination of these

(Fig. 3). Nevertheless, one should keep in mind
that the recognition of some dates as being dis-
cordant is intimately tied to the uncertainty of the
data. Indeed, low-precision data might appear
perfectly concordant, while high-precision ones
would actually reveal otherwise (e.g., Moser
et al. 2009). This means that any method is blind
to discordance at a degree that is inferior to the
best age resolution of that method. Below we
present the classical causes of discordance and
the most appropriate ways to avoid, mitigate or
value them.

2.3.1 Mixing Multiple Age Domains
A number of minerals (e.g., zircon, monazite,
xenotime) often record multiple growth events.
The recognition of different growth zones is
crucial for the analysis and interpretation of any
dating result. Imagery using transmitted and
reflected light together with cathodolumines-
cence (CL) and back-scattered electron
(BSE) microscopy greatly aids in this process but
is not always definitive. These images can reveal
that a mineral grain can be made up of a
sequence of growth zones starting in the center,
and mantled by sequential zones towards the rim,
all of which can have distinct U–Pb ages. Bulk
(whole grain) dating of such multi-domain

Fig. 2 Classical plots used to present U–Pb geochrono-
logical data. a Wetherill concordia plot with one concor-
dant and one discordant analysis shown as example,
b Tera-Wasserburg concordia plot with the same analyses,
c ranked isotopic date plot for synthetic concordant data
together with the corresponding probability density curve.

Note that the while the y-axis is valid for both the data
bars and the density curve, the x-axis labelled “relative
probability” is only relevant for the probability density
curve. Single spot/grain dates are ranked only to facilitate
the reading of the figure
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mineral grains could result in discordant dates, if
the age differences are sufficiently large. A simi-
lar effect can arise from dating multigrain mineral
fractions if they include grains with different
isotopic ages. In the case of a simple two com-
ponent mixture of two different age domains,
several analyses could plot along a linear array (a
so-called discordia line) in concordia diagrams,
of which the lower and upper intercept dates
would correspond to the respective ages of the
two components (red ellipses on Fig. 3). How-
ever, multicomponent mixtures may show more
scattered distribution or even plot along artificial,
and often poorly correlated discordia arrays of
which the upper and lower intercept dates have
no geological significance, therefore inhibiting
meaningful interpretation of the data.

In order to avoid problems arising from mix-
ing several age domains, imagery of the minerals
has become a necessary prerequisite to any dat-
ing (either in-situ or whole grain) in order to
accurately place the spot of the analysis (for in-
situ dating) or to select only those grains (or
grain fragment) that have one age domain (for

whole grain dating). However, small cores or
domains with distinct ages can still go unrecog-
nized if they are present below the imaged sur-
face or have a similar chemistry to the
surrounding zones. This effect may be monitored
on the time-resolved signal for in-situ measure-
ments (changing isotopic ratio) but would hinder
the interpretation of whole grain dates.

2.3.2 Open System Behavior
It has long been recognized that the crystallo-
graphic lattice of minerals can, under certain
conditions, behave as an open system with
respect to the U–Pb system (e.g., Holmes 1954;
Tilton 1960) through the partial or complete loss
of radiogenic Pb. Radiogenic intermediate
daughter products of the U decay chains expe-
rience a recoil during ejection of the highly
energetic alpha particle. The final radiogenic Pb2
+ is thus situated in a decay-damaged area with
enhanced fast pathway diffusion characteristics
and could tend to leave this site when appropriate
conditions are met. Mechanisms of Pb-loss have
been studied extensively, but no simple process

Fig. 3 Main causes of discordance plotted on aWetherill
concordia diagram and b on a Tera-Wasserburg concordia
diagram. Discordance of the red ellipses group is caused
by either mixing of two age domains (one at
2704 ± 9 Ma and one at 743 ± 4 Ma) or by Pb-loss of

2704 ± 9 Ma minerals at 743 ± 4 Ma. Discordance of
the yellow ellipses group is caused by the presence of
common lead in minerals crystallized at 142 ± 13 Ma
(Pbc uncorrected data). Insets shows the possible vectors
of discordance

U–Pb Dating of Mineral Deposits: From Age Constraints to Ore-Forming Processes 43



can be universally put forward to explain it.
Leaching of metamict (radiation-damaged) crys-
tal domains, metamorphic recrystallization,
crystal plastic deformation and thermally acti-
vated volume diffusion are the most commonly
advocated causes of Pb-loss, in decreasing order
of importance (see Corfu 2013; Schoene 2014
and references therein). At the sample scale, all
these processes will result in discordance of the
206Pb/238U and 207Pb/235U dates if the age dif-
ference is large enough. By calculating by a
linear regression through a series of discordant
analyses, upper and lower intercepts ages can be
reconstructed, corresponding to the age of crys-
tallization of the mineral and to the age of the Pb-
loss event, respectively (Fig. 3). Multiple Pb-loss
events are notoriously difficult to unravel and
may present as excess data scatter or even spu-
rious discordia lines. Furthermore, highly
metamict crystal domains may also experience U
loss or U gain that would result in inversely (i.e.,
above the Wetherill concordia) or normally dis-
cordant data, respectively. In such cases, no age
interpretation can be made. Complete recrystal-
lization of a grain may lead to complete loss of
all accumulated radiogenic Pb and reset the age
to zero. The extremely low diffusion constants
for Pb and U in zircon (Cherniak et al. 1997;
Cherniak and Watson 2001, 2003) means that
volume diffusion is a very inefficient process to
remove radiogenic Pb from an undisturbed zir-
con lattice. It is for this reason that cases of U–Pb
system survival have been reported in granulite
facies rocks (e.g., Möller et al. 2003; Kelly and
Harley 2005; Brandt et al. 2011; Kröner et al.
2015).

Open-system-related discordance is caused by
several distinct processes that cause fast diffusion
pathways in the zircon lattice, and such discor-
dant data may be difficult to interpret. Features
like multiple growth zones, overgrowth rims,
dissolution-reprecipitation textures, or metamor-
phic recrystallization can be recognized in BSE
or CL images (Geisler et al. 2007). Furthermore,
recrystallized domains have distinct trace ele-
ment compositions that can be identified by in-
situ chemical analysis (Geisler et al. 2007). Pb-
loss through fluid leaching of metamict domains

can result in the deposition of minute amounts of
‘exotic’ elements that normally would not be
able to enter the mineral structure (e.g., Fe or Al
in zircon; Geisler et al. 2007). Additionally, the
degree of metamictization, crystal ordering and
ductile crystal reorientation can be evaluated
with Raman spectroscopy, electron backscatter
diffraction (EBSD), and transmission electron
microscopy (TEM), respectively. Finally, for the
specific case of zircon, the chemical abrasion
technique (Mattinson 2005) has proven to be a
powerful method for removing zircon domains
that have suffered Pb-loss due to fission tracks,
metamictization or other fast diffusion pathways.

2.3.3 Common Pb
Common Pb is a generic name for the fraction of
Pb that is not radiogenic in origin and results
from a mixture of initial Pb (i.e., Pb incorporated
during mineral crystallization) and/or Pb con-
tamination (both in nature and in the lab). The
measurement of 204Pb (the only non-radiogenic
Pb isotope) undoubtedly pinpoints the presence
of common Pb. However, 204Pb measurement
can be very challenging for low concentrations of
common Pb, or may be prone to isobaric inter-
ference with 204Hg, inherent to the LA-ICPMS
technique (see analytical methods). On a Tera-
Wasserburg plot, analyses containing common
Pb typically display a linear array of discordant
ellipses defining an upper intercept date older
than 4.5 Ma which points to the 207Pb/206Pb
common Pb composition on the ordinate axis,
and a lower intercept providing the age of the
mineral (2D isochron; Fig. 3b). If 204Pb/206Pb
can be measured, it can be plotted on a third axis
and the data regressed to estimate the common
Pb composition, the age of the mineral and to
evaluate the relative contributions of common Pb
and Pb-loss on the cause of discordance (3D
isochron; Wendt 1984; Ludwig 1998). This
approach has been shown to provide better pre-
cision for the common Pb composition than the
2D isochron method (Amelin and Zaitsev 2002;
Schoene and Bowring 2006). Another Pb-
correction practice in LA-ICPMS and SIMS
analysis consists of deducing the common Pb
correction from measurement of 208Pb (stable
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decay product of 232Th) and by assuming con-
cordance of the U and Th systems. However,
these correction methods may result in overcor-
rection of some data that are discordant for rea-
sons other than common Pb only. When possible,
it is therefore ideal to apply a more robust cor-
rection based on the direct measurement of the
sample 204Pb. The Pb isotopic composition from
laboratory contamination (“blank”) is also an
important consideration in high-precision U–Pb
geochronology using isotope-dilution TIMS, and
is obtained through repeated measurement of
blank aliquots.

The isotopic composition of initial Pb incor-
porated during the crystallization of a mineral is
best obtained from measurements of cogenetic
low-U minerals such as feldspars, galena or
magnetite. Alternatively, initial Pb compositions
for a known age may be estimated from bulk
Earth evolution models (Stacey and Kramers
1975). However, this last approach is less reli-
able compared to the measurement of a cogenetic
low-U mineral (Schmitz and Bowring 2001;
Schoene and Bowring 2006). Finally, for the
specific case of zircon where the presence of
common Pb is essentially limited to inclusions,
fractures and metamict domains (see Sect. 6.1),
the chemical abrasion technique (Mattinson
2005) has proven to be a powerful method for
removing initial Pb from the crystal, leaving only
the need for a laboratory blank correction.

2.3.4 Intermediate Daughter
Disequilibrium (230Th
and 231Pa)

The age equations presented above (Eqs. 1–5)
are valid under the assumption that the decay
chains are in secular equilibrium, that is, one
atom of Pb is created for every decay of one atom
of U (Fig. 1b). However, elemental fractionation
during mineral crystallization or partial melting
would likely disrupt a previously established
secular equilibrium (Fig. 1b). This effect should
ideally be accounted for in geochronology.
Nevertheless, most intermediate decay products
of the U series have half-lives of many orders of
magnitude smaller (microseconds to years) than
the half-lives of U (Ga; Fig. 1a) and potential

disequilibrium would have negligible effect on
the U–Pb dates even at the best of current ana-
lytical capabilities (i.e., 0.5‰ uncertainty on the
date). However, intermediate daughters 230Th
(238U decay chain) and 231Pa (235U decay chain)
have half-lives that are long enough (75.6 ka and
32.8 ka, respectively; Fig. 1a; Robert et al. 1969;
Schärer 1984; Parrish 1990; Cheng et al. 2013) to
critically impact on the accuracy of the calculated
date if disequilibrium is not accounted for
(Schärer 1984; Parrish 1990; Anczkiewicz et al.
2001; Amelin and Zaitsev 2002; Schmitt 2007).
For example, during monazite crystallization, Th
(of which 230Th) is preferentially incorporated
into the crystal lattice compared to U, thus
resulting in excess 206Pb (e.g., Fig. 1b) and in
erroneously old 206Pb/238U dates if the excess
230Th is not accounted for (Figs. 3, 4a). In turn,
the Th-uncorrected 207Pb/206Pb date for the same
crystal would be too young (Fig. 4b). Con-
versely, zircon preferentially incorporates U over
Th, rendering 230Th-uncorrected 206Pb/238U
dates typically too young (Fig. 4a). Similarly, the
207Pb/235U isotopic system is potentially affected
by 231Pa excess as has been reported for zircon
(e.g., Anczkiewicz et al. 2001).

The magnitude of the correction that needs to
be applied to correct the isotopic dates for initial
230Th and 231Pa disequilibrium depends on the
distribution coefficient of Th/U and Pa/U
between the dated mineral and the liquid from
which it crystallized (a melt or an aqueous fluid),
respectively (Schärer 1984). For the 207Pb/206Pb
date, it also depends on the age of the mineral
(Parrish 1990). Figure 4 shows the effect of ini-
tial 230Th and 231Pa disequilibrium has on the
206Pb/238U, 207Pb/206Pb and 207Pb/235U dates. It
shows that for low mineral/liquid distribution
coefficients (DTh/DU < 1) date offsets converge
to a minimum of − 109 ka and − 47 ka for the
206Pb/238U and 207Pb/235U dates, respectively.
However, if the distribution coefficients are high
(> 1), excess 206Pb/238U and 207Pb/235U dates up
to few Ma can be expected. Conversely, Th/U
distribution coefficient < 1 causes excess
207Pb/206Pb dates of few ka to ca. 0.5 Ma
(depending on the age of the mineral), and
distribution coefficient > 1 causes a deficit
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Fig. 4 Excess in
a 206Pb/238U and
b 207Pb/206Pb dates due to
initial 230Th disequilibrium,
and c excess in 207Pb/235U
date due to initial 231Pa
disequilibrium as a function
of Th/U and Pa/U
mineral/liquid distribution
coefficients, respectively
(modified after Schärer 1984;
Parrish 1990). Typical ranges
of mineral/melt distribution
coefficients for commonly
dated minerals are shown for
reference
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in 207Pb/206Pb dates up to few Ma for Precam-
brian samples (Fig. 4b).

In practice, the Th/U ratio of the mineral is
measured as 232Th/238U or estimated from the
measured amount of its stable daughter isotope
208Pb by assuming concordance of the U–Pb and
Th–Pb dates. For minerals crystallized from a
melt, available Th/U mineral-melt distribution
coefficients (Fig. 4a) can then be used to recon-
struct the Th/U of the melt needed for the Th-
disequilibrium correction (e.g., adopting the
values from Tiepolo et al. 2002; Klemme and
Meyer 2003; Prowatke and Klemme 2005, 2006;
Klemme et al. 2005; Rubatto and Hermann 2007;
Stepanov et al. 2012; Beyer et al. 2013;
Chakhmouradian et al. 2013; Stelten et al. 2015).
Alternatively, direct measurement of melt inclu-
sions hosted in the dated mineral, of glass or of
whole rock Th/U ratio are also commonly used.
Choosing the most appropriate estimate of the
melt Th/U ratio at the time of mineral crystal-
lization (using partition coefficient or direct
measurement on whole rock or melt inclusions)
should be done at the light of all possible infor-
mation concerning the crystallization conditions
of the dated mineral (e.g., temperature, crys-
tallinity, co-crystallizing Th-bearing mineral
phases, etc.; see examples in Wotzlaw et al.
2014, 2015).

In essence, 230Th- and 231Pa-corrections are
based on the assumption that the dated mineral
crystallized from a liquid in secular equilibrium
with respect to the U-series. While this might be
an acceptable assumption for some magmatic
systems (at least for 238U and 230Th) (Condomines
et al. 2003), it should not be regarded as a rule,
especially for hydrothermal systems in which Th
and U have distinct solubilities (Porcelli and
Swarzenski 2003; Drake et al. 2009; Ludwig et al.
2011). Indeed, the contrasted partitioning behav-
ior of U and Th into a hydrothermal fluid causes
isotopic disequilibrium in the fluid (230Th excess
or deficit). In cases where the existence of this
fluid is very short (e.g., for magmatic-
hydrothermal systems) no time is given for
radiogenic ingrowth in the fluid which would
remain out of secular equilibrium. Finally, the

fractionation of U and Th promoted by the crys-
tallization of U- and Th-bearing hydrothermal
minerals may further enhance isotopic disequi-
librium. In such cases, the Th-correction (or Pa)
should aim at determining the Th/U ratio of the
last medium where the decay chain was in secular
equilibrium before the crystallization of the min-
eral. This equates to determining the bulk source
(in secular equilibrium) to sink (dated mineral)
distribution coefficient of Th/U, regardless of the
intermediate process(es), assuming short transport
timescales and a unique source of U and Th. For
example, Chelle-Michou et al. (2015) used the
Th/U ratio of the porphyries (same as for mag-
matic zircons; Chelle-Michou et al. 2014) to cor-
rect the dates obtained on hydrothermal titanite
from the Coroccohuayco skarn deposit. In this
case, the U-series elements (mainly U and Th)
were likely sourced from the magma which was
assumed to be in secular equilibrium and trans-
ported to the site of deposition by amagmatic fluid
in a short period of time.

2.4 A Note on Th–Pb Geochronology

Although less commonly used than U–Pb
geochronology, Th–Pb datingmay, in some cases,
be advantageous and complementary to U–Pb
dating. Due to comparable ionic radii of U and Th
and similar valence (tetravalent except for oxi-
dized systems where U in mostly hexavalent),
most minerals hosting U into their structure will
also incorporate Th (if it is available in the sys-
tem), and vice versa. The single long-lived isotope
of Th, 232Th, decays to 208Pb through a chain of
alpha and beta decays. The Th–Pb decay offers the
possibility of a third independent geochronometer
embedded within the mineral allowing for a fur-
ther assessment of the robustness and meaning-
fulness of the obtained date. In addition, the
nearby masses of 235U, 235U and 232Th on one
side, and of 204Pb, 206Pb, 207Pb, and 208Pb on the
other side, allows for simultaneous measurement
of U–Th–Pb isotopes from the same volume of
analyte (ablated volume or dissolved grain). The
generalized age equation writes as follow:
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ð6Þ

where k232 is the 232Th decay constant. If com-
mon Pb is negligible Eq. (6) can be simplified to:

208Pb�
232Th

� �
¼ ek232t � 1: ð7Þ

The 232Th decay constant is much smaller to that
of 235U (half-life of 14 Ga) and is commonly
considered to be 4.947 ± 0.042�10–11 a−1 (2r;
Holden 1990). Despite a good accuracy of the
232Th decay constant as suggested by the common
concordance of Th–Pb and U–Pb dates (e.g.,
Paquette and Tiepolo 2007; Li et al. 2010; Huston
et al. 2016), its precision is an order of magnitude
lower than those of 238U and 235U. This can rep-
resent the main source of systematic uncertainty
on Th–Pb dates and the main limitation of this
system when working below the percent precision
level. However, unlike uranium, intermediate
daughter isotopes of the 232Th decay chain have
short half-lives such that any isotopic disequilib-
rium formed during mineral crystallization will
fadewithin few decades only. Therefore, the 232Th
decay chain can be considered to have remained in
secular equilibrium on geological timescale. It
results that on cases where U–Pb dates require a
large initial 230Th-disequilibrium correction and
parameters required for this correction are difficult
to estimate (e.g., hydrothermal minerals), Th–Pb
dates may be much more accurate than U–Pb ones
(but often of lower precision).

Due to the very long half-live of 232Th, the
optimal use of Th–Pb geochronology (highest
analytical precision) is achieved for old sample
and/or minerals with high Th concentrations so
that large amount of 208Pb have been accumulated.
In the case of Th-rich minerals (e.g., monazite and
perovskite, and, to a lesser extent, xenotime, apa-
tite, titanite and allanite), thorogenic 208Pb (i.e.,
208Pb*) would typically be so abundant than
common Pb correction may not introduce signifi-
cant uncertainties into the computed 208Pb*/232Th
ratio or may even be neglected.

208Pb/232Th dates are most commonly pre-
sented in rank-order plots such as Fig. 2c, the
center of each bar representing the date and the
length reflecting the associated uncertainty. To
evaluate the concordance of the Th–Pb and U–Pb
systems, concordia diagrams (208Pb*/232Th vs.
206Pb*/238U or 207Pb*/235U) offer a convenient
graphical representation of the data.

3 Analytical Methods (Including
Data Reduction, Pb-Correction,
Uncertainty Propagation
and Data Presentation)

Currently, three methods are commonly used to
measure isotopic ratios necessary for U–Pb
geochronology: (1) laser ablation-inductively
coupled plasma mass spectrometry (LA-
ICPMS); (2) secondary ion mass spectrometry
(SIMS); and (3) isotope dilution-thermal ioniza-
tion mass spectrometry (ID-TIMS). Each of these
methods have particular strengths and weak-
nesses (see summary in Table 1). In most cases,
U–Pb geochronology involves the separation of
the mineral of interest through gravimetric and
magnetic techniques (e.g., heavy liquids, Wilfley
shaking table, Frantz magnetic separator) and the
selection of individual grains (picking) under
binocular microscope. However, in-situ dating
with LA-ICPMS and SIMS can also be done
directly on polished thin section, thus preserving
the petrographic context of the dated mineral,
which may be key for the interpretation of the
data in some cases.

The main difference between these three
techniques resides in the way the dated material
is prepared, ionized and introduced into the mass
spectrometer. Below, we present an overview of
the main aspects of the state-of-the-art proce-
dures for these methods, while highlighting their
respective advantages and disadvantages and the
handling of uncertainties. For more details on the
technical aspects of mass spectrometry, the
interested reader is referred to a number of good
textbooks and papers (e.g., Ireland and Williams
2003; Parrish and Noble 2003; Gehrels et al.
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2008; Arevalo et al. 2010; Arevalo 2014; Carlson
2014; Ireland 2014; Schoene 2014; Schaltegger
et al. 2015).

3.1 Laser Ablation-Inductively
Coupled Plasma Mass
Spectrometry (LA-ICPMS)

LA-ICPMS is an efficient U–Pb dating technique
that allows high spatial resolution and high

sample throughput. Analysis is done directly
from a thin section or from polished grains
mounted in epoxy resin that have been imaged
by transmitted and reflected light, CL and/or BSE
techniques prior to analysis. Typical analytical
uncertainties for zircon dates are on the order of
3–5% for single spot and of 0.2–2% for the
weighted mean dates (Fig. 5). However, accu-
racy may not be better than 3% (Klötzli et al.
2009; Košler et al. 2013), which should be con-
sidered when comparing LA-ICPMS U–Pb dates

Table 1 Comparison of the three analytical techniques used for U–Pb dating

LA-ICPMS SIMS CA-ID-TIMS

Spatial
resolution

Spot diameter typically of
10–50 µm, depth of 15–
40 µm

Spot diameter typically of 10–
15 µm, depth of 1–2 µm

Whole mineral grain or grain
fragment. Mixing of age
domains is hard to avoid

Standardization External with a known
reference material and
accuracy controlled with
a secondary standard

External with a known
reference material and
accuracy controlled with a
secondary standard

Internal with tracer solution
(preferably double Pb—
double U isotope tracer)

Sample
preparation

Mineral separate mount
or thin section, Imagery
(CL, BSE, …)

Mineral separate mount or
thin section, Imagery (CL,
BSE, …)

Mineral separation, imagery,
chemical abrasion (for zircon
only) and washing, digestion,
column chemistry

Time required
for sample
preparation

Few days for mineral
separation, sample mount
preparation and imagery

Few days for mineral
separation, sample mount
preparation and imagery

Few days for mineral
separation and imagery; 1 day
for chemical abrasion of
zircon; � 3 days for acid
digestion; 1 day for chemical
separation of Pb and U

Time required
for one analysis
(sample or
standard)

2–3 min 15–30 min 3–4 h

Analytical
precision
(reference for
typical zircon:
see Fig. 5)

2–5% on single spot date
and *0.2–2% on
weighted mean date

1–5% on single spot date
and *0.1–1% on weighted
mean date

0.1–0.05% on single grain
206Pb/238U date and *0.02%
on weighted mean date

Accuracy *1–5% *1–5% 0.03–0.3%; fully traceable to
SI units

Preferred
geologic
application

Large scale survey,
detrital geochronology,
in-situ dating, minerals
with inherited cores

In-situ dating, complexely
zoned minerals

Used when highest temporal
resolution or highest accuracy
are necessary

Limitations Imprecise common Pb
correction, matrix
matched standard
material

Matrix matched standard
material required for
206Pb/238U and 207Pb/235U
dates, but not required for
207Pb/206Pb dates

Only very limited spatial
resolution (microsampling)
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Fig. 5 Typical analytical
uncertainties for zircon
206Pb/238U, 207Pb/235U,
207Pb/206Pb single spot/grain
dates for modern a LA-
ICPMS, SIMS and, b CA-ID-
TIMS dating techniques.
Weighted mean dates refers to
the weighted mean of a set of
statistically equivalent single
spot/grain dates based the
most precise isotopic ratio
(typically 206Pb/238U for dates
younger than ca. 1 Ga and
207Pb/206Pb for dates older
than 1 Ga)
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from different studies or with dates from other
isotopic systems.

The LA-ICPMS setup consists of a laser of
short wavelength in the UV range (typically
193 nm), an ablation cell and an ICPMS instru-
ment. The sample is placed into the ablation cell
along with several standards. During ablation,
repeated laser pulses are focused on the surface
of the dated mineral. The resulting ablated
aerosol is subsequently transported by a carrier
gas (usually He ± Ar ± N2) toward the Ar-
sourced plasma torch at the entry of the mass
spectrometer where it is ionized and transferred
into the ion optics of the mass spectrometer. LA-
ICPMS U–Pb dating is mostly carried out on
single-collector sector-field ICP-MS instruments
that offer sequential measurement of individual
Pb and U isotopes in a mixed ion-counting –

Faraday cup mode.
The spot size used for LA-ICPMS

geochronology mainly depends on target size
and the U concentration of the dated mineral. As
a reference, 25–35 µm spots are commonly used
for zircon and can be as low as 5 µm for mon-
azite (Paquette and Tiepolo 2007). Crater depth
for a 30–60 s analysis is on the order of 15–
40 µm depending on the fluence of the laser and
on the ablated material. However, laser-induced
U–Pb fractionation increases with crater depth
during ablation, which negatively impacts on the
analytical uncertainty of the measured Pb/U
ratio. Ultimately, this is an important limiting
factor for precision and accuracy in LA-ICPMS
geochronology (Košler et al. 2005; Allen and
Campbell 2012). The technique requires a laser
setup that yields reproducible ablation with small
particles (subsequently more efficiently ionized
in the plasma torch) and that limits crater depth
to no more than the spot diameter by minimizing
the laser fluence (e.g., Günther et al. 1997; Horn
et al. 2000; Guillong et al. 2003).

Another important limitation of LA-ICPMS
U–Pb dating is the imprecise common Pb cor-
rection due to the difficulty of precisely measur-
ing common 204Pb caused by an isobaric
interference with 204Hg (traces of Hg are con-
tained in the Ar gas). Common Pb correction
protocols using 208Pb may be employed and are

preferred over simple rejection of discordant
analyses. It results that age interpretation of
minerals with elevated common Pb contents (e.g.,
titanite, rutile) may be hampered by large age
uncertainties due, in part, to the large uncertain-
ties associated with the common Pb-correction.

LA-ICPMS and SIMS (see below) U–Pb
dating are comparative techniques that require
analysis of a reference material, which is as close
as possible to the chemical composition and the
structural state of the unknown (sample). It is
analyzed under identical ablation conditions to
the sample to determine the machine fractiona-
tion factor of any measured element concentra-
tion; this fractionation factor is then applied to
the element ratios and concentrations of the
unknowns. A series of analyses unknown (*10)
is typically bracketed by analyses of a reference
material (*2–4) to correct for elemental frac-
tionation and monitor for machine drift. In
addition, at least one secondary standard should
be repeatedly analyzed during the same session
in order to demonstrate the accuracy of the
fractionation correction. This enables an estimate
of the long-term excess variance of the laboratory
that is required in the uncertainty propagation
protocol (see below). A list of commonly used
reference materials and their reference values is
provided in Horstwood et al. (2016). Standards
for LA-ICPMS and SIMS U–Pb dating should be
homogenous in age, trace element composition,
and have comparable trace element concentration
and structural state (matrix match) as the
unknowns (Košler et al. 2005). Failure to match
the matrix of the unknown results in different
ablation behavior (rate, stability, fractionation)
and ultimately compromises the accuracy of the
date (Klötzli et al. 2009). Therefore, a mineral of
unknown age should be standardized using a
reference material from the same mineral. Fur-
thermore, different degrees of metamictization
also impact on the matrix match between stan-
dards and unknowns and can be an important
source of inaccuracy for zircon dates (as much as
5% inaccurate; Allen and Campbell 2012;
Marillo-Sialer et al. 2014) and possibly for other
minerals as well (e.g., titanite, allanite, columbo-
tantalite).
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Interlaboratory comparisons for LA-ICPMS
and SIMS U–Pb dating have highlighted dis-
crepancies of U–Pb ages for a series of standards
measurements which is sometimes outside of the
reported 2r uncertainties (Košler et al. 2013).
This is thought to reflect different data reduction
strategies in different laboratories (e.g., Fisher
et al. 2010) and uncertainty propagation proto-
cols, that are not always thoroughly documented.
This has triggered a community driven effort to
establish standard data reduction workflow,
uncertainty propagation protocols, and data
reporting templates (Horstwood et al. 2016) that
should be embraced by the LA-ICPMS commu-
nity. New community-derived standards for LA-
ICPMS dating suggest the use of the x/y/z/w
notation for uncertainty reporting where: x refers
to the analytical (or random) uncertainty, y in-
cludes the variability of standards measured in
the same lab, z includes the systematic uncer-
tainty of the primary standard isotopic composi-
tion (and of the common Pb correction if
appropriate), and w includes the decay constant
uncertainty (Horstwood et al. 2016; McLean
et al. 2016). Comparing LA-ICPMS U–Pb data
with data from other LA-ICPMS, SIMS or ID-
TIMS laboratories should be done at the
z uncertainty level, while comparison with
geochronological data from other isotopic sys-
tems have to include decay constant uncertainties
(Chiaradia et al. 2013). Raw data processing,
visualization and uncertainty propagation proto-
cols for LA-ICPMS U–Pb dating have been
implemented in the freely available ET_Redux
software (McLean et al. 2016) and allow more
robust interlaboratory data comparison and col-
laborative science.

3.2 Secondary Ion Mass
Spectrometry (SIMS)

Compared to LA-ICPMS, SIMS U–Pb analysis
has greater spatial resolution and sensitivity,
allowing for the analysis of microscopic rims or
domains in zircon, monazite, xenotime or other
minerals. SIMS analysis involves the ablation of
sample with a high-energy O– or O�

2 ion beam

within a high vacuum chamber. A small fraction
of the ablated material forms atomic ions or
molecular ionic compounds that are subsequently
accelerated into a mass spectrometer. Typi-
cal SIMS craters are 10–15 µm in diameter and
1–2 µm deep, therefore this technique has higher
spatial resolution and is by far less destructive
than LA-ICPMS and permit subsequent isotopic
analysis (e.g., O, Hf–Lu) to be done on the same
spot (slight repolishing would be required before
SIMS analysis). Analysis is done directly from a
thin section, polished grains mounted in epoxy
resin, or from entire grains pressed into indium
when analyzing U and Pb isotopes along a profile
from the surface to the interior of a grain (depth
profiling). The accuracy of the obtained result
depends on extrinsic factors such as the position
of standard and unknowns in the mount and the
quality of the polishing. SIMS analysis of zircon
typically yields U–Pb dates of 0.1–1% precision
and accuracy (Fig. 5); it is the preferred method
when analyzing complex minerals (e.g., thin
metamorphic rims), very small grains (e.g.,
xenotime outgrowths on zircon; McNaughton
et al. 1999) or valuable material.

Pb isotopic fractionation in SIMS is subordi-
nate when compared to LA-ICPMS techniques.
Therefore, 207Pb/206Pb dates can be calculated
directly from counting statistics. In contrast,
there is a significant difference in the relative
sensitivity factors for Pb+ and U+ ions during
SIMS analysis. The fractionation of the
206Pb+/238U+ ratios is highly correlated with
simultaneous changes in the 254UO+/238U+ ratios
which forms the basis of a functional relationship
that enables the calibration of the 206Pb/238U
dates. Although the 206Pb+/238U+ versus
254UO+/238U+ calibration is the most widely
used, other combinations of 238U+, 254UO+ and
270UO2 have proved successful. As in the case of
LA-ICPMS, the SIMS 206Pb/238U calibration is
carried out with reference to a matrix matched
reference material (e.g., Black et al. 2004). This
is quite straightforward for zircon and badde-
leyite (ZrO2), but more difficult for chemically
and structurally more complex minerals (e.g.,
phosphates, complex silicates, oxides). In the
latter cases, matrix correction procedures using a

52 C. Chelle-Michou and U. Schaltegger



suite of reference materials accounting for the
effect of highly variable amount of trace elements
have been developed (e.g., Fletcher et al. 2004,
2010). Calibration biases are also introduced
through different crystal orientation (Wingate
and Compston 2000) or different degrees of
structural damage from radioactive decay (White
and Ireland 2012). It is highly recommended to
analyze a reference zircon as unknown again to
control the accuracy of the technique (validation
or secondary standard; Schaltegger et al. 2015).

The common Pb correction is carried out via
measurement of 204Pb, 207Pb or 208Pb masses.
The main challenge of SIMS analysis is the
resolution of molecular interferences on the
masses of interest (Ireland and Williams 2003),
which requires careful consideration when ana-
lyzing phosphates or oxides.

No standard data treatment protocol exists for
SIMS dates. In fact, the two types of equipment
(SHRIMP from Australian Scientific Instruments
and IMS 1280/90 from CAMECA) provide very
differently structured data that require different
data treatment software.

3.3 Isotope Dilution-Thermal
Ionization Mass
Spectrometry (ID-TIMS)

The U–Pb method that offers the highest preci-
sion and accuracy is Chemical Abrasion, Isotope
Dilution, Thermal Ionization Mass Spectrometry
(CA-ID-TIMS; Table 1, Fig. 5). This method
involves the dissolution and analysis of entire
zircon grains and other accessory minerals, and,
hence, disregards any protracted growth history
recorded in this grain. Zircon imaging prior to
dating can be taken to increase the chances of
analyzing a single-aged grain or grain popula-
tion. The ID-TIMS community is organized as a
part of the EARTHTIME consortium (Bowring
et al. 2005), which is working together to
improve precision and accuracy of U–Pb dating.

It is now standard to pre-treat zircons with the
“chemical abrasion” procedure of Mattinson
(2005). This process involves heating the zircon

at 900 °C for 48 h, followed by partial dissolu-
tion in HF + HNO3 at 180–210 °C for 12 to
18 h (Widmann et al. 2019). The heating re-
establishes the zircon crystalline structure by
annealing any radiation-related structural damage
in slightly affected domains. The partial disso-
lution procedure then only removes domains
with more severe structural damage and leaves a
proportion of the original grain behind. The
surviving zircon fragment is then considered to
be perfectly crystalline and is used for isotope
ratio analysis. Chemically abraded zircon grains
are recognized to be more concordant and pro-
vide more reproducible U–Pb results. This
treatment is not currently applied for SIMS or
LA-ICPMS analysis techniques, but initial
experiments have yielded positive results (Kryza
et al. 2012; Crowley et al. 2014; von Quadt et al.
2014). The procedure has been tested on other
accessory phases including baddeleyite (Rioux
et al. 2010), but without clear evidence of
improving concordance.

The dissolved grains are mixed with a
(202Pb–)205Pb–233U–235U tracer solution (e.g., as
provided by EARTHTIME; ET535 and ET2535;
Condon et al. 2015; McLean et al. 2015), and the
Pb and U isotopes isolated from other trace ele-
ments through chromatography. Isotopic com-
positions are most commonly measured as Pb+

and UOþ
2 on a thermal ionization mass spec-

trometer from the same filament either by ion
counting methods (using a secondary electron
multiplier or a Daly-based photomultiplier
device), or by a combination of ion counters and
high-sensitivity, high-resistance Faraday collec-
tors. Uranium may also be measured separately as
U+ by solution MC-ICP-MS utilizing a mixed ion
counting—Faraday measurement setup, or as U+

on a double or triple filament assembly in a TIMS.
An important part of high-precision, high-

accuracy U–Pb geochronology is the correct
treatment of all sources of uncertainty and their
correct propagation into the final age. The ID-
TIMS community has been adopting the x/y/z
notation for uncertainty reporting (e.g.,
35.639 ± 0.011/0.014/0.041 Ma) where: x is the
random uncertainty (or analytical; including
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counting statistics, common Pb and Th-
disequilibrium corrections), y includes the sys-
tematic uncertainty from tracer calibration and,
z includes the decay constant uncertainty
(Schoene et al. 2006; Schoene and Bowring
2006; McLean et al. 2011). Comparison of ID-
TIMS U–Pb data with U–Pb data from SIMS or
LA-ICPMS techniques should consider the
y uncertainty level, while comparison with data
from other isotopic systems (e.g., Re-Os,
40Ar/39Ar) should include both decay constant
and systematic uncertainties (z level). Final age
precision is mainly defined by the ratio of
radiogenic to common Pb (Pb*/Pbc), which is, in
the case of zircon, a function mainly of proce-
dural Pb blank. Total blank levels of < 0.5 pg of
Pb are currently state-of-the-art.

The EARTHTIME community has generally
accepted and adopted a software package con-
sisting of Tripoli raw data statistics and U–
Pb_Redux data treatment and visualization
(Bowring et al. 2011; McLean et al. 2011).

4 Guidelines for Interpreting U–Pb
Dates

4.1 Date and Age

Isotopic dating makes a distinction between a
date and an age. The term ‘date’ refers to a
number in time unit (usually Ga, Ma or ka) cal-
culated from an age equation (Eqs. 1–5). The
term ‘apparent age’ is sometimes used as a syn-
onym for ‘date’. A ‘date’ becomes an ‘age’ as
soon as in can be interpreted in terms of a geo-
logical process (Schoene 2014). Both terms may
be appropriate for single grain/spot or weighted
mean data and may be accurate or inaccurate.
This semantic distinction reflects the clear dis-
tinction that should be made between data and
their interpretation, which is at the core of sci-
entific rigor and integrity.

As discussed in the preceding sections, the
interpretation of U–Pb dates is not straightfor-
ward, even for concordant data. It requires a
close and quantitative control of the way how an
analytical result has been produced, including the

knowledge of sources of error and their correct
propagation into the final result (metrology), a
good characterization of the sample material, and
finally a good knowledge of the geological con-
text. The lack of considering these aspects may
very well lead to over-interpretations and erro-
neous conclusions.

4.2 Geochronology Versus
Thermochronology

All minerals used for U–Pb dating can be theo-
retically subjected to some degree of thermally
activated volume diffusion of U and Pb. The
measured date reflects the time elapsed since clo-
sure of the isotopic system. While geochronology
corresponds to dating of a mineral that has crys-
tallized, rapidly cooled or remained below it clo-
sure temperature, thermochronology deals with
minerals that have crystallized and/or spent some
time above their respective closure temperatures,
or in the partial retention temperature window of
their daughter nuclide. As discussed above (causes
of discordance) partial resetting of the U–Pb sys-
tem by diffusion is a possible source of discor-
dance. While the effect of post crystallization
diffusion can usually be neglected for zircon,
monazite andmost other minerals due to their high
closure temperature for Pb (> 700 Cherniak and
Watson 2001, 2003; Cherniak et al. 2004); Fig. 6),
Pb diffusion in minerals such as titanite, rutile and
apatite is more likely to occur and should carefully
be evaluated before interpreting U–Pb dates as
they might record the age of closure rather the age
of crystallization. Ultimately, thermochronologi-
cal U–Pb data on these minerals may be used to
constrain the high-temperature (> 350 °C) ther-
mal history of the studied geological object
(Schoene and Bowring 2007; Kooijman et al.
2010; Blackburn et al. 2011; Cochrane et al.
2014). Nevertheless, it appears that most minerals
used for U–Pb dating can be used as
geochronometers, of which partial resetting of the
U–Pb system is often controlled by the stability of
the mineral phase itself or Pb-loss along fast dif-
fusion pathways (cracks, metamict domains),
rather by volume diffusion (Fig. 6).
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4.3 Precision and Weighted Mean

The weighted mean age is the most common rep-
resentation of the age of a relatively short-lived
geological event recorded at the scale of the sam-
ple (e.g., magma emplacement, hydrothermalfluid
circulation) and is usually interpreted as the best
age estimate. Weighted mean calculations are
applied to a set of individual analyses in order to
reduce the uncertainty of the population. It
implicitly assumes that the data correspond to
repeated analyses (samples) of the exact same
value and that the uncertainties are only due to
analytical scatter. In this case, the mean square of
the weighted deviates (MSWD or reduced chi-
squared) of a data population to theweightedmean
should be around to 1. In turn, MSWD >> 1
would suggest excess scatter of the data given their
respective uncertainties (i.e., they are unlikely to
represent a single population), and values << 1
suggest that the reported uncertainties are larger
than what would be expected from a single pop-
ulation. In detail, acceptable MSWD values actu-
ally depend on the number of points pooled
together (Wendt and Carl 1991; Spencer et al.
2016). For example, values between 0.5 and 1.5
are acceptable for a population of 30 points (at 2r).

However, the accuracy of weighted mean ages
has been repeatedly questioned (Chiaradia et al.
2013, 2014; Schoene 2014). Indeed, the advent

of high precision dating techniques (CA-ID-
TIMS) has highlighted that data that might look
statistically equivalent at the level of their
uncertainties, can actually hide a spread of data
that can only become apparent with more precise
dating methods. An illustration of this is pro-
vided in Fig. 7 which shows LA-ICPMS and
CA-ID-TIMS 206Pb/238U zircon dates from a
porphyry intrusion from the Coroccohuayco
porphyry-skarn deposit, Peru (Chelle-Michou
et al. 2014). It is noteworthy that those grains
analyzed by CA-ID-TIMS have previously been
analyzed with LA-ICPMS (with 1 to 3 spots
each) before being removed from the epoxy
mount for further processing. Data points are
plotted at the level of their analytical uncertain-
ties and weighted mean dates include additional
dispersion and standard/tracer calibration uncer-
tainties (see caption of Fig. 7 for more details) so
that they can be compared at their right level of
uncertainties (i.e., neglecting only decay constant
uncertainties). Both the LA-ICPMS
(36.05 ± 0.25 Ma, n = 30, MSWD = 1.3) and
CA-ID-TIMS (35.639 ± 0.014 Ma, n = 7,
MSWD = 1.8) weighted means yield acceptable
MSWDs (in agreement with their respective
number of data points), thus suggesting they
could correspond to statistically equivalent data
populations, respectively. Independently from
each other, these weighted dates would be

Fig. 6 Typical range of closure temperature for minerals
used for U–Pb dating. Dark grey bars indicate robust
closure estimates while light grey bars indicate approx-
imate estimates. Modified from Chiaradia et al. (2014),

with additional data for apatite (Cochrane et al. 2014),
rutile (Vry and Baker 2006), baddeleyite (Heaman and
LeCheminant 2001), garnet (Mezger et al. 1989), xeno-
time and allanite (Dahl 1997)
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interpreted as the age of the porphyry intrusion at
the Coroccohuayco deposit. However, Fig. 7
highlights that these ages do not overlap within
uncertainties (Dt = 0.41 ± 0.25 Ma), therefore
indicating that at least one of them is inaccurate.
In this case, the more precise single grain CA-ID-
TIMS ages highlight more than 1 Ma of zircon
crystallization in deep-seated crystal mushed (or
proto-plutons) before their incorporation into
felsic melts, ascent and emplacement of the
porphyry intrusion at an upper crustal level
(Chelle-Michou et al. 2014). These older zircon
crystallization events cannot be resolved at the
uncertainty level of LA-ICPMS dating for which
data points pool together that are actually not part
of the same population and therefore include data
older than the emplacement age, resulting in a
weighted mean age that is too old. While it is
common practice in zircon CA-ID-TIMS dating
to take the youngest point as best representative

of the age of magma emplacement or eruption,
this practice is not appropriate for in-situ or CA-
free ID-TIMS dating techniques where the
weighted mean date of the youngest cluster
having an acceptable MSWD remains the best
option, although it might sometimes be slightly
inaccurate.

This example highlights the limitations of the
weighted mean approach to complex and pro-
tracted natural processes. The statistical
improvement in precision may be done at the
cost the accuracy of the dated process. The cal-
culated weighted mean date can be either too old
(e.g., if grains crystallized from an earlier pulse
of magma are included), too young (e.g., if
several grains have suffered similar amounts of
unrecognized Pb-loss) or just right by coinci-
dence. In fact, the time resolution of
geochronology is ultimately limited by the pre-
cision of single data points, rather than by the

Fig. 7 Ranked LA-ICPMS and CA-ID-TIMS 206Pb/238U
zircon dates and weighted means for the hornblende-
biotite porphyry (sample 10CC51) from the Eocene
Coroccohuayco porphyry-skarn deposit, Peru. Data from
Chelle-Michou et al. (2014). Single spot/grain analyses
are plotted at the level of their analytical uncertainties
(2r) and weighted mean dates include the analytical
uncertainties and: (i) an additional excess variance

obtained from repeated measurement of the secondary
standard (91,500) and the systematic uncertainty in the
standard mineral isotopic composition, for LA-ICPMS
data; (ii) the systematic uncertainty related to the compo-
sition of the isotopic tracer, for CA-ID-TIMS data. Data
bars in black are included in the calculation of the
weighed mean date. Multiple LA-ICPMS dates from the
same zircon grain are connected with thin lines
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number of data that are pooled together to sta-
tistically reduce the age uncertainty.

4.4 Accuracy of Legacy U–Pb Data
and Misinterpretation

Cases where the same rock has been dated sev-
eral times using the same isotopic system and the
same mineral are rare but necessary examples to
put some perspective of the accuracy of legacy
U–Pb data. Ore-related porphyry intrusions at the
Miocene Bajo de la Alumbrera porphyry copper
deposit have received much attention over the
past decade. These rocks have been repeatedly
dated by U–Pb zircon geochronology using dif-
ferent analytical methods (LA-ICPMS and CA-
ID-TIMS) at different times (Harris et al. 2004,
2008; von Quadt et al. 2011; Buret et al. 2016).
The early LA-ICPMS zircon dating survey of
Harris et al. (2004, 2008) concluded that the
deposit formed on a million-year time scale.
However, subsequent high precision CA-ID-
TIMS studies have decreased this duration by
almost two orders of magnitude, to a maximum
duration of 29 ka (Buret et al. 2016).

Available data for three porphyries are com-
piled Fig. 8 with their respective weighted
means. Single LA-ICPMS date broadly range
from 8.5 to 6.5 Ma while those obtained by CA-
ID-TIMS are significantly less scattered between
8.2 and 7.1 Ma. Weighted mean dates can show
as much as *1 Ma of age difference for the
same porphyry between LA-IPCMS and CA-ID-
TIMS which is far outside the reported analytical
uncertainties (see P2 porphyry on Fig. 8). The
same is true for high-precision CA-ID-TIMS
data, which show differences up to *0.1 Ma in
excess of the analytical uncertainty. Furthermore,
these discrepancies persist even when systematic
uncertainties are taken into account (i.e., 3%
reproducibility for LA-ICPMS, calibration of the
primary standard or of the tracer solution). Sim-
ilar age discrepancies up to *0.8 Ma between
LA-ICPMS and SIMS U–Pb zircon weighed
mean ages have been noted by Ballard et al.
(2001) on porphyries from the Eocene
Chuquicamata Cu deposit, Chile.

It would be presumptuous to name the causes
of these discrepancies without having the entire
set of original technical and analytical data at our
disposal. Nevertheless, we can make some con-
jectures. Potential causes may be: (1) that dif-
ferent populations of zircons grains or domains
(within a single grain) where hand-picked and
dated; (2) the use of inappropriate data reduction,
common Pb correction, initial Th-correction and
error propagation protocols; (3) a distinct differ-
ence in ablation rate between sample and stan-
dard zircon resulted in inaccurate correction for
fractionation (for LA-ICPMS data); (4) inaccu-
rate isotopic tracer calibration (for ID-TIMS
data); and/or (5) unidentified concordia parallel
Pb-loss (for the LA-ICPMS data).

In the case of Bajo de la Alumbrera, the most
recent data by Buret et al. (2016) are deemed to
be the most accurate (in addition of being the
most precise) and tightly constrain the age of
porphyry emplacement and zircon crystallization.
This example illustrates the difficulty of dealing
with legacy U–Pb data which might or might not
be accurate. Obviously, there are published ages
that are inaccurate, but they would remain
unnoticed until new dating is done with state-of-
the-art techniques. In particular, reporting of x/y/z
(for ID-TIMS) and x/y/z/w (for LA-ICPMS)
uncertainties and comparison of disparate U–Pb
dates at the level of their y uncertainty should be
systematic. Again, these potential biases should
be carefully accounted for when interpreting
short time differences on the order of the ana-
lytical uncertainty of single dates. This also
highlight the need for thorough reporting of
analytical and data handling procedures, or even,
using common analytical procedures and data
reduction platforms (Košler et al. 2013).

5 What Mineral Can We Date
with the U–Pb System and What
Does It Date?

As of today, a great number of minerals have
been used for U–Pb dating, many of which in the
context of mineral deposits. A non-exhaustive
list of these minerals is provided in Table 2
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which presents their main characteristics and
usefulness for dating ore deposits. It is note-
worthy that this table only presents a selection of
some useful minerals, but others might also be
amenable to U–Pb dating. Furthermore, ongoing
and future developments will likely improve our
understanding of the U–Pb system in these and
new mineral species while allowing better pre-
cision, accuracy and interpretation of the dates.

Ideal minerals for U–Pb dating should nec-
essarily contain traces of U, and as little common
(initial) Pb as possible. They should also have a
low diffusivity for Pb so as to accurately record
the radiogenic Pb ingrowth. Many minerals used
for U–Pb dating are accessory minerals (zircon,
baddeleyite, titanite, monazite, xenotime) but a
handful of them are major rock forming minerals
(calcite, garnet) or even ore minerals (cassiterite,
columbo-tantalite, uraninite, wolframite) (see
Table 2). This exceptional mineralogical diver-
sity allows most types of ore deposit and ore
forming processes to be dated directly or

indirectly with the U–Pb method. However, in
detail, all minerals do not provide equally pre-
cise, accurate and/or meaningful dates. In
Table 2, we have classified the minerals in three
categories depending on the average quality of
the date that they can provide. Nevertheless, we
stress that this classification should only be taken
as a ‘rule of thumb’ and that each case would be
different. For example, zircon might give very
imprecise and discordant dates while xenotime
from the same sample would return more precise
and concordant dates (e.g., Cabral and Zeh
2015).

5.1 Low Common Pb, High U
and Structurally Robust
Minerals

The most dated mineral is arguably zircon. This
is mainly due to its virtual ubiquity in the geo-
logical environment, its chemical and mechanical

Fig. 8 Compilation of 206Pb/238U Th-corrected dates
acquired with different methods for three porphyry
intrusions at the Bajo de la Alumbrera porphyry copper
deposit, Argentina. Data are from Harris et al. (2004),
Harris et al. (2008), von Quadt et al. (2011), and Buret
et al. (2016). The horizontal grey bands represent the
weighted mean dates recalculated by us and include

analytical uncertainties based on U–Pb dates from tables
provided in the aforementioned publications. 1weighted
mean date reported in Harris et al. (2004). 2weighted
mean date reported in Harris et al. (2008). 3tracer used in
von Quadt et al. (2011) (written communication to the
authors). All uncertainties are given at 2r (95%
confidence)

58 C. Chelle-Michou and U. Schaltegger



Ta
b
le

2
M
in
er
al
s
su
ita
bl
e
fo
r
U
–
Pb

da
tin

g
in

th
e
co
nt
ex
t
of

m
in
er
al

de
po

si
ts
(a
s
of

ye
ar

20
17

)

M
in
er
al

Fo
rm

ul
a

M
ai
n
ty
pe
s
of

m
in
er
al

de
po
si
t
w
he
re

U
–
Pb

da
tin

g
ca
n
be

do
ne

(n
on
-e
xh
au
st
iv
e

lis
t)

E
ve
nt

da
te
d

Pr
in
ci
pa
l
lim

ita
tio

ns
A
dd
iti
on
al

co
m
m
en
ts

A
ve
ra
ge

qu
al
ity

of
U
–
Pb

da
tin

ga

So
m
e
re
fe
re
nc
es

w
ith

ap
pl
ic
at
io
n
to

m
in
er
al

de
po

si
ts

A
lla
ni
te

(C
a,

C
e,

L
a,

Y
) 2
(F
e2

+
,
Fe

3

+
,
A
l)
3O

(S
iO

7)
(S
iO

4)
(O

H
)

Sk
ar
n;

IO
C
G
:F

au
lt-
re
la
te
d
U

(±
R
E
E
)

H
yd

ro
th
er
m
al

ac
tiv

ity
,

m
et
as
om

at
is
m
;

m
ag
m
at
is
m

L
ow

to
m
od

er
at
e
am

ou
nt

of
co
m
m
on

Pb
;
N
o
m
at
ri
x-

m
at
ch
ed

st
an
da
rd

av
ai
la
bl
e;

H
ig
h
am

ou
nt

of
ex
ce
ss

20
6 P
b

(i
ni
tia
l
23

0 T
h
ex
ce
ss
)b
;

Po
ss
ib
ili
ty

of
T
h–
Pb

da
tin

g
X
X

Pa
l
et

al
.
(2
01

1)
;
C
he
n
an
d

Z
ho

u
(2
01

4)
;
D
en
g
et

al
.

(2
01

4)

A
pa
tit
e

C
a 5
(P
O
4)
3(
F,

O
H
,
C
l)

IO
C
G
;
R
E
E
(±

U
,
P)

ve
in
;

M
ag
m
at
ic

N
i–
C
u-
PG

E
(±

C
o)

su
lp
hi
de
;

C
oo

lin
g;

hy
dr
ot
he
rm

al
ac
tiv

ity

L
ow

to
hi
gh

am
ou

nt
of

co
m
m
on

Pb
;
lo
w

U
co
nc
en
tr
at
io
n;

N
o
m
at
ri
x-

m
at
ch
ed

in
te
rn
at
io
na
l

st
an
da
rd

av
ai
la
bl
e
(z
ir
co
n
or

in
-h
ou

se
st
an
da
rd
;
se
e
C
he
w

et
al
.,
20

11
);
C
an

be
se
ns
iti
ve

to
in
iti
al

23
0 T
h
ex
ce
ss

b

N
o
m
et
am

ic
tiz
at
io
n;

Po
ss
ib
ili
ty

of
T
h–
Pb

da
tin

g

X
R
om

er
(1
99

6)
;
A
m
el
in

et
al
.

(1
99

9)
;
G
el
ci
ch

et
al
.(
20

05
);

St
os
ch

et
al
.(
20

10
);
Se
o
et
al
.

(2
01

5)
;
H
us
to
n
et

al
.
(2
01

6)

B
ad
de
le
yi
te

Z
rO

2
M
ag
m
at
ic

N
i–
C
u-
PG

E
(±

C
o)

su
lp
hi
de
;
B
an
de
d
ir
on

fo
rm

at
io
n;

O
ro
ge
ni
c
A
u;

D
ia
m
on
d-
be
ar
in
g
ki
m
be
rl
ite
;

R
ar
e-
m
et
al

ca
rb
on
at
ite

A
lk
al
in
e
an
d

m
afi
c
to

ul
tr
am

afi
c

m
ag
m
at
is
m
,

hy
dr
ot
he
rm

al
ac
tiv

ity

C
ry
st
al

or
ie
nt
at
io
n
af
fe
ct
s

20
6 P
b/

23
8 U

ra
tio

s
an
d
da
te
s

m
ea
su
re
d
w
ith

SI
M
S

(W
in
ga
te

an
d
C
om

ps
to
n,

20
00
);

L
im

ite
d
co
m
m
on

Pb
,

no
m
et
am

ic
tiz
at
io
n

X
X
X

C
or
fu

an
d
L
ig
ht
fo
ot

(1
99

6)
;

Sc
hä
re
r
et

al
.
(1
99

7)
;
A
m
el
in

et
al
.
(1
99

9)
;
W
in
ga
te

an
d

C
om

ps
to
n
(2
00

0)
;
M
ül
le
r

et
al
.(
20

05
);
L
ie

ta
l.
(2
00

5)
;

W
u
et
al
.(
20

11
);
Z
ha
ng

et
al
.

(2
01

3)
;
B
jä
rn
bo

rg
et

al
.

(2
01

5)
;
W
al
l
an
d
Sc
oa
te
s

(2
01

6)

B
ra
nn
er
ite

(U
,
C
a,

C
e)

(T
i,
Fe
) 2
O
6

Fa
ul
t-
re
la
te
d
U
(±

R
E
E
-F
-B
a-

T
h)
;
M
ag
m
at
ic
-

hy
dr
ot
he
rm

al
/e
pi
th
er
m
al

U
(±

N
i-
C
o-
A
s-
M
o-
Pb

-P
G
E
-

A
u)
;A

rc
he
an

A
u
pa
le
op
la
ce
r

H
yd

ro
th
er
m
al

ac
tiv

ity
M
od
er
at
e
to

hi
gh

am
ou
nt

of
co
m
m
on

Pb
;e
as
y
re
se
tti
ng

of
th
e
U
–
Pb

sy
st
em

(P
b
lo
ss
)

w
ith

hy
dr
ot
he
rm

al
flu

id
s;
no

m
at
ri
x-
m
at
ch
ed

st
an
da
rd

av
ai
la
bl
e

X
Fr
ei

(1
99

6)
;
Z
ar
tm

an
an
d

Sm
ith

(2
00

9)
;
O
be
rt
hü

r
et

al
.

(2
00

9)
;
B
er
ge
n
an
d
Fa
ye
k

(2
01

2)

C
al
ci
te

C
aC

O
3

M
V
T
Pb

–
Z
n
±

F
H
yd

ro
th
er
m
al

ac
tiv

ity
,

di
ag
en
es
is

M
od
er
at
e
to

hi
gh

am
ou
nt

of
co
m
m
on

Pb
;e
as
y
re
se
tti
ng

of
th
e
U
–
Pb

sy
st
em

(P
b
an
d
U

D
at
e
so
m
et
im

es
de
te
rm

in
ed

w
ith

th
e

is
oc
hr
on

m
et
ho

d;

X
D
eW

ol
f
an
d
H
al
lid

ay
(1
99

1)
;

B
ra
nn
on

et
al
.
(1
99

6)
;

C
ov

en
ey

et
al
.
(2
00

0)
;

(c
on

tin
ue
d)

U–Pb Dating of Mineral Deposits: From Age Constraints to Ore-Forming Processes 59



Ta
b
le

2
(c
on

tin
ue
d)

M
in
er
al

Fo
rm

ul
a

M
ai
n
ty
pe
s
of

m
in
er
al

de
po
si
t
w
he
re

U
–
Pb

da
tin

g
ca
n
be

do
ne

(n
on
-e
xh
au
st
iv
e

lis
t)

E
ve
nt

da
te
d

Pr
in
ci
pa
l
lim

ita
tio

ns
A
dd
iti
on
al

co
m
m
en
ts

A
ve
ra
ge

qu
al
ity

of
U
–
Pb

da
tin

ga

So
m
e
re
fe
re
nc
es

w
ith

ap
pl
ic
at
io
n
to

m
in
er
al

de
po

si
ts

m
ob

ili
ty
)
w
ith

hy
dr
ot
he
rm

al
flu

id
s;
di
ffi
cu
lty

to
in
te
rp
re
t

th
e
ev
en
t
be
in
g
da
te
d;

N
o

in
te
rn
at
io
na
l
m
at
ri
x-
m
at
ch
ed

st
an
da
rd

av
ai
la
bl
e
(i
n-
ho
us
e

st
an
da
rd
)

In
ve
rs
e
di
sc
or
da
nc
e
is

no
t
un

co
m
m
on

(U
lo
ss
).
M
os
tly

Pb
c

un
co
rr
ec
te
d

23
8 U

/2
06
Pb

da
te
s

G
ra
nd
ia

et
al
.
(2
00

0)
;

R
as
bu

ry
an
d
C
ol
e
(2
00

9)
;

B
ur
is
ch

et
al
.
(2
01

7)

C
as
si
te
ri
te

Sn
O
2

G
ra
ni
te
-r
el
at
ed

Sn
(±

M
o–

W
–
C
u–
Pb

–
Z
n–
Sb

–
A
g)

gr
ei
se
n,

sk
ar
n
an
d
lo
de
;

Su
pe
rg
en
e
Sn

H
yd

ro
th
er
m
al

ac
tiv

ity
,

su
pe
rg
en
e

al
te
ra
tio

n
(?
)

H
ig
h
am

ou
nt

of
co
m
m
on

Pb
;

N
o
in
te
rn
at
io
na
l
m
at
ri
x-

m
at
ch
ed

st
an
da
rd

av
ai
la
bl
e

(i
n-
ho

us
e
st
an
da
rd
)

D
at
e
of
te
n
de
te
rm

in
ed

w
ith

th
e
is
oc
hr
on

m
et
ho
d

X
G
ul
so
n
an
d
Jo
ne
s
(1
99

2)
;

Y
ua
n
et

al
.
(2
01

1)
;
C
he
n

et
al
.
(2
01

4)
;
Z
ha
ng

et
al
.

(2
01

4)
;
L
i
et

al
.
(2
01

6)

C
ol
om

bo
-

ta
nt
al
ite

(M
n,

Fe
2+
)

(N
b,

T
a)

2O
6

R
ar
e-
m
et
al

(±
Sn

–
W
)

pe
gm

at
ite
,
gr
ei
se
n
an
d

gr
an
ite

L
at
e
m
ag
m
at
ic

st
ag
e,

hy
dr
ot
he
rm

al
re
se
tti
ng

L
ow

to
m
od

er
at
e
am

ou
nt

of
co
m
m
on

Pb
;
in
-s
itu

da
tin

g
of
te
n
st
an
da
rd
iz
ed

to
zi
rc
on

m
in
er
al
,
th
e
us
e
of

C
ol
ta
n-

13
9
st
an
da
rd

is
su
gg
es
te
d
by

C
he

et
al
.
(2
01

5)
;
ca
n
be

hi
gh

ly
m
et
am

ic
t

In
ve
rs
e
di
sc
or
da
nc
e
is

no
tu

nc
om

m
on

(m
ay
be

re
la
te
d
to

in
cl
us
io
ns
);

po
ss
ib
le

in
cl
us
io
ns

of
ur
an
in
ite
;
ch
em

ic
al

ab
ra
si
on

is
po

ss
ib
le

X
X
X

R
om

er
an
d
W
ri
gh

t
(1
99

2)
;

R
om

er
an
d
Sm

ed
s
(1
99

4)
;

R
om

er
an
d
Sm

ed
s
(1
99

6)
;

R
om

er
et

al
.
(1
99

6)
;
R
om

er
an
d
Sm

ed
s
(1
99

7)
;
G
lo
dn

y
et

al
.
(1
99

8)
;
Sm

ith
et

al
.

(2
00

4)
;
B
au
m
ga
rt
ne
r
et

al
.

(2
00

6)
;
D
ew

ae
le

et
al
.

(2
01

1)
;
M
el
le
to
n
et

al
.

(2
01

2)
;M

el
ch
er

et
al
.(
20

15
);

C
he

et
al
.
(2
01

5)
;
V
an

L
ic
ht
er
ve
ld
e
et

al
.
(2
01

6)

G
ar
ne
t

(C
a,

C
e,

L
a,

Y
) 2
(F
e2

+
,
Fe

3

+
,
A
l)
3O

(S
iO

7)
(S
iO

4)
(O

H
)

Sk
ar
n;

M
et
am

or
ph
os
ed

de
po
si
t

M
et
as
om

at
im

,
m
et
am

or
ph
is
m

M
od
er
at
e
to

hi
gh

am
ou
nt

of
co
m
m
on

Pb
;
lo
w

U
co
nt
en
t;

no
m
at
ri
x-
m
at
ch
ed

st
an
da
rd

av
ai
la
bl
e

A
nd

ra
di
te

ga
rn
et

te
nd

to
ha
ve

hi
gh

er
U

co
nt
en
t.
D
at
e

so
m
et
im

es
de
te
rm

in
ed

w
ith

th
e
is
oc
hr
on

m
et
ho
d

X
M
ez
ge
r
et
al
.(
19

89
);
M
ue
lle
r

et
al
.
(1
99

6)
;
G
lo
dn

y
et

al
.

(1
99

8)
;
Ju
ng

an
d
M
ez
ge
r

(2
00

3)
;
Se
m
an

et
al
.
(2
01

7)

Pe
ro
vs
ki
te

C
aT

iO
3

D
ia
m
on
d-
be
ar
in
g
ki
m
be
rl
ite
;

R
ar
e-
m
et
al

ca
rb
on
at
ite

A
lk
al
in
e
an
d

ul
tr
am

afi
c

m
ag
m
at
is
m

M
od
er
at
e
to

hi
gh

am
ou
nt

of
co
m
m
on

Pb
;
pr
on
e
to

Pb
lo
ss
;
in
-s
itu

da
tin

g
of
te
n

Po
ss
ib
ili
ty

of
T
h–
Pb

da
tin

g
X

Sm
ith

et
al
.
(1
98

9)
;
H
ea
m
an

(2
00

3)
;
L
eh
m
an
n
et

al
.

(2
01

0)
;
D
on

ne
lly

et
al
.

(c
on

tin
ue
d)

60 C. Chelle-Michou and U. Schaltegger



Ta
b
le

2
(c
on

tin
ue
d)

M
in
er
al

Fo
rm

ul
a

M
ai
n
ty
pe
s
of

m
in
er
al

de
po
si
t
w
he
re

U
–
Pb

da
tin

g
ca
n
be

do
ne

(n
on
-e
xh
au
st
iv
e

lis
t)

E
ve
nt

da
te
d

Pr
in
ci
pa
l
lim

ita
tio

ns
A
dd
iti
on
al

co
m
m
en
ts

A
ve
ra
ge

qu
al
ity

of
U
–
Pb

da
tin

ga

So
m
e
re
fe
re
nc
es

w
ith

ap
pl
ic
at
io
n
to

m
in
er
al

de
po

si
ts

st
an
da
rd
iz
ed

to
zi
rc
on

m
in
er
al
,
pe
ro
vs
ki
te

st
an
da
rd

de
sc
ri
be
d
in

H
ea
m
an

(2
00

9)

(2
01

2)
;
Z
ha
ng

et
al
.
(2
01

3)
;

R
ao

et
al
.
(2
01

3)
;
W
u
et

al
.

(2
01

3a
,
20

13
b)
;
G
ri
ffi
n
et

al
.

(2
01

4)
;H

ea
m
an

et
al
.(
20

15
);

C
as
til
lo
-O

liv
er

et
al
.
(2
01

6)

R
E
E
-

Ph
os
ph

at
e

(M
on
az
ite

an
d

X
en
ot
im

e)

(C
e,

L
a,

T
h)

PO
4

R
ar
e-
m
et
al

(±
Sn

–
W
)

pe
gm

at
ite
,
gr
ei
se
n
an
d

gr
an
ite
;
O
ro
ge
ni
c
A
u;

B
an
de
d
ir
on

fo
rm

at
io
n;

A
rc
he
an

A
u
pa
le
op

la
ce
r;

St
ra
ta
bo

un
d
po

ly
m
et
al
lic

(C
o,

C
u,

Pb
,Z

n,
Fe
,A

u,
A
g,

B
i,
W
,
R
E
E
);
U
nc
on

fo
rm

ity
-

re
la
te
d
U
;
M
V
T
Pb

–
Z
n;

IO
C
G
;g

ra
ni
te
-r
el
at
ed

U
–
M
o;

C
or
di
lle
ra
n
po

ly
m
et
al
lic

H
yd

ro
th
er
m
al

ac
tiv

ity
,

m
et
am

or
ph
im

,
m
ag
m
at
is
m

H
ig
h
am

ou
nt

of
ex
ce
ss

20
6 P
b

(i
ni
tia
l
23

0 T
h
ex
ce
ss
)b
;
st
ro
ng

m
at
ri
x
ef
fe
ct

du
e
to

tr
ac
e

el
em

en
ts
ne
ed
s
to

be
ta
ke
n
in

co
ns
id
er
at
io
n
fo
r
SI
M
S

da
tin

g
(e
.g
.,
Fl
et
ch
er

et
al
.

20
10
)

L
im

ite
d
co
m
m
on

Pb
.

N
o
m
et
am

ic
tiz
at
io
n.

Po
ss
ib
ili
ty

of
T
h–
Pb

da
tin

g

X
X
X

G
lo
dn

y
et

al
.
(1
99

8)
;

T
or
re
al
da
y
et

al
.
(2
00

0)
;

Pe
te
rs
so
n
et
al
.(
20

01
);
Pi
go

is
et

al
.
(2
00

3)
;
T
al
la
ri
co

et
al
.

(2
00

4)
;
Sa
lie
r
et

al
.
(2
00

4,
20

05
);
Fl
et
ch
er

et
al
.
(2
00

4)
;

Sc
ha
lte
gg
er

et
al
.
(2
00

5)
;

V
al
lin

i
et

al
.
(2
00

6)
;
M
ic
ha
el

M
ey
er

et
al
.
(2
00

6)
;

R
as
m
us
se
n
et

al
.
(2
00

7a
,
b,

20
08
);
L
ob

at
o
et

al
.
(2
00

7)
;

M
ue
lle
r
et

al
.
(2
00

7)
;
K
em

pe
et
al
.(
20

08
);
V
ie
lr
ei
ch
er
et
al
.

(2
01

0,
20

15
);
Fl
et
ch
er

et
al
.

(2
01

0)
;
Sa
rm

a
et

al
.
(2
01

1)
;

M
uh
lin

g
et

al
.
(2
01

2)
;

A
le
in
ik
of
f
et

al
.
(2
01

2a
,b
);

M
os
oh

B
am

bi
et

al
.
(2
01

3)
;

M
or
et
o
et

al
.
(2
01

4)
;
C
ab
ra
l

an
d
Z
eh

(2
01

5)
;
Z
i
et

al
.

(2
01

5)
;
M
cK

in
ne
y
et

al
.

(2
01

5)
;
T
ay
lo
r
et

al
.
(2
01

5)
;

C
at
ch
po

le
et

al
.
(2
01

5)
;

H
us
to
n
et

al
.
(2
01

6)
;
V
an

L
ic
ht
er
ve
ld
e
et

al
.
(2
01

6)

Y
PO

4
M
od
er
at
e
ex
ce
ss

20
6 P
b
(i
nt
ia
l

23
0 T
h
ex
ce
ss
)b
;
st
ro
ng

m
at
ri
x

ef
fe
ct

du
e
to

tr
ac
e
el
em

en
ts

ne
ed
s
to

be
ta
ke
n
in

co
ns
id
er
at
io
n
fo
r
SI
M
S

da
tin

g
(e
.g
.,
Fl
et
ch
er

et
al
.

20
10
)

(c
on

tin
ue
d)

U–Pb Dating of Mineral Deposits: From Age Constraints to Ore-Forming Processes 61



Ta
b
le

2
(c
on

tin
ue
d)

M
in
er
al

Fo
rm

ul
a

M
ai
n
ty
pe
s
of

m
in
er
al

de
po
si
t
w
he
re

U
–
Pb

da
tin

g
ca
n
be

do
ne

(n
on
-e
xh
au
st
iv
e

lis
t)

E
ve
nt

da
te
d

Pr
in
ci
pa
l
lim

ita
tio

ns
A
dd
iti
on
al

co
m
m
en
ts

A
ve
ra
ge

qu
al
ity

of
U
–
Pb

da
tin

ga

So
m
e
re
fe
re
nc
es

w
ith

ap
pl
ic
at
io
n
to

m
in
er
al

de
po

si
ts

R
ut
ile

T
iO

2
M
et
am

or
ph
ic

an
d
m
ag
m
at
ic

T
i;
Po

rp
hy
ry

C
u–
A
u;

O
ro
ge
ni
c
A
u

C
oo

lin
g;

hy
dr
ot
he
rm

al
ac
tiv

ity

L
ow

U
co
nc
en
tr
at
io
n
in

m
os
t

ca
se
s,
bu

t
ru
til
es

fr
om

hi
gh

-
gr
ad
e
m
et
am

or
ph

ic
ro
ck
s

te
nd

to
ha
ve

hi
gh

er
U

co
nt
en
ts
(M

ei
nh
ol
d
20

10
);

m
od

er
at
e
am

ou
nt

of
co
m
m
on

Pb

X
X

de
R
on

de
et

al
.
(1
99

2)
;

N
or
cr
os
s
et

al
.
(2
00

0)
;
vo

n
Q
ua
dt

et
al
.
(2
00

5)
;

K
ou

zm
an
ov

et
al
.
(2
00

9)
;

M
or
is
se
t
et

al
.
(2
00

9)
;
Sh

i
et

al
.
(2
01

2)

T
ita
ni
te

(S
ph

en
e)

C
aT

iO
Si
O
4

Sk
ar
n;

IO
C
G
;
O
ro
ge
ni
c
A
u;

V
M
S

L
at
e
m
ag
m
at
ic

st
ag
e,

hy
dr
ot
he
rm

al
ac
tiv

ity
;

m
et
as
om

at
is
m
;

m
et
am

or
ph
is
m
;

(c
oo

lin
g)

L
ow

to
m
od

er
at
e
am

ou
nt

of
co
m
m
on

Pb
;T

ita
ni
te
s
B
L
R
-1

an
d
M
K
E
D
-1

pr
op
os
ed

as
m
at
ri
x-
m
at
ch
ed

st
an
da
rd
s

(A
le
in
ik
of
f
et

al
.,
20

07
;

Sp
an
dl
er

et
al
.,
20

16
),

co
m
m
on

us
e
of

zi
rc
on

or
in
-

ho
us
e
st
an
da
rd
s

Po
ss
ib
ili
ty

of
T
h–
Pb

da
tin

g
X
X

C
or
fu

an
d
M
ui
r
(1
98

9)
;

R
om

er
an
d
Ö
hl
an
de
r
(1
99

4)
;

R
om

er
et
al
.(
19

94
);
E
ic
hh

or
n

et
al
.
(1
99

5)
;
M
ue
lle
r
et

al
.

(1
99

6,
20

07
);
N
or
cr
os
s
et

al
.

(2
00

0)
;
Sa
lie
r
et

al
.
(2
00

4)
;

B
uc
ci

et
al
.
(2
00

4)
;

W
an
ha
in
en

et
al
.
(2
00

5)
;
D
e

H
al
le
r
et

al
.
(2
00

6)
;
Sk

ir
ro
w

et
al
.
(2
00

7)
;
C
hi
ar
ad
ia

et
al
.

(2
00

8)
;
Sm

ith
et

al
.
(2
00

9)
;

L
ie
ta
l.
(2
01

0)
;D

zi
gg

el
et
al
.

(2
01

0)
;
C
he
lle
-M

ic
ho
u
et

al
.

(2
01

5)
;D

en
g
et
al
.(
20

15
a,
b)
;

Se
o
et

al
.
(2
01

5)
;
Fu

et
al
.

(2
01

6)
;
Po

le
tti

et
al
.
(2
01

6)

U
ra
ni
ni
te

U
O
2

U
(±

A
u,

R
E
E
,…

)
de
po

si
ts
;

St
ra
tif
or
m

po
ly
m
et
al
lic

(C
o,

A
s,
Pb

,
Z
n,

C
u,

M
o,

…
)

ep
ith

er
m
al

H
yd

ro
th
er
m
al

ac
tiv

ity
;

M
et
am

or
ph

is
m

Pr
on

e
to

U
an
d
Pb

m
ob

ili
ty

(l
os
s
an
d
ga
in
)
an
d

re
cr
ys
ta
lli
za
tio

n;
lo
w

to
hi
gh

am
ou
nt

of
co
m
m
on

Pb
;
no

in
te
rn
at
io
na
l
m
at
ri
x-
m
at
ch
ed

st
an
da
rd

av
ai
la
bl
e
(i
n-
ho
us
e

st
an
da
rd
)

C
he
m
ic
al

da
tin

g
(E
M
P)

is
co
m
m
on

X
H
of
m
an
n
an
d
E
ik
en
be
rg

(1
99

1)
;
H
of
m
an
n
an
d
K
ni
ll

(1
99

6)
;
Fa
ye
k
et

al
.
(2
00

0)
;

Po
lit
o
et

al
.
(2
00

5)
;

A
le
xa
nd

re
et

al
.
(2
00

7)
;
O
no

an
d
Fa
ye
k
(2
01

1)
;
C
ar
l
et

al
.

(2
01

1)
;P

hi
lip

pe
et
al
.(
20

11
);

D
ie
ng

et
al
.
(2
01

3)
;
D
ec
re
e

et
al
.
(2
01

4)
;
L
uo

et
al
.

(2
01

5)
;
Sk

ir
ro
w

et
al
.
(2
01

6)

(c
on

tin
ue
d)

62 C. Chelle-Michou and U. Schaltegger



Ta
b
le

2
(c
on

tin
ue
d)

M
in
er
al

Fo
rm

ul
a

M
ai
n
ty
pe
s
of

m
in
er
al

de
po
si
t
w
he
re

U
–
Pb

da
tin

g
ca
n
be

do
ne

(n
on
-e
xh
au
st
iv
e

lis
t)

E
ve
nt

da
te
d

Pr
in
ci
pa
l
lim

ita
tio

ns
A
dd
iti
on
al

co
m
m
en
ts

A
ve
ra
ge

qu
al
ity

of
U
–
Pb

da
tin

ga

So
m
e
re
fe
re
nc
es

w
ith

ap
pl
ic
at
io
n
to

m
in
er
al

de
po

si
ts

Z
ir
co
n

Z
rS
iO

4
A
ll
ty
pe

of
in
te
rm

ed
ia
te

to
ac
id
ic

m
ag
m
at
is
m
,

di
ff
er
en
tia
te

pr
od

uc
ts
of

m
afi
c
to

ul
tr
am

afi
c

m
ag
m
at
is
m
,
Po

rp
hy

ry
-

sy
st
em

s
(i
nc
l.
E
pi
th
er
m
al
,

Sk
ar
n)
,
V
M
S,

…

M
ag
m
at
ic
,

hy
dr
ot
he
rm

al
,

de
tr
ita
l

pr
ov

en
an
ce

an
d

de
po
si
tio

n,
m
et
am

or
ph
ic

C
an

pr
es
en
t
ve
ry

co
m
pl
ex

zo
ni
ng

pa
tte
rn
s
w
ith

se
ve
ra
l

ag
e
do

m
ai
ns

L
im

ite
d
co
m
m
on

Pb
.

C
he
m
ic
al

ab
ra
si
on

is
po

ss
ib
le

X
X
X

M
os
t
of

th
e
re
fe
re
nc
es

pr
ov

id
ed

fo
r
th
e
ot
he
r

m
in
er
al
s
al
so

pr
es
en
t
zi
rc
on

U
–
Pb

da
tin

g

W
ol
fr
am

ite
(F
e2

+
,
M
n)

W
O
4

G
ra
ni
te
-r
el
at
ed

W
±

Sn
±

M
o
de
po
si
ts
,

gr
ei
se
n,

sk
ar
n,

lo
de
s
an
d

pe
gm

at
ite

H
yd

ro
th
er
m
al

ac
tiv

ity
L
ow

to
m
od

er
at
e
am

ou
nt

of
co
m
m
on

Pb
;
no

m
at
ri
x-

m
at
ch
ed

st
an
da
rd

av
ai
la
bl
e;

Po
ss
ib
le

al
te
ra
tio

n
of

th
e

m
in
er
al
;
Pr
on

e
to

ho
st
fl
ui
d

an
d
m
in
er
al

in
cl
us
io
ns

X
R
om

er
an
d
L
üd
er
s
(2
00

6)
;

Pf
af
f
et

al
.
(2
00

9)
;

L
ec
um

be
rr
i-
Sa
nc
he
z
et

al
.

(2
01

4)
;
H
ar
la
ux

et
al
.
(2
01

7)

O
th
er

m
in
er
al
s:
(u
ra
no
)

th
or
ite
,
ve
su
vi
an
ite
,

ba
st
na
es
ite
,
po
ly
cr
as
e,

co
ffi
ni
te
,
…

U
de
po
si
ts
;R

E
E
de
po
si
ts
;…

H
yd

ro
th
er
m
al

ac
tiv

ity
;

M
et
am

or
ph

is
m
;

Su
pe
rg
en
e

al
te
ra
tio

n

–
–

–
R
om

er
(1
99

2)
;
R
om

er
(1
99

6)
;
R
as
m
us
se
n
et

al
.

(2
00

8)
;
D
ill

et
al
.
(2
01

0,
20

13
);
W
u
et

al
.
(2
01

1)
;

B
er
ge
n
an
d
Fa
ye
k
(2
01

2)
;

C
ot
tle

(2
01

4)
;
D
ow

ne
s
et

al
.

(2
01

6)
a X

X
X
:
L
ow

co
m
m
on

Pb
,
hi
gh

U
an
d
st
ru
ct
ur
al
ly

ro
bu

st
m
in
er
al
s;
X
X
:
M
od
er
at
e
co
m
m
on

Pb
,
lo
w

U
an
d
st
ru
ct
ur
al
ly

ro
bu

st
m
in
er
al
s;
X
:
C
om

m
on

Pb
-r
ic
h,

lo
w

U
,
st
ru
ct
ur
al
ly

an
d/
or

ch
em

ic
al
ly

w
ea
k
m
in
er
al
s.
T
hi
s
cl
as
si
fi
ca
tio

n
sh
ou
ld

on
ly

be
ta
ke
n
as

a
‘r
ul
e
of

th
um

b’
as

ea
ch

ca
se

w
ou

ld
be

di
ff
er
en
t

b R
ef
er

to
Fi
g.

4
to

as
se
ss

th
e
m
ag
ni
tu
de

of
in
iti
al

23
0 T
h-
di
se
qu
ili
br
iu
m

of
th
e
ex
pe
ct
ed

ag
e
of

th
e
m
in
er
al

U–Pb Dating of Mineral Deposits: From Age Constraints to Ore-Forming Processes 63



resistance in a range of extreme geological pro-
cesses from the surface to the deep Earth crust
and to the low diffusivity of U and Pb in its
crystal lattice (Cherniak et al. 1997; Cherniak
and Watson 2001, 2003; Harley and Kelly 2007).
Importantly, zircon may contain tens to thou-
sands of ppm of U (Hoskin and Schaltegger
2003) while essentially excluding initial Pb upon
crystallization (Watson et al. 1997). This is
mainly due to the large charge and ionic radius
differences between Pb2+ (1.26 Å) and Zr4+

(0.84 Å) in eight-fold coordination in zircon. In
fact, common Pb in zircon is often limited to
small inclusions and to structurally damaged
parts of the crystal which are readily removed
with a chemical abrasion procedure while pre-
serving the crystalline portion of the mineral
(Mattinson 2005). The quality and ubiquity of
this mineral has triggered most of the technical
development of U–Pb geochronology including a
wealth of international reference materials used
for in-situ dating methods in all laboratories
around the world.

Nevertheless, other minerals such as badde-
leyite, columbite group minerals (columbo-
tantalite), and rare earth element (REE)-phos-
phates (monazite and xenotime) present U
enrichment and common Pb exclusion properties
comparable to zircon. Despite their occurrence in
the geological environment being more restricted
than that of zircon, published data often show the
same level of precision as for zircon, according
to the analytical method used. Chemical abrasion
techniques have been tested on these minerals
but show contrasting behavior. In the case of
monazite and baddeleyite, chemical abrasion has
not shown any significant improvement in term
of precision, reproducibility and concordance
(Rioux et al. 2010; Peterman et al. 2012). This
might be due to the fact that monazite and bad-
deleyite do not suffer metamictization (Seydoux-
Guillaume et al. 2002, 2004; Trachenko, 2004).
However, baddeleyite is suggested to become
tetragonal at high ion radiation doses, a phase
change that may facilitate radiogenic Pb mobility

(Schaltegger and Davies 2017). Additionally,
chemical abrasion has been successfully applied
to columbo-tantalite minerals and improved the
concordance of the data (Romer and Wright
1992). It is thought to remove small inclusions of
Pb bearing minerals such as uraninite or sec-
ondary Nb- and Ta-bearing minerals (Romer
et al. 1996).

5.2 Moderate Common Pb, Low U
and Structurally Robust
Minerals

Titanite, rutile and allanite represent very inter-
esting properties for U–Pb dating. These acces-
sory mineral species usually have low to
moderate amounts of common Pb while being
sufficiently enriched in U to allow precise dating
in most cases. Analytical protocols and matrix-
matched standards for in-situ dating have been
developed and allow some labs to routinely date
these mineral (Storey et al. 2006, 2007; Alei-
nikoff et al. 2007; Gregory et al. 2007; Luvizotto
et al. 2009; Zack et al. 2011; Darling et al. 2012;
Schmitt and Zack 2012; Smye et al. 2014). The
use of titanite and especially rutile as
geochronometers might be limited by their rela-
tively lower closure temperature of the U–Pb
system compared to zircon. Hydrothermal titanite
(e.g., in skarn deposits) would crystallize near or
just below its closure temperature allowing its
use as a geochronometer (Chiaradia et al. 2008;
Chelle-Michou et al. 2015), and helping to pin-
point antecrystic zircon growth (i.e., crystallized
in earlier magma pulses and incorporated in a
later pulse; Miller et al. 2007) in the skarn-
forming magmatic intrusion. Rutile is involved in
high temperature metamorphic reactions and can
produce new zircon upon recrystallization at
lower temperature and expulsion of Zr (e.g., Pape
et al. 2016). Allanite may have exceedingly high
Th/U ratios requiring a very careful approach for
accurately correcting and interpreting initial
230Th disequilibrium (Oberli et al. 2004).
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5.3 Common Pb-Rich, Low U,
Structurally
and/or Chemically Weak
Minerals

A wealth of other minerals can be used for U–Pb
geochronology but tend (most of the time) to
produce lower quality data than the minerals
described above. This is mainly due to the high
ratio of common to radiogenic lead in these
mineral (� 1 ppm) together with low U con-
centrations (< 10 ppm). This results in the cho-
sen common Pb correction having a critical
impact on the accuracy and precision of the
dates. The best dates are usually obtained with
the 3D isochron method or 238U/206Pb intercept
ages of mixing lines (so-called “isochrons”) in a
Tera-Wasserburg concordia space from LA-ICP-
MS dating (Schoene and Bowring 2006) and
potential accompanied with the measurement of a
cogenetic common Pb-rich phase (such as the
magnetite-apatite geochronometer; Gelcich et al.
2005).

Furthermore, some species such as brannerite,
calcite, uraninite, and, to a lesser extent, per-
ovskite and wolframite are prone to resetting of
the U–Pb system (Pb-loss), or even U mobility in
the presence of hydrothermal fluids that may also
promote dissolution/recrystallization of the min-
eral (e.g., Zartman and Smith 2009; Rasbury and
Cole 2009; Ono and Fayek 2011; Bergen and
Fayek 2012; Donnelly et al. 2012; Decree et al.
2014; Harlaux et al. 2017). This often results in
markedly normally or inversely discordant com-
mon Pb-corrected data. Recent, advances in cal-
cite U–Pb dating by LA-ICPMS and ID-TIMS
make it possible to routinely achieve uncertain-
ties on the order of 2–5% despite the high
amount of common Pb (Li et al. 2014; Coogan
et al. 2016; Roberts and Walker 2016; Burisch
et al. 2017). Due to the ubiquity of calcite in
vein, cement or replacement phase in mineral
deposits, calcite U–Pb dating is expected to open
to new opportunities for ore deposit research and
to address the timing of crustal fluid flow through
direct dating. Yet, the main difficulty of calcite
dating is to correctly interpret the event being
dated, or if unsure, allow for all reasonable

possibilities (e.g., see the case of the Hamersley
spherule beds, Australia; Woodhead et al. 1998;
Rasmussen et al. 2005).

5.4 Choosing the Best Mineral
for U–Pb Dating

The choice of the mineral targeted for U(–Th)–Pb
dating should be dictated by the particular event
or process of interest, cross-cutting and parage-
netic information, and geochemical and/or struc-
tural data. Dating without consideration of the
geological/petrographic context of the mineral
will very likely lead to erroneous interpretation.
One such example is the case of post-
mineralization rhyodacite porphyry at the Corro-
cohuayco deposit, Peru. There, most zircon grains
(11/13) from this post-mineralization porphyry
were dated *0.5 Ma older that the syn-
mineralization porphyries it crosscuts (Chelle-
Michou et al. 2014). This unambiguous field
relationship shows that it could only be inter-
preted in the context of proto-pluton remelting,
rather than as the age of magma emplacement.

Magmatism is arguably the most easily dated
geological process. In the vast majority of cases
zircon would be the mineral of choice. Even rel-
atively mafic rocks can host zircon in the most
differentiated ‘melt pockets’ (e.g. the Bushveld
complex, South Africa; Zeh et al. 2015). In the
cases where zircon is absent from the magmatic
rock, usually in ultramafic,mafic or alkaline rocks,
baddeleyite or perovskite present good alterna-
tives. Finally, crust-derived granitoids often host
zircon grains that are dominantly inherited from
their source and minimally reflect new growth
from the granitic liquid (e.g., Clemens 2003). In
such cases, dating of monazite may be preferred.
The main goal of dating these magmatic minerals
is to constrain the age of magma emplacement in
the crust or of volcanic eruption.

The increasing precision of zircon dates
achievable with the CA-ID-TIMS method sheds
new light on the long-lived history of magmatic
systems. At the sample scale, more than 0.1 Ma
of protracted zircon crystallization has been
documented at a number of silicic systems, some
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of which are associated with porphyry copper
mineralization (Schütte et al. 2010; Wotzlaw
et al. 2013; Chelle-Michou et al. 2014; Barboni
et al. 2015; Buret et al. 2017). When combined
with complimentary geochemical data, zircon
crystallization ages can provide valuable insights
into the specific petrological processes responsi-
ble the transition from barren to ore-producing
intrusions (Chelle-Michou et al. 2014; Tapster
et al. 2016; Buret et al. 2016).

Despite its common usage in ore deposit
research, the dating of magma intrusion only
rarely dates the mineralization itself. In fact, this
is only restricted to places where the ore minerals
have crystallized under magmatic conditions such
as the magmatic Ni–Cu–Cr(±Au ± PGE)
deposits and possibly some magmatic REE
deposits as well. If appropriate crosscutting rela-
tionship with the mineralization can be observed,
dating magmatic intrusions can elegantly bracket
the timing of ore deposition (e.g., von Quadt et al.
2011). In the case of porphyry, greisen, or vol-
canogenic massive sulfide (VMS) deposits the
age of the ore-related intrusion or of the associ-
ated volcanics may often provide a good, if not
excellent, approximation for age of the mineral-
ization. Yet, this approach requires much caution
as even in classical magmatic-hydrothermal
deposits such as W–Sn granite deposits or por-
phyry Cu deposits, the mineralization can have
been sourced by a hidden intrusion at depth while
being hosted in a previously emplaced one (e.g.,
Schaltegger et al. 2005). However, for deposits
where the relationship between ore formation and
a particular magma intrusion is ambiguous (e.g.,
iron oxide copper–gold (IOCG) deposits, oro-
genic Au deposit, epithermal deposits, distal
skarns) or even totally absent (e.g., Mississippi
Valley-type (MVT) deposits) it is much more
advantageous to determine directly the timing of
hydrothermal fluid circulation and/or of ore
deposition. The list of ore minerals suitable for
U–Pb dating include cassiterite (for Sn deposits),
wolframite (for W deposits) columbo-tantalite (in
some rare-metal granite, greisen and pegmatite
deposits), rutile (for Ti deposits), and minerals

associated with U deposits (e.g., uraninite, bran-
nerite). This restricts the types of ore that can
dated with the U–Pb method. Alternatively, sev-
eral gangue mineral species can be used to date
hydrothermal fluid circulation, metasomatism and
metamorphism. Their relevance for the genesis or
reworking of the studied ore deposit is funda-
mentally linked to their position in the parage-
netic sequence with respect to the ore minerals.
REE-phosphates such as monazite and xenotime
are common in a wide variety of hydrothermal
systems ranging from granite-related rare metal
deposits to MVT deposits (Table 2) and, if
available, would be the ideal minerals to date
hydrothermal processes. In few cases,
hydrothermal zircons at skarn (Niiranen et al.
2007; Wan et al. 2012; Deng et al. 2015c), IOCG
(Valley et al. 2009), orogenic Au (Kerrich and
Kyser 1994; Pelleter et al. 2007), and
alkaline/carbonatite magmatism related rare-
metal deposits (Yang et al. 2013; Campbell
et al. 2014) have been reported and can date
hydrothermal activity and metasomatism. How-
ever, in the absence of these hydrothermal min-
erals (which is not uncommon), other minerals
listed in Table 2 with non-negligible amounts of
common Pb can be called on. Titanite or allanite
can provide excellent dates for skarn (Chiaradia
et al. 2008; Deng et al. 2014, 2015b; Chelle-
Michou et al. 2015) and IOCG deposits (Skirrow
et al. 2007; Smith et al. 2009; De Haller et al.
2011). Ore-stage calcite or apatite may sometimes
represent the only minerals suitable for U–Pb
dating at MVT deposits (Grandia et al. 2000) or
some REE-P deposits (Huston et al. 2016). The
ability of apatite to keep record of Cl, F, OH and
SO2�

4 of the hydrothermal fluid (or magma) from
which it crystallizes (Webster and Piccoli 2015;
Harlov 2015) coupled with the possibility to date
it with the U–Pb method (Chew and Spikings
2015) opens interesting opportunities to refine ore
forming models. Finally, U–Pb minerals such as
rutile, apatite and/or titanite can provide invalu-
able thermochronological information on the
thermal evolution of the studied ore deposit dur-
ing and after its genesis.
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6 Case Studies of Applications
of U–Pb Dating to Mineral
Deposits

In the following section, we present two case
studies that make very distinct use of U–Pb
geochronology. The first one focuses on the
Witwatersrand gold deposits, South Africa, and
illustrates how geochronology based on several
mineral species can be used to bracket the age of
multiple geological events over long timescales
(> 10 Ma). The second one discusses how rather
than the absolute age, the duration of the min-
eralizing event at porphyry copper deposits can
help understand the ore-forming processes and
the main controls on the size (metal content) of
the deposits. These two examples embody dif-
ferent timescales of reasoning, different preci-
sion, accuracy and spatial resolution
requirements, and different uses of the
geochronological data.

6.1 Input of Multi-mineral U–Pb
Dating for Understanding
Gold Deposition
and Remobilization
in the Witwatersrand Basin,
South Africa

About 32% of all gold ever mined and about the
same proportion of known gold resources comes
from deposits hosted in the Witwatersrand Basin,
South Africa (Frimmel and Hennigh 2015), a
Mesoarchean detrital sedimentary basin depos-
ited on the Kaapvaal Craton (Fig. 9). The genesis
of this enormous accumulation of gold in the
crust has triggered one of the “greatest debate in
the history of economic geology” (see summary
in Muntean et al. 2005). Proposed models for the
deposition of gold range from a modified pale-
oplacer to a purely hydrothermal origin. These
disparate views arises from contradicting obser-
vations that are selectively put forward to favor
either model (Frimmel et al. 2005; Law and
Phillips 2005; Muntean et al. 2005). In fact,
probably none of these end-member models can

account for all the geological, chemical and
isotopic observations. The most recent models
rather consider the very peculiar conditions that
prevailed in the Mesoarchean atmosphere,
hydrosphere and biosphere (Frimmel and Hen-
nigh 2015; Heinrich 2015). At this time, redox
reations mediated by microbial life could have
triggered the synsedimentary precipitation of the
large quantities of gold dissolved in acidic and
reduced meteoric and shallow sea waters.

U–Pb geochronology has been instrumental in
the understanding of the formation Witwater-
srand goldfields. It first played an essential role in
calibrating the depositional age of the sediments
(Fig. 9). One of the most significant contribution
comes from Armstrong et al. (1991) who dated
zircons from volcanic rocks distributed along the
sedimentary pile of the basin. They constrained
the deposition of the Witwatersrand Supergroup
to within a timeframe of ca. 360 Ma from 3074
to 2714 Ma. Subsequent studies have focused on
detrital zircon and xenotime from the main for-
mations present along the stratigraphic column
and intimately associated with the gold-bearing
reefs (England et al. 2001; Kositcin and Krapež
2004; Koglin et al. 2010). These have confirmed
the previous depositional ages but provide addi-
tional insight in the source of the detritus that
filled the basin, as well as secular changes in the
catchment area of the basin over time. Results
show that the source area of detritus has an
increasing age-range of rocks undergoing erosion
over time. Apart from the lowermost part of the
Witwatersrand Supergroup (Orange Formation,
West Rand Group) which has dates clustering
around 3.21 Ga, zircon dates from the West
Rand Group cluster around 3.06 Ga, with only
few older and younger dates (Fig. 9). Further-
more, zircon dates from the Central Rand Group
shows additional peaks at 2.96–2.92 Ga and
3.44–3.43 Ga with several intervening dates in
between these main peaks. Dates of detrital
xenotime are mostly within the 3.1–2.9 Ga range
but also extend as low as 2.8 Ga (Fig. 9). Koglin
et al. (2010) and Ruiz et al. (2006) further link
the gold-rich sediments to the presence of the
3.06 Ga zircon age peak. When compared with
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outcropping Archean terrains of the Kaapvaal
Craton, these zircons could have originated from
the greenstone belts west of the Witwatersrand
basin (Madibe and Kraaipan), rocks in the
immediate proximity of the basin (e.g., Johan-
nesburg and Vrefefort Dome) or from equivalent
units located northwest of the basin that might be
present below the post-Witwatersrand cover
(Koglin et al. 2010). More distal candidates such
as the Murchison and the Barberton greenstone

belts have also been proposed (Ruiz et al. 2006;
Koglin et al. 2010). This interpretation is also
compatible with paleocurrent directions and iso-
topic data (Koglin et al. 2010).

A paleoplacer model requires that all of the
gold deposited in the basin originated from the
same eroding massifs that sourced the sediments.
However, such gigantic quantities of gold are
two orders of magnitude in excess of all the gold
ever mined and discovered in the potential

Fig. 9 Compilation of available U–Pb data from the
Witwatersrand basin plotted against the stratigraphic
position of the sample. Stratigraphic column of the
Archean to early Proterozoic succession in South Africa
from Muntean et al. (2005). Data from the Witwatersrand
basin are from Armstrong et al. (1991), England et al.
(2001), Kositcin et al. (2003) Kositcin and Krapež (2004),
Rasmussen et al. (2007a) and Koglin et al. (2010). Ages

of the intrusion of the Bushveld Complex and of the
Vredefort impact are from Zeh et al. (2015) and Moser
(1997), respectively. Kernel density estimates
(KDE) where obtained using DensityPlotter (Vermeesch
2012). Selected data are 95–105% concordant and data
points are plotted at the 2r uncertainty level. Inset map of
the Kaapvaal craton is modified from Poujol (2007)
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outcropping massifs that sourced the zircons.
This observation has been a major argument
against any sort of paleoplacer model (e.g.,
Phillips and Law 2000; Law and Phillips 2005;
Frimmel and Hennigh 2015). The existence of a
now vanished or buried, hypothetical massif as a
source of this huge amount of gold would pose
an equally important question about how this
massif would have been exceptionally well
endowed with gold.

An epigenetic (hydrothermal) origin of the
gold is supported by several petrographic
observations. Yet, cross-cutting relationship
suggest that hydrothermal activity took place
before deposition of the Platberg Group, that is,
before ca. 2.7 Ga (e.g., Law and Phillips 2005;
Meier et al. 2009). U–Pb dating of diagenetic
xenotime have yielded a major peak between
2.78–2.72 Ga which could be related to a heating
event and flood-basalt volcanism during the
deposition of the Klipriviersberg Group, imme-
diately following the deposition of the Witwa-
tersrand Supergroup (Fig. 9; England et al. 2001;
Kositcin et al. 2003). Although this timing for
gold introduction would be consistent with tem-
poral constrains, the association of gold with this
2.78–2.72 Ga xenotime has not been reported.
Additionally, U–Pb dating of metamorphic-
hydrothermal REE-phosphates (monazite and
xenotime) paragenetically associated with some
gold or unrelated to gold mostly records ages
between 2.06 and 2.03 Ga throughout the strati-
graphic succession from the Witwatersrand to the
Transvaal Supergroups (Fig. 9; England et al.
2001; Kositcin et al. 2003; Rasmussen et al.
2007a). This age is consistent with the
emplacement age 1of the Bushveld complex on
the northern flank of the Witwatersrand Basin
(Zeh et al. 2015) which most likely triggered
fluid circulation, gold remobilization and peak
greenschist metamorphic conditions in the basin
(Rasmussen et al. 2007a).

While none of the available U–Pb data for the
Witwatersrand basin (Fig. 9) can firmly date gold
deposition, or conclusively explain how gold was
deposited, they have provided the necessary
temporal framework on which to challenge rel-
ative chronological data. They have brought

significant arguments against each of the classi-
cal models invoked for the formation of this
district (syngenetic vs epigenetic) while con-
firming that gold remobilization occurred long
after the formation of the deposit and contributed
to the emergence of new ore forming models
(Frimmel and Hennigh 2015; Heinrich 2015).
This example highlights the necessity to properly
constrain each U–Pb date against paragenetic,
cross-cutting and stratigraphic observations in
order to draw meaningful conclusions. The
Witwatersrand gold deposits result from a long-
lived and multi-episodic geological history where
U–Pb geochronology provided constraints on
basin formation, sediment provenance, diagene-
sis and metamorphism. It is noteworthy that the
different minerals that were dated (zircon, mon-
azite, xenotime), individually record a limited
portion of the multiple processes that shaped the
Witwatersrand basin and proved to be highly
complementary to each other. Unveiling this
protracted history did not require particularly
high-precision dating methods, as LA-ICPMS
and SIMS instruments with high sample
throughput (Table 1) proved very effective.
Additionally, the very high spatial resolution
achievable with a SIMS instrument was crucial in
unlocking the U–Pb information in tiny xenotime
and monazite crystals identified from thin
sections.

6.2 Zircon U–Pb Insights
into the Genesis
on Porphyry Copper
Deposits

Porphyry copper deposits (PCDs) typically form
at convergent margins in association with sub-
duction or post-subduction magmatism (e.g.,
Richards 2009). Metals and sulfur fixed in these
deposits are thought to have been sourced from a
cooling and degassing fluid-saturated magma
body emplaced at shallow depths within the
upper crust and transported to the site of depo-
sition by magmatic-hydrothermal fluids (Heden-
quist and Lowenstern 1994; Sillitoe 2010; Pettke
et al. 2010; Simon and Ripley 2011; Richards
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2011). Ultimately, very efficient fluid focusing
and sulfide precipitation together with post-
mineralization ore deposit preservation will
favor the presence of economic porphyry
deposits at erosion levels.

The USGS global database of PCDs shows
that these deposits span more than four orders of
magnitude in copper endowment (Singer et al.
2008; Fig. 10a). Yet, the specific factors that
control the size of these deposits have remained
speculative. Comparing ‘standard’ and ‘giant’
PCDs, Richards (2013) speculated that the for-
mation of the largest deposits result from a
combination of copper enrichment in the magma,
the focusing of fluids in structural corridors and,
long-lived hydrothermal activity may favor the
formation of the largest deposits. Among these
possible factors, the timescale of PCD formation

may play a significant role in their size. Com-
piling geochronological data (U–Pb on zircon
and Re–Os on molybdenite) from PCDs around
the world, Chelle-Michou et al. (2017) and
Chiaradia and Caricchi (2017) have highlighted a
correlation between the duration of the mineral-
izing event and the total mass of copper depos-
ited, suggesting an average copper deposition
rate of about 40 Mt/Ma (Fig. 10b). This rela-
tionship probably reflects the mass balance
requirement for a giant deposit to be sourced by a
large body of magma, which is incrementally
injected into the upper crust over long timescales
(see Chelle-Michou et al. 2017).

Similar conclusions where reached by Caric-
chi et al. (2014) who suggested that magma-
tism associated with economic PCDs is
distinguishable from background pluton-forming

Fig. 10 a probability density distribution of Cu endow-
ment in global porphyry copper deposits (PCDs). Data
from Singer et al. (2008). b Correlation between the
duration of the mineralizing event and the total amount of
Cu deposited (adapted from Chiaradia and Caricchi,
2017). BH: Batu Hijau (Indonesia), BjA: Bajo de
la Alumbrera (Argentina), Co: Coroccohuayco (Peru),

EA: El Abra (Chile), BB: Boyongan-Bayugo (Philip-
pines)), Bh: Bingham (US), Cha: Chaucha (Ecuador), Ju:
Junin (Ecuador), ES: El Salvador (Chile), Es: Escondida
(Chile), LP: Los Pelambres (Chile), Chu: Chuquicamata
(Chile), RB: Rio Blanco (Chile), Bt: Butte (US), ET: El
Teniente (Chile), RD: Reko Diq (Pakistan)
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magmatism and large-eruption-forming magma-
tism by large magma volumes emplaced at
average rate of magma injection (*0.001 km3/
yr). This conclusion was drawn through inverse
thermal modelling of high-precision CA-ID-
TIMS U–Pb zircon age distributions.

While geochronology on PCDs has been
mostly used to determine the formation age of
these deposits, high-precision geochronological
data can now be used to elucidate the duration of
the ore-forming process. Figure 10b shows that
the duration of ore-formation may be a signifi-
cant control on their size (i.e., metal endowment)
and, by inference, on the specific processes
responsible for their formation. In addition, high-
precision geochronological data may be able to
help test the validity of numerical models of PCD
formation (e.g., Weiss et al. 2012), or directly as
input data into numerical models aiming at
quantifying the time-volume-flux-geochemistry
relationships of the magmatism associated with
PCD genesis (e.g., Caricchi et al. 2014; Chelle-
Michou et al. 2017; Chiaradia and Caricchi
2017). These studies only start to unearth the
great potential of high-precision CA-ID-TIMS
U–Pb dating for PCD exploration, and can also
significantly contribute to a better understanding
of PCD magmatic ore-forming processes.

7 Concluding Remarks

Over the past two decades U–Pb geochronology
has become an essential tool for the study of ore
deposits. After a century of development, more
than 16 minerals can now be dated with the U–
Pb technique allowing its use for most types of
ore deposits. U–Pb dating is most commonly
used to provide the age of a particular geological
event related to a studied deposit (e.g., mag-
matism, hydrothermal activity, sedimentation,
metamorphism, ore deposition and remobiliza-
tion), depending on the mineral(s) available for
dating. The choice of the mineral(s) and of the
analytical technique (LA-ICPMS, SIMS or ID-
TIMS) used for dating mainly depends on the
scientific questions that need to be answered and
on the opportunities offered by the studied

deposit. This point is perhaps one of the main
limitations of the U–Pb dating of ore deposits.
For example, MVT deposits rarely contain
minerals suitable for U–Pb dating (potentially
calcite, provided it has low initial Pb), in which
case the use of other isotopic systems will be
necessary (e.g., Rb–Sr on sphalerite, Re–Os on
sulfides). In addition, as we have seen in the
case of the Witwatersrand basin, the spatial
resolution required for the analysis may some-
times critically guide the choice of the analytical
method.

Recent advances that combine numerical
modelling with U–Pb geochronology for por-
phyry copper deposits suggest that high-
precision zircon U–Pb data may also be used as
a window to better understand the magmatic
aspect of the ore-forming process (Caricchi et al.
2014) and to unravel the fundamental controls on
the size of the deposit (Chelle-Michou et al.
2017; Chiaradia and Caricchi, 2017). Compara-
ble studies on other deposit types could poten-
tially advance our understanding of ore-forming
processes and may generate innovative tools for
mineral exploration.

A further important development of U–Pb
geochronology concerns its coupling with tex-
tural and geochemical data (e.g., trace elements,
Lu–Hf isotopes, O isotopes) obtained on the
same grain or on the same spot as the U–Pb data.
This is commonly referred to as ‘petrochronol-
ogy’ and allows temporal information relative to
the evolution and/or the source of the liquid (a
magma or an aqueous fluid) from which the
mineral precipitated and potentially the rate of its
evolution (e.g., Ballard et al. 2002; Smith et al.
2009; Valley et al. 2010; Pal et al. 2011; Rao
et al. 2013; Yang et al. 2013; Griffin et al. 2014;
Rezeau et al. 2016; Poletti et al. 2016; Gardiner
et al. 2017). In particular, high-precision
petrochronology on zircon and baddeleyite can
provide unprecedented insights into the pro-
cesses at play during magma evolution, the
potential turning point leading to mineralization,
or, the link between small intrusive bodies (dykes
or stocks) or volcanic products and their larger
deep-seated plutonic source (e.g.,Wotzlaw et al.
2013, 2015; Chelle-Michou et al. 2014; Tapster
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et al. 2016; Buret et al. 2016; 2017; Schaltegger
and Davies, 2017).

The field of U–Pb geochronology is working
towards a level of maturity whereby inter-
laboratory reproducibility will be guaranteed in
most labs around the world and where each date
and its uncertainty can be fully traceable to SI
units. This however, should not mask the high-
level of competency and training required to
certify the quality of the analysis, to maintain the
lab at the best level (picogram levels of common
Pb contaminations can be dramatic in a CA-ID-
TIMS lab) and, very importantly, the interpreta-
tion of the dates into geologically relevant ages.
As we have shown, there are numerous potential
pitfalls that, if not carefully accounted for, can
result in unsupported or even wrong conclusions.

The improving precision, accuracy and spatial
resolution of analyses now achievable, chal-
lenges paradigms of ore-forming processes and
will continue to contribute significant break-
throughs in ore deposit research and potentially
also contribute to the development of new min-
eral exploration tools. The full added value of U–
Pb geochronology will however only be assured
through its coupling with geochemical data,
high-quality field and petrographic observations
and numerical modelling.
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The 187Re-187Os and 190Pt-186Os
Radiogenic Isotope Systems:
Techniques and Applications
to Metallogenic Systems

Marc D. Norman

Abstract

Rhenium, Os, and Pt are redox sensitive
elements that are concentrated in highly
reducing environments such as those associ-
ated with black shales but mobile under more
oxidizing conditions such as those associated
with arc volcanism. They are chalcophile in
many terrestrial ore-forming environments,
and their isotopic systematics provide unique
opportunities to date the formation of sulfide
ore deposits and understand their petrogene-
sis. Fractional crystallization of magmatic
sulfide ores generates primary variations in
Re/Os and Pt/Os that allow mineral and whole
rock isochron ages to be determined and
discrimination of crustal and mantle sources
based on initial Os isotopic compositions.
Molybdenite is especially well suited for
geochronology due to its high Re/Os and
resistance to resetting. Rhenium concentra-
tions in molybdenite tend to reflect the
composition or provenance of the
ore-forming fluids, with higher concentrations
associated with more primitive sources or
more oxidized fluids and lower concentrations
with more evolved and/or reduced conditions,

although local and regional factors also have a
significant influence. Many studies have used
pyrite for dating but its typically low Re
concentration, variable initial Os isotopic
composition (reflecting fluid mxing), and
susceptibility to re-equilibration makes its
use as a geochronometer problematic in many
cases. Other sulfide minerals such as bornite
and arsenopyrite have shown promise for Re–
Os isotope geochronology but additional
studies are needed to evaluate their broader
applicability for dating of ore deposits. The
isobaric beta decay of parent isotope 187Re to
187Os has restricted investigation of this
system by microbeam techniques such as ion
microprobe or laser ablation mass spectrom-
etry, especially for geochronology. This
requires either chemically processing the
sample to separate the elements or novel
techniques such as collision-cells that prefer-
entially ionize the Re and Os during the
analysis. Thermal ionization mass spectrome-
try (TIMS) and inductively-coupled plasma
mass spectrometry (ICPMS) are the most
widely applied techniques for Re-Pt-Os iso-
topic analyses. Specialized techniques for
sample digestion to ensure redox equilibrium
between Os in the sample and the isotopically
enriched spikes used for isotope dilution
measurements are typically required. This
chapter briefly reviews development of the
187Re-187Os and 190Pt-186Os isotopic systems
for earth science, physico-chemical controls
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on their behavior in ore-forming environ-
ments, and applications to metallogenic
systems.

1 Introduction

The 187Re-187Os isotopic system has a number of
characteristics that distinguish it from other
commonly applied radiogenic isotopic systems
and make it especially useful for ore deposit
research. The system is based on the long-lived b-
decay of 187Re to 187Os. Both Re and Os tend to
be chalcophile or siderophile when sulfide or
metallic melts are present, leading to pronounced
enrichments of these elements in magmatic sul-
fide deposits. During partial melting of the
Earth’s mantle, Os behaves compatibly and is
retained in the depleted residue. In contrast, Re is
moderately incompatible and is progressively
extracted into the crust. This fractionation of
Re/Os between the crust and depleted mantle has
produced large variations in the proportion of
187Os (expressed as 187Os/188Os) in various
reservoirs through time, with the crust evolving to
highly radiogenic values (high Re/Os and
187Os/188Os) and strongly depleted mantle
evolving to less radiogenic compositions (Fig. 1).

Osmium isotopes are therefore sensitive trac-
ers of the relative proportions of crustal and
mantle inputs to ore systems, as well as being

useful for geochronology. In addition, both ele-
ments are redox sensitive, being immobilized in
organic-rich reducing environments such as those
associated with black shales, but mobile in more
oxidizing environments such as those associated
with arc volcanism and near-surface magmatic
outgassing. As a consequence of these diverse
characteristics, Os isotopes have been applied to
a wide variety of problems in earth science.
However, both elements occur in very low con-
centrations in most common rock types (ppb or
less), making the analysis and broader applica-
tion of the Re–Os system a challenging task. This
chapter briefly reviews aspects of the
187Re-187Os system that are especially relevant to
ore deposits, including sulfide-related
geochronology and source tracing. The
190Pt-186Os decay scheme is mentioned, although
it has so far found relatively limited applications
to ore systems (Sun et al. 2003d). The articles
cited here are intended to be illustrative rather
than a comprehensive review of the literature.
Reviews of the Re–Os isotopic system of par-
ticular relevance to ore deposits have been pre-
sented by Shirey and Walker (1998), Lambert
et al. (1999), Chesley (1999), Carlson (2005),
Stein (2014), and Stein and Hannah (2015).
Barnes and Ripley (2016) review the application
of Re–Os isotopes to magmatic sulfide deposits,
and considerable relevant information is pro-
vided by other chapters in that volume.

Fig. 1 Time versus 187Os/188Os ratios for various
reservoirs in the Earth. The line labeled ‘primitive mantle’
is representative of much of the Earth’s fertile convecting
mantle through time. The black box shows representative
compositions of modern mid-ocean ridge basalts (MORB)
and ocean islnd basalts (OIB). Recently erupted island arc

basalts (IAB) have 187Os/188Os compositions that range
from MORB-like to highly radiogenic values. ‘Crust’
includes basaltic and continental crust. The stippled field
is occupied primarily by strongly depleted lithospheric
mantle. The dashed line illustrates Re depletion model
ages (TRD)
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2 Background

Osmium has seven naturally occurring isotopes
(Table 1; Rosman and Taylor 1998), all of which
can be considered stable (186Os decays to 182W
with a half-life of 2 � 1015 years; Arblaster
2004). The minor isotopes 186Os and 187Os are
radioactive decay products of 190Pt and 187Re,
respectively, and these isotopic systems provide
the basis for geochronology and source tracing as
applied to ore deposits and related systems.
Naldrett and Libby (1948) established the weak
radioactivity of rhenium and showed that it was a
beta decay of 187Re to 187Os. Hintenberger et al.
(1954) showed that the osmium in a molybdenite
was � 99.5% radiogenic 187Os, in contrast to
the � 2% in common Os, thereby establishing
the 187Re-187Os system as a possible
geochronometer. Subsequent studies showed that
geologically plausible ages could be obtained
from some molybdenites (Herr et al. 1968) but
the methods then available were hindered by
poor sensitivity, the resulting requirement for
very large samples (1–10 g), and uncertainties in
both the isotopic measurements and the 187Re
half-life. Isotope dilution measurements of Re
concentrations in a large suite of Australian
molybdenites (Riley 1967) demonstrated an
extremely wide range of Re concentrations
(0.25–1690 ppm), and neutron activation analy-
ses of Australian molybdenites by Morgan et al.
(1968) confirmed their high Re/non-radiogenic
Os ratios and pointed to unusually low Re con-
centrations of molybdenites from Tasmania
compared to those from mainland Australia.

The modern era for application of Re–Os
isotopes to source tracing and ore deposit
geochronology began with Allègre and Luck
(1980) and Luck and Allègre (1982). Allègre and
Luck (1980) established the Os isotopic evolu-
tion trend of the mantle based on compositions of
samples of osmiridium with a range of assumed
ages, and they showed that the much of the
mantle apparently has evolved with a near-
chondritic Re/Os since the origin of the Earth.
This was surprising considering the complex
history of mantle dynamics that was already
known from Sr, Nd, and Pb isotopes, and it
provided the basis for calculating mantle evolu-
tion model ages based on initial Os isotopic
compositions. Luck and Allègre (1982) showed
that geologically reasonable dates with useful
precision could be obtained from molybdenite
with a wide range of Re concentrations, although
a few exceptions were noted.

3 The 187Re-187Os and 190Pt-186Os
Isotope Systems

The 187Re decay constant has been constrained
by both direct counting and calibration against
other geochronometers (reviewed by Selby et al.
2007a). Direct counting experiments have yiel-
ded uncertainties of several percent. The most
widely used value in geosciences is 1.666 � 10–
11 y−1, based on a best-fit for iron meteorites with
an assumed age of 4557.8 ± 0.4 Ma (Smoliar
et al. 1996). Selby et al. (2007a) re-evaluated the
k187Re based on a comparison of molybdenite
ages against U–Pb ages of magmatic zircons that
could reasonably be considered as coeval with
the molybdenite. They proposed a value of
1.6668 ± 0.0034 � 10–11 y−1, within uncer-
tainty of the Smoliar et al. (1996) value. Bege-
mann et al. (2001) also reviewed the half-lives
for commonly applied isotopic geochronometers.

Macfarlane and Kohman (1961) established
190Pt as an alpha emitter using enriched isotopes.
Walker et al. (1997) demonstrated the potential
of the 190Pt-186Os system for dating platinum-
group mineralization through a study of ores
from the Noril’sk region of the Siberian flood

Table 1 The naturally occurring isotopes of osmium

Isotope Abundance (atomic %)
184Os 0.02
186Os 1.59
187Os 1.96
188Os 13.24
189Os 16.15
190Os 26.26
192Os 40.78
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basalts. Begemann et al. (2001), Cook et al.
(2004), and Tavares et al. (2006) reviewed the
status of the 190Pt decay constant and concluded
that there are significant discrepancies between
values obtained by direct counting and theoreti-
cal approaches compared to calibrations against
other isotopic geochronometers such as
187Re-187Os and U–Pb, and that these discrep-
ancies are much larger than the precision of *1–
2% typically obtained by the latter. Begemann
et al. (2001) recalculated the k190Pt proposed by
Walker et al. (1997) to a value of 1.477 � 10–
12 y−1 in order to account for a revised atomic
percentage of 190Pt. Cook et al. (2004) found that
a value of 1.41 � 10–12 y−1 with an uncertainty
of ± 1–2% provides the best match between
187Re-187Os and 190Pt-186Os isochron ages of
magmatic iron meteorites. Additional work in
this area is needed to refine k190Pt and account
for the discrepancy between the geological ver-
sus experimental and theoretical calibrations.

4 Analytical Methods

Reisberg and Meisel (2002) and Meisel et al
(2003) provide comprehensive reviews of ana-
lytical techniques used for Re–Os isotopic anal-
ysis. See also Walker and Fassett (1986) and
Shirey and Walker (1998) for useful summaries
of historical developments. Meisel and Horan
(2016) provide a recent review of analytical
methods for platinum-group elements more
generally that includes information about Re, Os,
and Pt. Here we provide a brief review of the
development of analytical techniques for Re–Os
isotopic analysis.

4.1 Instrumental Techniques

As the parent and daughter isotopes both have
effectively the same mass, either chemical sepa-
rations or differential ionization of the Re and Os
are essential for geochronology. This isobaric
relationship effectively rules out commonly
available microbeam techniques such as ion

microprobe or laser ablation ICPMS for in-situ
dating of high Re/Os phases such as molybden-
ite. Those techniques have, however, been
applied to source tracing of osmiridiums and
other PGE-bearing minerals with low Re/Os
ratios (Allègre and Luck 1980; Hart and Kinloch
1989; Hattori and Hart 1991; Meibom et al.
2002, 2004; Hirata et al. 1998; Pearson et al.
2002; Ahmed et al. 2006). Hogmalm et al. (2019)
presented a novel technique using collision cells
and ICP tandem mass spectrometry for the on-
line separation of Re from Os during laser abla-
tion analyses of molybdenite, but the method has
so far not been widely applied to ore deposit
geochronology.

The low concentrations and high ionization
potential of both Re (7.9 eV) and Os (8.7 eV)
presented particular challenges to the develop-
ment of geochemically useful techniques. A re-
curring theme in the development of Os isotopic
analysis is to utilize the volatile character of the
compound OsO4 (osmium tetroxide). The boiling
point of OsO4 is *130 °C but it can be distilled
at much lower temperatures. It is also highly
poisonous and reacts rapidly with organics such
as those comprising various body parts of labo-
ratory analysts. Early studies ionized OsO4 by
electron bombardment for introduction into a
magnetic sector mass spectrometer (Nier 1937).
Herr et al. (1968) applied this technique to
measure 187Os in molybdenites for Re–Os dat-
ing, with Os concentrations quantified by isotope
dilution using a 190Os spike and Re concentra-
tions measured by neutron activation (e.g.,
Morgan 1965). These pioneering techniques
provided reasonable precision (*3% for
187Os/192Os quoted by Nier 1937) but they
required large sample sizes (e.g., 1–10 g) and
ppm quantities of Os for the measurement.

A significant advance was the development of
techniques for Re–Os isotopic analysis by sec-
ondary ionization mass spectrometry (SIMS or
ion microprobe), either in situ for phases such as
osmiridium or following chemical separations for
whole rock analysis (Luck et al. 1980; Luck and
Allègre 1983). They obtained precision on the
isotope ratios of � 1% relative and substantially
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reduced the amount of Os needed for analysis.
This was an important development because it
revitalized interest in Re–Os as a geochemically
important isotopic system. Luck and Allègre
(1982) applied a modified version of this tech-
nique to determine 187Re/187Os ages of a suite of
molybdenite samples. Building on this success
and a variety of technological developments,
several innovative techniques for Os isotopic
analysis were trialled. These included laser ion-
ization mass spectrometry (Englert and Herpers
1980; Simons 1983), resonance ionization mass
spectrometry (Walker and Fassett 1986; Blum
et al. 1990), inductively-coupled plasma mass
spectrometry (Russ et al. 1987; Dickin et al.
1988; Richardson et al. 1989) and accelerator
mass spectrometry (Fehn et al. 1986; Sie et al.
2002). Each of these instruments had certain
advantages, but all of them became obsolete after
development of the negative-ion thermal ioniza-
tion technique (N-TIMS) described below.
Notable here, however, is the concept of intro-
ducing OsO4 gas directly into an inductively-
coupled plasma mass spectrometer (ICP-MS) as
described by Russ et al. (1987). That step has
been revived for some applications to ore deposit
geochronology, as also discussed below.

Thermal ionization mass spectrometry is
based on the formation of ions of the elements or
oxides during desorption from a hot filament,
followed by focussing of the ions into a beam by
electrostatic lenses and separation of the isotopes
according to their mass/charge by an electro-
magnet or mass analyzer. The ion current for
each mass is then measured by some type of
detector, typically either an electron multiplier or
a Faraday cup. Isotope ratios can be measured
using a single collector by cycling the magnet to
focus each mass in the detector, or all masses of
interest can be collected simultaneously using a
multi-collector array. Multi-collection provides
better precision and faster analysis times, and is
considered as state-of-the-art for high-precision
isotope ratio analysis. Conventional isotope ratio
analyses of elements like Sr, Nd, and Pb are
based on creating positive ions but the high
ionization potential of Os makes this impractical.
In contrast, Os readily forms negative ions such

as OsO3
− at relatively low T (800–900 °C) when

loaded on the filament with a Ba or La activator
(Völkening et al. 1991; Creaser et al. 1991;
Walczyk et al. 1991). Analytical precisions
of < 0.01% on isotope ratios can be obtained
from very small amounts (few ng) of Os by N-
TIMS using multiple collection. A potential
disadvantage to N-TIMS is the need to obtain
highly purified aliquots of Os and Re for analy-
sis. Reisberg and Meisel (2002) provide addi-
tional advice and details regarding analytical
conditions.

An alternative approach is ionization via an
inductively-coupled plasma (ICP). Argon plas-
mas have a first ionization potential of 15.8 eV
compared to 8.7 eV for Os and 7.9 eV for Re, so
Re and Os will be efficiently ionized. For isotopic
analysis, ICP ionization sources are coupled with
either a quadrupole mass analyser or a magnetic
sector mass spectrometer. Sample introduction
can be by solution aspiration via a nebulizer, a
dry gas stream produced by laser ablation, or
vapor phase sample introduction. Osmium is
prone to memory effects during solution aspira-
tion and chemical procedures have been devel-
oped to offset this (Schoenberg et al. 2000;
Nowell et al. 2008a). In contrast, vapour phase
introduction of OsO4, also known as sparging,
produces better intensities and fewer memory
effects as well as providing an efficient separation
of 187Os from 187Re without additional chemistry
(Russ et al. 1987; Richardson et al. 1989; Gre-
goire 1990). Hassler et al. (2000) further devel-
oped the use of sparging for Os isotopic analysis
by single-collector magnetic ICP-MS and
obtained a precision similar to that of Russ et al.
(1987).

A significant technological advance was the
commercial availability of multi-collector mag-
netic sector ICPMS instruments (MC-ICPMS)
as these provided the efficient ionization of an
ICP with higher measurement precision pro-
vided by multiple Faraday cup collector arrays.
Schoenberg et al. (2000), Norman et al. (2002),
and Nozaki et al. (2012) describe sparging
experiments for Os isotopic analysis using MC-
ICPMS. Because the ICP effectively decom-
poses the oxide molecules, these measurements
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are made on the nominal masses of the element,
rather than the oxides as for N-TIMS. While N-
TIMS remains the method of choice for low-
level Os isotopic analysis, MC-ICPMS can be
useful for certain applications. For example,
molybdenite samples from a variety of settings
have been dated using a combination of sparg-
ing and solution aspiration for isotope dilution
determinations of 187Os and Re concentrations,
respectively (Norman et al. 2004a; Armistead
et al. 2017; Kemp et al. 2020; Wells et al.
2021). Magnetic sector ICP-MS instruments can
be also be configured with multiple electron
multiplier array detectors for measurement of
less intense beams (Birck et al. 2016; Zhu et al.
2019).

Microbeam techniques such as electron
microprobe, laser ablation ICPMS, and sec-
ondary ionization mass spectrometry (SIMS)
have been used to examine the spatial distribu-
tion of Re and Os within individual grains and
have found that many grains are remarkably
heterogeneous (Zaccarini et al. 2014; Barra et al.
2017; Hnatyshin et al. 2020; Wells et al. 2021).

4.2 Chemical Procedures

As both Re and Os are typically trace con-
stituents of geological materials (osmiridium and
rheniite being notable exceptions), chemical
methods for concentrating these elements from
appropriate volumes of samples are usually
necessary for the isotopic analysis. This requires
recipes for dissolving or digesting the sample
without losing volatile Os compounds or
incompletely attacking potentially important
phases like spinels. Because OsO4 is volatile at
low T, samples cannot be simply dissolved on a
hotplate using oxidizing acid solutions such as
HF-HNO3, as commonly done for Rb–Sr or Sm–

Nd isotopes. For geochronology and age-
corrections, it is necessary to ensure complete
equilibration between the enriched isotope spikes
and natural Re and Os from the sample; this is
especially challenging for Os due to its multiple
oxidation states and different behaviours when
analysed in oxidized versus reduced forms.

The most widely applied method of sample
digestion for Re–Os isotopic measurements uses
Carius tubes and mixed HNO3–HCl acids in
proportions 2:1 (inverse aqua regia). Carius
tubes are thick-walled borosilicate glass tubes,
sealed at both ends by a glassblower (Shirey and
Walker 1995). When heated to temperatures of
240–260 °C, they generate large internal pres-
sures and conditions that ensure spike-sample
equilibration through complete oxidation of the
Os and Re. An advantage of this method is that
the Os (as OsO4) can be sparged or distilled
directly from the resulting solution. A disadvan-
tage is that sample size typically is limited
compared to other methods of decomposition
such as fire assay. For example, < 0.5 g aliquots
of sulfides are commonly used (e.g., Selby et al.
2009; Morelli et al. 2010; Hnaytshin et al. 2020)
due in part to practical limits on the volume of
acid required to fully oxidize the spike and
sample (Frei et al. 1998), whereas 1–3 g of sili-
cate samples can be digested by this technique
(Shirey and Walker 1995; Meisel et al. 2001a).
A variant of the technique is the high-pressure
asher, which achieves even higher T and internal
pressures resulting in faster and more complete
sample dissolution (Meisel et al. 2001b). For
most samples encountered in ore deposit studies,
however, conventional Carius tube digestion
seems adequate.

Rhenium-Os geochronology and isotope
tracing can also be applied to sediment-hosted
deposits and hydrocarbon systems through anal-
ysis of black shales and associated organics (e.g.,
reviews by Stein and Hannah 2015; Zeng et al.
2014; Gao et al. 2020), but these kinds of studies
require specialized techniques to disentangle
hydrogenous components associated with the
organic phases from mixtures with detrital com-
ponents. Selby and Creaser (2003) showed that
the hydrogenous Re and Os can be extracted
selectively from black shales using a carius tube
digestion with CrO3–H2SO4 instead of reverse
aqua regia, and procedures for dating petroleum
using extracted organic fractions were developed
by Selby et al. (2007b), Sen and Peucker-
Erinbrink (2014) and Georgiev et al. (2016).
Economic applications of these techniques have
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been primarily to hydrocarbon systems (e.g.,
Cumming et al. 2014; Liu et al. 2019; DiMarzio
et al. 2018; Meng et al. 2021; Li et al. 2021;
Georgiev et al. 2021) although they appear to
have considerable potential for application to
sediment-hosted metallogenic systems as well,
especially those associated with organic matter
(e.g., Saintilan et al. 2019).

Two other approaches to sample digestion
that have been applied to ore deposit studies are
alkali fusion (Morgan and Walker 1989; Markey
et al. 1998) and NiS fire assay (Hoffmann et al.
1978; Fehn et al. 1986; Ravizza and Pyle 1997;
Savard et al. 2010). While the alkali fusion
method can produce accurate and precise results,
it is a complex, multi-step procedure that can be
prone to incomplete spike-sample equilibration,
incomplete dissolution of the sample, and higher
procedural blanks compared to Carius tube
digestion. In addition, the resulting fusion cake
must be dissolved for separation of the Os and
Re, and the procedure for this does not appear to
be suitable for direct analysis. The NiS fire assay
can cope with large samples (> 10 g), thereby
overcoming nugget effects and sample hetero-
geneity, but yields and procedural blanks can be
variable. Although Re can be poorly recovered
by NiS fire assay, good results for isotope dilu-
tion measurements for Re by this method have
been reported (Ravizza et al. 1991; Park et al.
2013). Maintaining a reducing environment
during the fusion appears to be a key step to
obtaining useful Re data by this method (Reis-
berg and Meisel 2002).

For N-TIMS analysis, it is necessary to obtain
pure aliquots of Re and Os. Purification of the Os
is a moderately complex process involving sol-
vent extractions and microdistillation, the latter
specifically designed for Os purification utilising
the volatile nature of OsO4 (Birck et al. 1997;
Morgan et al. 1991; Cohen and Waters 1996;
Shirey and Walker 1998; Reisberg and Meisel
2002). In this respect, sparging the OsO4 directly
into an ICP mass spectrometer is a more efficient
approach as it provides a chemical separation of
Os from the Re and matrix elements and an
isotopic analysis in a single step, provided that
the samples are appropriate. Purification of the

Re is more straightforward as it is not volatile
under ambient conditions and can be separated
from matrix elements using conventional anion
exchange chromatography.

4.3 Data Handling

Thermal ionization and ICP mass spectrometers
rarely measure exactly the correct isotope ratio
for any element. Thermal ionization is based on
evaporation of a finite mass of the element of
interest, which tends to produce a Raleigh dis-
tillation effect as light masses evaporate prefer-
entially to heavier masses. This often causes the
measured isotopic composition to change with
time during a run, or to be offset from the actual
values. The physics behind this type of process is
reasonably well understood and can be corrected
for by assuming a nominal ratio of two stable
isotopes in the analyte and some form of the
distillation law, typically exponential (Habfast
1983, 1998; Andreasen and Sharma 2009). For
Os isotopic analysis by N-TIMS, the fractiona-
tion correction uses the oxide equivalent masses
of either 192Os/188Os or, less commonly,
190Os/192Os. This method also requires correc-
tions for oxygen isotopic compositions. In con-
trast to TIMS, ICPMS isotopic analysis usually
relies on consumption of a constant composition
sample, either as a solution or bulk extraction of
a homogeneous phase as for sparging. In this
case, the composition of the sample does not
change during the analysis. However, ICP mass
spectrometers typically measure isotopic com-
positions that are offset from the actual value by
factors of *1% and that vary as a regular
function of mass (Albarede et al. 2004). The
physical processes that are responsible for this
mass bias are less well understood (e.g., Andrén
et al. 2004), but corrections assuming fractiona-
tion laws similar to those used for TIMS appear
to be adequate for most applications.

If the sample contains a sufficient amount of
common Os, then the fractionation or mass bias
corrections can be made based on the isotopes
intrinsic to the sample. In this case, concentra-
tions can be determined by spiking the sample
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with a single enriched isotope such as 190Os for a
conventional isotope dilution measurement.
Alternatively, for samples with negligible
amounts of initial Os, such as molybdenite, the
intrinsic Os in the sample will be essentially all
radiogenic and therefore monoisotopic (187Os).
In this case, the sample can be spiked with a
well-calibrated solution of common Os or with a
specially prepared double spike containing, for
example, 188Os and 190Os in known proportions.
Either approach allows both mass bias correc-
tions and concentrations to be determined by
isotope dilution. The advantage of the double
spike method is that it allows a monitor of any
initial Os in the sample using other masses,
which can be useful if the sample is young or
contains low concentrations of Re (Markey et al.
2003). A potential complication is mass-
independent isotopic fractionation during MC-
ICPMS analysis. Zhu et al. (2018) measured a
series of Os standard solutions and suggested
biases both positive and negative of up
to *0.5% on 187Os relative to 188Os and 190Os.
However, such effects have not been found in
other studies (Nanne et al. 2017) and the topic
requires further investigation with particular
attention to potential interferences (Birck et al.
2016). Fractionation or mass bias corrections for
Re are more difficult because it has only 2 iso-
topes (mass 185 and 187). In this case, the cor-
rections can be applied by normalization to a
reference solution run under the same conditions
as the samples (also known as “standard-sample
bracketing”), or by spiking the sample with
another element of known isotopic composition
and using that element for the fractionation or
mass bias corrections. For example, Miller et al.
(2009) used W for mass bias corrections of Re
isotopes analysed by MC-ICPMS.

Modern geochemical studies typically report
Os isotopic data as 187Os/188Os and 186Os/188Os
ratios as these reflect the time-integrated
parent/daughter ratios. The 187Os/188Os ratios,
either measured or age-corrected to initial values,
are often reported as the quantity c187Os
(gamma), which is the percent deviation of the
data from the chondritic evolution curve. In
contrast, 186Os/188Os ratios are reported as

e186Os (epsilon), or deviations from chondritic in
parts per 10,000. As discussed below, this is
useful because the Earth’s mantle appears to have
evolved with near-chondritic Re/Os and Pt/Os
since at least 3.8 Ga (Bennett et al. 2002).
A source of potential confusion was the reporting
of Os isotopic data as 187Os/186Os ratios in some
of the early literature. This practice was discon-
tinued once high-precision measurements
demonstrated variations in 186Os due to decay of
190Pt.

5 Geochemical and Mineral
Systems: Controls on Re–Os
Behaviour in Magmatic
and Hydrothermal Environments

5.1 Silicate Mineral and Oxide
Partitioning

The partitioning behavior of Re, Os and other
PGE during mantle melting is controlled pri-
marily by the presence or absence of sulfide in
the source and to a lesser extent by partitioning
into other silicate and oxides phases (Brenan
et al. 2016). Rhenium becomes increasingly
incompatible under more oxidizing conditions,
such as those applicable to volcanic arcs, due to
the larger fractions of sulphate relative to sulfide,
and Re6+ relative to Re4+ (Brenan et al. 2003;
Fonseca et al. 2007; Mallmann and O’Neill
2007). Osmium is only sparingly soluble in
basaltic melts under all conditions, with parti-
tioning into alloys and spinel contributing to its
retention in the mantle even after sulfide is
exhausted. A long-standing observation is the
high concentrations of Os, Ir, and other refractory
PGE and low concentrations of Re in Cr-spinels
relative to silicates (Page and Talkigton 1984;
Zhou et al. 1998; Park et al. 2012; Lorand and
Luget 2016). This appears to reflect a combina-
tion of mineral-melt partitioning, and preferential
inclusion of platinum-group minerals such as
laurite-erlichmanite (RuS2–OsS2) into the spinel,
possibly due to small-scale redox gradients at the
crystal-melt interface during melting (Brenan
et al. 2016; Lorand and Luget 2016; O’Driscoll
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and Gonzalez-Jimenez 2016). As Cr-spinel is
resistant against hydrothermal alteration, it has
been used to recover the initial Os isotopic
compositions of serpentinites, greenstones, and
metamorphosed ultramafic rocks where the iso-
topic composition of the whole rock has been
compromised (Bennett et al. 2002; Standish et al.
2002; Walker et al 2002).

Osmium is largely incompatible in silicate
minerals (Brenan et al. 2016), but it follows other
compatible elements such as MgO, Ni, and Cr
during basalt fractionation (Hart and Ravizza
1996). This leads to very low concentrations
(� 0.01 ppb) in moderately evolved basalts,
making them prone to compositional modifica-
tion by crustal contamination or alteration (Las-
siter and Luhr 2001; Gannoun et al. 2007, 2016;
Pitcher et al 2009). As noted above, the com-
patibility of Os seems to reflect a physico-
chemical association with Cr-spinel, although the
exact mechanism responsible for this association
remains somewhat obscure (Lorand and Luget
2016; Gannoun et al. 2016).

As an incompatible element, Re concentra-
tions tend to increase during fractional crystal-
lization of mafic and intermediate magmas
(Righter et al. 2008; Pitcher et al. 2009; Li 2014).
It can, however, be lost from these magmas as a
volatile species during near-surface degassing
(Lassiter 2003; Sun et al. 2003a, b, c, 2004;
Norman et al. 2004b; Righter et al. 2008; Pitcher
et al. 2009). Failure to recognize Re loss due to
outgassing could lead to incorrect inferences
regarding source composition and sulfide satu-
ration (Hauri and Hart 1997; Bennett et al. 2000).
In more evolved magmas, Re can be compatible
in FeTi oxides, probably due to substitution of
Re4+ for Ti4+ (Righter et al. 1998; Mallmann and
O’Neill 2007; Li 2014; Park et al. 2013). Righter
et al. (1998) estimated magnetite/melt partition
coefficients of 20–50 in the absence of sulfide,
plausibly accounting for the systematic decrease
in Re contents of evolved arc magmas (Li 2014).
Crystallization of magnetite can also promote
fluid exsolution (Sun et al. 2004) or the satura-
tion of Cu-Au sulfides from oxidized arc magmas
through conversion of sulfate in the melt to sul-
fide via the reaction: SO4

2− + 8Fe2+O = S2

− + 8Fe3+O1.5, a process that has been referred to
as the ‘magnetite crisis’ (Jenner et al. 2010).

5.2 Sulfide Melt—Silicate Melt
Partitioning

The siderophile behaviour of Re, Os, and Pt is
clearly demonstrated by partitioning experiments
that yield liquid metal/liquid silicate partition
coefficients of 109 to 1012 at 1200–1400 °C and
fO2 = IW (regression of Brenan et al. 2016).
Temperature and redox (fO2) appear to be the
primary parameters that control metal-silicate
partitioning, with silicate melt composition as a
secondary control and pressure not very impor-
tant. Metal-silicate partitioning is applicable pri-
marily to planetary scale processes such as core
formation.

In crustal magmatic environments, sulfide
melt/silicate melt immiscibility and solid
sulfide/liquid sulfide partitioning is more rele-
vant. The partitioning of Re, Os, Pt, and other
platinum-group elements (PGE) is complicated,
however, because fS2, fO2, and silicate melt
composition all exert significant controls on the
oxidation states of the elements as well as the
composition and stability of the sulfide phase.
For example, Re and Os become increasingly
soluble in silicate melts with increasing fO2,
consistent with predominantly Re6+ and Os4+

species in most terrestrial magmas (Brenan et al.
2016). In contrast, a variety of Pt species may be
present in silicate melts, including Pt0, Pt2+, and
Pt4+ with increasing fO2 (Brenan et al. 2016).
The solubility of Pt appears to decrease with
increasing SiO2 in the melt (Borisov and
Danyushevsky 2011; Brenan et al. 2016) but
similar experiments have not been done for Re
and Os.

Experimental measurements of sulfide
melt/silicate melt partition coefficients (DSUL/SIL)
for Re have demonstrated a strong influence on
relative fO2 and fS2 (Fonseca et al. 2007; Brenan
2008; Brenan et al. 2016). In relatively reducing
and sulphur-rich magmas, possibly relevant to
MORB, Re is chalcophile with DSUL/SIL on the
order of *102–103, whereas in more oxidizing
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conditions it appears to be lithophile with
DSUL/SIL <<1. Brenan et al. (2016) describe this
as an exchange reaction between oxide and sul-
fide species:

RexOyðsilicateÞ þ z=2� S2 ¼ RexSzðsulfideÞ þ y=2� O2:

in which the fO2 and fS2 (expressed as 0.5logfS2–
0.5logfO2) controls the metal/sulfur composition
of the sulfide melt. Kiseeva and Wood (2013)
proposed an alternate approach that makes use of
an exchange reaction involving the element of
interest and Fe in the sulfide or silicate. Their
formulation does not have an explicit depen-
dence on fO2 or fS2.

Experimental determinations of DSUL/SIL for
Os, Pt, and other PGE have been plagued by
concerns over nuggets and other experimental
effects, with ‘best guess’ estimates of *104–107

(see discussion in Brenan et al. 2016; Barnes and
Ripley 2016). Similar DSUL/SIL values have been
inferred from the Re and Os compositions of
sulfide globules in MORB and submarine OIB
(Roy-Barman et al. 1998). These DSUL/SIL values
imply the potential for substantial depletion of
Re relative to Os and Pt during melting and/or
crystallization when sulfide is present, consistent
with the compositions of basaltic magmas and
mantle xenoliths as described in a subsequent
section. However, uncertainties over bulk sulfide
contents, redox states, and possible sulfide
mobility in the mantle (Gaetani and Grove 1999;
Rehkämper et al. 1999) have complicated
attempts to model the magmatic behaviour of
these elements precisely.

5.3 Sulfide Mineral-Melt Partitioning

Once a sulfide melt forms, fractional crystal-
lization of that melt can produce large variations
in the relative abundances of Re, Pt, and Os,
which can be exploited for geochronology. On
crystallization of a homogeneous sulfide liquid,
the first phase to form is a Fe-rich monosulfide
solid solution (MSS) that is typically enriched in
Os, Re, Ir, Ru, and Rh. Further crystallization of

the residual melt produces a Cu-rich intermediate
solid solution (ISS) that becomes enriched in Pt,
Pd, and other incompatible chalcophile elements.
Experimentally determined values of DMSS/sul-

fide melt show that Os is more compatible than Re
in the MSS (DOs *5–20, DRe *2–10) whereas
Pt is incompatible (DPt*0.03–0.2) (Brenan et al.
2016). This implies that MSS cumulates will
have relatively high Re and Os concentrations
but only moderate fractionations of Re/Os and
very low Pt/Os ratios.

Fractional crystallization of sulfide melts has
been recognized in Ni–Cu–PGE deposits asso-
ciated with the Sudbury Igneous Complex (SIC;
Naldrett et al. 1982, 1999), basaltic intrusions in
the Noril’sk district (Czamanske et al. 1992), and
some komatiite-related ores (Barnes et al. 1997).
Smaller scale examples of these process have
also been observed in sulfide globules from
MORB and mantle xenoliths (Brenan et al. 2016;
Barnes and Ripley 2016). Sulfide ores in the
Noril’sk district are mineralogically and chemi-
cally complex with broad ranges and strong
spatial zonation in the absolute and relative
abundances of Cu, Ni, PGE and related mineral
assemblages (Czamanske et al. 1992; Stekhin
1994; Torgashin 1994; Distler 1994; Naldrett
et al. 1994; Zientek et al. 1994). This composi-
tional diversity is reflected in the Re–Os-Pt iso-
topic data, with, for example, 187Re/188Os ratios
of the ores (S > 30 wt%) ranging from *4.3 to
930 (Walker et al. 1994; Malitch and Latypov
2011).

While the isotopic data provide information
about ages and sources of magmatic sulfide
deposits, constraints on the geochemical evolu-
tion of sulfide melts can be obtained from the
concentrations of Re and Os, with the Noril’sk
district ores being especially suitable for this due
to their wide compositional variations. As shown
in Fig. 2, Re/Os increases whereas concentra-
tions of both Re and Os decrease by 2–3 orders
of magnitude with increasing Cu content (data
from Walker et al. 1994). Following the
approach of Naldrett et al. (1994), these com-
positional variations were modelled as fractional
crystallization of an MSS phase from an evolving
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sulfide melt (Fig. 3). In this model, the ores
represent predominantly cumulus MSS with
variable proportions of trapped sulfide melt. The
models presented in Fig. 3 assume initial melt
compositions of 5 wt% for Cu, 500 ppb for Re,
and 250 ppb for Os, and DMSS/sulfide melt = 0.1
for Cu, 3.5 for Re, and 4 for Os. The values of
initial Cu concentration and DCu are from Nal-
drett et al. (1994). For Re and Os, the values
provide empirical fits to the data; however, these
values for Os are similar to those inferred by
Naldrett et al. (1994) for the geochemically
similar element Ir, and the DRe and DOs values
are similar to values measured experimentally by
Brenan (2002) and those used by Lambert et al.
(1999) to model the evolution of magmatic sul-
fide deposits. Overall, the observed variations of
Re and Os in the Noril’sk ores are broadly con-
sistent with previous conclusions based on other
PGE that the massive ores are predominantly
MSS cumulates with variable proportions of
trapped sulfide melt (Naldrett et al. 1994; Zientek
et al. 1994). The strong increase in Re/Os at

constant Cu concentration of *30 wt% proba-
bly reflects crystallization of an intermediate
solid solution (ISS) phase from the highly frac-
tionated sulfide liquid as this would increase DCu

dramatically and prevent further enrichments of
Cu in the melt (Naldrett et al. 1994).

5.4 Diffusion and Closure
Temperatures

Limited data for diffusion and closure tempera-
tures are available for Re and Os in geological
environments and ore-forming systems. Brenan
et al. (2000) conducted a study of Os diffusion in
pyrite and pyrrhotite. They calculated closure
temperatures of *300–400 °C for 10–1000
micron grains of pyrrhotite, and ‘core retention
times’ of < 0.5 Ma for a 500 micron grain of
pyrrhotite. This implies that pyrrhotite will tend
to equilibrate rapidly during relatively mild
thermal events, and so may be unsuitable for Re–
Os dating. In contrast, pyrite appears to be more

Fig. 2 Copper (wt%) in Noril’sk district massive ores
versus a Os concentrations, b Re concentrations, and
c 187Re/188Os ratios. d 187Re/188Os versus 187Os/188Os

isochron for Noril’sk district massive ores. Data from
Walker et al. (1994)
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robust. Brenan et al. (2000) observed Os uptake
by pyrite only during new growth with no evi-
dence of diffusion at temperatures of 400–600 °
C, and they calculate a minimum ‘core retention
time’ of > 10 Ma for Os in pyrite. Suzuki et al.
(1996) estimated a closure temperatures for
molybdenite of *500 °C, similar to that of Rb–
Sr and considerably higher than that of K–Ar in
granitic systems.

Stein et al. (1998) showed that the primary
crystallization ages of molybdenite associated
with 2.7 Ga intrusions in the Fennoscandian
Shield were preserved during subsequent thermal
metamorphism and deformation. In that study,

pyrite analyses recorded a younger age, reflecting
post-metamorphic recrystallization. Bingen and
Stein (2003) noted that molybdenite that formed
during granulite-facies metamorphism at 973 Ma
was not affected by subsequent contact meta-
morphism associated with anorthosite intrusion
at 930 Ma, implying closure at conditions of
4.7 kb and 710 °C. Stein et al. (2003) reached a
similar conclusion regarding the immunity of
molybdenite to subsequent metamorphism. As
emphasized by Stein (2014), however, chemical
exchange may be more important than a thermal
threshold for Re–Os isotopic closure. When it is
present, molybdenite typically contains orders of

Fig. 3 Rhenium-osmium
compositions of Norilsk
massive ores modelled as
fractional crystallization of an
MSS phase from an evolving
sulfide melt. Model trends
show the composition of the
MSS cumulate (+), the
complementary sulfide
residual liquid (open
diamonds), and a mixture of
MSS plus 50% trapped
residual sulfide liquid (X).
Markers indicate 1%
increments of residual melt
remaining for F = 0.12–0.99.
Initial contents of the sulfide
melt are assumed to be 5 wt%
Cu, 500 ppb Re, and 250 ppb
Os. MSS-sulfide liquid
distribution coefficients are D
(Cu) = 0.1, D(Re) = 3.5, and
D(Os) = 4 (after Naldret et al.
1994). Noril’sk data (open
circles) from Walker et al.
(1994)
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magnitude more Re and Os than other phases, so
while there would be a large chemical gradient,
diffusive equilibration would be impaired by the
relative stability of Os in molybdenite compared
to many other sulfides (Stein et al. 2003; Taka-
hashi et al. 2007). In some situations, minerals
with low Os concentrations can acquire 187Os by
diffusion from coexisting molybdenite; examples
of unrealistically old ages of chalcopyrite attrib-
uted to this process are described by Stein et al.
(2003).

5.5 Transport and Deposition of Re
and Os in Volcanogenic
Hydrothermal Systems

Rhenium is readily transported in chloride-rich
solutions at high fO2 and neutral to acidic pH
(Xiong and Wood 1999, 2001; Xiong et al.
2006). Its solubility increases with ionic strength
of the solution, consistent with a chloride com-
plex. In contrast, Re precipitates from sulfide-
rich solutions such that mixing of oxidised, sal-
ine solutions with reduced sulfur should be an
effective mechanism for depositing rhenium in
sulfides, either in solid solution or incorporated
as nanoparticles. A prediction would be that the
Re contents of molybdenite (MoS2) and related
phases should be related to the fO2 and salinity of
the transporting fluid. Few studies have addres-
sed the stability of Os in hydrothermal solutions,
in part due to lack of thermodynamic data. In
contrast to Re, Os-chloride complexes appear to
be stable only at very low pH (� 3) with
oxygen-bearing, neutral, and sulfur-bearing spe-
cies stable under relatively oxidizing to more
reducing conditions, respectively (Mountain and
Wood 1988). In addition, Os-bearing alloys and
sulfides can form during hydrothermal alteration
(e.g., 350–800 °C; Petrou and Economou-
Eliopoulos 2009), sequestering the Os and fur-
ther restricting its mobility in these
environments.

Numerous Re–Os isotopic studies of active or
recent ocean-floor hydrothermal systems have
demonstrated mixing between seawater and
crustal components, with seawater typically

dominating the Os isotopic composition of the
sulfides (Ravizza et al. 1996; Brügmann et al.
1998; Cave et al. 2003; Zeng et al. 2014).
Osmium and Re concentrations also reflect
mixing between oxidised seawater and reduced
hydrothermal fluid, as well as variations in redox
conditions within the system, creating variations
in 187Re/188Os that can be useful for
geochronology (Zeng et al. 2014). However,
variations in initial 187Os/188Os related to mixing
of seawater and primary hydrothermal fluids as
well as post-depositional redistribution of Os and
loss of Re during sulfide oxidation (Ravizza et al.
2001) would tend to introduce scatter and
degrade any isochron relationship (Zeng et al.
2014). Nonetheless, Re–Os isochron ages have
been obtained from a number of ancient vol-
canogenic massive sulfide (VMS) deposits,
including the Iberian Pyrite Belt (Mathur et al.
1999; Munhá et al. 2005), the Urals VMS deposit
(Gannoun et al. 2003; Tessalina et al 2008a), the
Iimori Besshi-type Cu deposit (Nozaki et al.
2010), the Hitachi VMS deposit (Nozaki et al.
2014), and the Gacun Ag-rich VMS deposit (Hou
et al. 2003) among others. At the Iimori and
Hitachi deposits, the Re–Os system was not
affected by later regional metamorphism and
allowed the primary depositional age of the
deposit to be established (Nozaki et al. 2010).

Both Re and Os can also be mobile as volatile
species in magmatic environments depending on
conditions. Osmium appears to be volatile pri-
marily under oxidizing conditions and at high
temperatures (> 1000 °C) (Wood 1987; Fleet
and Wu 1993) whereas Re volatility is enhanced
by the presence of Cl ± S as well as high fO2

(MacKenzie and Canil 2006; Johnson and Canil
2011). A number of studies have documented Re
and Os volatility in natural environments. Tes-
salina et al. (2008b) found high concentrations of
both Re and Os in magmatic gasses collected at
Kudryavy volcano, and they determined a Re–Os
isochron age of 79 ± 11 years based on replicate
analyses of the mineral rheniite (ReS2). Rhenium
loss by magmatic outgassing has also been
demonstrated for arc volcanics (Sun et al. 2003a;
Righter et al. 2008) and subaerial ocean island
basalts (Lassiter 2003; Norman et al. 2004b).
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5.6 Subduction Recycling

The efficiency of Os and Re recycling through
subduction zones, which has implications for
sources of metals in ore deposits associated with
volcanic arcs, remains a topic of some debate.
Brandon et al. (1996) and McInnes et al. (1999)
provided evidence for incorporation of crustal Os
into subduction-modified mantle xenoliths, but
the genetic relationship between those xenoliths,
arc basalts, and associated ore systems such as
Lihir is unclear. Oxidizing conditions clearly
favors mobilization of metals from the mantle to
the crust, but the suggestion that slab-derived
brines transport Os (Brandon et al. 1996; Borg
et al. 2000) is not strongly supported by the
experimental data on Os complexes (previous
section). Alternatively, stabilization of Os in the
mantle wedge might contribute to the recycling
of crustal Os into the source regions of OIB
(Borg et al. 2000; Suzuki et al. 2002).

Many arc basalts have radiogenic Os isotopic
compositions but also very low Os concentra-
tions, which makes them prone to modification by
even small degrees of crustal interaction. Alves
et al. (2002) recognized a broad negative corre-
lation between Os concentrations and Re/Os
ratios for a global set of arc lavas that parallels
similar trends in MORB and OIB. They also
found systematically higher 187Os/188Os in the
lavas with individual arcs forming discrete linear
arrays. This implies a mixing process between a
less radiogenic component similar to the MORB
source and crustal components that vary from arc
to arc, but the authors were not able to distinguish
between subduction contamination of the mantle
versus magmatic assimilation. Subsequent studies
have tended to favour high-level crustal contam-
ination during evolution of arc magmas as the
primary process responsible for their radiogenic
Os isotopic compositions rather than a subduction
modified mantle source (Hart et al. 2002;
Woodhead and Brauns 2004; Turner et al. 2009;
Bezard et al. 2015). In this case, the Os isotopic
compositions of ore deposits associated with
subduction environments may reflect crustal
processes more than source characteristics.

6 Isotopic Dating and Source
Tracing Using the 187Re-187Os
and 190Pt-186Os Isotopic Systems

6.1 Isotopic Dating

As mentioned earlier, the 187Re-187Os and
190Pt-186Os systems are unique among com-
monly used radiogenic isotope decay schemes
because the parent and daughter isotopes of both
systems are chalcophile or siderophile when
sulfides or metal are present. This provides an
opportunity for dating the formation of ore
minerals directly rather than relying on associ-
ated phases such as zircons or micas, whose
relationship to the mineralisation might be
unclear or affected by later events. Like most
long-lived radiogenic isotope systems,
187Re-187Os and 190Pt-186Os can be used for
geochronology and source tracing. Conventional
isochrons are based on the correlation of
parent/daughter isotopes versus radiogenic iso-
topic compositions with age, e.g., 187Re/188Os
versus 187Os/188Os. The slope of this correlation
is proportional to the time since the system
closed and the y-intercept provides the initial
187Os/188Os of the system. Fundamentally, any
process that geochemically fractionates Re or Pt
from Os can be dated using this approach if
cogenetic samples with a range of
parent/daughter ratios are available or using
individual phases with high Re/Os or Pt/Os
provided the initial Os isotopic is known or can
be assumed. Such processes could include sulfide
immiscibility, fractional crystallization of either
the sulfide melt or the silicate melt, or the in-situ
crystallization of phases, typically sulfides, with
high parent/daughter ratios. Because the half-life
of 187Re is relatively fast (similar to 87Rb),
measurable differences in 187Os/188Os can
develop quickly depending on the Re/Os. For
example, a basalt with a 187Re/188Os of 100,
which would be representative of modern MORB
or OIB, would develop measurable differences in
187Os/188Os relative to its initial composition
within *104 years, assuming an analytical pre-
cision of 0.01%. An impressive example of the
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ability to date young events is the absolute age of
79 ± 11 years based on fumarolic rheniite
(ReS2) by Tessalina et al. (2008b). Current
uncertainty on the 187Re decay constant
is *0.2% (Selby et al. 2007a), similar to that for
238U (Villa et al. 2016).

Isochrons can be based on either ‘whole rock’
samples of ore (e.g., Foster et al. 1996; Mathur
et al. 1999; McInnes et al. 2008; Nozaki et al.
2010) or separates of minerals such as pyrite
(Stein et al. 2000; Barra et al. 2003; Gao et al.
2020; Hnatyshin et al. 2020), arsenopyrite
(Morelli et al. 2005, 2010), and chalcopyrite
(Zhimin and Yali 2013) (Fig. 4). Selby et al.
(2009) reported highly precise multi-mineral
isochron ages based on pyrite, chalcopyrite, and
bornite separates but inclusions of cogenetic
minor phases such as renierite ((Cu, Zn)11(Ge,
As)2Fe4S16) or germanite (Cu26Fe4Ge4S32) in
those samples might be the actual hosts for the
Re. Pyrrhotite appears to be susceptible to dis-
turbance and does not appear to be generally
suitable for Re–Os dating (Frei et al. 1998;
Brenan et al. 2000; Morelli et al. 2010).

Single-mineral ages can also be determined
for phases such as molybdenite that form with
very high Re/Os ratios, analogous to U–Pb dat-
ing of zircon or Rb–Sr dating of biotite. As dis-
cussed in Sect. 7.2 of this chapter, molybdenite
(MoS2) is especially suitable for Re–Os dating
because of its typically high Re concentrations
(often 10’s-1000’s of ppm), negligible initial Os,
and resistance to subsequent resetting (Suzuki
et al. 1993; Stein et al. 2001; Chiaradia et al.
2013). In this case, the age is given directly by
the measured 187Re/187Os ratio assuming negli-
gible initial Os (i.e., y-intercept = 0). In contrast,
most other common sulfides such those men-
tioned above typically contain about a thousand
times less Re, often in the low ppb range, but
their initial Re/Os ratios are often still sufficiently
high that they are suitable for dating. Stein et al.
(2000) referred to this type of sulfide as Low
Level Highly Radiogenic (LLHR) and suggested
that plots of 187Re vs 187Os concentrations (rather
than parent/daughter ratios as for conventional
isochrons) are more suitable for determining their
ages so as to avoid introducing correlated errors

Fig. 4 A Re–Os isochron based on pyrite (black filled
symbols), chalcopyrite (open symbols), and bornite
(diagonal filled symbols) for the Ruby Creek, Alaska,
deposit. Reproduced with permission from Selby et al.
(2009); Copyright 2009 Society of Economic Geologists.

The insert shows model ages obtained from each analysis.
Size of the symbols on the isochron is fixed and not
proportional to analytical uncertainties; these are indicated
by the length of the bars shown for the model ages
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based on poorly determined initial Os composi-
tions, although this may not always be necessary
(e.g., Barra et al. 2003; Selby et al. 2009; Hna-
tyshin et al. 2020). Ideally, the age calculated
from this type of isochron is consistent with the
187Re/187Os model age of each phase (Fig. 4).
Sulfide mineral separates can be obtained either
by handpicking coarsely crushed ore in an
attempt to maximize the variation in Re contents
(e.g., Barra et al. 2003; Majzlan et al. 2022) or by
a combination of magnetic and density separa-
tions, minimizing contact with metal to avoid
contamination (e.g., Hnatyshin et al. 2020;
Saintilan et al. 2020).

The 187Re-187Os system has also been used to
date titanomagnetite (Morgan et al. 2000; Lam-
bert et al. 2000; Mathur et al. 2002; Zhou et al.
2005; Huang et al. 2014), deposition of black
shales (Ravizza and Turekian 1989; Creaser et al.
2002; Hannah et al. 2004; Selby and Creaser
2005a), formation of bitumen and petroleum
(Selby and Creaser 2003, 2005b; Selby et al.
2007b; Georgiev et al. 2016), eruption and
alteration of komatiites and related ores (Foster
et al. 1996; Gangopadhyay and Walker 2003;
Gangopadhyay et al. 2005; Puchtel et al. 2004),
gold deposits (Kirk et al. 2002; McInnes et al.
2008; Schaefer et al. 2010), sulfide inclusions in
diamonds (Harvey et al. 2016), graphite (Toma
et al. 2022), and a variety of minor phases
including arsenides and sulfarsenides (e.g.,
Saintilan et al. 2017; Majzlan et al. 2022).

The 190Pt-186Os system has not been as
widely applied for geochronology due to the low
relative abundance and long half-life of the par-
ent isotope. Consequently, variations of
186Os/188Os are generally much less than those of
187Os/188Os, which results in relatively large
uncertainties on ages calculated from 190Pt-186Os
isochrons compared to those obtained using
187Re-187Os (e.g., Puchtel et al. 2004).
Nonetheless, it has been applied with some suc-
cess to dating of mineralization in the Bushveld
Complex (Coggon et al. 2012) and alluvial grains
that are otherwise difficult to date (Nowell et al.
2008b; Coggan et al. 2011).

6.2 Source Tracing and Re–Os Model
Ages

The Os isotopic composition of a source reflects
its long-term Re/Os and Pt/Os. At the global
scale, the fundamental process that fractionates
Re from Os is crust formation. Continental crust
has a highly radiogenic 187Os/188Os isotopic
composition reflecting its high time-integrated
187Re/188Os (Esser and Turekian 1993, Saal et al.
1998; Peucker-Ehrenbrink and Jahn 2001;
Fig. 1). However, the behavior of Re, Os, and Pt
in the mantle differs from other commonly
applied isotopic systems based on incompatible
lithophile elements such Rb–Sr, Lu–Hf, and Sm–

Nd in that they are not strongly fractionated by
small to moderate degrees of mantle melting. As
a consequence, fertile to moderately depleted
mantle (i.e., MORB-source) has an Os isotopic
composition consistent with long-term evolution
at near-chondritic ratios of Re/Os and Pt/Os
(Meisel et al. 2001a; Gannoun et al. 2007), and
this seems to have been the case for at least the
last 3.8 billion years (Bennett et al. 2002).
Komatiite-hosted magmatic sulfide ores often
have 187Os/188Os isotopic compositions consis-
tent with this type of mantle source, precluding
assimilation of significant amounts of older
continental crust (Lambert et al. 1998, 1999).
Assuming chondritic Re–Os and Pt–Os isotopic
evolution for the mantle, therefore, provides a
useful baseline for evaluating the relative con-
tributions of crustal and mantle inputs to an ore
system.

Model ages relative to a reference composi-
tion such as the mantle evolution curve can be
calculated. Two types of model ages have been
widely applied. One of these assumes that the Re
and Os in the sample are both primary and the
measured 187Os/188Os is corrected for in-situ
decay until the isotopic composition intersects
that of the mantle evolution curve. This “age” is
referred to as TMA and is analogous to the TDM

ages often calculated from Sm–Nd isotopic data.
It can be applied to any material regardless of its
Re/Os ratio but requires the assumptions of a
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normal mantle source and a single Re/Os frac-
tionation event. A second type of model age
assumes that the sample contains no Re (i.e.,
Re/Os = 0) such that the measured Os isotopic
composition provides the mantle value directly,
and therefore the time of Re depletion, presum-
ably in a melting event. This Re-depletion model
age (TRD; Fig. 1) is suitable only for materials
with low Re/Os ratios, such as highly depleted
mantle xenoliths or chromite. Both of these
model ages (TMA, TRD) assume that the sample
was derived directly from the mantle, and they
are therefore most commonly applied to materi-
als such as mantle xenoliths and basalts. Neither
type of model age is especially useful for most
ore-forming systems, which often contain a
crustal component and may have had multi-stage
histories. Crustal model ages have not been
widely applied, in part because the crust is highly
radiogenic and appears to be heterogeneous in its
Os isotopic composition (Johnson et al. 1996).

In contrast to the continental crust and fertile
upper mantle, the subcontinental lithospheric
mantle, as sampled by mantle xenoliths, pre-
serves evidence of ancient melt depletion events
in their low Re/Os ratios, subchondritic
187Os/188Os, and correlations of these parameters
with geochemical indicators of melt extraction
such as Al2O3 abundances (Meisel et al. 2001a;
Carlson 2005; Aulbach et al. 2016; Harvey et al.
2016). A common application of Os model ages
is constraining the timing of ancient melt deple-
tion events (Shirey and Walker 1998; Carlson
2005; Rudnick and Walker 2009; Dijkstra et al.
2016; Harvey et al. 2016). Osmium isotopic
evidence for ancient depletion events has also
been found in abyssal peridotites (Brandon et al.
2000; Harvey et al. 2006) and peridotite xeno-
liths from arc (Parkinson et al. 1998) and mantle
plume settings (Bizimis et al. 2007). Kimberlites,
lamproites, and diamonds are often linked to
such sources (Lambert et al. 1995; Carlson et al.
1996; Graham et al. 1999; Aulbach et al. 2016;
Harvey et al. 2016).

While such data are generally considered to
have broad geochronological significance, it
should be emphasized that these are model ages

analogous to those obtained from common Pb
isotopic compositions of galena or the depleted
mantle ages (TDM) calculated from 143Nd/144Nd
isotopic compositions, rather than crystallization
ages. The significance of model ages depends on
the applicability of the model and the time-
integrated history of parent/daughter isotopic
evolution in the measured materials and their
source regions. In this case, Os isotopic model
ages can be affected by a variety of processes such
as melt-rock reactions, refertilization, metasoma-
tism, metamorphism, Re volatility, or intrinsic
isotopic heterogeneity in the source (Burton et al.
2000; Griffin et al. 2004; Gangopadhyay et al.
2005; Rudnick and Walker 2009; Kochergina
et al. 2016; Aulbach et al. 2016).

Volcanogenic base-metal deposits such as
porphyries and manto-type deposits often show
clear evidence for involvement of older crust in
the elevated initial 187Os/188Os isotopic compo-
sitions of the ores (Ruiz and Mathur 1999;
Mathur et al. 2000a, 2005; Barra et al. 2003).
However, the relative contributions of crustal and
mantle sources remain contentious and variable
signatures may reflect the tectonic and/or thermal
evolution of the system (Freydier et al. 1997;
Mathur et al. 2000b; McBride et al. 2001; Zim-
merman et al. 2014; Saintilan et al. 2021). Gre-
gory et al. (2008) concluded that the elevated
187Os/188Os isotopic compositions of Cu ore
from the sediment-hosted Mt. Isa deposit reflects
extraction of the Cu from older basalts that had
developed radiogenic isotopic compositions
through a combination of in-situ decay (high
Re/Os) and crustal contamination or alteration
during their emplacement. In contrast, the iso-
chrons obtained by McInnes et al. (2008) for
gold and copper–gold mineralization in the
Proterozoic Tanami and Tennant Creek districts
of the Northern Territory, Australia, have mantle-
like initial 187Os/188Os isotopic compositions
despite their emplacement into radiogenic crustal
settings.

Interestingly, few ore deposits show clear
isotopic evidence for involvement of ancient, Re-
depleted mantle. While a hydrated and metaso-
matised peridotite might be an attractive source
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for the ‘boninitic’ (high Si, Mg) characterstics of
some layered intrusion magmas (Lambert et al.
1994; Carlson 2005), the Os isotopic signature
expected for an ancient, highly depleted mantle is
typically absent in these intrusions. An exception
is the Proterozoic Ipuera-Medrado chromite
deposits in Brazil (Marques et al. 2003). Strati-
graphically lower chromitites have the unusual
combination of unradiogenic Os (Re-depleted)
and unradiogenic Nd (LREE-enriched) isotopic
compositions, which appears to be a unique
signature of the subcontinental lithospheric
mantle. As for many other layered intrusions, the
Nd-Os isotopic compositions at Ipuera-Medrado
change upsection in a way that is consistent with
increasing degrees of crustal contamination.

7 Applications to Metallogenic
Systems

7.1 Magmatic Sulfide Deposits

Osmium isotopic studies of magmatic sulfide
deposits, which are significant resources for
PGE, Ni, Co, Cr, and other metals, have provided
definitive information about the timing of ore
formation and the sources of ore metals. Exam-
ples include komatiite-associated NiS deposits
such as those in Western Australia and the
Canadian Shield (Walker et al. 1988; Foster et al.
1996; Lambert et al. 1998, 1999; Lahaye et al.
2001; Hulbert et al. 2005), layered mafic intru-
sions such as the Bushveld (Hart and Kinloch
1989; Schoenberg et al. 1999; Reisberg et al.
2011; Coggon et al. 2012), Stillwater (Martin
1989; Marcantonio et al. 1993; Lambert et al.
1994; Horan et al. 2001), Voisey’s Bay (Lambert
et al. 2000; Hannah and Stein 2002), Muskox
(Day et al. 2008), Great Dyke (Schoenberg et al.
2003), Portimo (Andersen et al. 2006), and
Duluth complexes (Ripley et al. 1998, 2008;
Williams et al. 2010), and Ni–Cu–PGE ores
associated with flood basalts such as those in the
Noril’sk region of Siberia (Walker et al. 1994)
and the Xinjie layered intrusion in the Emeishan
large igneous province of China (Zhong et al.
2011).

Komatiite-associated NiS deposits have yiel-
ded geologically reasonable Re–Os isochron
ages although precision is often degraded by Re
mobility related to subsequent deformation and
alteration. Perhaps the most significant contri-
bution that Re–Os isotope geochemistry has
made to understanding these deposits is the clear
definition of a mantle signature in the Os isotopic
compositions. Although some komatiite flows
may have experienced crustal assimilation
(Lahaye et al. 2001), the data clearly show that
the Ni and PGE (including Os) in these ores were
derived predominantly from the mantle. This has
allowed a detailed evaluation of volcanological
processes and sources associated with emplace-
ment of these magmatic systems, in particular by
comparison with mass-independent variations in
D33S (Lambert et al. 1999; Bekker et al. 2009;
Fiorentini et al. 2012).

In contrast to komatiite-hosted ores, Os iso-
topic compositions of mineralization in layered
mafic intrusions show that mixing of crustal and
mantle components is a ubiquitous process. The
proportions of crust and mantle components vary
widely (Shirey and Walker 1998), and the
mechanism(s) by which the enriched (crustal)
component becomes incorporated is not always
clear. Assimilation of country rocks, magma
mixing, mantle metasomatism, and overprinting
by late hydrothermal fluids have all been sug-
gested as possible mechanisms to explain the Os
isotopic heterogeneity observed within many
layered intrusions. In the Bushveld complex,
initial 187Os/188Os ratios increase with strati-
graphic height through the Critical Zone, reach-
ing a maximum at the level of the Merensky Reef
before decreasing sharply again within a few
meters (Fig. 5; Reisberg et al. 2011, and refer-
ences therein). In that scenario, ore grades in the
Merensky Reef may have been enhanced by
transient assimilation of PGE-rich black shales
(Reisberg et al. 2011). Sproule et al. (2002)
showed how Nd and Os isotopes can be decou-
pled depending on the timing of sulfide satura-
tion relative to crustal assimilation. The magma-
fluid-country rock interactions documented at the
Duluth Complex (Ripley et al. 2001; Williams
et al. 2010) illustrate how complex these
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processes can be. An implication of these studies
would be that binary mixing or assimilation-
fractional crystallization (AFC) calculations are
unlikely to capture the physico-chemical reality
of these processes. Late-stage mobility of Re due
to hydrothermal activity is commonly inferred
(Marcantonio et al. 1994; Andersen et al. 2006;
Schoenberg et al. 2003; Day et al. 2008).

The Sudbury Igneous Complex provides
another example of the use of Re–Os isotopes to
define the timing of ore formation and metal
sources. Walker et al. (1991) and Morgan et al.
(2002) showed that the Sudbury ores formed
contemporaneously with crystallization of the
igneous complex at 1850 Ma, followed by minor
resetting at *1770–1780 Ma. However, the
limited range of 187Re/187Os and scatter intro-
duced by either small-scale heterogeneities in
initial 187Os/188Os isotopic compositions or
minor post-crystallization disturbance limited the
precision on some of the isochrons (e.g.,
1825 ± 340 Ma, MSWD = 228 for Falcon-
bridge and 1835 ± 70 Ma, MSWD = 45 for
McCreedy West; Morgan et al. 2002). Notable in
these data are the much higher Pt and lower Re
and Os concentrations, and higher 187Re/188Os
and 190Pt/188Os ratios in the Deep Copper Zone
(DCZ) of the Strathcona mine compared to those

from Falconbridge, McCreedy West, and the
other Strathcona ores. This is consistent with an
origin of the DCZ ores predominantly as residual
sulfide melt and the Falconbridge, McCreedy
West and other Strathcona ores predominantly as
MSS-dominated cumulates. Morgan et al. (2002)
also report 190Pt-186Os data, which show that the
DCZ ores have highly radiogenic 186Os/188Os
isotopic compositions as expected from their
high Pt/Os ratios. However, the low Os con-
centrations in these ores and apparent variability
in initial 186Os/188Os isotopic compositions pre-
cluded a precise age determination based on this
system. Although the initial 187Os/188Os isotopic
compositions of Sudbury ores are heterogeneous
they are all totally dominated by radiogenic
crust, possibly reflecting variable mixing of the
crustal target rocks during formation of the SIC
by impact melting (Morgan et al. 2002). The
predominantly crustal composition of the SIC
contrasts with that of many other layered intru-
sions such as Bushveld, Stillwater, Muskox,
Rum, and Xinjie, which have Os isotopic com-
positions indicating mixtures of crustal and
mantle components (Reisberg et al. 2011; Mar-
cantonio et al. 1993; Lambert et al. 1994; Day
et al. 2008; O’Driscoll et al. 2009; Zhong et al.
2011).

Fig. 5 Initial Os isotope
stratigraphy of the Bushveld
complex, after Reisberg et al.
(2011). Filled black symbols
are samples from the
Merensky Reef. The vertical
hashed bar shows the mantle
composition at 2.054 Ga.
Crustal host rocks would have
had 187Os/188Os composition
of *0.5 at that time.
Increasing initial 187Os/188Os
ratios with stratigraphic
height indicates progressively
greater contributions of crust
in the magma
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A somewhat different style of magmatic
sulfide deposit is associated with flood basalts
such as those in the Noril’sk region of Siberia
and the Emeishan large igneous province of SW
China. At Noril’sk, sulfide ores yield Re–Os
isochron ages of *245–248 Ma (Fig. 2),
somewhat younger than the canonical eruption
age of the Siberian flood basalts (250–252 Ma;
Renne 1995; Kamo et al. 2003). However,
uncertainties on the isochrons are large (±* 2–
10%) and the exact age obtained depends on
which samples are included in the regressions.
As for Sudbury, excess scatter in the data is
indicated by the large MSWD’s of these iso-
chrons (e.g., MSWD = 45–288 for the four
isochrons presented by Malitch and Latypov
2011), possibly reflecting local variations in the
187Os/188Os of the ores at the time they formed.
Alternatively, the Re–Os isotopic systematics of
the ores might have been disturbed by subse-
quent events such as the minor silicic magma-
tism that followed emplacement of the flood
basalts (Kamo et al. 2003; Malitch et al. 2010).
In contrast to Sudbury, the initial 187Os/188Os
isotopic compositions of Noril’sk district ores
indicate a slightly enriched mantle source,
consistent with the formation of the Siberian
flood basalt from a mantle plume. The Emeis-
han large igneous province appears to be part of
a broad episode of flood basalt eruption in the
Late Permian with the Xinjie mafic–ultramafic
layered intrusion yielding a 187Re-187Os iso-
chrons age of 262 ± 27 Ma and an initial
187Os/188Os consistent with a moderately enri-
ched mantle plume source (Zhong et al. 2011).

7.2 Molybdenite

Molybdenite (MoS2) has been widely used for
Re–Os geochronology because it often contains
10’s–100’s of ppm of Re and essentially no initial
Os (Stein et al. 2001; Stein 2014). Precipitation of
molybdenite from hydrothermal solutions is
favored by decreasing fO2, salinity, and T, and
high fS2 (Cao 1989; Ulrich and Mavrogenes
2008). It has a high closure temperature and is
robust against subsequent thermal events and
metamorphism (Fig. 6). Because Mo partitions
into condensed fluids relative to vapour, primary
molybdenite will tend to occur closer to the
source of hydrothermal fluids compared to more
vapour-mobile elements such as Au and Cu
(Zajacz et al. 2017). Although a few examples of
molybdenite with compositionally distinct cores
and rims have been reported (Stein et al. 2004;
Aleinikoff et al. 2012), this is rare. Rather, mul-
tiple episodes of molybdenite crystallization tend
to form as discrete crystal populations such that
age distributions can sometimes be at least par-
tially resolved through analysis of multiple ali-
quots of different grain size fractions (Wilson
et al. 2007; Aleinikoff et al. 2012). Variations in
Re contents of molybdenite can also contribute to
recognition of multiple mineralization events
(Selby and Creaser 2001; Barra et al. 2005;
Wilson et al. 2007; Wells et al. 2021). Controls on
Re concentrations in molybdenite are discussed
further in the next section.

While the reliability of Re–Os molybdenite
dating is now well established, care is needed
when sampling the molybdenite because small-

Fig. 6 Diagram illustrating
approximate closure
temperatures for various
mineral-isotope systems
relevant to ore deposit
geochronology. Modified
after Chiaradia et al. (2013)
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scale decoupling of 187Re/187Os within individ-
ual crystals has been inferred from apparent
variations in the spatial distribution of
185Re/Rm187, where Rm187 = the net signal
intensity measured on mass 187, comprising
187Re plus radiogenic 187Os, measured by laser
ablation ICPMS (Stein et al. 2003; Selby and
Creaser 2004; Košler et al. 2003). Such decou-
pling might be due to intra-crystal migration of
187Os as a consequence of the misfit of Os in the
crystal structure of molybdenite whereas Re
substitutes for Mo as a limited solid solution of
ReS2 in MoS2 (Takahashi et al. 2007; Drabek
et al. 2010). In contrast, imaging of the spatial
distribution of Re and Os in molybdenite using
nano-SIMS (Barra et al. 2017) and a laser abla-
tion study using a MC-ICPMS equipped with a
collision cell to separate Re from Os during the
analysis (Hogmalm et al. 2019) did not observe
such decoupling, although both of those studies
have been criticised as inconclusive (Zimmerman
et al. 2022). Clearly, further work is necessary to
address this question.

Molybdenite can also form as a primary
magmatic phase, often as small inclusions in
quartz phenocrysts (Audétat et al. 2011; Sun
et al. 2014). It seems to occur more frequently in
within-plate or rift-related rhyolites compared to
arc rhyolites, probably due to the higher fO2 and
resulting higher proportion of sulphate versus
sulfide in the latter. Audétat et al. (2011) devel-
oped a thermodynamic model that estimates
magmatic fO2 and fS2 provided that the melt is
saturated in molybdenite + pyrrhotite, and the
Mo concentration and T can be constrained.
Alternatively, fS2 can be calculated if fO2 can be
constrained independently, for example, through
FeTi-oxide thermobarometry. Molybdenum sol-
ubility in silicic melts is enhanced by oxidizing
conditions and depolymerized (e.g., strongly
peralkaline) compositions (Sun et al. 2014).

7.3 Controls on Re Concentrations in
Molybdenite

Bulk rhenium concentrations in molybdenite
display a broad correlation with the lithologic

association and style of the deposit (Barton et al.
2020). Terada et al. (1971) showed that rhenium
contents of molybdenite generally decrease in the
sequence: volcanic sublimate, porphyry copper
deposits, contact-metasomatic (skarn) deposits,
disseminated greisen or stockwork deposits, and
quartz veins, which suggests a broad gradient
with temperature and/or source of the metals. An
extreme example of high-T molybdenites are
those associated with fumaroles at Kudryavy
volcano in the Kurile volcanic arc, which
have *1.5 wt% Re (Tessalina et al. 2008b).
Although rheniite (ReS2) has also been found at
this volcano, the Re content of this molybdenite
appears to be primary and reflects the high con-
centrations of Re and other volatile metals in the
volcanic gases (Tessalina et al. 2008b). Rhenium
volatility during magmatic outgassing appears to
be a common process that has been documented
at a variety of settings that include ocean island
and island arc volcanoes (Sun et al. 2003a;
Lassiter 2003; Norman et al. 2004b; Righter et al.
2008).

Porphyry deposits often carry molybdenite
with high Re concentrations although this
appears to vary with the specific style of miner-
alization (Berzina et al. 2005; Barton et al. 2020).
In general, molybdenite associated with Cu and
Au porphyries tend to have systematically higher
Re contents (100’s to 1000’s of ppm) than that in
Mo-dominated systems (10’s to 100’s of ppm),
possibly due to dilution of the Re by the large
volume of molybdenite in the latter (Stein et al.
2001; Stein 2014). Molybdenite in deposits
associated with compositionally intermediate
granitic systems often contain 10’s to 100’s of
ppm Re whereas those related to highly evolved
felsic rocks, and especially Sn-W deposits, tend
to have low Re contents (<1–10 ppm) (e.g.,
Morgan et al. 1968; Selby et al. 2007a; Barton
et al. 2020). It has been suggested that the gen-
eral trend of higher Re in molybdenite associated
with more mafic systems to lower Re in more
evolved systems reflects a transition from man-
tle- to crustally-dominated systems (e.g., Stein
et al. 2001), but it may also be due to co-factors
such as redox and/or sulfidation state, with more
oxidized, higher sulfidation systems producing
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molybdenite with higher Re contents (Berzina
et al. 2005; Barton et al. 2020).

In addition to these broad lithologic associa-
tions and physical–chemical controls, there may
also be a degree of underlying geological influ-
ence on the composition of molybdenite in some
deposits. For example, some provinces appear to
produce molybdenite with systematically lower
concentrations (<20 to sub-ppm; Morgan et al.
1968; Stein et al. 2001) possibly due to deriva-
tion of the system by metamorphic dehydration
melting of mid-crustal rocks, a process that
should be reflected in other isotopic and com-
positional characteristics (Stein 2006; Voudouris
et al. 2013). In contrast, Voudouris et al. (2013)
suggested that the regional distribution of
molybdenite with high to very high Re contents
in northeastern Greece may indicate a Re-
enriched source, perhaps related to its tectonic
history.

7.4 Case Study: Crystallization
and Uplift of the Boyongan
and Bayugo Cu–Au
Porphyry Deposit

While Re–Os isotopic studies of molybdenite are
typically aimed at establishing the age of min-
eralisation, the study by Braxton et al. (2012)
provides an example of the added value that
molybdenite dating can provide when placed in a
broader geological and geochronological context.
Braxton et al. (2012) studied the Pleistocene age

Boyongan and Bayugo Cu–Au porphyry depos-
its, which are located in the Surigao district of the
Phillipines, using multiple radiogenic isotope
systems. The Boyongan complex is characterized
by an exceptionally thick (600 m) oxidation
profile.

Porphyry magmatism occurred between 2.09
and 2.31 Ma based on U–Pb isotopic ages of
zircons from the earliest and latest intrusive
phases of the complex. Rhenium-Os ages of
2.115 ± 0.008 and 2.120 ± 0.007 Ma on late
molybdenite are consistent with a close genetic
link between igneous intrusion and the mineral-
ization, while K–Ar ages of 2.09–2.12 Ma on
hydrothermal illite inferred to post-date the
molybdenite shows that the system cooled
rapidly following the final stage of porphyry
emplacement and mineralization. In contrast, (U–
Th)/He apatite thermochronology provided ages
between 1.49 and 1.98 Ma, with ages decreasing
systematically with increasing depth into the
intrusive complex. Those cooling ages provide
constraints on the uplift and exhumation of the
complex. Finally, the timing of late extension
and sedimentation was established from
40Ar-39Ar ages of post-mineralization volcanics
and 14C dating of wood and plant material, which
indicate burial began at *0.6 Ma and continued
to *1.6 ka. These relationships are summarized
in Fig. 7.

The geochronological data on the Boyongan-
Bayugo complex imply porphyry mineralization
at *2.1 Ma was followed by rapid uplift at a
rate of 1–5 km/Ma, with exposure and intense

Fig. 7 Diagram illustrating
the sequence of igneous,
hydrothermal, and cooling
ages at the Boyongan and
Bayugo porprhyry deposits,
Philippines (after Braxton
et al. 2012)
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supergene alteration occurring predominantly
between *0.6 and 1.5 Ma. These uplift, alter-
ation, and burial rates are considerably greater
than the global averages but similar to other sites
with analogous tectonic and climatic conditions.
Braxton et al. (2012) interpret the uplift and
subsequent burial history of the complex to
reflect a transition from strongly compressional
tectonism related to collision of the Philippine
arc with the Eurasian plate to the present-day
transtensional setting in the mid-Pleistocene,
highlighting the dynamic tectonism of the
Philippine Mobile Belt and related geological
environments.

8 Conclusions

The 187Re-187Os isotope system is well suited for
direct dating of sulfide minerals. Molybdenite is
especially valuable for ore deposit geochronol-
ogy because of its relatively high Re concentra-
tions, high initial 187Re/187Os, high closure T,
and resistance to resetting, but it is not always
present; many other sulfide minerals have been
dated successfully. Initial 187Os/188Os isotopic
compositions of magmatic sulfide deposits have
established a predominantly mantle provenance
for the PGE in these systems, whereas the ore-
forming fluids responsible for hydrothermal
deposits carry a strong signature of crustal Os.
The 190Pt-186Os system has so far been useful
only for a limited set of applications, mainly in
the dating of alluvial nuggets with high Pt/Os.
Future developments can expect to see increasing
applications to the dating of other mineral sys-
tems, and a more integrated approach to place
mineralisation ages within a broader geotectonic
context and the duration of ore-forming systems.
Recent efforts to measure stable isotope varia-
tions of Re (Miller et al. 2009), Os (Nanne et al.
2017), and Pt (Creech et al. 2014) may find
future applications to ore deposits. Further stud-
ies of Os isotopes coupled with stable isotopic
compositions of S and O will continue to provide
new insights into the sources of mineralising
fluids and conditions of mineralization.
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Applications of Neodymium Isotopes
to Ore Deposits and Metallogenic
Terranes; Using Regional Isotopic
Maps and the Mineral Systems
Concept

David C. Champion and David L. Huston

Abstract

Although radiogenic isotopes historically have
been used in ore genesis studies for age dating
and as tracers, here we document the use of
regional- and continental-scale Sm–Nd iso-
tope data and derived isotopic maps to assist
with metallogenic interpretation, including the
identification of metallogenic terranes. For the
Sm–Nd system, calculated Nd model ages,
which are time independent, are of most value
for small-scale isotopic maps. Typically, one-
or two-stage depleted mantle model ages
(TDM, T2DM) are used to infer age when the
isotope characteristics of the rock were in
isotopic equilibrium with a modelled (mantle)
reservoir. An additional advantage is that Nd
model ages provide, with a number of
assumptions, an estimate of the approximate
age of continental crust in a region. Regional-
and continental-scale Nd model age maps,
constructed from rocks such as granites,
which effectively sample the middle to lower
crust, therefore, provide a proxy to constrain
the nature of the crust within a region. They
are of increasing use in metallogenic analysis,
especially when combined with a mineral

systems approach, which recognizes that
mineral deposits are the result of geological
processes, at a scales from the ore shoot to the
craton. These maps can be used empirically
and/or predictively to identify and target large
parts of mineral systems that may be indica-
tive, or form part of, metallogenic terranes.
Examples presented here include observed
spatial relationships between mineral pro-
vinces and isotopic domains; the identification
of old and/or thick cratonic blocks; determi-
nation of tectonic regimes favorable for min-
eralization; identification of isotopically
juvenile zones that may indicate rifts or
primitive arcs; recognition of crustal breaks
that define metallogenic terrane boundaries or
delineate fluid pathways; and, as baseline
maps. Of course, any analysis of Sm–Nd and
similar isotopic maps are predicated on inte-
gration with geological, geochemical and
geophysical information data. In the future,
research in this area should focus on the
spatial and temporal evolution of the whole
lithosphere at the province- to global-scales to
more effectively targeting mineral exploration.
This must involve integration of radiogenic
isotopic data with other data, in particular,
geophysical data, which has the advantage of
being able to directly image the crust and
lithosphere and being of a more continuous
nature as compared to invariably incomplete
isotopic data sets.
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1 Introduction

Samarium-Neodymium (Sm–Nd) isotopes have
commonly been used in economic geology
studies, not just for geochronology, but also as
tracers that provide constraints on mineralizing
and geological processes. As a tracer Sm–Nd
data constrain the age and source of mineraliza-
tion, fluid pathways, metal sources and mineral-
izing processes. There is extensive literature
regarding such use of radiogenic isotopes; review
papers include Tosdal et al. (1999), Lambert
et al. (1999), and Ruiz and Mathur 1999).
Recently, the use of the isotopes, such as Sm–

Nd, has extended to regional-scale metallogenic
analysis, importantly utilizing isotopic data from
both mineralized and unmineralized rocks (e.g.,
Champion 2013; Champion and Huston 2016).
This builds on recognition that regional-scale
isotopic data can assist with identification of
metallogenic terranes (Zartman 1974; Farmer
and DePaolo 1984; Wooden et al. 1998). This
approach has benefitted from the large quantity
of isotopic data now available and graphical
software, which have enabled the rapid and
repeatable generation of isotopic maps at regio-
nal to continental scales. Examples for the Sm–

Nd system include studies by Cassidy et al.
(2002), Champion and Cassidy (2007, 2008),
Champion (2013), Huston et al. (2014), Mole
et al. (2013), and Wu et al. (2021). Champion’s
(2013) Australia map was the first Sm–Nd iso-
topic map produced for an entire continent,
undertaken at the Australian continent-scale.

Following pioneering studies such as Zartman
(1974), the usefulness of isotopic distribution
patterns for metallogenesis has become increas-
ingly recognized. Although initially driven by
empiricism (Zartman 1974; Wooden et al. 1998;
Cassidy and Champion 2004; Huston et al. 2005,
2014), these studies are now strongly influenced
by the mineral systems concept (Wyborn et al.
1994), which recognizes that mineral deposits,
although small, result from geological processes
that occur, and can be mapped, at larger scales
(Fig. 1: e.g., McCuaig et al. 2010; Hronsky et al.

2012; Huston et al. 2016). It is the larger camp-
to continent-scale scales that regional Sm–Nd
isotopic maps have most use, for example to infer
continent- to province-scale lithospheric struc-
tures and architecture. This places both known
deposits in context, but also allows targeting of
undiscovered deposits by constraining geody-
namic settings, fluid and magma pathways, and
energy and metal sources.

This contribution, therefore, details the Sm–

Nd isotopic system, which has been use for over
40 years (Farmer and DePaolo 1983, 1984;
Bennett and DePaolo 1987), and for which large
regional isotopic datasets are available (e.g.,
Fraser et al. 2020). It discusses the uses and
implications Sm–Nd isotopes and isotopic maps
to different mineral systems, focusing on the
craton- to district-scale. Examples include iden-
tifying lithospheric boundaries that commonly
control sites of mineralization, determining fer-
tile metallogenic provinces using isotopic char-
acteristics, and establishing rock types essential
to mineralization by their isotopic signature. We
present general principles of Sm–Nd system;
identify time-independent isotopic variables; and
show how these variables can be used to generate
isotopic maps useful to metallogenic studies.
Much of the discussion and usage presented here
applies to other isotopic systems, especially Lu–
Hf (Osei et al. 2021; Waltenberg 2023) and U–
Th–Pb (Champion and Huston 2016; Huston and
Champion 2023).

2 The Samarium-Neodymium
Isotopic System

As there are many reviews written on isotope
systematics (e.g., Faure 1977; Dickin 1995) in
general and on the Sm–Nd system in particular
(e.g., DePaolo 1988; Champion and Huston
2016), only a brief introduction is provided
here.

The equation describing the evolution of the
Sm–Nd system through time can be written as
follows:
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143Nd=144Nd
� �

nowð Þ
¼ 143Nd=144Nd

� �
initialð Þ

þ 147Sm=144Nd
� �

nowð Þ
� ekt � 1
� �

ð1Þ

where: k = the decay constant for 147Sm to
143Nd (6.54 � 10–12 yr-1: Dickin 1995), (now) =
abundance of the isotope as measured in the
present day, (initial) = abundance of the isotope
at time t in the past, and t = the age of the last
isotopic disturbance rock in years. The isotopic

disturbance age can record the magmatic, meta-
morphic, or mineralization age of the rock.

For tracer applications, often used in metal-
logenic studies, the initial parent/daughter ratio
(initial ratio), which is commonly more useful,
can be determined as follows:

143Nd=144Nd
� �

initialð Þ
¼ 143Nd=144Nd

� �
nowð Þ

� 147Sm=144Nd
� �

nowð Þ
� ekt � 1
� �

ð2Þ

a

b

Fig. 1 Mineral system model
and examples. a Mineral
system model illustrating the
range of processes required to
produce a mineral deposit.
Such processes operate at a
range of spatial and temporal
scales (modified from Huston
et al. 2016). b Cartoon
illustrating potential processes
that may be important for a
specific mineral deposit. Note
the large range of scales
relative to the scale of the
deposit (modified extensively
from Australian Academy of
Science 2012)
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Initial 143Nd/144Nd ratios can be reported as
deviations (eNd, reported in parts per 10,000)
from a chondritic earth reference model
(CHUR = Chondritic Uniform Reservoir:
DePaolo and Wasserburg 1976):

eNd ¼ 10000 � 143Nd=144Nd
� �

Sample Tð Þ

�

� 143Nd=144Nd
� �

CHUR Tð Þ

�

= 143Nd=144Nd
� �

CHUR Tð Þ

ð3Þ

Although both initial 143Nd/144Nd ratios and eNd
values are used, the latter has the advantage on
eNd—time plots where depleted mantle and
crustal reservoirs have distinct signatures.

3 The Samarium-Neodymium
Geochemical System

The behavior of isotopic systems and the inter-
pretation of isotopic data, is mostly a function of
the relative geochemical behavior of the parent
and the daughter isotopes. For the Sm–Nd

isotopic system, both parent and daughter iso-
topes are lanthanides, or rare earth elements
(REE), that all have very similar geochemical
properties. Consequently, Sm and Nd have sim-
ilar, predictable, geochemical behavior in most
geological processes, resulting in very minor
fractionation and minimal variation in Sm/Nd for
common crustal rocks (Table 1). The fractiona-
tion that does occur is mostly related to lan-
thanide contraction, whereby lanthanides with
higher atomic number have progressively smaller
atomic radii. Hence, Nd is more incompatible
than Sm, and Nd is preferentially concentrated in
the melt. As a result, processes such as partial
melting and fractional crystallization result in
higher levels of the light REE and lower Sm/Nd
ratios in the more differentiated end-members
(DePaolo 1988). As a consequence, the Earth’s
crust is enriched in the light REE and also has
lower Sm/Nd than complementary depleted
mantle reservoirs. Differences in Sm/Nd of
mantle and crustal reservoirs result in divergent
isotopic behaviors in these two reservoirs with
time (DePaolo and Wasserburg 1976; Bennett
and DePaolo 1987; DePaolo 1988; Table 1;
Fig. 2).

Table 1 Average Nd and Sm concentrations (in parts-per-million) and Sm/Nd ratios of mantle and crustal reservoirs

Reservoir Nd Sm Sm/Nd

Upper crust 27 4.7 0.17

Middle crust 25 4.6 0.18

Lower crust 11 2.8 0.26

Bulk crust 20 3.9 0.20

OIB 38.5 10.0 0.26

MORB 9.8 3.25 0.26

E-MORB 9.0 2.6 0.29

N-MORB 7.3 2.63 0.36

Depleted mantle 0.71 0.27 0.38

Silicate earth 1.25 0.41 0.33

Bulk earth 0.84 0.27 0.32

Chondrite 0.474 0.154 0.32

Sources Continental crust reservoirs from Rudnick and Gao (2003), mid-ocean ridge basalt (MORB) from Arevalo and
McDonough (2010); ocean island basalt (OIB), enriched- and depleted-MORB (E-MORB and N-MORB) from Sun and
McDonough (1989); Depleted mantle from Salters and Stracke (2004); bulk earth from McDonough (2003), silicate
earth from McDonough and Sun (1995), C1 carbonaceous chondrite from Palme and Jones (2003)
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The long half-life of 147Sm (106 Gyr) and the
geochemistry of the lanthanides make the Sm–

Nd system ideal for documenting crustal devel-
opment. Because of the long half-life, significant
changes in the Nd isotopic signature require very
long time frames, making the Sm–Nd system
very useful to identify ancient crust. The isotopic

effect of addition of isotopically juvenile mate-
rial, through the incorporation of a juvenile
mantle component in granitic magmas, depends
mostly on the volume of juvenile material added.
As REEs are enriched in granitic rocks relative to
mantle material, the Nd isotopic signature of
granites is often insensitive to addition of

Fig. 2 Epsilon Nd (eNd) through time and model age
plots (modified after Champion 2013). a Time-integrated
behaviour of eNd in continental crustal reservoirs versus
the complementary depleted mantle reservoir.
Schematic REE plots illustrate the idealised change in
Sm/Nd ratio (normalised to chondrite) between the
reservoirs. CHUR equals Chondritic Uniform Reservoir.
b Nd model ages. Single stage Nd model ages (TCHUR,
TDM) assume no fractionation of Sm/Nd (= measured
ratio). The intersection of the sample evolution curve with
the mantle evolution curve (chondritic (CHUR) or

depleted mantle (DM)), defines the model age. Two-
stage model ages (T2DM) assume a change in Sm/Nd at
some point in the crustal history of the protolith. For felsic
magmatic rocks this is typically the magmatic age. For
ages older than the magmatic age a model 147Sm/144Nd
ratio is used, typically that of average continental crust.
To calculate eNd, values of

147Sm/144Nd and 143Nd/144Nd
have to be assigned for the DM and CHUR reservoirs.
DM values used here are 0.2136 and 0.513163,
respectively
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significant amounts of such mantle material. For
example, Kirkland et al. (2013) show that the
isotopic signatures of Proterozoic REE-enriched
granites in the Musgrave Province of central
Australia have been insensitive to the addition of
as much as 85% mantle input. While an extreme
case, this behavior means that the Sm–Nd system
can be used to effectively ‘see’ through many
crustal processes and can provide information on
the nature of the source of the rocks in question
(DePaolo 1988). For voluminous crustal rocks
such as granites this provides a potentially
powerful proxy in constraining the nature of the
various crustal blocks the granites occur within,
i.e. in effect broadly mapping the crust and thus
timing of crustal growth as demonstrated by
Bennett and DePaolo (1987).

4 Model Ages and Residence Ages

Although initial ratios and related measures like
eNd are useful when comparing rocks of similar
ages, the time factor implicit in Eqs. (2) and (3)
makes comparison of rocks of different ages
problematic. This problem can be overcome by
calculating model ages, ages when the measured
rock was last in isotopic equilibrium with the
modelled reservoir from which it was extracted.
Model ages, if calculated from the same model,
are the simplest way to spatially compare iso-
topic data from rocks of different ages in the Sm–

Nd system. Model ages determined from the
Sm–Nd systems (Nd model ages) approximate
the average age of continental crust in a province
(McCulloch and Wasserburg 1978; DePaolo
1981, 1988; Farmer and DePaolo 1983, 1984;
Liew and McCulloch 1985; Bennett and DePaolo
1987; McCulloch 1987; Fig. 2) due to the dif-
fering time-integrated behavior of Nd isotopic
signatures in mantle and crustal reservoirs
(Fig. 2), and ‘minimal’ changes of Sm/Nd during
many crustal processes. Hence, Nd model ages
estimate the time when a rock was separated
from its modelled source, typically depleted
mantle. This approach is most useful for mag-
matic rocks, but has been used for all rock types
(McCulloch and Wasserburg 1978).

Although historically model ages were cal-
culated assuming a chondritic mantle (TCHUR),
after recognition that depleted upper mantle is the
dominant reservoir from which crust is extracted,
most model ages now are calculated assuming
depleted mantle as the source (TDM: DePaolo
1981, 1988). Several models have been devel-
oped to model the evolution of depleted mantle.
These include a model that assumes an increas-
ingly depleted mantle (DePaolo 1981), and a
linear depletion model, used herein, which
assumes linear depletion from eNd = 0
at *4.56 Ga to + 10 today (Fig. 2). McCulloch
(1987) also developed a linear model with
assumed depletion commencing at 2.75 Ga.
Recent research suggests that mantle older than
ca. 3.5–3.7 Ga may have been chondritic (e.g.,
Hiess and Bennett 2016), and so a model similar
to that of McCulloch (1987) but with depletion
commencing at ca. 3.5–3.7 Ga may be more
valid. This is a controversial area, however, of
active research. It has been largely based on Lu–
Hf studies, and it is apparent that there may have
been decoupling of Sm–Nd from Lu–Hf isotopic
systems (e.g., Vervoort 2011; Vervoort et al.
2019, 2020), with depletion commencing much
earlier for Sm–Nd. This apparent decoupling
may reflect disturbance of the Sm–Nd system
(e.g., Hammerli and Kemp 2021). Until this
matter is resolved, we still use the linear deple-
tion model back to 4.5 Ga as our preferred model
for the depleted mantle growth curve and for
calculating Nd model ages. The linear depletion
model results in older calculated model ages.
Given that in isotopic mapping it is the relative
spatial changes in model ages that are of more
concern than absolute ages, the choice of model
is not expected to have a significant effect on
results and conclusions derived from isotopic
mapping.

Model ages can also be determined using
single stage or multi-stage (mostly two-stage)
models. Single stage models (Fig. 2) infer that
the main change in Sm/Nd occurred during
mantle extraction and that crustal processes
(e.g., fractional crystallization, contamination,
alteration) have not significantly modified this
ratio. Although geochemically unrealistic (see
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variations in Sm/Nd of crustal reservoirs in
Table 1), single stage models were a feature of
many early studies and did provide useful
results (e.g., Bennett and DePaolo 1987). As
single stage model ages (TDM) become
increasingly prone to error with increasing
Sm/Nd when sample evolution curves become
sub-parallel with mantle evolution curves,
model ages should not be calculated for
147Sm/144Nd ratios over 1.4–1.5. This is gener-
ally not a problem as most felsic igneous rocks
have 147Sm/144Nd ratios between 0.09 and 0.12
(e.g., Sun et al. 1995).

Two-stage model ages (denoted as T2DM) are
commonly used for felsic igneous rocks (Liew
and McCulloch 1985) to correct for changes in
Sm/Nd ratios due to partial melting, fractional
crystallization, magma mixing, contamination or
hydrothermal alteration. Two-stage models use
the measured 147Sm/144Nd ratio to model evo-
lution back in time to the independently-
determined magmatic age of the rock. From the
magmatic age to the modelled extraction age, an
assumed 147Sm/144Nd ratio is used to calculate
the sample evolution (Fig. 2). In this review, a
147Sm/144Nd ratio of 0.11, which is based on the
average upper continental Sm and Nd concen-
trations reported by Rudnick and Gao (2003),
was used. For a given sample or study, T2DM

may be younger or older than TDM, depending on
the assumed age and the measured and assumed
147Sm/144Nd ratios used. Two-stage model ages
provide more consistent ages on a regional basis
(Champion and Cassidy 2008), and allow ages to
be determined for samples with high measured
147Sm/144Nd.

Residence ages (TRes), which model age dif-
ferences between the modelled crustal extraction
from the mantle and melting and crystallization
of the sample, can also be used as a variable in
isotopic maps, and are calculated using the
equation:

TRes ¼ T2DM � Tmagmatic ð4Þ

Residence ages provide an indication of the time
between when the granite source was extracted
and when the source was reworked (melted) to

produce the granite. Granite formed by the
reworking of largely juvenile (i.e., young) crust
will have younger residence ages than granites
formed from older crust. Combining T2DM and
TRes with geochronological data such as mag-
matic and inherited zircon ages provides con-
straints on the age of crust in a region, the age of
crustal reworking and melting, and on the pro-
tolith of individual granite units.

It must be stressed that model and residence
ages are just expression of a model and that
absolute ages differ between models. As dis-
cussed by many workers (DePaolo 1988; Kemp
et al. 2009; Vervoort and Kemp 2016) processes
that produce the isotopic signature of a rock are
complex, and Sm–Nd model age calculations
contain a number of assumptions, as discussed
above and outlined in detail by Champion and
Huston (2016) and Vervoort and Kemp (2016).
As an example, models ages for felsic igneous
rocks, if taken at face value, imply that the source
of the rock in question was homogeneous and
formed in a single event, assumptions that are
rarely true. Moreover, even when these criteria
are met, a model age is still only an approxi-
mation with many uncertainties. There is abun-
dant evidence of complex sources as the mixed
role of crustal, juvenile and assimilated compo-
nents has been demonstrated by many studies
(Kemp et al. 2007, 2009; Fisher et al. 2017). In
such complex open systems the calculated Nd
model ages are best interpreted as average ages
of all preceding crustal growth events. Impor-
tantly, as discussed by Champion and Huston
(2016) it is the regional variations in model ages
that are most applicable and not the absolute
ages. These relative variations highlight regional
changes in mantle flux, crustal growth and geo-
dynamic environments. Moreover, use of iso-
topic data in a regional manner, especially in
regions with a significant range of ages, tends to
smooth out and downplay these ‘secondary’
effects. As shown by Champion and Huston
(2016) this is evident when the map scale is taken
into account. Small-scale images, covering a
large region (1000+ km), exhibit significantly
less scatter of data (less noise) than larger scale
images (100’s of km). This needs to be
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considered when using isotopic maps, particu-
larly when using large scale maps. For metallo-
genic analysis it is the continent to regional scale
isotopic maps that are of most use.

5 Mineral Systems and Spatial
and Temporal Variations
in Sm–Nd Isotopic Signatures

The advantage of a mineral systems approach is
that increased knowledge of the 4D (space and
time) evolution of a geological terrane (i.e.
regions with mutual tectonic histories), effec-
tively allows for a better understanding of the
metallogeny of that terrane, and by extension,
more effective mineral exploration (McCuaig
et al. 2010; Huston et al. 2016). This includes
gaining a greater knowledge of the lithosphere of
a terrane, its architecture, and its evolution in
space and time (Fig. 1b). Radiogenic isotopes are
very applicable for this purpose for geochronol-
ogy and, as tracers, are able to constraint the
nature, composition and evolution of the litho-
sphere. Examples of this approach, using Sm–Nd
isotopic data coupled with other geochemical and
geochronological data sets from felsic igneous
rocks to help constrain crustal evolution, include
the western United States (e.g., Zartman 1974;
Farmer and DePaolo 1983, 1984; Bennett and
DePaolo 1987; Wooden et al. 1998), and more
recently Australia (Champion and Huston 2016).
As granites are mainly derived from the lower and
middle continental crust and may have volumes
of X0 to X00 km3, these rocks can constrain the
evolution of crustal growth. Studies of granites
and related rocks provide indirect constraints on
the origin of the crustal domains that host these
rocks (Farmer and DePaolo 1983, 1984).

As indicated above, most information from
isotopic data can be obtained by assessing spatial
and secular changes of isotopic signatures
(Fig. 3). Temporal variation can be included by
time slices (e.g., Mole et al. 2014; Champion and
Huston 2016; Osei et al. 2021), or by using time-
independent isotopic variables such asmodel ages.
Documenting geographic changes in isotopic
parameters relies on data classification. Rapid and
objective visualization of regional isotopic data,
such as Nd model ages, is best produced using
computer-assisted imaging, including interpolated
images, where data are grouped and displayed as
classes (Fig. 4). Figure 4 shows regional changes
in Nd model ages that correspond well to patterns
deduced from the isotope data alone (Fig. 3) and
constrains crustal growth in the Pilbara Craton.
The results of interpolation will depend to some
extent on the interpolation process used and the
technique used to bin interpolated results (i.e.,
identify intervals using equal intervals, per-
centiles, natural breaks etc.), both of which will
affect the produced image. After considering
interpolation techniques (Slocum et al. 2009),
Champion and Huston (2016) concluded that
natural neighbor classification using natural
breaks in data values worked best for Sm–Nd
model age images, and produced results akin to
those produced by manual contouring.

Absolute values of isotopic parameters such
as model ages are less useful than geographical
and/or secular variations. Champion and Huston
(2016) illustrated interpretation of such maps, as
well as their advantages and disadvantages. In
addition to problems such as data smoothing/
averaging, and areas of no data and artefacts of
interpolation, a consistent difficulty concerns the
ambiguity of the isotopic data itself with a variety
of possible interpretations. These images must be

b Fig. 3 Two-stage depleted mantle model ages (a) and
eNd (b) versus magmatic ages for the Pilbara Craton,
Western Australia (modified from Champion and Huston
2016). Isotopic data points are coloured by geological
province: East Pilbara Terrane versus the Karratha, Regal
and Sholl terranes of the West Pilbara Superterrane (see
Fig. 4). The East Pilbara Terrane shows decreasing eNd
and approximately constant T2DM with decreasing mag-
matic age (Type 1 behaviour in Table 2), consistent with

reworking of old crust with minimal juvenile involve-
ment. The exceptions to this are 2.95–2.85 Ga magma-
tism in the western part of the East Pilbara Terrane, which
include a more significant juvenile component (younger
T2DM, more positive eNd), probably related to crustal
growth of the West Pilbara Superterrane (Champion and
Smithies 2000; Smithies et al. 2005). Data shown
spatially in Fig. 4. Data sources as reported in Champion
(2013). Modified after Champion and Huston (2016)
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used with the original data (eNd-time and T2DM-
time plots), to fully understand the isotopic sig-
natures and complexities within each block, and
with other geological and geophysical data,
including data and images from other isotopic
systems (U–Th–Pb: Huston and Champion 2023;
Lu–Hf: Osei et al. 2021).

6 Using Radiogenic Isotope Maps
and Mineral Systems: Specific
Examples

Although radiogenic isotopes have been used in
many ways during metallogenic studies, it is the
continent to regional scale isotopic maps that are

of interest here. Maps at these scales can be used
to identify large-scale components and processes
from a variety of mineral systems (Champion
and Huston, 2016):

• Determining relationships between mineral
systems and isotopic domains. Examples
include: orogenic gold, volcanic-hosted mas-
sive sulfide (VHMS) base-metal and
komatiite-associated nickel deposits (KANS)
in the Yilgarn Craton, Western Australia
(Cassidy and Champion 2004; Cassidy et al.
2005; Huston et al. 2005; Mole et al. 2013,
2014; Champion and Huston 2016; Osei et al.
2021); porphyry Cu and Mo deposits in the
western United States (Zartman 1974) and in

Fig. 4 Gridded Nd two-stage depleted mantle model age
(T2DM) map for the Pilbara Craton, Western Australia.
Isotopic data used to create the grid are also shown (data
and data sources as reported in Champion 2013). Also
shown are: the boundary between the Karratha & Regal
Terranes and the Sholl Terrane (all three comprise the
West Pilbara Superterrane); the boundary between the

West Pilbara Superterrane and East Pilbara Terrane and
the boundary between the East Pilbara Terrane and the
Kurrana Terrane (nomenclature follows van Kranendonk
et al. 2007). Grid colours in areas with no samples are
based on interpolation and may have no relationship with
underlying deeper crust. Modified after Champion and
Huston (2016)
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the Central Asian Orogenic Belt (Wu et al.
2021); and Proterozoic IOCG belts in Aus-
tralia (Skirrow 2013). These empirical corre-
lations can be extracted, tested and applied as
predictive tools. Osei et al. (2021) provide a
good example of extracting and testing cor-
relations between isotopic signatures and
mineral deposits for the Yilgarn Craton.
Similarly, Huston et al. (2014) show how
correlations observed initially in the Yilgarn
Craton were applicable for Archean and
Proterozoic VHMS deposits, in general.

• Identifying cratonic blocks that may have
greater metal endowment and have other
favorable metallogenic characteristics, (for
example, regions of thicker lithosphere that
focus mantle melts around their margins
(Begg et al. 2010; Mole et al. 2014). Recently,
Hoggard et al. (2020) demonstrated that
margins of thicker lithosphere coincide with
the location of the world’s sediment-hosted
metal deposits, and suggested a role for long-
lived lithospheric edge stability. Such old
stable margins should be evident in isotopic
maps and Huston et al. (2020), using Pb iso-
topes, show that such a relationship does
exist. Old crustal blocks and their underlying
mantle lithosphere may also have been the
foci of (repeated) mantle melts that provided
metal sources for later reworking (e.g., Groves
et al. 2010). Similarly, Wu et al. (2021)
showed a relationship between crustal thick-
ness and isotopic signature in the Central
Asian Orogenic Belt and that the relative
distribution of porphyry Cu–Au and porphyry
Cu–Mo deposits was related to both isotopic
signature and crustal thickness, with porphyry
Cu–Au deposits in the more isotopically
juvenile thin crust zones.

• Establishing old continental margins, particu-
larly accretionary margins that are favorable
sites for porphyry copper and related deposits,
especially where accompanied by juvenile
isotopic signatures (Champion 2013; Wu et al.
2021). This also includes the ability to iden-
tify and map continental fragments within
such accretionary orogens. For example, Wu
et al. (2021) were able to use Sm–Nd isotopic

mapping to map the extent of cratons, and
locations of microcontinents, and juvenile
crustal blocks. Kemp et al. (2009, 2020) and
Champion and Huston (2016) identified
interpreted island arc fragments in eastern
Australia based on juvenile isotopic signa-
tures. These fragments may be important for
later mineral systems as accretionary orogens
are can involve lithospheric metasomatism
and provide metal sources for later reworking
(Groves et al. 2010).

• Identifying juvenile zones indicative of
extension and/or rifting and associated
deposits, such as VHMS (Huston et al. 2014)
or deposits formed in primitive arc crust (e.g.,
porphyry Cu–Au: Champion and Huston
2016; Wu et al. 2021).

• Recognizing crustal breaks that represent
major faults and sutures, or were pathways for
fluids and magmas (Wooden et al. 1998).
Such breaks also may delineate boundaries of
metallogenic terranes (VHMS deposits, Hus-
ton et al. 2014; porphyry deposits, Zartman
1974).

• Constructing baseline maps that determine
spatial or temporal zones with high magmatic,
especially mantle, flux and which have been
overprinted by younger crustal growth.

Many of the above act in combination and
repeatedly and are discussed below to highlight
steps involved proceeding from conceptual
mineral systems to exploration targeting
(McCuaig et al. 2010).

6.1 Regional Samarium–Neodymium
Isotopic Signatures
in the Yilgarn Craton
and Their Relationship
to Nickel, Copper–Zinc–
Lead and Gold Deposits

In the Yilgarn Craton, features of the regional Sm–

Nd signature of granites of the Yilgarn Craton
correspond with a range of mineralization styles,
including KANS, VHMS and orogenic gold
deposits (Fig. 5; Cassidy et al. 2002, 2005;
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Huston et al. 2005, 2014; Champion and Cassidy
2008). Osei et al. (2021), using both Sm–Nd and
Lu–Hf isotopes with a more rigorous statistical
approach, showed that KANS deposits are spa-
tially associated with terranes with pre-existing
evolved crust, as identified by Nd T2DM model
ages (Cassidy et al. 2005; Fig. 5). Osei et al.
(2021) refined this relationship and showed that
these deposits were located along the edge of, and
not within, older cratonic blocks. This relationship
holds despite variations in komatiite type and age.
Cassidy et al. (2005) inferred a relationship
between orogenic gold deposits and older crustal
terranes, again updated by Osei et al. (2021) to
show a more complex relationship although still
located along edges of older crust. There is also a
global antithetic relationship between KANS and
VHMS deposits (Groves and Batt 1984; Cassidy
et al. 2005). Huston et al. (2005, 2014) and Osei
et al. (2021) showed that VHMS deposits in the
Yilgarn Craton are associated with regions with
isotopically primitive crust (Nd model ages close
to magmatic ages, i.e. with young residence (TRes)
ages). The latter are age-independent, and readily
identify young (juvenile) versus older crustal
domains. In regions where felsic magmatic ages
have small ranges, TRes maps are very similar to
T2DM maps. Either works well and TRes maps
of the Yilgarn Craton also identify juvenile
zones and their spatial association with VHMS
deposits.

Reasons for the Yilgarn isotope-deposit cor-
respondence are not well understood, particularly
the linkage of nickel and gold deposits to iso-
topically more evolved crust. In part, this reflects
uncertainty over the interpretation of the crustal
isotopic signature, i.e., is it a direct signature of
the mineral system or simply is it a proxy for

some other important feature. Subsequent work
(Huston et al. 2014; Osei et al. 2021) inferred
both, with VHMS deposits reflecting the former
and KANS deposits the latter.

Reasons for the association of gold endowment
with isotopic domains of intermediate T2DM are
more enigmatic, and several mechanisms have
been proposed (Cassidy et al. 2005; Osei et al.
2021). Blewett et al. (2010), Czarnota et al. (2010)
and McCuaig et al. (2010) argued that the Nd
model age map identified lithospheric-scale
architecture adjacent to paleocraton margins.
This is not dissimilar to models, such as those of
Goldfarb and Santosh (2014), which suggested
deep (possibly slab-related) ore-forming fluids in
the Phanerozoic gold deposits of Jiaodong Pro-
vince, China, were channeled into the upper crust
along continental-scale fault systems. Such faults
occur proximal to old craton margins, readily
identifiable by isotope systems such as Sm–Nd.
As outlined byOsei et al. (2021) these lithospheric
structures may also be controlling location of
magmas, such as sanukitoids and lamprophyres,
providing a possible link between location of gold
deposits and the magmas and magma pathways
that may have carried the gold into the crust (e.g.,
Beakhouse 2007). A recent example of this pos-
sible sanukitoid association are the recently dis-
covered Hemi gold deposit in the Pilbara Craton,
Australia (De Grey Mining Ltd 2022). This, and
associated deposits, occur closely associated with
a belt of ca. 2.945 Ga sanukitoid intrusions in the
Mallina Basin, southwest of Port Hedland, in an
isotopically more juvenile zone, that approxi-
mates the Sholl Terrane but also extends to within
the westernmost part of the neighboring older East
Pilbara Terrane (Smithies and Champion 2000;
Figs. 3, 4).

b Fig. 5 a Location of gold, and b nickel (nickel sulphide)
and volcanic hosted massive sulphide (Pb–Zn) deposits,
by size, in the Yilgarn Craton, superimposed over gridded
two-stage depleted mantle model age (T2DM) map. Image
constructed from 305 data points. Data and data sources
as reported in Champion (2013), from which the figure
was modified. Grid colours in areas with no samples are
purely based on interpolation and may have no

relationship to the underlying crust. Mineral deposit
locations are from Geoscience Australia (2022). Yilgarn
Craton terrane boundaries from Cassidy et al. (2006).
WAE = Western Australian Element, CAE = Central
Australian Element. Element boundaries as in Huston
et al. (2012). Refer to Osei et al. (2021) for more updated
images of the same region. Modified after Champion and
Huston (2016)
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6.1.1 Isotopic Domains and Komatiite-
Associated Nickel Deposits:
Control By Lithospheric
Architecture?

The distribution of KANS deposits in Yilgarn
crustal domains has been assessed by many
authors. Barnes and Fiorentini (2010a, b, 2012)
found that in the Yilgarn, nickel endowment in
the Yilgarn was concentrated in the Kalgoorlie
Terrane, suggesting that this concentration resul-
ted from factors that enabled high and prolonged
fluxes of komatiitic magmas into the Kalgoorlie
Terrane, following the craton-margin model of
Begg et al. (2010; Fig. 6). This model suggests
that komatiitic melts from upwelling mantle
plumes were channeled away from regions of
thicker lithosphere to areas of thinner lithosphere
with accompanying decompression melting. The
Yilgarn Nd isotopic map (Champion and Cassidy
2007, 2008; Mole et al. 2013; Osei et al. 2021) is
consistent with this model with as it clearly
identifies a break between two lithospheric blocks
that represents an old continental margin (Begg
et al. 2010) and/or marginal basin (Krapez et al.
2000). Mole et al. (2014) used Lu–Hf data from
inherited zircons, along with their U–Pb ages, to
show that similar architecture may have also
controlled older komatiitic magmatic events and
associated KANS deposits.

Crustal isotopic maps define lithospheric
architecture. Begg et al. (2010) summarized
several mechanisms whereby lithospheric archi-
tecture, particularly thinner lithosphere along
craton margins, would be more favorable for
KANS and related deposits. These mechanisms
include the preferred flow of mantle plumes and
accompanying partial melts into such regions,
and passage of such melts into the crust along
large-scale fault systems. Isotopic systems iden-
tify favorable regions at a craton- to district-
scale, whereas other factors, such as the avail-
ability of sulfur, control mineralization at the
district-scale (Fiorentini et al. 2012).

Samarium–Nd isotopic maps (e.g., Fig. 5)
clearly identify old continental margins, and can
be used in exploration targeting as proxies to
recognize such architecture. For example, the Nd
isotopic map of the Pilbara (Fig. 4) identifies old
cratonic margins, and identification of old mar-
gins is important for a number of other mineral
systems.

There are other possible explanations for the
correlation between the Nd isotopic data and
nickel mineralization. McCuaig et al. (2010) and
Fiorentini et al. (2012) highlighted other proxies,
such as the location of felsic volcanic rocks and
VHMS deposits, to identify extensional zones,
which, like old continental margins, are another

Fig. 6 The generalised model of Begg et al. (2010)
illustrates preferential flow of impinging mantle plume
towards, and subsequent localisation of nickel sulfide
deposits within, thinner lithosphere along the margins of

thick (> 150 km) lithospheric blocks, e.g. with interven-
ing marginal basin (a) or along an old paleo-margin (b).
Either model may be applicable for the Yilgarn Craton
(Fig. 5). Modified after Begg et al. (2010)
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active pathway for komatiite lava. This is con-
sistent with Osei et al. (2021) who demonstrate
that Ni–Cu–PGE mineralization is located along
the margins of older crust. Juvenile isotopic
zones also allow recognition of major exten-
sional zones that are evident within the Yilgarn
Craton, especially in the Eastern Goldfields
Superterrane. These juvenile isotopic zones are
bordered by more isotopically evolved zones,
and it could be inferred that KANS mineral
systems are closely spatially associated with
second order extensional zones. It is probable
that both mechanisms were operative in the
Yilgarn Craton, albeit at different scales.

6.1.2 Isotopic Domains and Volcanic-
Hosted Massive Sulfide
Deposits

Huston et al. (2005, 2014), and subsequently Osei
et al. (2021), showed an empirical relationship
between the distribution of VHMS deposits in the
Yilgarn Craton and more juvenile crust, as iden-
tified by younger T2DM (Fig. 7). Huston et al.

(2014) also showed a similar relationship with Pb
isotopes in galena. They used the close corre-
spondence between the Nd isotopes in the gran-
ites and Pb isotope signatures in ore minerals to
suggest that the juvenile Nd signature reflected a
critical aspect of the VHMS mineral system.
More, importantly, they suggested this signature
could be used predictively for VHMS deposits in
exploration targeting. Huston et al. (2014)
investigated this further and demonstrated a
strong relationship between endowment and iso-
topic signature, at least for Archean (and, possi-
bly, Proterozoic) VHMS provinces around the
world. The association of VHMS deposits with
juvenile isotopic zones strongly suggests a link
between juvenile crustal growth and VHMS
mineralization. Neodymium and Pb data in highly
endowed domains indicate limited interaction
with pre-existing crust. Huston et al. (2014)
argued that isotope data indicate a favorable set-
ting for VHMS deposits in extensional zones that
are characterized by high-temperature juvenile
magmas and extensive structuring.

Fig. 7 Plot of Cu, Zn, Pb and
combined Cu–Pb–Zn metal
endowment (in tonnes per
km2) for volcanic-hosted
massive sulfide deposits in
Archean cratonic blocks in
Canada and Australia,
highlighting the much greater
endowment in blocks with a
juvenile isotopic signature
(Whundo, Teutonic, Cue and
Abitib-Wawa). Endowment
figures from Table 3 of
Huston et al. (2014), which
were updated from Franklin
et al. (2005). Modified after
Champion and Huston (2016)
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6.2 Iron Oxide–Copper–Gold
Deposits and Isotopic
Gradients: Mapping Old
Continental Margins?

Skirrow (2013) showed that many iron-oxide
copper–gold (IOCG) provinces are associated
with isotopic gradients (Fig. 8), a relationship
observed at continental and regional scales.
These gradients may record an earlier accre-
tionary continental margin. The isotopic charac-
teristics become increasingly juvenile toward the
continental margin, as seen in continental mar-
gins such as in the southwestern USA (Bennett
and DePaolo 1987) and the Tasman Orogen of
eastern Australia (Kemp et al. 2007; Champion
et al. 2010). An accretionary margin has been
inferred for the IOCG provinces (Skirrow 2013).
These include at 1.85 Ga and possibly ca

1.95 Ga for the Mount Isa region (Korsch et al.
2011; McDonald et al. 1997; Gregory et al.
2008), ages of ca. 1880–1650 Ma for the
southern Arunta region (Zhao and McCulloch
1995; Scrimgeour et al. 2005), and 1.85 Ga and
possibly 2.5 Ga for the Gawler Craton at (Swain
et al. 2005; Payne et al. 2009; Korsch et al.
2011;). As noted by Champion and Huston
(2016), the isotopic data for the southern part of
the Northern Territory becomes increasingly
primitive southward, consistent with a relatively
long-lived or episodic accretionary margin
(Fig. 9).

The association with old margins has been
inferred by others (e.g., Skirrow 2010), based on
seismic reflection data for the Olympic
Dam IOCG deposit. Groves et al. (2010) inter-
preted that large IOCG deposits were located in
intracratonic settings but close to lithospheric

Fig. 8 Plot of iron oxide copper gold (IOCG) provinces
overlain over gridded two-stage depleted mantle model
age (T2DM) map of Australia (Champion 2013). Updated
from Skirrow (2013). As noted by Skirrow (2013), there

is a good correlation between these mineral provinces and
apparent gradients (breaks) in the regional T2DM

map. Refer to Champion (2013) for Sm–Nd data sources.
Element nomenclature follows Huston et al. (2012)
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boundaries indicated by regional isotopic pat-
terns. Groves et al. (2010) also suggested that
larger IOCGs formed shortly after (within 100–
200 Myr) supercontinent formation, indicating
that age data can assist in identifying potential
IOCG provinces. This relationship, however, in
part reflects classification of IOCG deposits.
Inferred IOCG deposits at Tennant Creek,
Northern Territory, for example, which Groves
et al. (2010) interpreted as high grade Au (+Cu)
deposits, not true IOCGs, were generated during
formation of the Nuna supercontinent (Huston
et al. 2012).

Given the association of IOCG deposits with
craton margins/sutures, Groves et al. (2010)
postulated that subduction-related metasomatism
of lithospheric mantle may have been an impor-
tant element in the IOCG mineral system. Partial
melts from the mantle lithosphere transported
copper, gold and volatiles into the crust, although
local country rocks may have supplied uranium
(Skirrow et al. 2007). These lithospheric melts
would have been oxidized (e.g., Rowe et al.
2009) with enhanced capacity to carry copper
and gold (e.g., Jégo et al. 2010; Loucks 2014).

The presence of igneous rocks derived from
metasomatized lithosphere combined with
regions of pronounced gradients in isotopic maps
may highlight zones with IOCG mineral poten-
tial. Melts from metasomatized lithosphere
would not necessarily have juvenile isotopic
signatures as the timing of metasomatism and the
presence of sediments in the subduction com-
ponent responsible for metasomatism may pro-
duce evolved isotopic signatures.

For example, Tasmanian Jurassic dolerites in
Tasmania have evolved signatures (eNd * −6)
even though these rocks were interpreted as
being derived from subduction-related metaso-
matized mantle lithosphere (Hergt et al. 1989).
More recently, Lu et al. (2013) have highlighted
isotopically evolved mafic magmas associated
with porphyry Cu mineralization in the Western
Yangtze Craton, China, which they suggested
were derived from ancient metasomatized litho-
spheric mantle.

Johnson and McCulloch (1995) and Skirrow
et al. (2007) suggested, based on correlations
between Sm–Nd isotope signatures and Cu con-
tents, that juvenile mantle melts sourced copper

Fig. 9 Two-stage depleted mantle model (T2DM) ages
versus latitude for felsic igneous rocks of the Northern
Territory (modified after Champion and Huston 2016).
Note the general decrease in minimum and max T2DM

with decreasing latitude, highlighted by gray area and
black arrow. This is particularly evident south of latitude
20 degrees. Figure modified from Champion (2013); refer
to that reference for Sm–Nd data and data sources
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at the giant Olympic Dam deposit, although no
compelling evidence exists that these are litho-
sphere melts. Arndt (2013) points out that large
volumes of melt are unlikely to be generated
from such sources. This does not, however,
change the apparent relationship between Nd
(and Pb) isotopic signatures and IOCG belts as
pointed out by Skirrow (2013; Fig. 8).

Isotopic data can also be visualized with maps
of crustal residence (TRes). This approach can be
applied to the Gawler Craton where widespread
granites have similar or slightly older ages (ca.
1860–1570 Ma) than the accepted age of IOCG
mineralization (ca. 1600–1570 Ma; Skirrow et al.
2007). Hence, the crustal residence map (Fig. 10)
provides an image of the characteristics of
Gawler crust during IOCG mineralization. Fig-
ure 10 shows that isotopic data support the
presence of continental margins on both sides of
the Gawler Craton. This relationship is consistent
with geological relationships indicative of a
convergent margin setting on the southwestern
part of the Gawler Craton at ca. 1630–1610 Ma
and ca. 1700 Ma (Swain et al. 2008; Ferris and
Schwartz 2004; Payne et al. 2010). This raises
the question of why IOCG mineralization is
localized on the eastern and northeastern margins
of the Gawler Craton and not elsewhere in the
craton, and suggests additional controls on the

location of mineralization. For example, miner-
alization may in part reflect focusing of mantle-
derived melts into zones with thinner lithosphere.
Skirrow (2010) suggested a model for the
Olympic Dam Province in which delamination
resulted in mafic and ultramafic magmatism that
was focused into, the delaminated region, which
was ultimately responsible for mineralization.
There is perhaps evidence for such a mantle-
derived magmatic flux in the Sm–Nd isotopic
data, best seen through specific time slice iso-
topic plots.

6.2.1 Refining Iron Oxide–Copper-Gold
Search Space—Isotopic
Time Slice Diagrams

Time slice Nd model age maps effectively pro-
vide an isotopic snap shot of the crust at the time
of any specific geological event, such as IOCG
mineralization. Such plots can be simply con-
structed. For example, for 1800 Ma the model
age is simply calculated as follows:

T2DMð1800 MaÞ ¼ T2DM � 1800; for all

T2DM [ 1800 Ma ð5Þ

In provinces with a limited age range for mag-
matism, this will produce similar images to TRes

maps. In provinces with a large range of

Fig. 10 Crustal residence
age map for the Gawler
Craton, based on TRes of ca.
2000–1550 Ma granites from
that craton. Outlines of
Gawler and Curnamona
Cratons and the geological
domains of the Gawler Craton
are from Ferris et al. (2002).
Refer to Champion (2013) for
relevant data and data
sources. Modified after
Champion and Huston (2016)
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Fig. 11 Model age time slice
figures (A: at 2500 Ma; B: at
1800 Ma; C: at 1550 Ma) for
the Gawler and Curnamona
Cratons of the South
Australian Element, Australia.
The Olympic IOCG field
(named after the Olympic
Dam IOCG deposit; from
Skirrow 2013) is denoted by
orange dashed line in A and
C. Note the persistent more
juvenile isotopic embayment
located around the Olympic
Dam IOCG deposit (near the
word ‘Olympic’ on a, b and
c). Refer to Champion (2013)
for Sm–Nd data and data
sources. Modified after
Champion and Huston (2016)
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magmatic ages, maps for pseudo-time slices
based on Nd model ages can be produced
(Fig. 11).

The Gawler Craton is particularly amenable to
this approach as felsic magmatism spanned over
1500 Myr (Reid and Hand 2012). Figure 11
illustrates 2500, 1800 and 1550 Ma time slices,
corresponding to the Archean, intermediate
(pre-mineralization) and immediate post-
mineralization craton structure. The Olympic
Dam IOCG province straddles the margin of the
2500 Ma and older crust, and in the younger time
slices, the isotopic data are zoned along this
margin, with an old crustal block in the south and
the juvenile embayment in the north. This
embayment coincides with the Olympic Dam
deposit (Fig. 11c). Although this zone could
represent a long-lived juvenile feature that dates
back to the Archean, it is more likely that it
reflects juvenile post-Archean crustal growth
close to the time of mineralization (Skirrow et al.
2007), consistent with a juvenile source of cop-
per (Johnson and McCulloch 1995).

Further evidence for contemporaneous mantle
input lies in the felsic rocks of the Hiltaba Suite
magmatism (ca. 1595–1570 Ma) which become
increasingly more A-type toward the deposit
(Budd 2006), consistent with a greater mantle
input, towards the deposit (Budd 2006). Metal
could be derived from contemporaneous
mafic/ultramafic magmatism through magmatic-
hydrothermal processes or leached from such
pre-existing rocks (Campbell et al. 1998). Both
processes are consistent with the model of
Groves et al. (2010) if the mafic/ultramafic
magmatism was derived by partial melting of
the lithosphere and at least partly consistent with
the Begg et al. (2010) model, in which mafic–
ultramafic magmatism was focused into the
region around Olympic Dam along a crustal
break. The 1550 Ma time slice (Fig. 11c)
approximates crustal features during Hiltaba
magmatism, and IOCG formation. More impor-
tantly, the location of a more juvenile isotopic
zone along the isotopically defined paleo-
continental suture may be highlighting a more
favorable exploration target.

6.3 Predictive Analysis Based
on Radiogenic Signatures:
Granite-Related
Mineralization

Ishihara (1977, 1981) first recognized that the
redox state of granite magmas appeared to have
some control over the associated metallogenesis.
These studies were expanded to show that the
degree of chemical evolution of the granite
magma also controls metallogenesis (Blevin and
Chappell 1992; Blevin et al. 1996; Thompson
et al. 1999; Lang et al. 2000; Blevin 2004;

Fig. 12 a Rb/Sr ratio versus Fe2O3/FeO ratio plot
modified after Blevin et al. (1996). The plot illustrates
the relationship between the degree of oxidation and
compositional evolution of the magma (based on whole-
rock compositions) and the dominant commodities in
related mineralisation. Intrusion related gold deposit
(IRGD) field from Blevin (2004). b Plot of oxygen
fugacity versus total Fe concentration in the magma, also
showing tectonic setting. Plot modified after Thompson
et al. (1999) and Lang et al. (2000)
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Fig. 12). Thompson et al. (1999) showed that
rare metal (Sn, Mo and W) deposits are associ-
ated with continental material in backarc or
post/non-arc extensional environments, whereas

copper ± gold deposits are related to more
primitive crust arcs, consistent with the oxidized
nature of arc rocks (Parkinson and Arculus
1999). More recently, Richards (2011) and

Fig. 13 Location of Cu–Au deposits superimposed on
the gridded Nd residence age map for the Tasman
Element and surrounding regions (South (SAE) and North
(NAE) Australian elements). Copper–gold deposits (from
Geoscience Australia’s Australian Mines Atlas, down-
loadable via their portal https://portal.ga.gov.au/persona/
minesatlas) are shown as blue circles. Also shown are the
Delamerian, Lachlan, Thomson and Mossman orogens of
the Tasman Element. There is a good correlation between
many copper–gold deposits and zones with young

residence ages, notably in the central Lachlan Orogen
and the central New England Orogen. Copper–gold
deposits outside of these two zones are almost exclusively
not magmatic-related. Location of Nd samples used to
create the grid are shown as black circles. Data and data
sources are given in Champion (2013), after which the
figure is modified. Boundaries of Delamerian, Lachlan,
Thomson, Mossman and New England (NEO) orogens
modified from Stewart et al. (2013)

Applications of Neodymium Isotopes to Ore Deposits and Metallogenic … 143

https://portal.ga.gov.au/persona/minesatlas
https://portal.ga.gov.au/persona/minesatlas


Loucks (2014) have suggested the important
additional role of water in arc-related magmas for
copper mineralization.

These relationships suggest that Sm–Nd (and
other) isotopic data can delineate prospective
zones for porphyry copper and copper–gold
deposits, by identifying regions with more juve-
nile isotopic signatures. In the Macquarie Arc in
New South Wales, Australia, latest Ordovician–
earliest Silurian porphyry copper–gold deposits
are associated with isotopically juvenile mag-
matism (Cooke et al. 2007; Fig. 13). This
domain is well-mapped by regional- and
national-scale T2DM and TRes images (Fig. 13),
despite the limited number of data points in the
data set. The TRes map also highlight isotopically
juvenile areas in the northern New England
Orogen, which hosts known copper–gold
deposits such as the historically important Mount
Morgan deposit in central Queensland. Mount
Morgan is associated with rocks interpreted to be
related to either a primitive continental arc
(Morand 1993) or island arc (Murray and Blake
2005). Although magmatic rocks associated with
these copper–gold deposits are isotopically
primitive, they are much better discriminated
using TRes than T2DM images. The former image
better identifies potentially mineralized units, as
they are focusing on zones with magmatic ages
very close to model ages. Regardless, it is evi-
dent that both isotopic maps (T2DM and TRes) are
indicating juvenile zones amenable to porphyry
and related deposits, even where the numbers of
analyzed samples is low. These regions are also
identifiable in other isotopic figures, such as eNd
versus time (see Champion 2013).

Recently, Wu et al. (2021) demonstrated
similar relationships between Nd isotopic signa-
tures and maps and the many porphyry Cu–Au
and Cu–Mo deposits in the Central Asian Oro-
genic Belt (CAOB). Using an extensive Sm–Nd
isotopic dataset, they were able to map locations
and extents of cratons, as well as microcontinents
and juvenile crustal blocks. Wu et al. (2021)
were able to show that the porphyry deposits

were largely spatially located within isotopically
juvenile crust, marginal to cratons or microcon-
tinents, similar to that documented for eastern
Australia. Further, consistent with Thompson
et al. (1999; Fig. 12), Wu et al. (2021) showed
that porphyry Cu–Mo deposits were generally
found within isotopically less juvenile crust than
the porphyry Cu–Au deposits. Wu et al. (2021)
took their analysis further, and, after estimating
crustal thickness for each deposit (based on Sr/Y
and La/Yb ratios of the host granites), were able
to define a negative linear correlation between
eNd and crustal thickness for the porphyry
deposits. In this scheme, porphyry Cu–Au
deposits were associated with thinner, more iso-
topically juvenile crust, in contrast to porphyry
Cu–Mo deposits that were associated with
thicker more isotopically evolved crust. Loucks
(2014), in his review of Phanerozoic porphyry
mineralization, demonstrated similar results,
showing that Cu–Au porphyries were character-
ized by generally lower Sr/Y ratios than Au-poor
Cu porphyries. These results are also consistent
with the general observations of Thompson et al.
(1999). The isotopic data for the CAOB, and
eastern Australia show that exploration search
space for regions with potential for porphyry Cu
and Cu–Au deposits can be effectively narrowed
to regions with juvenile isotopic characteristics.

The usual caveats, of course, apply. Neody-
mium and other isotopic data identify potentially
juvenile terranes, but do not convey any infor-
mation on additional important factors, such as
depth of current crustal exposure, the degree of
preservation of the porphyry and related deposits,
the rate of uplift, the degree of metamorphism
and other factors. Porphyry copper–gold deposits
are also common in more mature continental arcs
although the delineation of these on the basis of
their isotopic signature is more problematical.
Further, as shown by Lu et al. (2013), porphyry
Cu-related magmas, even along suture zones,
need not have juvenile isotopic signatures,
especially if ancient metasomatized lithosphere is
involved in the genesis of such magmas.
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6.4 Isotopic Mapping
and Accretionary Tectonic
Settings

Isotopic maps can be integrated with other fea-
tures that characterize mineral systems, including
tectonic settings. An example is identification of
accretionary orogens that commonly host specific
mineral systems such as those that form porphyry
copper and associated deposits (Hronsky et al.
2012). Accretionary margins commonly are
characterized by increasingly juvenile isotopic
signatures outward and with time as the margin
evolves. This gradient can be useful for regional
exploration targeting as seen in data for the
western United States (Farmer and DePaolo
1983; Bennett and DePaolo 1987), eastern Aus-
tralia (Kemp et al. 2009; Champion et al. 2010;
Fig. 8) and in the southern half of Northern
Territory (Fig. 9). Collins et al. (2011) suggested
that different types of orogenic systems can be
discriminated. For example, dominantly accre-
tionary (or Internal: circum-Pacific) versus
dominantly collisional (or External: southern
Europe) can be recognized on the basis of iso-
topic signatures. Although we agree with this
concept in general, Champion (2013) indicate
that the isotopic signatures for ‘Internal’ orogens
are not unique (Table 2).

Isotopic maps at various scales can be used to
characterize larger scale components that are
indicative of metallogenic provinces, for many
mineral systems. As discussed by McCuaig et al.
(2010), exploration models are predicated on the
use of many geological, geochemical and geo-
physical datasets over a range of scales. Isotopic
maps, including those based on Sm–Nd data are
one of many layers to be integrated with other
data sets. One example of such integration is the
use of isotopic data in conjunction with crustal
boundaries interpreted from geophysical data
(e.g., Korsch and Doublier 2016).

7 Future Developments and In-Situ
Analysis of Radiogenic Isotopes

The recent development of in-situ methods of
analysis of radiogenic isotopes have led to a
number of innovative approaches applicable to
mineral system studies. These include in-situ
Sm–Nd analysis of accessory minerals, such as
apatite and other REE-rich accessory phases
(Fisher et al. 2017, 2020; Hammerli and Kemp
2021), which enables assessment of inherited
components within grains and allows charac-
terization of temporal changes in the isotopic
characteristics of these inherited components,

Table 2 Secular variations in T2DM and eNd in felsic magmatism and possible interpretations

Type Variations with
decreasing age

Interpretation Examples

1 T2DM

approximately
constant (especially
maximum values)
eNd decreasing

Largely reworking of pre-existing crust
Any juvenile input is cryptic

South-western United States (Bennett
and DePaolo 1987); East Pilbara
Terrane, Western Australia (Champion
2013)

2 T2DM decreasing
eNd * constant

Involvement of both pre-existing crust
and juvenile material (either reworking
of young crust and/or direct mantle
input).

Pine Creek-Tennant Creek-Tanami-
Aileron provinces, Northern Territory
(Champion 2013)

3 T2DM decreasing
(markedly)
eNd increasing

Significant juvenile input (often related
to long-lived accretionary orogens).
Pre-existing older crust thinned or
largely absent. May be associated with
a significant sedimentary component.

Tasman Orogen (e.g. Kemp et al
2007); Western United States (Farmer
and DePaolo 1983)

The three identified types can be regarded as end-members, with gradations between all three. Note that a range of
isotopic signatures (e.g. eNd and T2DM) are indicators for multiple age sources and/or components
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particularly where independent age data are
available from U–Pb analyses (Fisher et al.
2017). Much of this work is in its infancy and
so regional data sets are not currently available.
Good examples of what such data may even-
tually provide can be illustrated using the Lu–
Hf isotopic system which behaves comparably
to the Sm–Nd system (Vervoort and Patchett
1996; Chauvel et al. 2008). Examples of
regional isotopic maps using Lu–Hf data for
zircon investigating mineralization include Mole
et al. (2014), Wang et al. (2016) and Osei et al.
(2021).

Mole et al. (2014) determined Lu–Hf signa-
tures and U–Pb ages of inherited and xenocrystic
domains from zircons extracted from Yilgarn.
Based on these data, they produced a series of
temporal Lu–Hf snapshots (at 3050–2820 Ma,
2820–2720 Ma and 2720–2600 Ma). These
snapshots indicated the Yilgarn Craton formed
from several Archean micro-continents. These
snapshots enabled documentation of the rela-
tionship between ca. 2.9 Ga and ca. 2.7 Ga
komatiite deposits and paleo-crustal structures.
The ca. 2.7 Ga craton margin of Mole et al.
(2014) matched the one determined from Sm–Nd
whole rock data (Champion and Cassidy 2007,
2008). Mole et al. (2014), however, identified an
additional crustal block in the southwest part of
the Yilgarn.

Techniques developed by Mole et al. (2014)
are an advance on temporal images compiled
from isotope model ages alone (Fig. 11), as the
former can exclude complexities due to juvenile
input related to younger crustal growth, magma
mixing and other processes. The approach is not
without problems though, in particular, the
presence of inherited components in zircons
derived from sedimentary rocks. For such zir-
cons, the isotopic information they carry may not
represent the crust in the general area of the host
intrusive, but may have been brought in from
other provinces. This is less problematic in
Archean provinces, such as the Yilgarn and Pil-
bara cratons, as sedimentary rocks are not a large
component of the geology (Champion 2013).
This contrasts with younger terranes where sed-
imentary rocks are more abundant (e.g., eastern

Australia: Kemp et al. 2009), particularly when
transport distances of detrital zircons are con-
sidered (Sircombe 1999). The possible influence
of sedimentary components, however, is also
problematic for whole rock Nd maps (Champion,
2013).

The approach of Mole et al. (2014) provides a
good example of what may also be achievable
with in-situ microanalysis of accessory minerals
for Sm–Nd. More importantly, as outlined by
Fisher et al. (2017) and Hammerli and Kemp
(2021), the combined use of in-situ Lu–Hf, Sm–

Nd analysis and other isotopic systems offers a
powerful way forward in deciphering isotopic
signatures of components within granitic and
other rocks, and, hence, making more robust
isotopic maps. A number of studies (Mole et al.
2013, 2014; Osei et al. 2021) have already made
use of in-situ Lu–Hf analysis combined with
whole rock Sm–Nd data. On this note, given the
comparable behavior and model age calculations
for both Sm–Nd and Lu–Hf, there is no reason
why hybrid maps using both systems comined
cannot be produced (e.g., Fraser et al. 2020).

8 Links with Complementary
Isotopic Systems and Geophysical
Data Sets

Radiogenic isotopic studies have significant
potential for understanding and constraining
mineralization, not just as metal source tracers,
but also, as demonstrated here, indicators of
favorable geological setting, lithospheric archi-
tecture, and geodynamic environment. This
contribution concentrated largely on isotopic
maps based on Sm–Nd data from felsic mag-
matic rocks. Clearly, more can be done. Obvious
first steps are to better link and integrate different
isotopic systems. The U–Th–Pb system, using
isotopes from ore minerals (Huston et al. 2020),
provides one example. Champion and Huston
(2016) discussed aspects of linking these two
systems and showed that often, though not uni-
versally, the two systems convey similar infor-
mation: regions with old or young Nd model
ages correlate with regions of high or low l
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(238U/204Pb), respectively. A good example of
this Nd–Pb correlation is provided by Huston
et al. (2014) for VHMS deposits in the Yilgarn
Craton. The link between regional Nd isotopic
data from granitic rocks and regional Pb isotopic
data from mineralization is perhaps not surpris-
ing for granite-related mineralization, but is
unexpected for non-magmatic mineral systems,
for example shale-hosted Zn–Pb deposits. This
linkage between the isotopic systems needs to be
investigated in a more robust manner. In partic-
ular, there should also be investigation of regions
where regional patterns from one system, e.g.,
U–Th–Pb in mineralized samples, differ from
those from Sm–Nd (or Lu–Hf) in granites, as is
evident, for example, in parts of the Pilbara
Craton (see Champion and Huston 2016).

Further work can also extend the isotopic
mapping approach here to other isotopic systems
and sample media. As mineral systems com-
monly involve the entire lithosphere as well as
the upper asthenosphere (Huston et al. 2016), the
entire lithosphere, including the mantle compo-
nent, should be mapped as shown by Begg et al.
(2009) for Africa. Therefore, future isotope
mapping should focus on characterizing the
entire lithosphere at a range of scales, applying
multiple isotopic systems to different rock types
and minerals, and integrating the results with
geological, geochemical and geophysical data.

Major recent advances have been made on
geophysical mapping of the lithosphere, using
data sets including passive/active seismic, mag-
netotellurics and other methods. Such geophysi-
cal data sets are available at many scales,
including the global-scale for some datasets
(Kennett and Salmon 2012; Kennett et al. 2013;
Priestley and McKenzie 2013; Hoggard et al.
2020). In contrast to isotopic data sets, geo-
physical data are commonly collected in sys-
tematic grids. Significant additional interpretative
power could be achieved in combining the two
data types. This benefit works in both directions
as geophysical data are a measure of the present-
day situation and do not provide time resolution.
Isotopic data, where integrated, will help to
provide this temporal framework. As demon-
strated by Begg et al. (2009), full use of

geophysical data depends on integration with
other data sets, including geochronological,
geochemical and petrological data, including
isotopic and data (O’Reilly and Griffin 2006;
Griffin et al. 2013).

One isotopic system that has not seen sys-
tematic use in isotopic mapping is the Re–Os
system. This system potentially can provide better
constraints on growth and nature of the litho-
spheric mantle than isotopic systems such as Sm–

Nd, Lu–Hf and U–Th–Pb (Shirey and Walker
1998; Carlson 2005). This potential is important
as it provides a link between the lithospheric
mantle and the crust which is more effectively
characterized by the Sm–Nd and U–Th–Pb sys-
tems. Gregory et al. (2008), for example, linked
copper mineralization at Mount Isa (Queensland,
Australia) to metasomatized lithospheric mantle
lithosphere possibly produced during subduction
associated with a paleo-margin similar to that
imaged by the Sm–Nd data. Model ages (includ-
ing both mantle model ages and model depletion
ages; TRD) for mantle lithosphere extraction using
the Re–Os system can be determined on litho-
spheric mantle samples (mantle nodules and the
like: Pearson et al. 1995; O’Reilly and Griffin
2006). As the availability of these samples is
limited, any future Re–Os mapping project must
depend on proxies such as mantle-derived mag-
mas (c.f., Gregory et al. 2008).

Mapping lithospheric mantle is important to
mineral systems that involve, at some point in
their evolution, metasomatism of the lithospheric
mantle.Metasomatized lithosphericmantlemay be
an important source of ore metals or volatiles for
many mineral styles, for example orthomagmatic
nickel-copper-platinum group elements, IOCG,
porphyry copper–gold, and thorium-REE deposits
(Zhang et al. 2008; Groves et al. 2010; Hronsky
et al. 2012; Griffin et al. 2013). Zhang et al. (2008)
argued that formation of deposits related to flood
basalts involvedmantle plumes that interactedwith
metasomatized lithosphere and were emplaced
within or marginal to crustal blocks of either
Archean and/or Paleoproterozoic age. Griffin et al.
(2013) extended this interpretation to involve
reworking (melting) of (subduction-related)
metasomatized mantle lithosphere for many other
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mineral systems. The role of metasomatized man-
tle in mineral systems, however, is controversial,
and Arndt (2013) presented counter-arguments
against this involvement.

If metasomatized lithosphere is important for
mineral systems related to large igneous provinces
and subduction, then recognition of zones of
metasomatized mantle by isotopic and other data
(e.g., magnetotellurics) is valuable for area selec-
tion (e.g., Hronsky et al. 2012). Even if mantle
metasomatism is not an important process (Arndt
2013), isotopic maps still provide information on
other processes. As discussed earlier, the topogra-
phy of the lithosphere-asthenosphere boundary
may be just as important for KANS and other
orthomagmatic mineral systems (Begg et al. 2010).
Hence, although the root causes of association with
mineral systems with specific lithospheric archi-
tectures varies according to metallogenic model,
datasets and images generated from Sm–Nd and
other isotopic systems can identify this architecture
and, thereby, fertile metallogenic terranes.

9 Conclusions

Although Sm–Nd isotope data have historically
been used in metallogenic studies to stablish age
and metal source, these data, presented as
regional to continental isotope map, assist
identification of metallogenic terranes favorable
for many mineral systems. This approach is
aided by large, spatially (and in some cases
temporally) constrained data packages that are
easily downloadable (Fraser et al. 2020). This in
combination with available 2-D interpolation
software, have allowed repeatable generation of
isotopic maps, using various isotopic variables,
at regional to continental scales, allowing for
metallogenic interpretation over similarly large
regions. Interpretations of these isotopic maps is
enhanced by a mineral systems approach in
which mineral deposits are recognized as prod-
ucts of geological processes that occur over a
wide range of scales.

The use of isotopic data and maps strongly
depends on the relative geochemical behavior of
parent and daughter isotopes used and the rock

types and minerals analyzed. For the Sm–Nd
system detailed here, the largest fractionation is
seen between depleted mantle and continental
crust. This means that the Sm–Nd system can be
used to effectively ‘see’ through many crustal
processes to provide information on the source of
granitic rocks. This includes model age calcula-
tions, which, with several assumptions, approxi-
mate of the average age of the crust. For large
volume rocks like granites, the model age is an
excellent proxy that constrains the character of
crustal blocks that host the granite. This capa-
bility is enhanced by regional to continental scale
maps constructed with Sm–Nd data for these
granitic rocks. These maps can be used to iden-
tify larger-scale portions of mineral systems
indicative of metallogenic tracts, for many min-
eral systems. Examples of uses include:

• demonstration of associations if specific
mineral systems and characteristic isotopic
domains;

• recognition of old and/or thick cratonic
blocks;

• identification of tectonic regimes favorable for
mineralization;

• mapping of isotopically juvenile zones
indicative of zones of rifts or primitive arcs;

• identification of crustal breaks and possible
sutures that localize mineral systems for var-
ious reasons; and

• producing baseline maps that assist in identi-
fying regions/periods characterized by mag-
matic, especially mantle, input.

As exploration models currently are built with
many different types of geological, geochemical
and geophysical data over many scales, isotopic
maps are just another layer for integration. Future
work should focus on the spatial and temporal
evolution of the entire lithosphere, including the
lithospheric mantle, to assist in more effective
mineral exploration. This must involve integra-
tion of radiogenic isotope data with other data,
particularly geophysical data, which has the
advantage of being able to directly image the
lithosphere and being of a more continuous nat-
ure that often decidedly lumpy isotopic data sets.
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Applications of Lead Isotopes to Ore
Geology, Metallogenesis
and Exploration

David L. Huston and David C. Champion

Abstract

Although lead isotopes are most commonly
used to date geological events, including
mineralizing events, they also can provide
information on many aspects of metallogeny
and can be directly used in mineral explo-
ration. Lead isotope data are generally
reported as ratios of radiogenic isotopes
normalized to the non-radiogenic isotope
204Pb (e.g. 206Pb/204Pb, 207Pb/204Pb and
208Pb/204Pb). These ratios can be used in
exploration to characterize the style of miner-
alization, metal (i.e. Pb) source and as vectors
to ore. When combined with lead isotope
evolution models, the data can be used to
indicate the age and tectonic environment of
mineralization. The raw ratios and evolution
models enable calculation of derived param-
eters such as l (238U/204Pb), j (232Th/238U)
and x (232Th/204Pb), which provide more
information about tectonic setting and can be
contoured to identify crustal boundaries and
metallogenic provinces. In some cases, tec-
tonic boundaries, mapped using gradients in l
and other derived parameters, are fundamental
controls on the distribution of certain deposit

types in space and time. Moreover, crustal
character, as determined by lead and other
radiogenic isotopes (e.g. Nd) can be an
indicator of province fertility for many deposit
types. The development of cost effective
analytical techniques and the assembly of
large geo-located datasets for lead and other
isotope data has enabled significant advances
in understanding the genesis and localization
of many deposit type, particularly when the
isotopic data are integrated with other inde-
pendent datasets such as potential field, mag-
netotelluric, passive seismic and geochemical
data.

1 Introduction

Radiogenic isotopes have had an important use in
the geological sciences as chronometers, pro-
viding constraints on the ages of rocks and
geological events, including mineralizing events
(see also Chelle-Michou and Schaltegger 2023;
Chiaradia 2023). Another important, though less
widespread, use of radiogenic isotopes is as a
tracer of geological processes, including miner-
alizing processes. The use of radiogenic isotopes
as tracers takes advantage not only of radioactive
decay between parent and daughter isotopes, but
also geochemical partitioning between the parent
and daughter elements: the isotopic evolution of
a given volume of rock is not only governed by
radiogenic decay, but also by geochemical
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processes within the rock volume and between it
and other rock volumes. In this chapter we
review how spatial and temporal patterns in lead
isotope data have been used in metallogenic and
tectonic studies. Similar reviews for the Sm–Nd
and Lu–Hf isotopic systems are provided in other
chapters of this volume (Champion and Huston
(2023) for Sm–Nd, Waltenberg (2023) for Lu–
Hf). These three reviews illustrate that large scale
variations in the spatial and temporal character-
istics of radiogenic isotopes can be used to
identify tectonic and metallogenic processes at
the global to province scale—information
important for regional target area selection in
exploration. At the smaller scale, isotopic sig-
natures and patterns may be used more directly
for local target definition.

2 The Uranium–Thorium-Lead
Isotopic and Geochemical System

The lead isotope composition of a particular
mineral, rock or geological reservoir is the sum of
the isotopic composition of lead present in the
geological entity (mineral, rock or reservoir)
when it formed and the isotopic composition of
lead formed subsequently by radioactive decay of
uranium and thorium within the entity. 238U
decays through a complex reaction chain to 206Pb;
similarly 235U decays to 207Pb and 232Th decays
to 208Pb. The decay constants for the chains are
0.155125 � 10–9 yr−1, 0.98485 � 10–9 yr−1,
and 0.049475 � 10–9 yr−1, which correspond to
half-lives of 4.468 Gyr, 0.704 Gyr and
14.05 Gyr, respectively (LeRoux and Glendenin
1963; Jaffey et al. 1971).

For the Earth as a whole, the isotopic com-
position at formation is generally taken as that of
Canyon Diablo meteorite (Tatsumoto et al. 1973)
at 4.54 Ga, with radioactive lead growth depen-
dent on time, the decay constants of 238U, 235U
and 232Th, and chondritic abundances of ura-
nium, thorium and lead at 4.54 Ga. The relative
abundances of uranium, thorium and lead can be
expressed as 238U/204Pb (l), 232Th/238U (j) and
232Th/204Pb (x). Ancient values of these ratios
can be calculated using measured lead isotope

ratios from lead isotope evolution models.
Although uranium, thorium and lead are all
concentrated in the crust relative to the mantle
(Wedepohl and Hartmann 1994; Palme and
O’Neill 2003), the relative fractionation of these
elements differs (Fig. 1), implying that the iso-
topic evolution of a reservoir is dependent upon
the geochemical processes through which the
reservoir formed. Figure 2a shows the effect on
lead isotopic growth of a hypothetical geo-
chemical differentiation event in which an iso-
topically homogeneous reservoir produced two
separate reservoirs. As shown in the figure, the
isotopic characteristics of the two reservoirs
diverge, with the reservoir with higher l pro-
ducing ever higher 206Pb/204Pb and 207Pb/204Pb
ratios over time relative to the second lower l
reservoir. The concentrations of lead isotopes
that grow radiogenically (i.e. 206Pb, 207Pb and
208Pb) are generally normalized to the concen-
tration of 204Pb, which does not grow radio-
genically, to allow comparison.

The above scenario reflects crust formation.
Because uranium partitions more strongly into
the crust than lead (Fig. 1), the upper trajectory
in Fig. 2a, which is associated with higher l,
reflects the crustal reservoir, whereas the lower
trajectory reflects the residual mantle reservoir.
The scenario suggests that an important control
of lead isotope evolution is crust formation, a
process that, on modern Earth, occurs mostly
along plate margins. As U/Pb, Th/Pb and Th/U
also vary within the crust (Fig. 1), lead isotopic
ratios not only reflect crust formation, but also
geochemical processes that occur within the
crust.

3 Lead Isotope Evolution Models,
Model Ages, and l, j and x
Values

Once an isotopic reservoir has been identified,
growth of lead within the reservoir can be mod-
elled using lead isotope evolution models. These
mathematical models simulate radiogenic isotope
growth within the closed reservoir as a function
of geological time. Holmes (1946) and
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Houtermans (1946) independently proposed a
model whereby the lead isotope characteristics of
galena (and other Pb-rich and U-poor minerals)
reflects lead growth in a reservoir until time t, at
which time the lead was extracted from the
reservoir and was crystalized into galena.
Because the galena contains virtually no uranium
the uranogenic isotopic ratios are frozen in and
closely reflect “initial” ratios at the time of
crystallization. Using the measured ratios of the
galena and the isotopic ratio of the reservoir
when it formed, a two-point isochron can be
determined and the time since formation of the
reservoir can be estimated. Holmes (1946) and
Houtermans (1946) treated the Earth (or solar
nebula) as this reservoir and the age of the Earth
as time when the reservoir formed. Hence, the
age t, as determined from the isochron is the age
since formation of the reservoir, in this case
the age of the Earth. Subsequently it has been
shown that the Holmes-Houtermans model pro-
duces erroneous ages, and other models for
reservoir lead evolution have been developed to
allow estimation of ages from galena isotopic
ratios.

These models are quite varied and make dif-
ferent assumptions. In “single-stage” models the
reservoir evolution is modelled using initial lead
isotopic ratios, and initial l, j and x values. The
isotopic evolution as a function of time is then
calculated simply using these initial values and
the decay constants. A single-stage model was
used in Fig. 2a until the point at which chemical
differentiation occurred. Most single-stage mod-
els are geologically unreasonable except at the
broadest scale as they do not consider later
geological/geochemical events during which
uranium and thorium are fractionated relative to
lead.

Maltese and Mezger (2020) recently proposed
a more geologically reasonable single stage
model for the evolution of bulk silicate Earth (i.e.
the crust and mantle). This model was developed
to resolve the so-called “future lead paradox”
(Sinha and Tilton 1973) in which major crust and
mantle lead reservoirs are more radiogenic that
expected assuming lead growth from a chron-
dritic initial reservoir. It infers that a relatively
small chondritic impactor, Theia, collided with a
volatile-rich proto-Earth at ca 4.50 Ga

Fig. 1 Variations in the
concentrations of uranium,
thorium and lead and in U/Pb,
Th/U and Th/Pb ratios
between major terrestrial
reservoirs (element
concentrations for the major
reservoirs are from
McDonough 2003; Palme and
O’Neill 2003; Rudnick and
Gao 2003). The abscissa on
the main diagram indicates
the depth range that the
various reservoirs occupy
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Fig. 2 Diagrams showing
lead isotope evolution
models. a 206Pb/204Pb versus
207Pb/204Pb diagram showing
the changes in lead isotope
composition in a hypothetical
two stage lead evolution
model. The model assumes
lead growth in an isotopically
homogeneous Earth until
3.5 Ga at which time a (crust-
forming) event produces two
reservoirs that evolve
separately. 206Pb/204Pb versus
207Pb/204Pb (b) and
206Pb/204Pb versus
208Pb/204Pb (c) diagrams
showing evolution of
uranogenic and thorogenic
lead in major terrestrial
reservoirs according to the
plumbotectonic model of
Zartman and Doe (1981).
Parts (a) and (b) are
reproduced with permission
from Zartman and Doe
(1981); Copyright 1981
Elsevier
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(*70 Myr after formation of the solar system).
This collision not only resulted in the formation
of the moon, but the formation of a bulk silicate
Earth reservoir that was modelled by the Maltese
and Mezger (2020) model. This model, a sig-
nificant departure from previous two stage
models (see below), explains the isotopic evo-
lution of bulk silicate Earth relatively well.

Two-stage models begin like single-stage
models, but at some point during the evolution,
a geochemical or geological event is assumed to
cause fractionation between uranium, thorium
and lead, and two isotopic reservoirs form with
different isotopic evolution trajectories. At the
point where geochemical differentiation of
Earth’s crust and mantle occurred (at 3.5 Ga), the
evolution model shown in Fig. 2a becomes a
two-stage model. Interaction or exchange
between the two reservoirs can be modelled as
mixing between to the two evolution curves that
formed after differentiation by varying l (i.e.
using an intermediate value of l). The most
commonly used global lead isotope evolution
model, that of Stacey and Kramers (1975), is a
two-stage model, which models the evolution of
“terrestrial” lead after geochemical differentia-
tion. Another global model (Cumming and
Richards 1975) assumes that fractionation
between uranium, thorium and lead occurs con-
tinuously and models lead growth assuming
U/Pb and Th/U change continuously through
time. Although these models approximate the
evolution of lead at the global scale reasonably
well, the geological processes that form reser-
voirs are more complex than these relatively
simple models.

Doe, Zartman and co-workers (Doe and
Zartman 1979; Zartman and Doe 1981; Zartman
and Haines 1988) developed a more complex
model, in which the evolution of four major
isotopic reservoirs was modelled assuming peri-
odic events when uranium, thorium and lead
were exchanged between reservoirs. During each
event, the fourth reservoir, the so-called orogene
reservoir, was created by recycling and extrac-
tion from the other three reservoirs—mantle,

lower crust and upper crust. The model was
based upon the concepts of modern plate tec-
tonics—hence the name ‘plumbotectonics’—
although Zartman and Haines (1988) indicated
that the modelling would remain valid for geo-
dynamic processes other than plate tectonics if
such processes involved a similar magnitude of
reservoir interaction.

The earlier versions of plumbotectonics
assumed an orogene event every 400 Myr
(Zartman and Doe 1981), with the mantle input
decreasing through time. The later versions (e.g.
Zartman and Haines 1988) increased the fre-
quency of events and the complexity of the
models, although the overall trends were similar.
It must be noted that the term orogene, as used by
Doe, Zartman and co-workers, is not a volume of
rock that has undergone orogenesis, but rather
quantifies the global distribution of crust forma-
tion (Zartman and Haines 1988).

Figure 2b, c illustrate the evolution of the four
major reservoirs based on plumbotectonics ver-
sion II (Zartman and Doe 1981). The plumbo-
tectonic model replicates modern isotopic
characteristics of the four main reservoirs well,
and the general evolution of each reservoir mat-
ches natural secular variations reasonably well.
The plumbotectonic model highlights important
differences in the four major reservoirs, particu-
larly the lower crust in which uranogenic lead
growth has been retarded relative to other reser-
voirs (although thorogenic lead growth is similar
to other reservoirs). As a consequence the
plumbotectonic evolution curves have been
widely used to infer reservoir sources for many
mineral deposits, as discussed below. Doe and
Zartman (1979) assessed the correspondence of a
range of (mainly young) deposits to the
plumbotectonic model. Like other general mod-
els, model ages can be quite inaccurate, but with
a few notable exceptions (e.g. some Mississippi
Valley-type deposits) the modelled source of lead
in the deposits is consistent with the geological
environment inferred for ore formation.

Kramers and Tolstikhin (1997) used a similar
concept of isotopic and elemental exchange
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between isotopic reservoirs to model lead isotope
evolution. Their approach differed from that of
Doe and co-workers in that it involved nine—
instead of four—different reservoirs, including
the Earth’s core, and used crustal growth rates as
an input into the model. Like Doe and co-
workers, Kramers and Tolstikhin (1997) were
able to model present-day crustal and mantle
reservoirs reasonably well.

Due to inaccuracies of global lead isotope
evolution models, some workers (Thorpe et al.
1992; Thorpe 1999; Carr et al. 1995; Sun et al.
1996) have produced evolution models that
model lead growth at the province scale. These
models can very accurately and precisely model
isotopic growth, but direct comparison of these
models or extending the models outside of their
calibrated reservoirs are problematic. Hence, for
global or large-scale comparisons, use of a global
model (e.g. Stacey and Kramers 1975; Cumming
and Richards 1975; Zartman and Doe 1981) is
more effective.

As mentioned above, lead isotope model ages
assume that no radiogenic growth has occurred
since crystallization of the analysed mineral—
that is the concentrations of uranium (and Th) are
so low that the additional radiogenic lead pro-
duced since crystallization is negligible. Other
minerals also meet the criteria of being Pb-rich
and U- and Th-poor. The most common of these
minerals is potassium feldspar. In many cases
measured ratios of potassium feldspars are vir-
tually identical to the initial ratios inherited from
crystallization (see discussion regarding analyti-
cal techniques below). Less common lead sele-
nide (clausthalite), telluride (altaite) and sulfosalt
(beaverite, bournonite and cosalite) minerals also
can be analyzed (Thorpe 2008) and retain initial
ratios.

The discussion above assumes that the min-
eral of interest has been a closed system since
crystallization; if the system has been open (i.e.
due to recrystallization, alteration or a second
mineralizing event), the isotopic ratios will
reflect either the ratios at the time when the
system opened or a mixture between lead pro-
duced during initial crystallization and lead
introduced during the resetting event.

4 Analytical Methods

For metallogenic studies and exploration, the
most common methods of lead isotope analysis
are thermal ionization mass spectrometry (TIMS)
or multi-collector inductively-coupled plasma
mass spectrometry (MC-ICP-MS) on solutions
derived by the dissolution of mineral separates
and rock powders. Over the last two decades, the
development of MC-ICP-MS has seen a revolu-
tion in lead isotopic analysis, producing high
quality analyses for a much lower cost in com-
parison with TIMS. This is largely because MC-
ICP-MS analyses are more rapid and less labour-
intensive than TIMS analyses.

For both TIMS and MC-ICP-MS analyses,
samples are dissolved using a range of chemical
attacks and then elutriated using ionic distillation
columns to remove matrix elements. For con-
ventional TIMS analysis, which was the most
common analytical method until the early-mid
1990s; lead from the elutriant was loaded onto a
rhenium filament in a silica gel-phosphoric acid
suspension (Cameron et al. 1969), in some cases
after addition of a 202Pb or 207Pb spike.1 A cur-
rent is passed through the filament and the lead is
ionised, accelerated using an electrical potential
gradient, forming a beam which is split by mass
using and electromagnet, and then analyzed
using Faraday cup detectors. Mass fractionation
during analysis is then corrected by normaliza-
tion using fractionation factors determined from
standards. External analytical precisions (2r) for
conventional TIMS analysis are typically 0.05%
for 206Pb/204Pb, and 0.1% for 207Pb/204Pb and
208Pb/204Pb (cf. Carr et al. 1995).

As precisions of conventional analyses are
insufficient to resolve many geological problems,
new methods were developed over the last 20–
30 years to improve precision. The first of these,
which came into widespread use in the mid-
1990s, was TIMS analysis in which spikes are
added to an aliquot of the elutriant prior to

1 Spikes are solutions containing known abundances and
ratios of selected lead, thallium and/or uranium isotopes
that are added to the sample or sample solution to quantify
mass fractionation during mass spectrometry.
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loading onto the filament. The spiked and
unspiked aliquots are then loaded and analyzed
as described above, with the unspiked analyses
corrected for mass fractionation using the spiked
analyses and mathematical equations developed
by Dodson (1963). Double-spike TIMS analyses
involve spikes containing two isotopes
(202Pb-205Pb: Todt et al. 1993; 204Pb-207Pb:
Woodhead et al. 1995), whereas triple-spike
analyses, which are even more precise, involve
spikes containing three isotopes
(204Pb-206Pb-207Pb: Galer and Abouchami 1998).
Typical external analytical precisions (2r) for
double and triple spike analyses are 0.008–
0.034% for 206Pb/204Pb, 0.010–0.047% for
207Pb/204Pb and 0.012–0.057% for 208Pb/204Pb
(based on repeated analysis of SRM981 from a
range of labs: Thirlwall 2000). The extra time
and expense of double spike analyses (two mass
spectrometer runs are required for each sample)
is justified for many geological studies by the
significant improvement in precision. For more
detailed descriptions of TIMS analytical methods
the reader is referred to the above references as
well as Tuttas and Habfest (1982).

For MC-ICP-MS analysis, an aliquot of doped
tracer solution containing thallium isotopes
(203Tl and 205Tl: Hirata 1996; Belshaw et al.
1998; Rehkämper and Halliday 1998; Woodhead
2002) of known concentrations and ratios is
added to the sample during dissolution. The
resulting solution is purified by ionic distillation
and the elutriant is then aspirated into the ion-
ization chamber of the MC-ICP-MS and anal-
ysed. Instrumental mass fractionation is corrected
using mass fractionation factors determined from
the doped isotopes added during dissolution; this
produces more precise analyses than conven-
tional TIMS analyses but less precise analyses
than double or triple spike TIMS analyses.
Typical external analytical precisions (2r) for
MC-ICP-MS analyses are 0.018–0.053% for
206Pb/204Pb, 0.030–0.047% for 207Pb/204Pb and
0.012–0.057% for 208Pb/204Pb (Thirlwall 2000;
R Maas, 2021, pers. comm.). More details of the
methods used by MC-ICP-MS analysis are
described in the references above as well as
Albarède et al. (2004) and Baker et al. (2004).

Because potassium feldspars are common
rock forming minerals that strongly concentrate
lead relative to uranium and thorium, these
minerals can provide information on the initial
isotopic composition of their host rocks, such as
granites. However, as potassium feldspars are
readily altered or recrystallized, they can exhibit
open system behaviour. To minimize these
effects and exclude the contribution of radiogenic
lead, potassium feldspar and, less commonly,
clinopyroxene are analysed with using a
sequential acid leach Typically, the first leach
uses a relatively weak acid or combinations of
acids (HCl-HNO3) followed by leaches using
stronger acids (concentrated HF-HNO3) (e.g.
Carr et al. 1995). The earlier leaches removes
labile, radiogenic lead, whereas the later leaches
dissolved common lead held in the mineral lat-
tice and are taken as the closest approximation of
the initial ratios that characterize the mineral.

Material for isotopic analysis can also be
extracted directly from samples using either of
two microanalytical techniques—secondary ion
mass spectrometry (SIMS) and multi-collector
laser-ablation inductively-coupled-plasma mass
spectrometry (MC-LA-ICP-MS). In both cases
the analytical spots are generally below 100 lm
in diameter, with SIMS analyses, in some cases,
less than 10 lm in width. Methods involving
SIMS, which includes the sensitive high-
resolution ion microprobe (SHRIMP), have
most application in U–Pb geochronology and are
described by Chelle-Michou and Schaltegger
(2023). Gigon et al. (2020) describe a study that
has documented micro-scale variations in lead
isotopes from SIMS analyses galena, as dis-
cussed in the section on future developments
below. Methods involving MC-LA-ICP-MS can
be less precise and require larger spot sizes
(Zametzer et al. 2022), although these disad-
vantages are set against more rapid analysis,
lower costs and the ability to analyze a greater
range of sample types. For instance, Pettke et al.
(2010) have analysed lead isotopes in fluid
inclusions and used these data to infer the source
of lead in the Bingham Canyon porphyry copper
district (see below). Typical external precisions
(2r) for MC-LA-ICP-MS analyses are 0.10–
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0.18% for 206Pb/204Pb, 0.084–0.17% for
207Pb/204Pb and 0.085–0.16% for 208Pb/204Pb
(based on repeated analysis of internal feldspar
standard “Albany”: Zametzer et al. 2022).

5 Application of Lead Isotopes
to Metallogenic Studies
and Exploration

Over the last few decades, lead isotope charac-
teristics have found many uses and potential uses
in both academic metallogenic studies and prac-
tical exploration. The most common academic
use has been identifying metal source regions
using isotopes as a fingerprinting tool, but more
recently spatial variations in isotopic properties
have been used to identify and map the extent,
character, endowment and origin of tectonic and
metallogenic provinces. For practical explo-
ration, district-scale variations in lead isotope
ratios may serve as direct vectors to ore, lead
isotope ratios can be used to discriminate dif-
ferent styles of mineralization in some provinces,
and lead isotope characteristics can be indicative
of fertility for some deposit types and, in some
cases, size potential. Examples of all of these
uses are presented below. These studies can use
both analyses of mineral separates and whole
rocks, although interpretation of analyses from
Pb-poor samples (both mineral separates and
whole rock) can be problematic as determining
initial ratios, which are essential in many studies,
requires information on the age and the concen-
trations of lead, uranium and thorium of the
analysed sample. Moreover, open system beha-
viour is more difficult to determine in such
analyses. Nonetheless, some of the case studies
below use whole rock samples in addition to
mineral separates for analyses.

5.1 Determining Lead Sources

Unlike most elements for which isotopic data is
collected in ore genesis studies, lead is com-
monly extracted as an ore metal from many

deposits for which lead isotope data are col-
lected. Hence, no assumptions are required to
link the isotopic system with the ore metal
assemblage in these deposits. Metallic stable
isotope systems such as iron (Troll et al. 2019;
Lobato et al. 2023), copper (Li et al. 2010;
Wilkinson 2023) and zinc (John et al. 2008;
Mathur and Zhao 2023) also have this advantage.
On the other hand, relating the Nd-Sm, Re–Os,
Hf–Lu radiogenic systems and most light stable
isotope systems to ore minerals and assemblages,
is often not straightforward. Lead is commonly
present, but not extracted, in other deposit types
as a trace or minor element in the ore assemblage
or in ore-related fluid inclusions. In these
instances, lead isotopes can also be used as a
tracer to determine metal sources, although
assumptions are required regarding the relation-
ship between lead and the minerals/metals of
economic interest. Below we give a few exam-
ples of studies where lead is recovered and where
lead is present, but not recovered. It must be
stressed that the literature on this topic is exten-
sive, so only a select number of studies are
included in this review. Russell and Farquhar
(1960), Cannon et al. (1961), Doe and Stacey
(1974), Doe and Zartman (1979) and Gulson
(1986) summarize other examples.

5.1.1 Studies of Deposits Where Lead is
an Ore Metal

Although lead is recovered from many deposit
types, the most relevant sources of lead are shale-
hosted Zn–Pb–Ag, Mississippi Valley-type Zn–
Pb (MVT; including Irish-type) and volcanic-
hosted massive sulfide (VHMS) deposits. The
origin of lead (and by inference Zn) in these
deposit types has been historically contentious,
with hypotheses involving crustal or mantle, and
magmatic-hydrothermal or leached country rock
sources advocated by different authors over time.
As examples of the use of lead isotopes to
resolve these questions, the studies of Brevart
et al. (1982), Fehn et al. (1983), Relvas et al.
(2001), Leach et al. (2005) and Vaasjoki and
Gulson (1986) are summarized below. These
examples were chosen to cover all of the major
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types of lead deposits and to illustrate different
approaches to determine lead sources using lead
isotopes.

The Massif Central in south-central France con-
tains a relatively large number of small Zn–Pb
deposits and occurrences including stratiform
shale-hosted deposits, epigenetic carbonate-
hosted and cross-cutting vein deposits. These
deposits are hosted by Phanerozoic metasedi-
mentary rocks that have been intruded by Her-
cynian granites. Brevart et al. (1982) used
analyses of galena from these deposits to identify
two discrete populations, a less radiogenic pop-
ulation (population 1) dominated by carbonate-
hosted, stratiform deposits in Paleozoic sedi-
mentary successions, and a more radiogenic
population (population 2) dominated by vein
deposits but also including the stratiform,
sandstone-hosted Largentiére deposit (Fig. 3a).
The second, more radiogenic population overlaps
with the isotopic composition of Hercynian
granites as determined from K-feldspar analyses
(Vitrac et al. 1981; Brevart et al. 1982; Fig. 3a).
These results suggest two mineralizing events, a
syngenetic or early diagenetic event, and a sec-
ond event associated with Hercynian magmatism
and deformation. During the latter event, lead
may have been sourced either via magmatic-
hydrothermal processes associated with intrusion
of the granites or, alternatively, through leaching
of the granites subsequent to their intrusion and
crystallization.

As a consequence of systematic studies by
Japanese and international researchers in the late
1970s and early 1980s, Zn–Pb–Cu–Ag-Au
deposits in the Miocene Hokuroku district of
Japan are among the best understood deposits in
the world (Ohmoto and Skinner, 1983). This
research has been key to the understanding of ore
forming processes of VHMS deposits. As part of
this research program, Fehn et al. (1983) under-
took a systematic lead isotope study of deposits
(using mostly galena analyses, with subordinate
whole-rock ore analyses) in this district to
determine lead source(s). The authors found a
consistent pattern in individual deposits in which
samples of yellow (Cu-rich) ores are

systematically less radiogenic than black (Zn–
Pb-rich) ores (Fig. 3b). Fehn et al. (1983) inter-
preted these results and data from potential
source rocks to indicate that the lead in the Zn–
Pb-rich ores was mainly sourced from the host
volcanic succession (or from related intrusive
rocks), whereas there was a significant compo-
nent of basement lead in the Cu-rich ores. The
difference in sources was interpreted to be the
result of deeper penetration of the ore fluids into
the basin as the hydrothermal system waxed from
lower temperature Zn–Pb-rich mineralization to
higher temperature Cu-rich mineralization (Fehn
et al. 1983).

The early Carboniferous Neves-Corvo deposit in
Portugal is unusual for VHMS deposits in that
tin, along with copper, zinc and lead, are present
in the ores, raising questions as to the source of
the anomalous tin. Lead isotope studies by Rel-
vas et al. (2001), supported by results from the
Sm–Nd and Rb–Sr isotopic systems, suggest the
presence of two types of lead at Neves Corvo.
The 206Pb/204Pb versus 207Pb/204Pb plot in
Fig. 3c identifies two trends in the isotopic data,
a steeper trend that corresponds with other
VHMS deposits in the Iberian Pyrite Belt, and a
shallower trend characterized by cassiterite
analyses. The apparent age associated with the
cassiterite trend is unrealistic (*934 Ma). The
host rocks to the deposit have a late Strunian age
(354.8–354.0 Ma) based on faunal assemblages
(Oliveira et al. 2004), and a sulfide-cassiterite
Rb–Sr errorchron and a pyrite Re-Os isochron
yielded ages of 347 ± 25 and 354 ± 29 Ma,
respectively (Relvas et al. 2001; Munhá et al.
2005). Relvas et al. (2001) suggested that the
cassiterite Pb–Pb trend reflected the mixing of a
much more radiogenic lead source into the min-
eralizing system possibly from a magmatic
source, although such a source is not exposed in
the region.

In their synthesis of sediment-hosted Zn–Pb
deposits, Leach et al. (2005) documented and
compared the lead isotope characteristics of both
shale-hosted and MVT Zn–Pb deposits around
the world, leading to several important conclu-
sions relating to the origin of lead in these
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deposits. The most important conclusion was that
the lead in both deposit types was derived almost
entirely from crustal sources, with little or no
mantle input. The authors also noted several
important differences between these two major
types of sediment-hosted Zn–Pb deposits. They
found that most of the large range in lead isotope
ratios observed in sediment-hosted deposits is

accounted for by MVT deposits. Phanero-
zoic MVT deposits commonly have future model
ages no matter the model used to calculate the
age.

Nier (1938) originally recognized the
anomalously radiogenic character of many MVT
ores, later termed Joplin-type, or J-type, lead by
Houtermans (1953) after the Joplin mine in the

Fig. 3 206Pb/204Pb versus 207Pb/204Pb diagrams showing
a the lead isotope composition of Pb-rich minerals from
mineral deposits and occurrences from the Massif Central,
France (Brevart et al. 1982) in comparison with the initial
isotopic composition of local Hercynian granites (Vitrac
et al. 1981; a composite of diagrams in Brevart et al.
1982); b the lead isotope composition of Pb-rich minerals
from the Hokuroku district of Japan illustrating differ-
ences in the lead isotope characteristics of yellow (Cu-
rich) and black (Zn-rich) (modified after Fehn et al. 1983);
c variations in the lead isotope composition of cassiterite

from the Neves Corvo deposit in comparison to the lead
isotope composition of sulfides from the Neves Corvo and
other Iberian Pyrite Belt massive sulfide deposits (mod-
ified after Relvas et al. 2001; Iberian Pyrite Belt sulfide
data from Marcoux 1998); d the lead isotope composi-
tions of galena and altaite from volcanic-hosted massive
sulfide deposits and orogenic gold deposits in the
Youanmi Terrane overlain on isochrons calculated from
the Cumming and Richards (1975) lead evolution model
(modified after Browning et al. 1987)
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Tri-State MVT district in the United States.
Cannon et al. (1961) found that whereas many
North American MVT ores had J-type lead,
Many European MVT deposits did not; Vaasjoki
and Gulson (1986) noted that Australian MVT
deposits had J-type lead. In addition to the
radiogenic character of many MVT deposits,
Vaasjoki and Gulson (1986) two types of MVT
deposits with respect to their lead isotope char-
acteristics: (1) deposits with isotopically homo-
geneous lead, and (2) deposits with highly
heterogeneous lead that define linear arrays on
206Pb/204Pb versus 207Pb/204Pb diagrams. Vaas-
joki and Gulson (1986) found that the former
type of deposits occurs in basins in which the
basement is only slightly older than the basin,
whereas the latter deposits occur in basins that
are significantly younger (to 1300 Myr) than the
underlying basement (Fig. 4).

Mechanisms to explain these arrays and their
highly radiogenic character are problematic.
Cannon et al. (1961) suggested either (1) incre-
mental accumulation of radiogenic lead over a

protracted period, or (2) mixing of radiogenic
lead with common lead during a short period.
The key for both processes is the separation of
radiogenic lead from common lead. Chiaradia
and Fontboté (2003) demonstrated that radio-
genic lead is preferentially leached from rock
powders during weak acid attack, whereas com-
mon lead is preferentially leached during stron-
ger acid attacks; a similar response has been
noted in K-feldspar (cf. Carr et al. 1995). These
results should also apply to lead source rocks
(Ströbele et al. 2012), hence, radiogenic lead is
more easily leached than common lead.

The combination of the Chiaradia and Font-
boté (2003) and Ströbele et al. (2012) results may
account for the two types of MVT deposits
(Vaasjoki and Gulson 1986). Extraction of
highly radiogenic lead from old, crystalline
basement (i.e. granite and high-grade metamor-
phic rocks) during non-pervasive alteration of
variable intensity would lead to highly hetero-
geneous lead that characterize type (2) deposits
of Vaasjoki and Gulson (1986). If the alteration

Fig. 4 Relationship of excess radiogenic lead
(D206Pb/204Pb = difference between measured
206Pb/204Pb and average lead calculated using the Cum-
ming and Richards (1975) model) to age difference
between crystalline basement and host rocks (DT = age of

basement—age of host unit). Note the increasing radio-
geneity with increasing DT for all deposits except Pine
Point. Reproduced with permission from Vaasjoki and
Gulson (1986); Copyright 1986 Soceity of Economic
Geologists. Note also change in scale at 1000 Myr
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was more intense and pervasive and affected low-
grade metasedimentary and mafic rocks, com-
mon lead would be extracted, leading to the
homogeneous lead characteristic of type
(1) MVT deposits.

5.1.2 Studies of Deposits Where Lead is
a Minor or Trace Element

Lead is present as an anomalous minor to trace
element in many types of mineral deposits,
occurring as galena or substituted into other ore
and gangue minerals. As discussed above,
although lead isotope data can be used to infer
the sources of lead in these deposits, caution
must be exercised in inferring the source of ore
metals from the lead isotope data. Below case
studies of orogenic gold deposits in Western
Australia, the Bingham Canyon porphyry copper
deposit in Utah (United States) and the Dahu Au-
Mo deposit in China are used to illustrate the
potential use and pitfalls of lead isotopes to
determine metal source when lead is not a major
ore component.

The Yilgarn Craton in Western Australia is one
of two major Archean orogenic gold provinces,
the other being the Abitibi Subprovince in east-
ern Canada. Resources and production from the
Yilgarn Craton total approximately 8 kt con-
tained gold (Robert et al. 2005). Given the con-
troversy at the time regarding the timing of gold
mineralization (i.e. syngenetic versus epigenetic)
Browning et al. (1987) undertook lead isotope
analyses mostly of galena from orogenic gold,
VHMS and komatiite-associated Ni-Cu-PGE
deposits from the Murchison and Southern
Cross Provinces (Youanmi Terrane in current
terminology) and Eastern Goldfields Province
(Superterrane) to determine relative and absolute
ages of mineralization. In the Youanmi Terrane,
Browning et al. (1987) estimated model ages of
between 3050 and 2970 Ma for VHMS deposits
and mostly between 2865 and 2755 Ma for
orogenic gold deposits using the evolution model
of Cumming and Richards (1975) (Fig. 3d).
Although these model ages are 100–200 Myr
older than currently accepted ages for these
deposits (*2950 Ma for VHMS deposits; Wang

et al. 1998) and 2670–2620 Ma for orogenic
gold deposits (Robert et al. 2005)), the difference
in model ages supported the interpretation that
the gold deposits had an epigenetic rather than
syngenetic origin. Results from the Eastern
Goldfields Superterrane were ambiguous: the
isotopic characteristics of the lode gold were not
sufficiently different from the VHMS deposits to
confidently ascribe a younger, epigenetic origin
to the lode gold deposits. The Eastern Goldfields
data suggested that there was significant vari-
ability in l, which Browning et al. (1987)
ascribed to the presence of old crust in parts of
the Eastern Goldfields Superterrane, an inference
highlighted by Oversby (1975) and later lead
isotope mapping.

In the first study of its type, Pettke et al. (2010)
used high precision MC-LA-ICP-MS analysis to
determine the lead isotopic composition of well-
characterized fluid inclusions from the Bingham
Canyon porphyry copper deposit. This study
differs from others presented here in that the lead
isotope analyses are of the ore fluids. The fluid
inclusions analysed, from ore-related quartz,
were interpreted as pseudosecondary and were
located on planes that contained ore minerals
such as molybdenite. These fluid inclusions,
which can contain hundreds to thousands ppm
Pb, were preferred to analysis of Pb-bearing
minerals in the deposit as the latter were con-
sidered by Pettke et al. (2010) to be more sus-
ceptible to post-depositional isotopic
disturbances. The fluid inclusion analyses define
a tight group that plots at the more radiogenic
end of an array in 208Pb/206Pb versus 207Pb/206Pb
space defined by fluid inclusion, K-feldspar and
galena data (Fig. 5a). This array trends toward
less radiogenic present day values of MORB-
source mantle. In 206Pb/204Pb versus 207Pb/204Pb
space, the fluid inclusion data also define a tight
array, that lies between the trend of sub-
continental lithospheric mantle defined using
data from regional (relative to Bingham Canyon)
metasomatized mantle xenoliths and a tight
grouping of galena analyses (Fig. 5b). In com-
bination with Monte-Carlo simulations, Pettke
et al. (2010) interpreted the data to indicate that
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the Bingham Canyon magmas and mineralization
were derived through the melting of sub-
continental lithospheric mantle that was metaso-
matized during the Paleoproterozoic during
north-dipping subduction below the Wyoming
Craton. They further suggested that such ancient
metasomatized mantle may be the key to for-
mation of major porphyry Cu–Mo and

molybdenum deposits in the western United
States. The importance of pre-existing metaso-
matized mantle is increasingly being recognized
as a key in forming porphyry copper (Richards
2009) and other deposit types around the world.

The study of Ni et al. (2012) on the Dahu deposit
in China illustrates an evolving trend to use

Fig. 5 208Pb/206Pb versus
207Pb/206Pb (a) and
206Pb/204Pb versus
208Pb/204Pb (b) diagrams
showing the lead isotopic
composition of fluid
inclusions, galena and
magmatic K-feldspar from the
Bingham Canyon deposit and
associated magmatic rocks
(modified after Pettke et al.
2010). The field showing the
composition of present-day
MORB-source mantle (A) and
MORB-source mantle
evolution (B) are from
Kramers and Tolstikhin
(1997)
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multiple radiogenic isotope systems, in this case
U–Th–Pb, Rb–Sr and Sm–Nd, to determine
metal and fluid sources. The Dahu Au–Mo
deposit is a structurally controlled quartz vein
deposit hosted by migmatite and biotite-
plagioclase gneiss of the Archean to Paleopro-
terozoic Taihua Supergroup in the Qinling Oro-
gen of central China. SHRIMP U–Pb analysis of
hydrothermal monazite intergrown with molyb-
denite indicated an age of 218 ± 5 Ma (Li et al.
2011) for the main mineralizing event; an iso-
topic disturbance towards 125 Ma is also indi-
cated by the data. Initial lead isotope ratios (and
87Sr/86Sr218 Ma and eNd, 218 Ma) from the Dahu
deposit differ from those of the host Taihua
Supergroup (Fig. 6), suggesting that the lead
(and Sr and Nd: Fig. 6a), and possibly the gold
and molybdenum, were sourced, at least in part,
exogenously. The lead isotope data from the ores
define a gross trend from more radiogenic host
rock towards a less radiogenic source (hypo-
thetical fluid in diagram), particularly on the
206Pb/204Pb versus 207Pb/204Pb diagram (Fig. 6
b). Based on the three radiogenic isotope systems
used, Ni et al. (2012) argued that the lead,
strontium and neodymium—and by inference the
ore-forming fluid, Au and Mo—were derived
from either depleted mantle or a refractory,
subducted oceanic slab. The isotopic composi-
tion of the ores indicate mixing of this fluid with
a wall rock reservoir represented by the Taihua
Supergroup.

5.1.3 Determining Metal Sources
with Lead Isotopes—Buyer
Beware

Like other isotopic systems and elements used as
tracers of geochemical and geological processes
a number of factors must be considered in
assessing metal sources as determined using lead
isotopes. These include the potential that lead
isotope ratios can change after mineralization, the
possibility that the sources of the lead and other
ore metals might be different, and the ambiguity
of resolving sources.

For robust interpretation of lead isotope sys-
tematics in mineral systems, the signature of the

isotopic system must be that at the time of min-
eralization. As discussed above, lead can be
introduced into a mineralized sample by either
the addition of common lead during a subsequent
mineralizing event or by post-mineralization
ingrowth of radiogenic lead from decay of ura-
nium and thorium. When interpreting the lead
isotope data as a source tracer, both processes
must be considered and, if possible, corrected.

In deposits where lead is recovered, lead iso-
topic characteristics directly reflect the prove-
nance of an ore metal, but in deposits in which
lead is not recovered, an implicit assumption that
the source of lead is similar to that of the ore
metal (e.g. Cu, Au or Mo in the cases discussed
above) is made. As documented by Browning
et al. (1987) and McNaughton et al. (1993), and
highlighted by Huston et al. (2014), the lead
isotopic signatures of orogenic gold deposits in
the Eastern Goldfields Superterrane are very
provincial, suggesting local crustal sources of
lead. Although it is tempting to infer a crustal
source for gold based on the lead isotope data, it
is possible that the lead and gold had different
sources and a crustal gold source cannot be
definitively inferred.

The data of Ni et al. (2012) highlight the
ambiguity of using lead isotopes to identify metal
sources. Notwithstanding the question as to
whether the source(s) of gold, molybdenum and
lead in the Dahu deposit were the same, the
origin of the lead is somewhat ambiguous. As
shown in Fig. 6b, the lead isotopic composition
of the ore fluid lies between the Zartman and Doe
(1981) lower crust and mantle reservoirs, con-
sistent with the possibility that the ore fluids
sourced a significant component of their lead
from the lower crust in addition to the preferred
interpretation of Ni et al. (2012) of a mantle or
ocean slab source. Perhaps a more important
result to be taken from this type of study is what
reservoirs can be excluded as metal sources. In
the case of the Dahu deposit, both the upper crust
and orogene reservoirs can be excluded as
potential sources of lead (and, possibly, Mo and
Au), which places important constraints on
genetic models.
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5.2 Model Ages, l and the Age
of Mineralization

Lead isotope evolution models can be used for a
given lead isotope analysis to determine the model
age, l, j and x. It must be stressed that these
parameters are dependent upon the model used—
model ages, l j and x determined using, for
example, the Stacey and Kramers (1975) model
differ from those determined using the Cumming
and Richards (1975) model. Model ages must not
be considered equivalent to geochronological ages
—there are many processes that affect lead evo-
lution models and, hence model ages. In fact
spatial variations in the difference between model

ages and independently-established mineralizing
ages can be used to infer these processes.

Of parameters produced from evolution
models, the model age and l are most relevant to
metallogenic studies. Although the use of locally
calibrated lead evolution models can produce
model ages that are accurate and precise (e.g.
Thorpe et al. 1992; Thorpe 1999; Carr et al.
1995; Sun et al. 1996), a significant proportion
(*20% based on the application of the Thorpe
(1999) model to volcanic-hosted massive sulfide
deposits in the Abitibi Subprovince in Canada) of
the model ages can be inaccurate; global models
are even less accurate. Model ages should be
considered indicative only, and followed up

Fig. 6 Diagrams showing
isotopic characteristics of the
Dahu deposit, China:
(a) 87Sr/86Sr218 Ma versus eNd,
218 Ma diagram, and
(b) 206Pb/204Pb versus
207Pb/204Pb diagram
(modified after Ni et al. 2012).
In both diagrams, isotopic
values have been corrected to
the time of ore formation
(218 Ma); the isotopic
compositions of the ores and
wall rocks are shown as fields,
with individual analyses
shown as symbols.
Hypothesized ore fluids, prior
to mixing with the wall rock
reservoir at the site of
deposition, are also shown as
fields. Part (b) also includes
plumbotectonic evolution
curves of Zartman and Doe
(1981)
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using more reliable techniques to determine the
age of mineralization. Model ages are inaccurate
for a number of reasons, for example application
of an inappropriate model. Another possible
reason for inaccurate ages is the use of isotopic
ratios that are not initial ratios. Analysis of
samples with low U/Pb and Th/Pb ratios (e.g.
galena or other Pb-rich minerals, and some whole
rocks) yield initial ratios. As a general rule,
samples with lead concentrations over 1000 ppm
yield initial ratios unless they also have unusu-
ally high concentrations of U and/or Th. Lea-
chate analysis of potassium feldspars can also
yield initial ratios, but analyses of Pb-poor
samples (e.g. most whole rocks and many pyr-
ite) need to be corrected for post-crystallization
ingrowth of lead from uranium and thorium
decay. This can only happen if the age of lead
introduction and U/Pb and Th/Pb are known. If
there has been a second lead introduction event,
measured ratios, even of Pb-rich material, will
not be initial ratios. When undertaking lead iso-
tope studies, initial ratios should be sought, and it
is preferable to have multiple analyses of a
deposit or rock unit.

5.3 Isotopic Mapping Using Lead
Isotope Data

The development of GIS spatial data analysis
packages and the availability of large sets of
radiogenic analyses has enabled isotopic map-
ping at regional to continental scales, and maps
thus produced have implication not only to
metallogenesis, but also to tectonics. Even before
the development of GIS analysis, however, many
workers had recognized that isotopic data could
map tectonic boundaries. For example, Rb–Sr
data had been used to identify and map
Proterozoic margins both in the Western Cor-
dillera of North America (Armstrong et al. 1977;
Kistler and Peterman 1978; Burchfiel and Davis
1981) and in eastern Australia (Webb and
McDougall 1968) many decades ago. Bennett
and DePaolo (1987) mapped the extent of
Proterozoic crust in the Western Cordillera using
neodymium isotopes, and Zartman (1974)

defined broad lead isotope provinces in the
western United States. Wooden and co-workers
(Wooden and Aleinikoff 1987; Wooden and
Miller 1990; Wooden and DeWitt 1991) used
detailed variations in lead isotope ratios in Ari-
zona and California to identify a boundary zone
between the Proterozoic provinces that in a broad
sense corresponded to boundaries defined by
neodymium isotope data (Fig. 7). In addition,
Chiaradia et al. (2006) identified distinctive lead
isotope provinces and boundaries in the Altaid
Orogen of central Asia, and Tessalina et al.
(2016) defined systematic decreases in l from
VHMS deposits from west to east across the
southern Urals orogenic zone. In the latter study,
the higher l zones are associated with a back-arc
zone, whereas the lower l zones are associated
with an island arc. Tosdal et al. (1999) summa-
rized many of the results of earlier studies,
illustrating the potential of lead isotope mapping
in tectonic and metallogenic studies.

These studies, however, did not produce maps
showing variations in lead isotope ratios and
derived parameters, but rather produced either
generalized maps showing province boundaries
(e.g. Figure 7a), general statements about the
location of provinces or broad transects (e.g.
Chiaradia et al. 2006). Although results illus-
trated in this manner produce useful trends,
contouring (or mapping) the results on map
images can show subtleties not evident using
other techniques. Some of the earliest studies that
mapped spatial variations in lead isotope
parameters include Duebendorfer et al. (2006)
and Huston et al. (2005). Duebendorfer et al.
(2006) showed that in detail the boundary zone
between the Central Arizona and Mojave lead
isotope (sub)provinces, originally defined by
Wooden and Miller (1990) is relatively complex
with a number of discrete zones of more juvenile
crust (Fig. 7b) interpreted as rift basins. As
shown by Duebendorfer et al. (2006), mapping
of derived lead isotope parameters (in this case
the DJ (delta Jerome) parameter; see caption to
Fig. 7 for definition) can identify subtle varia-
tions in patterns not shown in the more gener-
alized approach. Moreover, these more subtle
variations may have metallogenic and
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exploration significance, as discussed below. It
should be noted, however, that the details map-
ped out by studies such as Duebendorfer et al.
(2006) require a relatively high density of data. It
is important to stress that data density has a
marked effect on patterns produced by isotopic
mapping; these patterns are unreliable in areas of
low data density.

Below we describe a number of recent studies
in which maps showing variations in parameters
derived from lead isotope data have been pro-
duced at the province and continental scales.
These include studies by Huston et al. (2005,
2014) in the Archean Yilgarn Craton in Western
Australia and Abitibi-Wawa Subprovince in
Canada, Blichert-Toft et al. (2016) in Europe,

and Huston et al. (2016, 2017) in the Tasman
Element in eastern Australia. Champion and
Huston (2016, 2023) present additional examples
of lead (and Nd) isotope mapping.

5.3.1 Lead Isotope Mapping
of the Eastern Goldfields
Superterrane, Western
Australia and Abitibi-Wawa
Subprovince, Canada

Huston et al. (2005, 2014) used lead isotope data
from Neoarchean orogenic gold and VHMS
deposits in the Eastern Goldfields Superterrane
and the Abitibi-Wawa Subprovince in Canada to
map spatial variations in l using the Abitibi-
Wawa lead isotope evolution model (Thorpe et al.

Fig. 7 Map (a) showing lead isotope and neodymium
isotope provinces of the western United States (modified
after Wooden and DeWitt 1991; Nd provinces from
Bennett and DePaolo 1987). The colours in (a) indicate the
extent of lead isotope provinces defined by Wooden and
deWitt (1991). The heavy brown lines indicate boundaries
between neodymium isotope provinces as defined by
Bennett and DePaolo (1987); the heavy blue line define the
boundary between Central Arizona and Southern Arizona
lead isotope subprovinces (Wooden and deWitt 1991). The
inset (b) shows spatial variations in DJ (Delta Jerome) in
the Central Arizona and Mohave lead isotope provinces
from (mostly) northwestern Arizona (modified after
Duebendorfer et al. 2006). The DJ parameter was defined

by Wooden and DeWitt (1991) as follows: “In order to
emphasize the differences in 207Pb/204Pb among these
samples a normalization technique is used. A model
1.70 Ga 207Pb/204Pb—206Pb/204Pb isochron was calcu-
lated that passes through the galena lead isotopic data from
the United Verde mine at Jerome (206Pb/204Pb = 15.725,
207Pb/204Pb = 15.270, 208Pb/204Pb = 35.344). For any
given 206Pb/204Pb measured for a sample a 207Pb/204Pb
ratios can be calculated that falls on this model isochron.
The 207Pb/204Pb measured from the sample is compared to
the calculated value by subtracting the model value
from the sample value and multiplying by 100.
This derived number is referred to as the Delta Jerome
value.”
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1992; Thorpe 1999). The results from the Eastern
Goldfields Superterrane define an internal, north
trending zone of low l that corresponds to a zone
of low T2DM (T2DM is the modelled age of
extraction from depleted mantle using a two stage
neodymium evolution model (see Champion and
Huston (2023) for details) mapped using granite
neodymium data (Fig. 8; see also Champion and
Cassidy 2008; Champion and Huston 2016,
2023). The data also defined a major gradient in
T2DM across the Ida Fault, which separates the
Eastern Goldfields Superterrane to the east from
the Youanmi Terrane to the west. In the Abitibi-
Wawa Subprovince (not shown) the data indicate
an east–west trend marked by an internal lower l
zone that grades to higher l margins both to the
north and south. Importantly, the Abitibi-Wawa
Subprovince is characterized by significantly
lower l (7.69–7.96) than the Eastern Goldfields
Superterrane (8.05–9.05), with only the north-
trending low-l zone (8.05–8.15) in the latter
terrane approaching the values observed in the
Abitibi-Wawa Subprovince. Huston et al. (2014)
interpreted these low l zones as extensional
zones with a greater mantle input, and found that

most VHMS deposits were localized within the
low-l zones, commonly along gradients. They
found that Archean and Proterozoic VHMS
deposits were preferentially associated with
juvenile crust as determined from lead and neo-
dymium isotope data, with juvenile zones and
provinces having significantly higher endowment
than more evolved zones (Fig. 9: Champion and
Huston 2016). In contrast, komatiite-associated
nickel-sulfide (KANS) deposits are more strongly
associated with more evolved crust. Although this
relationship is particularly well developed in the
Eastern Goldfields Superterrane (Fig. 8), where
KANS deposits are common, limited data from
the Abitibi-Wawa Subprovince suggests that the
few KANS deposits in this juvenile terrane are
associated with more evolved signatures. Barrie
et al. (1999) found that KANS ores in the Abitibi-
Wawa Subprovince have Abitibi-Wawa model l
values of 7.94 (Alexo deposit: Tilton 1983) and
8.28 ± 0.12 (Marbridge deposit: Deloule et al.
1989), much higher than the range in local VHMS
ores.

More recently, Zametzer et al. (2022) under-
took MC-LA-ICP-MS analysis of potassium

Fig. 8 Variations in T2DM (a: from granite analyses) and
l (b: from volcanic-hosted massive sulfide and orogenic
gold deposits) in the Eastern Goldfields Superterrane
(modified after Huston et al. 2014). The location and
deposit types of analyses (mostly from Browning et al.

1987) are shown as different symbols. The location of
major komatiite-associated nickel sulfide deposits are also
shown; data from these deposits were not used in
determining variations in l
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feldspar from granites along a transect that
crossed the boundary between the Eastern
Goldfields Superterrane and the Youanmi Ter-
rane. This study used the same granite samples
used in the original neodymium T2DM study
(Champion and Cassidy 2008), and demonstrated
that like the T2DM data, parameters derived from
lead isotope data, such as l and x, also varied
across the Ida Fault, with granites from the
Youanmi Terrane characterized by more evolved
(higher l) lead isotope signatures relative to the
Eastern Goldfields Superterrane. The Zametzer
et al. (2022) study suggested that spatial varia-
tions seen in neodymium and lead data are
genetically linked.

5.3.2 Lead Isotope Mapping of Europe
Blichert-Toft et al. (2016) used ore lead isotope
analyses from a range of deposits in Europe to
determine model ages and calculate l and
232Th/204Pb values using the Stacey and Kramers
(1975) model. The calculated model ages mat-
ched the major tectonic cycles in Europe

(Svecofennian, Pan-African, Variscan, Caledo-
nian and Alpine: Fig. 10) and were consistent
with the ages of major metallogenic epochs in
Europe. Maps showing l and x (232Th/204Pb)
values of individual analyses by Blichert-Toft
et al. (2016) show systematic patterns, particu-
larly when compared with tectonic subdivisions
of Europe. Figure 11 uses the data of Blichert-
Toft et al. (2016) to calculated a l map similar to
ones presented for the Eastern Goldfield Supert-
errane and Abitibi-Wawa Subprovince (see
above) and the Tasman Element (see below).

Overall, southern Europe is characterized by
higher l (Fig. 11: Blichert-Toft et al. 2016) than
northern Europe, but there are zones within this
broad subdivision that correspond to tectonic
boundaries and metallogenic domains. In north-
ern Europe, the Caledonian Orogen is charac-
terized by low l. In the northern British Isles, the
boundary between the Caledonian Orogen and
Avalonia is marked by a l gradient with which
carbonate-hosted Zn-Pb deposits of the Irish
Midlands are strongly associated (Hollis et al.

Fig. 9 Diagram showing the
relationship of the endowment
of total base metal
(Zn + Pb + Cu) from
volcanic-hosted massive
sulfide deposits in selected
Archean terranes classified
according to crustal character
(juvenile or evolved) based on
lead and neodymium isotope
data (modified after
Champion and Huston 2016)
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2019). Avalonia is characterized by moderately
high l values of 9.6–9.9 (Fig. 11). Moderately
low values of l (mostly 9.5–9.6) characterize the
northern Variscan Orogen, but in southern
France, this tectonic province is dominated by
high l values of 9.7–9.9. This gradient broadly
corresponds to the northern boundary of Gond-
wanan terranes within the Variscan Orogen (c.f.
Plant et al. 2005). The Alpine Orogen is domi-
nated by values of 9.7–9.9, though with discrete
low-l zones. l decreases strongly along the
suture between the Alpine and Variscan orogens
in central Europe.

In northern Europe, Svecofennia has highly
variable l with discrete zones of both low and
high l. Gradients to lower l mark the western
and northwestern margins, with the Trans-
Scandinavian granite-porphyry belt and the
Caledonian Orogen, respectively. Within Sve-
cofennia, the Skellfteå, Kaitele and Bothnia
domains have lower l than the Ulmeå. Bergsla-
gen and Tavastia domains. The differing l
characteristics of these terranes is consistent with
the involvement of multiple microcontentents in
Svecofennia assembly (Lahtinen et al. 2005).

Like Archean and, possibly, Paleoproterozoic
provinces globally, Paleoproterozoic and
Phanerozoic VHMS districts and provinces in
Europe are associated with low l zones. The
Skellefte, Norwegian Caledonide, Pontide and
Troodos VHMS provinces, are located in zones
with l < 9.6 (mostly < 9.5: Fig. 11). Even the
Iberian Pyrite Belt has l values lower than
domains to the south and west. Hence, the
association of VHMS deposits with juvenile (low
l) crustal domains, as noted in the Archean
(Huston et al. 2014), is also seen in European
Phanerozoic domains.

The relationships of l gradients to tectonic
boundaries and the l characteristics to tectonic
domains suggest that lead isotope evolution in
Europe (and elsewhere) reflects, and can be used
to map tectonic domains. Moreover, modelling
of the evolution of lead in these domains may
provide insights into the processes that produced
the domains (Blichert-Toft et al. 2016). The data
suggest that, metallogenic provinces can be
defined using lead isotope characteristics and/or
gradients (c.f. Hollis et al. 2019).

Fig. 10 Histogram of lead
model ages (using Stacey and
Kramers 1975 model) from
Europe showing
correspondence with major
tectonic cycles (modified after
Blichert-Toft et al. 2016)
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5.3.3 Lead Isotope Mapping
of the Tasman Element,
Eastern Australia

Huston et al. (2016, 2017) mapped the largely
Phanerozoic Tasman Element of eastern Aus-
tralia using a range of parameters derived from
lead isotope analyses of Pb-rich samples from
mineral deposits and occurrences. This study
followed an earlier study of the same area by
Carr et al. (1995) that presented much of the data
used and an evolution model to account for the
isotopic variability. Figure 12a shows that vari-
ations in l reflect province boundaries as well as
mineral provinces. For example, a strong gradi-
ent in l occurs along much of the boundary
between the Eastern and Central Lachlan. The
high-l Central Lachlan hosts tin deposits of the
Wagga tin province, whereas the low-l zone in
the central part of the East Lachlan corresponds
very closely with the Macquarie porphyry Cu-Au

province. Huston et al. (2017) discuss other
patterns present in the l map of the Tasman
Element, and the broad similarity in this map to
the T2DM map constructed using neodymium
isotope data from granites (Fig. 12c).

Lead isotope variations in the Tasman Ele-
ment cannot be fully explained by the Carr et al.
(1995) evolution model, which was developed
for the Lachlan Orogen and models the spread in
isotopic data as the resulting of the interaction of
two lead sources that evolved through time,
Lachlan crust and Lachlan mantle. Figure 13a
compares the isotopic characteristics of Cam-
brian (520–490 Ma) deposits and Silurian (435–
420 Ma) deposits from the southern Tasman
element with the evolution of the two lead
sources proposed by Carr et al. (1995). For the
Silurian deposits that the model was designed to
explain, it works well, with independently-
determined ages of mineralization similar to

Fig. 11 Variations in l, as determined mostly from the
analyses of Pb-rich mineralized samples, overlain by
European tectonic boundaries (lead isotope data used to
construct image from Blichert-Toft et al. 2016; tectonic

boundaries from Plant et al. 2005; Lahtinen et al. 2005;
Richards 2015; Faure and Farrière 2022). Significant
volcanic hosted massive sulfide districts are also indicated
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model ages. When expanded outside of the
Lachlan Orogen, the model breaks down: the
Lachlan crustal curve models the age of Cam-
brian deposits (Kanmantoo, Eclipse and Cymbric
Vale) to the west of the Lachan Orogen well, but
model ages of Cambrian deposits in the Mount
Read Volcanics, western Tasmania (Rosebery,
Que River, Hellyer, Mount Lyell and Henty)
are *200 Myr too young. Some Cambrian
deposits along the western edge of the Tasman
Element (Mount Ararat and Ponto) yield model

ages more than 200 Myr too old using the
Lachlan mantle model (Fig. 13a).

These discrepancies can be resolved by
expanding the Carr et al. (1995) model so that the
Lachlan crust and Lachlan mantle sources are
considered parts of two lead isotopic systems. If
the l of the Lachlan mantle curve is increased to
values of 10.2, the resulting evolution curve
yields model ages that closely match the ages of
western Tasmania deposits. Similarly, if the l of
the Lachlan crustal curve is decreased to 13.0,

Fig. 12 Diagrams showing variations in l (238U/204Pb)
(a), Dt (b) and T2DM (c) in the Tasman Element and
surrounds. Parts (a) and (b) were determined using the
Cumming and Richards (1975) lead evolution model.

Modified from diagrams in Champion (2013) and Huston
et al. (2017). Province and zone boundaries are from Glen
(2013)
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the resulting evolution curve produces ages that
match the ages of western Tasman Element
deposits (Fig. 13b). Based on these relationships,
Huston et al. (2016, 2017) suggested that the
formation of the Tasman Element involved the
interaction of two isotopic systems that include

both crustal and mantle components: one that
characterized a proto-Pacific plate that was con-
sumed during largely west-dipping subduction,
and a second that characterized pre-existing
proto-Australian crust in the over-riding plate.
The vast majority of the variability in lead

Fig. 13 Comparison of lead isotope data from selected
deposits from the Tasman Element with lead isotope
evolution curves: a Cambrian volcanic-hosted massive
sulfide and Silurian porphyry-related deposits with the
Lachlan crustal and Lachlan mantle curves of Carr et al.
(1995); and b Cambrian volcanic-hosted massive sulfide
and related deposits with a four component isotopic
evolution model consisting of the two component proto-
Pacific system (Lachlan mantle curve of Carr et al. (1995)

and contemporaneous crustal curve) and a two component
proto-Australia system (Lachlan crustal curve of Carr
et al. (1995) and contemporaneous mantle curve). For
both the proto-Pacific and the proto-Australian systems,
the second curve was calculated by changing the l
associated with original Carr et al. (1995) curve. The
dashed lines are mixing lines between the Lachlan crustal
and Lachlan mantle curves
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isotopes in the Tasman Element can be effec-
tively explained by mixing between these four
sources (Fig. 13b). Geologically, the West Tas-
mania Terrane forms part of the Selwyn Block
(or Vandieland), which is considered an exotic
block accreted onto Australia (Cayley 2011),
consistent with the model of two separate iso-
topic systems.

Figure 12b illustrates variations in the
parameter Dt, the difference between the age and
model age of mineralisation. As the Cumming
and Richards (1975) model used to calculate Dt
has an evolution similar to that of the Lachlan
crustal curve of Carr et al. (1995). The negative
to near zero values in the western mainland part
of the Tasman Element indicate a dominant
proto-Australia influence, whereas strongly pos-
itive Dt values, particularly in western Tasmania
and the New England Orogen, indicate a strong
proto-Pacific influence. Huston et al. (2017)
interpreted the low-l, positive Dt signature of the
Macquarie Cu-Au province to reflect the influ-
ence of volatiles from the subducting Pacific
plate. As both isotopic systems have both low-l
and high-l components, patterns in Dt are inde-
pendent of variations in l: some low-l zones
have positive proto-Pacific Dt signature whereas
others have a near-zero to negative proto-
Australia Dt signature.

5.3.4 Potential Problems with Lead
Isotope Mapping—Some
Traps for Young Players

A significant observation from this review is the
variety of parameters that have been used to map
or model variations in lead isotopes. Many of
these parameters (e.g. DJ and D207Pb/204Pb) are
locally defined and, although they work in the
local areas in which they were defined, do not
have universal application. In addition, in many
cases isotope mapping uses parameters derived
from local lead evolution models and not more
universal models such as Stacey and Kramers
(1975) or Cumming and Richards (1975). The use
of local models makes direct comparison between
maps difficult. It should be stressed, however, that
although absolute values of parameters derived

from different evolution models differ, the
observed patterns should be similar.

Like other geochemical data, the contouring
of lead isotope data is strongly influenced by data
density. In areas of low data density or no data,
commonly used contouring packages can pro-
duce artefacts, hence patterns in areas of low data
density should regarded critically, and areas with
no data masked.

6 Applications of Lead Isotope Data
to Exploration

Although not widely recognized as a direct tool,
lead isotope data can and has been used in
mineral exploration, from the province to the
deposit scale. At the province scale, lead isotopes
can be used assess the fertility of a particular
region for different styles of mineralization. At
the district to deposit scales, lead isotope data
have many uses including assessing potential
deposit type and potential size and defining
vectors to ore.

6.1 Inferring Metallogenic Fertility

As discussed above, at the province scale, lead
(and similarly Nd) isotopes can indicate fertility
for some deposit types. This is best shown for
VHMS deposits, where the most fertile provinces
occur within isotopically juvenile terranes. In
contrast, more fertile provinces for KANS
deposits are isotopically more evolved. Although
this was first documented for Archean provinces,
emerging data suggest the relationship of fertile
VHMS provinces with juvenile terranes also
applies to younger provinces (see above).

At the large scale, Hollis et al. (2019) and
Huston et al. (2020) have documented the asso-
ciation of major Irish-style and shale-hosted
massive sulfide deposits, respectively with gra-
dients in l (and also j and x), in the Irish
Midlands, the North Australian Zinc Belts and
the Northern Cordillera of North America. These
gradients are interpreted to mark cratonic edges
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and are also visible in geophysical datasets
(Huston et al. 2020).

6.2 Deposit Type and Size

Since the pioneering work of Cannon et al.
(1961), many workers have suggested that lead
isotope characteristics can indicate the type
and, potentially, the size of mineral deposits/
occurrences at an early stage of exploration.
Many mineral provinces are characterized by the
presence of different types of deposits, and
determining deposit type is important to develop
and apply exploration models, although limited
geological data can make this difficult. As lead
isotope data reflect both the source of the lead
and the age of mineralization, they can provide
an early indication of the origin of mineraliza-
tion. Below we give examples of the use of lead
isotope data to categorize mineral occurrences
and gossans at an early stage of exploration.
Then we discuss suggestions that lead isotope
characteristics can indicate size potential.

6.2.1 Fingerprinting Deposit Types,
a Case Study from Western
Tasmania

An example of lead isotope fingerprinting during
an exploration program was described by Gulson
et al. (1987) in western Tasmania, Australia.
Western Tasmania, one of the most richly min-
eralized provinces in Australia, has a range of
mineral deposit types, including Cam-
brian VHMS and related deposits, Ordovician
Irish-style or MVT deposits and Devonian
granite-related tin deposits. Gulson et al. (1987)
showed that major deposits of these groups have
different lead isotope signatures (Fig. 14). These
signatures were then used to classify and rank
mineral occurrences from a range of sample
media (steam sediments, soils, gossans/exposure,
drill chips and drill core). Another example
where lead isotope data have been used to
determine the origin of deposits is in the Coeur
d’Alene region in Idaho and Montana, United
States, where lead isotope data distinguish
Mesoproterozoic Cordilleran-type veins deposits

from vein deposits associated with Tertiary
intrusions (Zartman and Stacey 1971).

6.2.2 Assessing the Origin of Gossans
An important task during early exploration is
determining the origin of surficial ironstones—
are they true (i.e. related to mineralisation) or
false gossans? Based on data from stratiform
(VHMS and shale-hosted) Zn–Pb deposits, Gul-
son and Mizon (1979) found that true gossans
usually had very uniform lead isotope charac-
teristics that plotted close to locally determined
growth curves and gave model ages consistent
with expected ages. In contrast, false gossans
were characterized by variable ratios that yielded
model ages significantly younger than the
expected ages. Like the deposit fingerprinting
described above, lead isotope data have potential
for early-stage ranking of surficial gossans, with
resulting savings in time and money.

6.2.3 Inferring Potential Size
of Deposits

One of the earliest suggested uses of lead isotope
data in exploration was the inference that the data
could be used to indicate deposit size (e.g.
Cannon et al. 1961). Early workers (Cannon
et al., 1961; Stacey et al. 1967, Stacey and
Nkomo 1968; Zartman and Stacey 1971; Doe
1978; Stacey and Hedlund 1983) found that in
intrusion-centred hydrothermal systems, the lar-
ger deposits near the causative intrusion tended
to have less radiogenic and more homogeneous
isotopic signatures than peripheral deposits. The
larger deposits formed in the centres of these
systems may be dominated by homogeneous,
less radiogenic lead associated with the intrusion,
with the smaller, peripheral deposits incorporat-
ing a larger component of more radiogenic lead
from the wall rocks.

Another characteristic that has been used to
infer deposit size is the homogeneity of the iso-
topic data: large deposits have more homoge-
neous lead isotope ratios than small deposits or
occurrences. This relationship has been sug-
gested for a range of deposit types, including
orogenic gold (Browning et al. 1987), MVT
(Foley et al. 1981) and shale-hosted massive
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sulfide (Carr et al. 2001; Large et al. 2005)
deposits. The homogeneous isotopic character of
the large deposits may be the consequence of
large hydrothermal systems that homogenize lead
isotope signatures, whereas the heterogeneous
isotopic character of the small deposits may
indicate the predominance of smaller hydrother-
mal systems tapping different metal sources.

In a critical assessment of the utility of lead
isotopic data as indications of deposit size, Gul-
son (1986) cites several examples of small
deposits characterized by uniform lead isotope
data. Moreover, in the Zeehan district (Tasmania,
Autralia), the largest deposit, at the core of the
system, is characterized by a more radiogenic
isotopic signature (Huston et al. 2017). Hence,
the relationships between deposit size and lead
isotope characteristics do not appear to be con-
sistent and have limited exploration utility in
greenfields provinces, although they may have
utility in brownfield provinces where lead iso-
tope characteristics are better established.

6.3 Vectors to Ore

In addition to discriminating deposit type, lead
isotope ratios have also been used as vectors to
ore from a range of sample media. For example,

in the Snow Lake district, Manitoba, Canada,
Bell and Franklin (1993) found that the least
radiogenic lead isotope ratios from the fine-
grained fractions of till samples were located
down ice from the Chisel Lake deposit, sug-
gesting that lead isotope data from tills could be
used as vectors in glaciated terranes. In addition,
lead isotope ratios may provide vectors toward
ore in ground and surface waters in mineralized
provinces, as described below. It must be stres-
sed that use of lead isotopes as vectors to ores
and as discriminators of deposit type is strongly
provincial: the signatures differ according to
mineral province and deposit type, so local ori-
entation studies are required for use.

6.3.1 Lead Isotopes in Surface
and Groundwater,
Restigouche Deposit, New
Brunswick, Canada

Leybourne et al. (2009) undertook a combined
study documenting the variations in lead isotope
compositions of ore samples from the Ordovician
Restigouche VHMS deposit in the Bathurst dis-
trict, New Brunswick. They found that the iso-
topic composition of ores from this deposit were
similar to those of other VHMS deposits in the
district but different from volcanic and

Fig. 14 206Pb/204Pb versus
207Pb/204Pb diagram
comparing the fields of
mineral prospects from the
Elliott Bay area with major
mineral deposits from western
Tasmania, Australia
(compiled from Gulson et al.
1987). For this study, which
targeted Cambrian VHMS
deposits, prospects
overlapping with major
Cambrian deposits were given
priority over prospects
overlapping major Devonian
deposits
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sedimentary host rocks to the deposit, which
were significantly more radiogenic (Fig. 15).
They also found that surface and ground water
sampled proximal to the deposit had an ore sig-
nature, but distal groundwater had more radio-
genic lead isotope compositions due to
weathering of host volcanic and sedimentary
rocks (Fig. 15). Similarly, in the Broken Hill
district, New South Wales, de Caritat et al.
(2005) found that in the vicinity of deposits
groundwater lead isotope compositions reflected
the composition of the deposit; moreover, the
groundwater data could be used to identify the
style of mineralisation.

6.4 Summary and Potential Traps
for Young Players

As described above, lead isotopes have a large
range of potential uses in exploration, including
determining fertility of mineral provinces, iden-
tifying crustal boundaries that controls major
deposits, fingerprinting deposit (and gossan)
types and as direct vectors to ore. Another sug-
gested use is prediction of potential deposit size.
Although the criteria to determine deposit size
have not lived up to their early potential (e.g.

Gulson 1986), it does appear that heterogeneous
lead isotope signature is indicative of a small
deposit for many (though not all) deposit types
(i.e. shale-hosted massive sulfide, VHMS and
orogenic gold deposits, for instance, but not
MVT deposits).

The use of lead isotopes in exploration at the
district to prospect scale is largely empirical, and
site or district specific. Although particular pat-
terns might be expected in district and prospect-
scale datasets, it is important that orientation
studies are undertaken to validate the utility of
lead isotopes prior to undertaking major data
collection. Like other uses of lead isotopes, it is
preferable to determine initial ratios, if possible,
when using lead isotopes directly in exploration.

7 Conclusions and Future
Developments

As with many other scientific fields, the field of
lead isotopes has changed dramatically over the
last two decades. Using new analytical tech-
niques such as MC-ICP-MS and MC-LA-ICP-
MS, the cost of analyses has dropped, the pre-
cision has improved, and types of materials
analysed has diversified. These developments,

Fig. 15 206Pb/204Pb versus
lead concentration
(ppm) diagram comparing the
isotopic composition of
surface and ground waters
from in and around the
Restigouche deposit, New
Brunswick, Canada (modified
after Leybourne et al. 2009)
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combined with the increasing availability of large
datasets and new methods of data representation
and analysis (e.g. GIS) has allowed significant
advances in the use of lead and other radiogenic
isotopes in metallogenesis and exploration. In
particular, development of regional lead isotope
evolution models has improved the accuracy of
model ages, micro-scale analytical techniques
and the combination of lead isotope data with
other radiogenic and stable isotope systems can
better constrain the sources of ore and related
metals, and the combination of large datasets and
GIS has allowed construction of maps showing
variations in lead isotope ratios and derived
parameters such as l and Dt that have both
metallogenic and tectonic significance.

In exploration, lead isotopes have many and
varied uses. Regional lead isotope (and Nd iso-
tope) mapping can identify zones with higher
potential for certain types of deposits. For
example, in Archean and Proterozoic terranes,
VHMS deposits tend to be more abundant in
juvenile crust, which can be mapped using lead
(and neodymium) isotopes. In addition, lead
isotope characteristics can distinguish between
different types of mineralization, for example
VHMS versus granite-related tin in western
Tasmania or fertile versus barren gossans. There
is some suggestion that isotopically homoge-
neous deposits are larger than isotopically
heterogeneous deposits. Finally, lead isotopes
can be used as empirical vectors to ore both at the
camp to deposit scale, using a range of media
ranging from galena in minor occurrences,
through groundwater and tills.

The recent developments in analytical tech-
niques and GIS open up a range of applications of
lead isotopes to metallogenic, ore and tectonic
studies. In particular, high precision laser ablation
lead isotope analysis of fluid inclusions (Pettke
et al. 2010) offer the opportunity of direct sam-
pling of ore fluids, and, if the fluid inclusions are
well constrained, direct insights into the beha-
viour of lead during fluid flow and ore deposition.
The opportunity for microscale sampling of ore

minerals presents similar opportunities to those
seen with the development of micro-analytical
capabilities for other isotopic systems such as
oxygen, sulfur and boron (Sharp 1990; Eldridge
et al. 1987; Foster et al. 2018; Troll et al. 2019).
For example, Gigon et al. (2020) documented
apparent micro-scale variations in lead isotopes in
galena from the HYC (McArthur River) deposit in
the Northern Territory, Australia from SIMS
analysis. They interpreted these variations as
mixing between two lead sources, but “bulk”
high-precision double spike galena analyses did
not show the same trends (e.g. Carr et al. 2001);
reasons for this dichotomy in results have not been
resolved. As spatially resolved micro-analyses of
lead isotopes in a range of media become more
widely available, new insights will emerge.

However, the opportunities for advancement
extend well beyond microanalytical studies. In
the regional context isotopic mapping of thoro-
genic lead and combination of the U–Th–Pb
isotopic system with other radiogenic isotope
systems such as Sm–Nd and Re–Os has potential
to provide new insights into the role of different
parts of the crust and mantle in metallogenesis
and tectonics. For example, the combination of
uranogenic and thorogenic lead may constrain
the role of the lower to middle crust in metallo-
genesis. Radiogenic isotope studies from the
continent- to fluid inclusion-scales offer the
potential to understand province to ore-shoot
controls on ore formation, data that will assist in
developing genetic and exploration models, both
for area selection and vectoring.
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Application of the Lu–Hf Isotopic
System to Ore Geology,
Metallogenesis and Mineral
Exploration

Kathryn Waltenberg

Abstract

The Lu-Hf isotopic system, much like the
Sm-Nd isotopic system, can be used to
understand crustal evolution and growth.
Crustal differentiation processes yield reser-
voirs with differing initial Lu/Hf values, and
radioactive decay of 176Lu results in diverging
176Hf/177Hf between reservoirs over time.
This chapter outlines the fundamentals of the
Lu-Hf isotopic system, and provides several
case studies outlining the utility of this system
to mineral exploration and understanding
formation processes of ore deposits. The
current, rapid, evolution of this field of isotope
science means that breadth of applications of
the Lu-Hf system are increasing, especially
in situations where high-precision, detailed
analyses are required.

1 Introduction

The primary application of the Lu-Hf isotopic
system is to trace crustal evolution and growth
through time. Its direct applications to regional
mineral systems include, but are not restricted to,
mineralisation styles directly related to crustal

growth via addition of juvenile mantle material
rich in compatible elements (e.g. most Ni and
platinum-group element deposits, and kimber-
lites), and those developed at large-scale tectonic
interfaces between isotopically disparate crustal
blocks (e.g. porphyry Cu-Au and orogenic Au
deposits). The Lu-Hf system can be used to
isotopically map and identify prospective crustal
blocks and boundaries, to provide a combined
geochemical-geophysical view of the litho-
sphere, and to act as a ‘paleo-geophysical’ tool
(Hartnady et al. 2018) to reconstruct crustal and
lithospheric changes through time. When inte-
grated with geological, geochemical, structural
and geophysical datasets, the Lu-Hf isotope
system can be a powerful tool for refining min-
eral systems modelling (McCuaig et al. 2010)
and narrowing the search space for a range of
mineralisation styles.

The Lu-Hf isotopic system can be used to
track crustal growth and evolution through time
in a similar fashion to the Sm-Nd isotopic system
(Champion and Huston 2023). One of the most
important advantages of the Lu-Hf system is the
ability to measure Lu-Hf in individual zircons.
This is possible because the combination of high
Hf (1–2 wt%) and low Lu (ppm-ppb) in zircon
ensures that the preserved (present-day) Hf iso-
topic composition is close to initial (crystallisa-
tion) values; it requires little correction for
ingrowth of radiogenic (post-crystallisation) Hf.
It also means that Lu-Hf measurements can be
securely linked to U-Pb measurements directly
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constraining the age of the zircon. Measuring Lu-
Hf on zircon also allows direct integration with
other zircon measurements beyond U-Pb—such
as oxygen isotopes and trace elements—allowing
zircon to be ‘fingerprinted’ in multiple systems.

In this chapter, the fundamentals of the Lu-Hf
system are outlined to provide the basis for
application to exploration and metallogenic
investigations. This includes better integration
into exploration programs, whether by designing
new data collection campaigns and their inter-
pretation, or evaluating the quality and impact of
existing datasets. Lutetium-Hf isotope data are
useful in early planning stages to identify the
search space for province selection and,
depending on the commodity of interest and
geological setting, may also be valuable at the
district scale.

2 The Lutetium-Hafnium Isotopic
and Geochemical System

The Lu-Hf isotopic system is based on the beta
decay of 176Lu to 176Hf, with a half-life of about
37 billion years (Söderlund et al. 2004). Lutetium
and Hf are fractionated differently during crust
formation processes (Vervoort 2014). During
mantle melting, Hf is more incompatible than Lu,
so fractionation processes enrich the crust in Hf
relative to Lu, and different crustal reservoirs
(e.g., continental vs oceanic) take on different
Lu-Hf isotopic characteristics. As 176Lu decays,
reservoirs with higher Lu/Hf will have a corre-
spondingly high radiogenic 176Hf abundance
relative to the non-radiogenic and stable 177Hf
isotope (Eq. 1; Fig. 1).

There is widespread agreement amongst the
Hf-isotope community on a value of 1.867 �
10−11 yr−1 for the 176Lu decay constant (Scherer
et al. 2001; Söderlund et al. 2004; Thrane et al.
2010). However, older published literature may
use an alternate decay constant (e.g., Sguigna
et al. 1982; Bizzarro et al. 2003). When com-
piling data from different sources, each author’s
choice of decay constant should be confirmed.
This is particularly important in older terranes, or

for high-Lu samples, where more 176Hf will have
accumulated from 176Lu decay.

The specific equation for the evolution of the
Hf isotope composition is:

176Hf
177Hf

� �
now

¼
176Hf
177Hf

� �
0

þ
176Lu
177Hf

ekt þ 1
� � ð1Þ

where 176Hf/177Hf and 176Lu/177Hf are the
present-day (measured) values, (176Hf/177Hf)0 is
the initial Hf isotope composition at time t in the
past, and k is the decay constant of 176Lu.

Crustal differentiation processes yield reser-
voirs with differing initial Lu/Hf values, and the
decay of 176Lu will result in diverging
176Hf/177Hf between reservoirs over time. How-
ever, the long half-life of 176Lu means that iso-
topic variations between reservoirs are generally
very small, and distinguishing between them
requires high analytical precision and accuracy.

2.1 Epsilon Hf (ɛHf)

The isotope 176Hf continues to accumulate in all
reservoirs over time, so the same 176Hf/177Hf
value can have very different interpretations at
different geologic times and in different geologic
settings. The eHf parameter normalizes
176Hf/177Hf values against that of the chondritic
uniform reservoir (CHUR), which serves as an
estimate of the bulk Earth 176Hf/177Hf. This sys-
tem is easier to work with than the isotopic ratios,
because differences in 176Hf/177Hf are geologi-
cally significant at the fourth decimal place. The
equation for calculating eHf at a time (t) is:

eHft ¼ 104 � 176Hf=177Hf
� �

sample;t

�

= 176Hf=177Hf
� �

CHUR;t
�1

	 ð2Þ

2.2 Model Ages

As with the Sm-Nd system, model ages of crustal
reservoirs can be calculated from Lu-Hf data in
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order to estimate the time since extraction from
the mantle (i.e. crust formation events). There are
several assumptions that must be made to deduce
these model ages, and so it is important not to
confuse them with accurate, precise determina-
tions of geologically-meaningful rock-forming
event ages such as igneous crystallisation U-Pb
or Ar/Ar ages. Model ages are estimates of
average mantle extraction age, and do not
directly date geologic events, so they should

primarily be used as petrogenetic tools for com-
paring rock suites (Spencer et al. 2020).

The simplest type of model age is a single-
stage model age, which assumes the sample was
extracted directly from the mantle and has
evolved as a closed system ever since, and that
the Lu/Hf value of the analysed material reflects
bulk-rock values. This is calculated by using the
measured 176Lu/177Hf and 176Hf/177Hf to track
backwards in time until the depleted mantle

Fig. 1 (a) 176Hf/177Hf and (b) epsilon-Hf (eHf) plots
showing main principles of the Lu-Hf isotope system as
applied to measurements in zircon. To calculate the
176Hf/177Hf (a) or eHf (b) at the time of crystallisation
(eHft), the measured 176Hf/177Hf of a zircon (Hf/Hf)zrn,0 is
corrected for the ingrowth of radiogenic 176Hf since
crystallisation based on the 176Lu/177Hf in the zircon. To
calculate a single-stage model age (TDM), this trend is
extrapolated until it intercepts the depleted mantle
(DM) curve. A two-stage model age (T2DM) uses an

estimate for the 176Lu/177Hf composition of the source to
extrapolate from the crystallisation event until the
depleted mantle intercept. CHUR, an estimate of bulk
earth composition continues to accumulate 176Hf as a
function of 176Lu abundance. On an eHf plot (b), CHUR
is defined as zero throughout Earth history. [Hf/Hf]CHUR,0
is the 176Hf/177Hf of CHUR at present day. [Hf/Hf]DM,0 is
the 176Hf/177Hf of the depleted mantle at present day
(t=0).
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model curve is intercepted (Fig. 1). In this case,
it is not necessary to know the crystallisation age
of the rock. There are significant problems with
this method, particularly when measuring Lu-Hf
in zircon because zircon fractionates Lu and Hf
extremely strongly, leading to a Lu/Hf in zircon
that can be orders of magnitude lower than the
protolith from which the zircon formed. The
result is that Hf single-stage model ages calcu-
lated from zircons are always minimum estimates
of the model age of extraction of associated crust
from the mantle.

A better approximation of the time of
extraction from the mantle (crustal residence age)
is derived from a two-stage model age, in which
the measured isotopic ratios are traced back in
time the same way as the single-stage model age
to the time of zircon crystallization, at which
point an estimated Lu/Hf for the protolith or
source region is used to calculate the intersection
point with the depleted mantle curve (Fig. 1).
This gives a more reasonable model age estimate,
particularly when using measured values from
zircons, but it does also entail more assumptions.

Firstly, the age of the rock (or analysed min-
eral grain) must be well-constrained. This is
generally straightforward for zircon-bearing
rocks, as the U-Pb age is usually determined on
the same zircons, either beforehand or simulta-
neously with the Lu-Hf isotopic measurements.

Secondly, it is necessary to assign an initial
Lu/Hf value to the precursor source material(s).
Given that these sources are commonly
destroyed or substantially modified during the
crustal differentiation process responsible for
forming the existing rock or minerals, it can be
difficult to appropriately characterise their Lu/Hf,
particularly when these sources are mixed, or at
depth. Bulk 176Lu/177Hf is most often assigned
the value of 0.015 (Griffin et al. 2002), estimated
from average continental crust, though other
researchers use other values based on other evi-
dence or models for a different source, such as
mafic or felsic crust (Amelin et al. 1999; Kemp
et al. 2006; Vervoort and Kemp 2016).

Thirdly, there are multiple models for deple-
ted mantle composition through time, and other

suggested source regions, such as that similar to
island arc crust (Dhuime et al. 2011; Vervoort
and Kemp 2016).

Because of the large differences between dif-
ferent methods used to estimate model mantle
evolution curves, the reader should be careful to
understand which method the author has reported
and why, particularly when compiling data from
multiple sources. Figure 1 demonstrates the
potential differences between the two types of
model ages. The two-stage model age is so
strongly preferred in recent literature that the
ascribed notation for this model age is often
TDM which can easily be confused with the
single-stage model age notation.

2.3 Hf Isotope Evolution Models

The isotopic composition of Earth reservoirs
evolves as more 176Hf is accumulated through
decay of 176Lu (Fig. 1). This means that material
extracted from the mantle reservoir at different
times has different isotopic compositions. It is
these differences which form the basis of the Lu-
Hf system for characterising the nature of the
crust and mantle lithosphere.

When a melt from a depleted-mantle source is
extracted and emplaced at shallower levels, this
material has an isotopic composition that lies on
the depleted mantle curve, and is considered
‘radiogenic’ due to its high proportion of radio-
genic 176Hf relative to non-radiogenic 177Hf.
Some authors also describe these compositions
as ‘juvenile’. In contrast, where melt is extracted
from crustally-derived material, the correspond-
ing terminology is ‘unradiogenic’ and ‘evolved’.

Figure 2 shows a synthesis of various ways
that geological processes influence 176Hf/177Hf
and eHf. Crust-mantle differentiation begins in
the early Earth, marked on the figure by the
initial divergence of the CHUR and depleted
mantle curves. At position t1, partial melting in
the depleted mantle generates new crust. If there
is no more mantle-derived material added to the
crust after this point (i.e., crust is stable or
internally reworked), the extracted crustal
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material simply accumulates 176Hf proportional
to its 176Lu abundance. If there is a second partial
melting event in the depleted mantle at t2, any
mixing between crust from the t1 and t2 events
will have eHf intermediate between the two
isotopic compositions.

Confidence in interpreting these types of
events stems from the fact that the Lu-Hf system
is robust, particularly in zircon (Cherniak and
Watson 2003). This is because zircons them-
selves are generally robust: hard, refractory and
resistant to alteration, thus able to remain intact
during sedimentary, metamorphic and even some
igneous processes. By comparison, the bulk-rock
Lu-Hf isotope system is more susceptible to
weathering- or alteration-related isotopic
disturbance.

Not all influences on eHf come from geolog-
ical sources. Analytical and data reduction arti-
facts can introduce apparent trends which do not
reflect a geological process. Vervoort and Kemp
(2016) and Spencer et al. (2020) provide a
detailed synopses of many of the potential pit-
falls and issues in collecting Lu-Hf isotopic data,
as well as advice on analytical and interpretive
approaches to avoid these problems.

3 Analytical Methods

The Lu-Hf isotopic system reflects similar geo-
logical processes to the Sm-Nd system, but has
historically been more difficult to measure (Ver-
voort 2014). Bulk-rock Lu-Hf systematics can be
interpreted in largely the same way as Sm-Nd
systematics (Kinny and Maas 2003; Vervoort
2014).

The low abundance of Lu and Hf in Earth
materials, the very small differences in isotopic
ratios that mark geologically significant varia-
tion, and the large isobaric interferences on the
isotopes of interest, pose difficulties for precise
isotopic measurements (Halliday et al. 1995).
Thermal ionisation mass spectrometry (TIMS)
was the first technique used to collect high-
precision bulk-rock Lu-Hf data (Patchett and
Tatsumoto 1980; Patchett et al. 1982; Corfu and
Noble 1992), but the high ionisation potential of
Hf makes these measurements difficult (Vervoort
2014). The high Hf content of zircon makes
analysis of mineral separates easier than whole-
rock analysis (Kinny and Maas 2003). As
inductively-coupled plasma mass spectrometry

Fig. 2 Epsilon-Hf (eHf) plot showing generalised geo-
logical processes that influence Hf-isotope signatures.
Material derived directly from a depleted mantle source
will fall along the depleted mantle curve at the time of
extraction. As this material resides in the crust, its Hf
composition will become unradiogenic relative to
depleted mantle, and remelting of these crustal sources

will have an eHf signature that lies along the same
trajectory indicated by shaded grey bars. Mixing between
multiple sources extracted from the mantle at different
times leads to intermediate eHf between the various
sources, with exact signature a complex function of the
proportions and Hf content of the disparate sources.
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(ICP-MS), and in particular multi-collector
(MC) capability (Walder and Freedman 1992;
Halliday et al. 1995; Blichert-Toft and Albarède
1997), and laser ablation (LA) functionality
(Thirlwall and Walder 1995; Woodhead et al.
2004) has become more accessible, use of the
Lu-Hf system has increased dramatically.

Lu-Hf data are now most routinely collected
by laser ablation microanalysis (Kinny and
Maas 2003), which allows close links to the age
information necessary for appropriately deter-
mining time-corrected parameters (Amelin et al.
1999, 2001; Gerdes and Zeh 2006). Micro-
analysis also permits greater understanding of
how multiple components in a single sample
contribute to the isotopic signature, and there-
fore the history of the sample (Woodhead et al.
2004; Mole et al. 2014; Kirkland et al. 2015).
Data collection is very rapid, however sample
preparation involves mineral separation and
preparing grain mounts in addition to the
crushing steps of whole-rock analysis, and
requires further mineral characterisation tech-
niques such as cathodoluminescence imaging
(Kinny and Maas 2003).

LA-MC-ICP-MS analysis has enabled rapid
(on the order of 1–2 min per analysis; Thirlwall
and Walder 1995; Woodhead et al. 2004) col-
lection of data from individual minerals while
sampling very small volumes of material (usually
below 100 µm diameter ablation pit and exca-
vating 0.5–1.0 µm per second; Kinny and Maas
2003). By targeting individual mineral grains, it
is possible to gain extra insights from ‘unmixing’
different components of a rock. Several of the
case studies presented in this chapter take
advantage of this ability.

Laser ablation analyses are increasingly ben-
efiting from split-stream technology, whereby
material ablated from the target mineral can be
‘split’, and directed to multiple mass-
spectrometer systems for simultaneous measure-
ment. This permits truly synchronous acquisition
of Lu-Hf using a multicollector mass spectrom-
eter while using a second mass spectrometer to
measure U-Pb, and trace elements (Woodhead
et al. 2004; Yuan et al. 2008). This is beneficial

not only because of the increased richness of data
but also allows real-time assessment of Lu-Hf
analysis quality. Oxygen isotopic analysis is also
commonly paired with Hf and U-Pb analysis, and
provides information on alteration and crustal
recycling processes (Valley 2003; Kemp et al.
2007; Harrison et al. 2008). These oxygen anal-
yses are usually done by ion-probe before laser
analysis.

The technical aspects of Lu-Hf data collection
(such as sensitivity improvements, down-hole
fractionation and resolution of triple-
interferences at mass 176) have been thor-
oughly reviewed by other authors (e.g., Kinny
and Maas 2003; Fisher et al. 2014; Vervoort and
Kemp 2016; Spencer et al. 2020). These reviews
provide useful discussion of the power and pit-
falls of Lu-Hf analyses, and also provide further
criteria for determining data quality and for aid-
ing interpretation of a diverse range of data
trends—not all of which are geologically mean-
ingful. Other papers cover the specifics of Hf
analysis of zircons by LA-ICP-MS (Amelin et al.
2000; Woodhead et al. 2004; Xie et al. 2008;
Yuan et al. 2008; Gerdes and Zeh 2009).

4 Geological Applications of the
Lu-Hf Isotope System

Analysis ofmagmatic rocks orminerals can be used
to characterise crustal blocks through time (Mole
et al. 2014; Cross et al. 2018; Waltenberg et al.
2018) and to identify subsurface source regions
(Flowerdew et al. 2009; Dolgopolova et al. 2013).
The meaning and origin of geophysical and paleo-
thermal anomalies can also be investigated (Hart-
nady et al. 2018; Siegel et al. 2018; Waltenberg
et al. 2018). The Lu-Hf isotope system can be used
to understand the origins of ore-bearing fluids in
hydrothermal systems (Westhues et al. 2017).
Further, Lu-Hf isotopic analysis can determine the
metal transport pathways, and mechanisms of
mineralisation caused by magmatic processes
(Murgulov et al. 2008; Mole et al. 2014; Kirkland
et al. 2015) and refine mineral systems models
(Hou et al. 2015; Kirkland et al. 2015).
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Analysis of metamorphic zircons can reveal
information about the source of fluids involved in
the metamorphic process. If the metamorphic
domains have a different Hf signature, this may
indicate an exotic source for metamorphic fluids,
including the possibility of mantle-derived fluids.
If the signature is the same as earlier magmatic
domains, the source of metamorphic material is
more likely to be proximal (e.g. Wu et al. 2009;
Kirkland et al. 2015).

One of the strengths of the Lu-Hf system as
applied to mineral separates is the ability to
retrieve fossil isotopic information even when
characteristics of the original rock have been lost
to weathering and erosion. Lutetium-Hf studies
of detrital minerals (e.g., zircon) allow investi-
gation of the sources of detritus and characterized
minerals can be used as indicators to detect
possible nearby intrusions, for example in zir-
cons derived from kimberlites in nearby creek
catchments (Griffin et al. 2000; Belousova et al.
2001; Batumike et al. 2009). Analysis of detrital
material in a catchment can be used to survey the
entire provenance spectra, and narrow down
targeting of regions. Isotopic ‘fingerprints’ can
be used to match sediments with a library of
magmatic data to determine provenance, and
correlate sedimentary basins (Doe et al. 2013).
This can be expanded by also collecting O-
isotopes and split-stream U-Pb and trace ele-
ments on the same zircons to characterise sources
in more detail (e.g., Belousova et al. 2002;
Griffin et al. 2006; Lu et al. 2016; Purdy et al.
2016).

5 Target Materials and Minerals

The dominant method of Hf-isotope determina-
tion is analysis of zircons by MC-ICPMS meth-
ods. Zircon substitutes Hf in the Zr site in its
structure due to identical charge and similar ionic
radius between the two elements—most terres-
trial zircons have 0.5–2.0 wt% HfO2 (Speer and
Cooper 1982), making zircon the primary host of
Hf in most rocks (Kinny and Maas 2003). Zircon
also excludes Lu, making it ideal for Lu-Hf
isotopic studies (Amelin et al. 1999). Because it

incorporates Hf so effectively, the original
176Hf/177Hf at the time of zircon formation is
well-preserved within zircon crystals, and only a
small correction is required for ingrown 176Hf
(Kinny and Maas 2003). This means that zircons
preserve ‘fossil’ isotopic markers and are used to
determine Hf isotope composition at the time of
zircon growth. Zircon is informative for charac-
terising a range of rock-forming processes
including magmatic, metamorphic and detrital
processes (Kinny and Maas 2003; Vervoort et al.
1996). Individual zircon grains are commonly
complexly zoned and can robustly retain inher-
ited cores and magmatic and metamorphic
overgrowths, which can provide constraints on
the growth of the zircon, and host rocks—one of
the primary reasons why zircon is such a popular
mineral for both geochronology and isotopic
studies.

Rutile LA-ICPMS analytical methods have
been developed (Luvizotto et al. 2009; Ewing
et al. 2011) for igneous, metamorphic and detrital
applications (e.g., Choukroun et al. 2005; Zack
et al. 2011; Ewing et al. 2014). Ewing et al.
(2011) documented an example of zircon and
rutile Hf data from the same rock recording
information on different parts of metamorphic P-
T-t history and suggested that these two minerals
give complementary information about meta-
morphism. Ewing et al. (2014) demonstrated that
rutile preserves 176Hf/177Hf even through
dissolution-reprecipitation events during meta-
morphism, provided rutile is not replaced by
another mineral such as ilmenite. These authors
proposed that rutile may be especially useful in
UHT metamorphic rocks where metamorphic
zircon is limited, and in other zircon-poor
lithologies.

Likewise, baddeleyite analysis by LA-MC-
ICPMS methods have been developed (Xie et al.
2008; D'Abzac et al. 2016) and these techniques
have been applied to sediment-hosted badde-
leyite grains (e.g., Schärer et al. 1997; Bodet and
Schärer 2000), and igneous applications (Söder-
lund et al. 2005, 2006). Like zircon, baddeleyite
contains very little Lu in its structure (Söderlund
et al. 2005), so the correction for 176Hf ingrowth
since crystallisation is similarly small.
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Baddeleyite rarely preserves inheritance and
populations in magmatic rocks are predominantly
cogenetic, so there may be benefit in analysing
baddeleyite rather than zircon in silica-
undersaturated samples with complex histories
to retrieve unambiguously magmatic Lu-Hf sig-
natures from the rock.

This chapter is focused on the use of Lu-Hf as
an isotopic tracer, however minerals that incor-
porate the parent (176Lu) isotope can be used as
geochronometers (e.g., apatite, garnet, lawsonite;
Vervoort 2014). Vervoort (2014) present an
overview of the geochronological applications of
the Lu-Hf system.

6 Application of the Lu-Hf Isotope
System to Mineral Deposit
Research and Exploration

The nature and configuration of crustal blocks is
critically important to understand where and
when mineral deposits form. The primary value
of Lu-Hf isotopic data in mineral exploration is
currently in focussing the search space, and guide
the extension of exploration out from regions of
known mineralisation. The structures of the deep
crust and lithosphere are major controls on Lu-Hf
isotopic signatures, and these are also strong
controls on the occurrence of many mineral
deposits. Geophysical techniques can be used to
image these sub-surface regions in their present-
day configuration, but an isotopic approach
means that it is possible to map crustal blocks
and lithospheric architecture through time
(Champion and Huston 2016, 2023).

Several studies have demonstrated a strong
link between isotopic signatures and lithospheric
thickness in young terranes (e.g., Nash et al.
2006; Zhu et al. 2011; Yang et al. 2014; Hou
et al. 2015) but isotopic information is especially
valuable in older regions (e.g., Australia,
Canada), where the environments and crustal
configurations prevailing during mineral deposit
formation differ significantly from those of the
modern Earth. Isotope systems such as Sm-Nd
and Lu-Hf can be used as paleo-geophysical
tools (Hartnady et al. 2018), to reconstruct the

Earth’s dynamic history and place mineralisation
in a contemporaneous context. The isotopic sig-
nature of pre-existing materials is preserved even
though the pre-existing material may have been
lost or is inaccessible.

Direct application of the Lu-Hf system to
deposit-scale problems is an emerging field and
there are not many publicly available case stud-
ies. However, larger-scale studies have value to
explorers, in much the same way as regional
geophysical datasets provide context. Regional
studies are useful because they provide ‘baseline’
data against which camp-scale results can be
compared. For example, identification of unusu-
ally radiogenic eHf in a region of non-radiogenic,
old crust may indicate mantle-derived input in
that area, and thus increased potential for par-
ticular types of mineralisation. Investigating
temporal variations in isotopic character may
indicate periods of mantle input, and enable the
explorer to narrow the time window of interest
and constrain timing of mineralisation. The key
is to keep in mind the mineral systems approach
(McCuaig et al. 2010), what components are
required for the mineral deposit style of interest,
and how these might be expressed isotopically.

The first three of the following case studies
demonstrate some applications of the Lu-Hf
isotope system in understanding metallogenesis,
and emphasise the close links between Lu-Hf
isotopes and lithospheric thicknesses and
boundaries, both of which strongly influence
mineral occurrence and endowment. The fourth
case study demonstrates the power of the Lu-Hf
isotope system applied to detrital minerals to act
as pathfinders for kimberlite-hosted mineral
deposits.

6.1 Lithospheric Controls
on Mineralisation Style
in the Lhasa Terrane

The Lu-Hf isotope system assists in understand-
ing regional trends in lithospheric character and
the resulting mineral potential for magmatic-
associated systems. Hou et al. (2015) compiled
new and published LA-ICP-MS zircon Hf and
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other geochemical data to investigate why
magmatic-hydrothermal ore deposits occur in
specific tectonic environments. These authors
produced Hf model-age maps for the Lhasa
Terrane of the Himalayan–Tibetan Orogen which
demonstrate a correlation between the occurrence
of several styles of mineralisation formed during
the Jurassic-Miocene, and the Hf-signature of
mineralisation-related igneous rocks.

The Hf model-age maps vary between the
three distinct E-W trending crustal blocks—a
central Proterozoic microcontinent with bound-
ing Phanerozoic blocks to the north and south
(Fig. 3). The Hf data also suggested the existence
of two concealed N-S trending lithospheric-scale
faults that cross-cut all three blocks. The authors
argued that the configuration of these blocks and
faults exert a first-order control on the formation
of various magmatic-hydrothermal mineral
deposits across the Lhasa Terrane.

Hou et al. (2015) interpreted that many of the
deposit types in the region form in proximity to

terrane margins and lithosphere-scale faults (as
expressed by regions with the highest Hf-isotope
gradients) because these regions of structural
weakness promote transport of mantle-derived
material to provide the metalliferous and
heat/energy inputs needed to form ore deposits.
Mantle-derived magma ascending through litho-
spheric faults sourced metal for skarn Fe-Cu ore
deposits, whereas away from terrane boundaries
the lack of structural conduits limits transport of
mantle-derived material—so the potential for
skarn Fe-Cu deposits is low.

Where mineral deposits occur away from
boundaries and major faults, the authors also
demonstrated that the major mineralisation style
varies based on the age and character of the crust.
Porphyry Cu systems are associated with rela-
tively young crust (T2DM < 1200 Ma), but Mo-
dominated porphyry systems occur in older crust
(T2DM > 1200 Ma). Fe-Cu skarns are associ-
ated with young crust, however Fe-only skarns
are more strongly correlated with older crust.

Fig. 3 Two-stage model-age map of the Lhasa terrane.
Reproduced with permission from Hou et al. (2015);
Copyright 2015 Society of Economic Geologists. The
maps show the close spatial relationship between ore
deposits and sub-terranes and boundaries mapped out by
Lu-Hf isotopes. A central Proterozoic microcontinent
(blue) is bounded to the north and south by two
Phanerozoic blocks (red-yellow), and the Hf data
(n=4762 analyses) are also suggestive of the existence
of two concealed N-S trending lithospheric-scale faults
(white dashed lines) crosscutting the blocks. The location
of mineral deposits is closely linked to blocks of specific

isotopic character, or to isotopic boundaries that may
indicate regions of lithospheric weakness. A, B and C
denote the author’s delineations of three domains, based
on spatial differences in Hf model age. NLS = northern
Lhasa subterrane, CLS = central Lhasa subterrane, SLS =
southern Lhasa subterrane, BNSZ = Bangong-Nujiang
suture zone, IYZSZ = Indus-Yarlung-Tsangpo suture
zone, SNMZ = Shiquan River-Nam Tso Mélange Zone,
LMF = Luobadui-Milashan Fault. Red lines denote
Miocene normal fault systems; white dashed lines denote
inferred basement faults.
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Granite-related Pb-Zn deposits are associated
with older crustal blocks. In addition to the
spatial correlation, the authors also demonstrated
that many rocks in the region with high zircon
eHf are rich in Cu (Fig. 4).

Paired Lu-Hf and U-Pb age data from zircons
enables further temporal constraints to be applied
to tectonic reconstructions and crustal evolution
models, including periods of crustal reworking
and mantle input into crust. Integration of this
isotopic information into reconstructions has
enabled better understanding of the processes
that formed the Lhasa Terrane (Zhu et al. 2011;
Hou et al. 2015) and the development of a geo-
dynamic model for its mineralisation (Hou et al.
2015).

6.2 Cautions and Considerations

Hou et al. (2015) showed that the Lu-Hf isotope
system can be used as a mapping tool to identify
crustal blocks of different character and origins
and that boundaries between these blocks tend to
be significant hosts of mineralisation. This study
showed the power of high data density (4762
analyses total) to understand subtle differences

across terranes. This example also demonstrates
that there is no single ‘golden’ Hf-signature to
look for—mineralisation can occur in old or
young crust, but different styles tend to occur in
regions of specific crustal character. The relative
differences in Hf isotope signatures are as
important as the absolute isotopic values—iso-
topic gradients can indicate the most prospective
regions due to their correlation with lithosphere-
scale faults acting as a conduit for mantle-derived
material. The background isotopic signature of a
terrane will be important information to consider
when conducting a more localised or camp-scale
study.

Hou et al. (2015) illustrated the Hf-signatures
using both eHf and model-age (TDM) maps;
however, mapping using the eHf parameter is not
considered best-practise for comparing isotopic
signatures between samples of different age,
because eHf values are not time-independent
(Fig. 1). The depleted mantle source continues to
increase in 176Hf/177Hf, which means that the
same absolute eHf value can have different
implications at different times. In cases where
there is significant age variation in the analysed
rocks, a more robust approach is to use T2DM
(Champion and Huston 2016).

Fig. 4 Whole-rock copper content vs zircon eHf for
igneous rocks of the Lhasa Terrane. Reproduced with
permission from Hou et al. (2015); Copyright 2015
Society of Economic Geologists. Juvenile rocks tend to

contain the highest Cu-content, demonstrating a link
between positive eHf values and increased copper min-
eralisation potential.

198 K. Waltenberg



7 Mapping Lithospheric Evolution
Through Time and Implications
for Ni Mineralisation

The previous Mesozoic-Cenozoic example illus-
trated the strong relationship between Lu-Hf
isotopes, lithospheric structure and transport of
metals into the crust. Isotopic characterisation
also provides unique insight into lithospheric
processes. There is a strong link between isotopic
mapping and geophysical imaging techniques if
the lithospheric configuration at the time of
igneous emplacement is preserved. In older or
dynamic terranes where current-day configura-
tions might be very different to those of the past,
isotopes can preserve signatures of configura-
tions through time, including pre-, syn- or post-
mineralization. This ability to reconstruct past
configurations can help guide mineral explo-
ration and targeting (Champion and Huston
2016; Collins et al. 2011; Mole et al. 2014).

Mole et al. (2014) conducted a zircon LA-
ICP-MS Lu-Hf isotopic study in the Eastern
Goldfields Province in Western Australia to
understand the isotopic architecture and

evolution of the lithosphere for the purposes of
understanding controls on komatiite volcanism
and associated Ni occurrences. Hafnium isotope
data were used to generate a series of isotopic
time-slices across the region. Isotopic variations
in both space and time were interpreted to reflect
gross lithospheric architecture. The researchers
found that two older crustal blocks and one
younger block existed in the time interval 3050–
2820 Ma, and the configuration of these blocks
controlled the location of komatiite emplacement
in the Forrestania and Lake Johnston greenstone
belts at 2.9 Ga (Fig. 5). The 2820–2720 Ma time
slice provides evidence for the formation of the
Eastern Goldfields crustal block, along with two
other new blocks and the three previously
existing blocks. This time period is interpreted to
be associated with significant crustal reworking
and minimal komatiite emplacement. The third
time slice (2720–2600 Ma) identified by Mole
et al. (2014) coincides with the timing of the
most voluminous komatiite emplacement (c.
2.7 Ga) and is characterised by the presence of
only two major crustal blocks—the Eastern
Goldfields and the West Yilgarn. In both periods

Fig. 5 eHf mapping of the Yilgarn Craton. Reproduced
with permission from Mole et al. (2014); Copyright 2014
National Academy of Science. The subset of zircons
3050–2820 Ma in age show variation across the craton,
reflecting the configuration of different crustal blocks at
this time. (A) Relationship between komatiite locations

and radiogenic (juvenile) eHf. (B) Interpreted configura-
tion of the crustal blocks at this time; a juvenile east-west
trending block separates two blocks of reworked crust.
The probability density plots for each region are shown as
insets.
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of komatiite generation (2.9 Ga and 2.7 Ga), the
volcanism is constrained to radiogenic (juvenile)
crustal blocks and margins.

Mole et al. (2014) mapped the changing
lithospheric configuration through time, and
produced geodynamic models for the generation

of the Ni camps of Forrestania, Lake Johnston
and Kambalda (Fig. 6). These models, along
with complementary evidence from geochronol-
ogy and geochemistry of magmatic rocks, infer
the presence of thin lithosphere based on the
radiogenic isotopic signatures, and propose that

Fig. 6 Interpreted cross-section at 2.9 Ga in the southern
Youanmi Terrane. Reproduced with permission from
Mole et al. (2014); Copyright 2014 National Academy of
Science. (A) Measured eHf values plotted for analyses in
the 3050–2820 Ma age range, as per Figure 5 and location
of cross section A-A’. (B) Isotopic cross-section between
the Hyden Block and the Lake Johnston Block. The
average Hf-isotope signature is significantly different

across the two blocks and the interface is interpreted as a
craton margin between the two blocks. (C) Interpreted
lithospheric architecture at c. 2.9 Ga as interpreted from
the isotopic results. Komatiite eruption is facilitated by
plume-related extension at the interface of the two crustal
blocks, and metals are preferentially deposited in the crust
in the Lake Johnson Block where the lithosphere is
thinner.
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these regions of thinner lithosphere facilitated
ascent of mantle-derived komatiitic magma
metals into the upper crust.

7.1 Cautions and Considerations

Mole et al. (2014) combined U-Pb and Lu-Hf
isotopes to map ancient craton boundaries
through time, and track the progressive devel-
opment of Archean crust. The earliest cratonic
configurations no longer exist, but the isotopic
signatures and mineralisation associated with
these structures remain intact. The power of
isotopes to look back through time is amplified
by the zircon LA-ICP-MS method, as used in this
study. A range of different zircon growth periods
can be targeted and used to get a time-series of
events—from a single sample. Mole et al. (2014)
remarked upon the abundance of inherited zir-
cons available in the analysed samples, and this
allowed isotopic extraction of not only the
magmatic population (the magmatic data con-
sidered in isolation is similar to whole-rock Sm-
Nd data in the region), but also the isotopic
signatures of earlier magmatic events as pre-
served in the inherited zircon population. This
approach was especially valuable here, because
direct exposure of granites older than c. 2800 Ma
are rare in this region (Mole et al. 2014). There is
an implicit assumption that the inherited material
is from a relatively local source to the emplaced
igneous body, and not transported laterally
before incorporation into the magma.

Compromises must be made to reduce the
complexity of multi-spot analytical data to enable
meaningful spatial portrayal. The choice of this
simplification (e.g., means vs medians, eHf vs
T2DM) can have strong impacts on subsequent
interpretations of the data. Mole et al. (2014) used
median values from each population, but have
provided a range of other portrayals in their
supplementary material. These plots demonstrate
that the overall trends remain the same for a range
of data reduction techniques, but it is an important
reminder that decisions on data portrayal have the
potential to impact isotopic interpretations.

8 Metamorphism and Gold
Mineralisation in the Tropicana
Zone

Kirkland et al. (2015) examined potential models
for gold deposit formation in the regolith-covered
Archean Tropicana Zone, in the Albany-Fraser
Orogen on the eastern margin of the Yilgarn
Craton, Australia. They applied zircon LA-ICP-
MS Lu-Hf analyses, zircon SIMS U-Pb and
pyrite TIMS Re-Os geochronology, and whole-
rock geochemistry to contextualise the gold
mineralisation that occurs within the Tropicana
Zone, and to draw comparisons with the adja-
cent, well-endowed Eastern Goldfields province.

As a component of the Albany-Fraser Orogen,
the high-grade Tropicana Zone preserves a
complex Proterozoic thermal history. The rocks
investigated by Kirkland et al. (2015) are pre-
dominantly granulite-facies gneissic rocks, with
sanukitoids as the protolith. Kirkland et al.
(2015) used micro-analytical U-Pb and Lu-Hf
analytical techniques to extract information from
metamorphic, magmatic and inherited regions in
zircons from these rocks to characterise frac-
tionation events, and also to compare with other
lithospheric blocks.

Kirkland et al. (2015) found that there are
strong similarities in Hf-isotope character
between the Tropicana Zone and the Eastern
Goldfields Terrane. The authors interpret the
Tropicana Zone was originally deep Archean
crust that was structurally emplaced in its current
configuration at or before a 1780–1760 Ma
thermal overprinting event.

Timing of gold mineralisation in the Tropi-
cana Zone (c. 2520 Ma and c 2100 Ma; Doyle
et al. 2015) is much younger than that in the
Eastern Goldfields (2660–2630 Ma; Vielreicher
et al. 2015). Kirkland et al. (2015) pointed out
that there is a known association between
Archean sanukitoids and gold mineralisation, and
argued that the previous configuration of the
Tropicana Zone enabled the remobilisation of
metalliferous (Au-bearing) fluids derived from
sanukitoids at depth, and subsequent concentra-
tion of those fluids into fracture systems.
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8.1 Cautions and Considerations

This study demonstrated the power of
microbeam isotopic analysis on complex rocks;
an advantage that zircon Lu-Hf has over more
traditional whole-rock Sm-Nd analysis. By tar-
geting zones within zircon grains, it is possible to
disentangle the influence of multiple components
of a rock and better understand the processes that
generated the rocks and associated mineralisa-
tion. As well as magmatic zircons, metamorphic
rims and inherited cores were also analysed,
which enabled tracking of source fluids and
magmas through different geological events,
even high-grade metamorphism. This wealth of
information is particularly valuable in regions
where samples are sparse or difficult to collect,
such as regolith-covered regions away from
outcropping basement rocks.

This study highlighted the importance of CL
imaging to delineate different growth zones in
complex zircon grains. Without appropriate
characterisation of the internal structure of the
zircon grains, it would be impossible to distin-
guish the different growth phases, and so the
isotopic data would be a geologically meaning-
less mixture of multiple growth phases.

The metamorphic rims in this study have a
Lu-Hf signature that is more akin to recycled
crust than juvenile crust—which is interpreted to
mean that no new mantle-derived material was
introduced to the system during the metamor-
phism that generated the metamorphic zircon
rims. However, the authors noted that the Lu-Hf
isotopic values in zircon rims appears to be
derived more strongly from resorbed inherited
zircon cores than primary magmatic zircon. This
leaves open the possibility of a mantle contri-
bution that was not preserved in the metamorphic
zircon rims.

9 Kimberlite Pathfinding
for Diamond Exploration

Schärer et al. (1997) and Batumike et al. (2009)
applied ID-TIMS U-Pb, Hf and trace elemental
analysis on mineral separates from modern

drainage systems to characterise crustal and
magmatic evolution in the central Congo-Kasai
Craton of central Africa, and to investigate
sources of alluvial diamonds in the region. It had
previously been assumed that alluvial diamonds
were derived solely from the Angolan kimberlite
field which intruded Cretaceous sandstone,
imposing a maximum age of c. 120 Ma on these
occurrences (Batumike et al. 2009). However,
some alluvial diamonds in the region contain
natural irradiation features characteristic of
ancient diamonds (Shmakov 2008), and at least
some kimberlites have interacted with older
crust, as evidenced by a diamond-hosted zircon
inclusion that yielded a U-Pb age of
628 ± 12 Ma (Kinny and Meyer 1994).

To better understand the age, origin and
mantle source characteristics of kimberlitic dia-
monds, Schärer et al. (1997) performed isotope-
dilution U-Pb dating and Lu-Hf analysis on zir-
con and baddeleyite megacrysts with high-
pressure formation characteristics (indicative of
crystallisation at great depth) from the Mbuji-
Mayi kimberlite in the Democratic Republic of
Congo. The researchers derived ages of both
zircon and baddeleyite of c. 70 Ma. The eHf
values of both minerals were strongly positive:
c. + 8 for zircon and + 5 to + 10 for baddeleyite,
in line with a moderately to strongly depleted
mantle source.

Batumike et al. (2009) characterised zircons
from the sediments from the Luebo region based
on the trace-element classification system of
Belousova et al. (2002). This sediment-sampling
approach allowed them to gather isotopic and
trace-element information from any rock units
that eroded heavy minerals into the catchment.
Zircons were filtered by eHf and trace element
composition to constrain the protolith composi-
tion, potentially identifying kimberlite occur-
rences that had not yet been discovered (Fig. 7).
The Hf-isotopes from samples which were clas-
sified as kimberlite-derived had relatively posi-
tive eHf, consistent with mantle-derived material
interacting with late Archean lithosphere during
magma ascent. The zircon U-Pb ages comprise
three groups: late Archean, Neoproterozoic and
Cretaceous. The authors proposed three distinct
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episodes of diamondiferous kimberlite magma-
tism in the region despite previous assumptions
that diamonds in the region were all sourced in a
single time period. This increases the range of
geology which may be host to kimberlitic intru-
sions from post-120 Ma into the Archean.

9.1 Cautions and Considerations

Hf-isotope data in combination with
geochronology and trace-element geochemistry
(all of which can be performed on the same zir-
cons) can be used to understand kimberlite gen-
esis and improve pathfinding in diamond
exploration. Drainages sample heavy minerals
from across a catchment and so provide an effi-
cient method for capturing information on a
range of nearby lithologies from a single sedi-
ment. This approach can provide first-order
information in under-explored regions, includ-
ing from lithologies that may not be accessible to
surface sampling due to vegetative or alluvial
cover. In this application, where contextual
information on the source protolith is limited, Hf
isotope data is most useful when accompanied by

complementary geochronological and geochem-
ical datasets.

10 Discussion, Conclusions, Future
Developments

The Lu-Hf isotope system is now used in a well-
developed and robust metholology for charac-
terising magma and fluid sources, particularly
crust-mantle interactions. Many studies using the
Lu-Hf isotopic system investigate large-scale
lithospheric processes, but there is plenty of
opportunity within this framework for more
focused investigations to aid mineral exploration.

The four case studies highlight the utility of
Lu-Hf isotope studies to increase the under-
standing of lithospheric processes that control
how and where mineral deposits form. This
enables greater understanding of which crustal
blocks and boundaries may have this highest
potential for particular ore deposits (Hou et al.
2015). The Lu-Hf isotopic system preserves syn-
mineralization information even if crustal con-
figurations have been subsequently re-arranged,
because zircons, even inherited ones, preserve Hf

Fig. 7 176Hf/177Hf data and interpreted rock-types from
trace element data. Reproduced with permission from
Batumike et al. (2009); Copyright 2009 Elsevier. Three
kimberlite-related age groups (filled diamonds) were
interpreted from sediment-hosted zircons in central
Africa, as identified by zircon trace-element data.

Associated eHf data shows the radiogenic (juvenile)
nature of these zircons relative to the bulk sedimentary
zircon load (all other symbols), providing evidence for
three distinct periods of kimberlite emplacement rather
than a single event as previously thought.
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signatures from the time of their formation
(Batumike et al. 2009; Kirkland et al. 2015; Mole
et al. 2014; Schärer et al. 1997). The case studies
demonstrate the wide applicability of this iso-
topic system across a range of commodities,
including Cu-Mo-Fe-Pb-Zn (Hou et al. 2015), Ni
(Mole et al. 2014), Au (Kirkland et al. 2015) and
diamonds (Batumike et al. 2009; Schärer et al.
1997).

The Lu-Hf isotope system is best used as part
of a toolkit that includes other geochemical and
isotopic systems such as U-Pb, Sm-Nd, O-
isotopes, and trace elements. The information
from the Lu-Hf isotope system complements that
from geophysical, structural and petrological
investigations and can improve understanding of
how geological systems and settings have chan-
ged through time.

Instrumentation, data quality criteria, inter-
pretations and ideas continue to evolve rapidly
in this dynamic field of research. Instrumental
improvements are enabling a growing richness
of data and improving the precision and spatial
resolution of data, as well as enabling linked
acquisition of additional elemental and isotopic
data. With the increased ease and speed of data
acquisition comes a need for improved data
reduction and statistical treatment, and data
storage systems to deal with large datasets
easily.

Similarities between the Lu-Hf and Sm-Nd
systems may see integrated datasets in the future,
which leverage large existing Sm-Nd datasets
and combine them with rapidly growing Lu-Hf
data holdings. This will allow more comprehen-
sive coverage and make it easier to identify
regions of interest—be they isotopically distinct
regions or isotopic boundaries.

Although there are large overlaps between the
Sm-Nd and Lu-Hf systems, there are applications
in which the Lu-Hf system provides new infor-
mation. For example, it is possible to use the Lu-
Hf isotopic system to date certain minerals that
yield only poor ages with Sm-Nd or none at all
(e.g. garnet, phosphate and carbonate minerals—
see above). The big advantage of the Lu-Hf
isotopic system is that Hf is hosted by zircon,
which is both dateable via U-Pb, and sufficiently

durable that it can be preserved during petroge-
netic processes.
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Light Stable Isotopes (H, B, C, O
and S) in Ore Studies—Methods,
Theory, Applications
and Uncertainties

David L. Huston , Robert B. Trumbull,
Georges Beaudoin, and Trevor Ireland

Abstract

Variations in the abundances of light stable
isotopes, particularly those of hydrogen, boron,
carbon, oxygen and sulfur, were essential in
developing mineralization models. The data
provide constraints on sources of hydrothermal
fluids, carbon, boron and sulfur, track interac-
tion of these fluids with the rocks at both the
deposit and district scales, and establish pro-
cesses of ore deposition. In providing such
constraints, isotopic data have been integral in
developing genetic models for porphyry-
epithermal, volcanic-hosted massive sulfide,
orogenic gold, sediment-hosted base metal and
banded-iron formation-hosted iron ore sys-
tems, as discussed here and in other chapters

in this book. After providing conventions,
definitions and standards used to present stable
isotope data, this chapter summarizes analytical
methods, both bulk and in situ, discusses
processes that fractionate stable isotopes, doc-
uments the isotopic characteristics of major
fluid and rock reservoirs, and then shows how
stable isotope data have been used to better
understand ore-forming processes and to pro-
vide vectors to ore. Analytical procedures,
initially developed in the 1940s for carbon–
oxygen analysis of bulk samples of carbonate
minerals, have developed so that, for most
stable isotopic systems, spots as small as a few
tens of lm are routinely analyzed. This preci-
sion provides the paragenetic and spatial res-
olution necessary to answer previously
unresolvable genetic questions (and create
new questions). Stable isotope fractionation
reflects geological and geochemical processes
important in ore formation, including: (1) phase
changes such as boiling, (2) water–rock inter-
action, (3) cooling, (4) fluid mixing, (5) de-
volatilization, and (6) redox reactions,
including SO2 disproportionation caused by
the cooling of magmatic-hydrothermal fluids
and photolytic dissociation in the atmosphere.
These processes commonly produce gradients
in isotopic data, both in time and in space.
These gradients, commonlymappable in space,
provide not only evidence of process but also
exploration vectors. Stable isotope data can be
used to estimate the conditions of alteration or
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mineralization when data for coexisting
minerals are available. These estimates use
experimentally- or theoretically-determined
fractionation equations to estimate tempera-
tures of mineral formation. If the temperature is
known from isotopic or other data (e.g., fluid
inclusion data or chemical geothermometers),
the isotopic composition of the hydrothermal
fluid components can be estimated. If fluid
inclusion homogenization and compositional
data exist, the pressure and depth of mineral-
ization can be estimated. One of the most
common uses of stable isotope data has been to
determine, or more correctly delimit, fluid and
sulfur sources. Estimates of the isotopic com-
positions of hydrothermal fluids, in most cases,
do not define unequivocal sources, but, rather,
eliminate sources. As an example, the field of
magmatic fluids largely overlap that of meta-
morphic fluids in d18O-dD space, but are
significantly different to the fields of meteoric
waters and seawater. As such, a meteoric or
seawater origin for a fluid source may be
resolvable, but a magmatic source cannot be
resolved from a metamorphic source. Simi-
larly, although d34S * 0‰ is consistent with a
magmatic-hydrothermal sulfur source, the sig-
nature can also be produced by leaching of an
igneous source. Recent analytical and concep-
tual advances have enabled gathering of new
types of isotopic data and application of these
data to resolve new problems inmineral deposit
genesis and geosciences in general. Recent
developments such as rapid isotopic analysis
of geological materials or clumped isotopes
will continue to increase the utility of stable
isotope data in mineral deposit genesis and
metallogeny, and, importantly, for mineral
exploration.

1 Introduction

In the early 1900s isotopes, which are now rec-
ognized as atoms of a chemical element that
differ in the number of neutrons, were discovered
independently by studying radioactive decay
series (Soddy 1913) and measuring the deflection

of neon ions through a magnetic field (Thomson
1913). In the case of radioactive isotopes, dif-
ferent isotopes were originally described as dif-
ferent elements, however, both of these
investigations concluded that there were varieties
of chemical elements, which Soddy (1913) ter-
med isotopes. It was not until the discovery of
the charge neutral neutron by Chadwick (1932)
that it was recognized that isotopes were the
consequence of the number of neutrons in the
nucleus. Isotope geochemistry then grew from
the recognition that the vast majority of elements
have more than one isotope (e.g. Nier 1937) and
that the abundances could be affected by geo-
logical processes.

In a seminal paper, Urey (1947) estimated the
temperature-dependent fractionation of oxygen
isotopes between CaCO3 and water and proposed
that this fractionation could be used as a
geothermometer. Subsequently Epstein et al.
(1953) calibrated the geothermometer by grow-
ing molluscs at different temperatures, initiating
the field of stable isotope geochemistry.

One of the first stable isotope studies on ore
deposits was by Engel et al. (1958a) on changes
in the carbon and oxygen isotope composition of
limestone in the Leadville district (Colorado,
USA) due to hydrothermal alteration. This initi-
ated a blossoming of stable isotope research on
mineral deposits, and by the late 1960s and
1970s, stable isotope geochemistry, particularly
the use of hydrogen, boron, oxygen, carbon and
sulfur isotopes, had become one of the mainstays
of ore genesis research, providing methods by
which temperatures of mineral deposition could
be estimated, sources of ore fluids, sulfur and
some metals could be identified, and chemical
reactions in ore forming systems could be
tracked. Furthermore, as discussed by Barker
et al. (2013) and others, stable isotopes have
great potential as exploration vectors to many
types of mineral deposits. As an example, vari-
ations in whole rock oxygen isotope values were
one of the vectors that led to the discovery of the
45 West volcanic-hosted massive sulfide deposit
in Queensland, Australia (Miller et al. 2001).

Contributions in this section illustrate how
light stable isotopes have been used in the study
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of and exploration volcanic-hosted massive sul-
fide (Huston et al. 2023), sediment-hosted base
metal (Williams 2023), iron ore (Hagemann et al.
2023), and orogenic gold (Quesnel et al. 2023)
systems. The use of stable isotopes in ore studies
has been reviewed extensively, including in the
second and third editions of Geochemistry of
Hydrothermal Ore Deposits (Barnes 1979, 1997;
Taylor 1979, 1997; Ohmoto and Rye 1979;
Ohmoto and Goldhaber 1997). Other important
overall reviews include those by Ohmoto (1986),
Kerrich (1987), Taylor (1987), Seal (2006), and
Shanks (2014), and there have been many
reviews for specific deposit types. In addition, a
number of more general reviews of stable isotope
geochemistry have been published, including
Valley et al. (1986), Kyser (1987), Valley and
Cole (2001) and Hoefs (1997, 2021). This
chapter provides context for the more detailed
discussions of stable isotope geochemistry pro-
vided for individual mineral systems in later
chapters.

2 Fundamentals of Light Stable
Isotope Geochemistry

Light stable isotope geochemistry is concerned
with variations in the relative abundance of stable
isotopes of light elements, including hydrogen,
helium, boron, carbon, oxygen, nitrogen, silicon,
sulfur and chlorine. These elements share a
number of characteristics: (1) low mass number,
(2) large relative mass differences (difference in
isotope mass relative to mass number) between
the minor (generally the heavier) and the abun-
dant isotope, and (3) sufficient abundance
(>0.01%) of the minor isotope to allow precise
measurements of the isotope ratio (Table 1). Of
the above elements, only five—hydrogen, boron,
carbon, oxygen and sulfur—are now used rou-
tinely in studies of mineral deposits and this
review will concentrate on these elements.
Helium (Simmons et al. 1987), nitrogen (Jia and
Kerrich 1999), silicon (Zhou et al. 2007) and
chlorine (Eastoe and Guilbert 1992) have also
been used in mineral deposit studies, but not
extensively, and are not discussed further.

3 Conventions, Definitions
and Standards

Since the inception of stable isotope geochem-
istry as a separate field of geochemistry in the
middle part of the last century, a set of conven-
tions have been developed so that isotope data
are reported systematically throughout the world.
These conventions include definitions of nota-
tions used to report isotope data and standards to
which isotope data are related.

The absolute isotope ratio, R, which is defined
as the ratio of the number of atoms of the heavy
isotope to that of the light isotope, is the funda-
mental parameter measured. However, differ-
ences in absolute ratios between two samples can
be measured more precisely than absolute ratios.
Consequently, the d-value was introduced, which
is a measure of the difference in absolute isotope
ratios between the measured sample and a stan-
dard, to report the relative deviation of stable
isotope abundances:

dX &ð Þ ¼ 1000 RX � RSTDð Þ=RSTD

¼ 1000 RX=RSTD � 1ð Þ ð1Þ

where RX is the isotope ratio of an unknown
sample and RSTD is the isotope ratio of a standard
(McKinney et al. 1950). Because of the magni-
tude of most stable isotope variations in terres-
trial materials, it is convenient to report the d-
value in per mil (‰) (Coplen 2011).

To facilitate interlaboratory comparisons, a set
of international standards has been established
for all geologically important light stable iso-
topes (Coplen et al. 1983). For hydrogen and
oxygen, the internationally accepted reference
standard is V-SMOW (Vienna1 Standard Mean
Oceanic Water; identical to the original SMOW);
for boron the reference standard is NIST 951
(boric acid); for carbon the accepted reference
standard is V-PDB (Vienna Peedee Belemnite;
V-PDB is used as a reference standard for oxy-
gen in some studies); and for sulfur the reference
standard is V-CDT (Vienna Canyon Diablo

1 Vienna denotes standard defined by the International
Atomic Energy Agency based in Vienna.
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Troilite). Table 1 gives the absolute abundance
ratios (on an atomic basis) for these reference
standards. Positive d values imply that the heavy
isotope (e.g. D (2H), 11B, 13C, 18O or 34S) is
enriched in the sample relative to the reference
standard.

3.1 Isotope Systems

Table 1 summarizes the characteristics of the five
major light stable isotope systems used in min-
eral systems research and exploration. Most of
these systems (H, B and C) are characterized by
two stable isotopes, but the oxygen and sulfur
systems contain three and four isotopes, respec-
tively. In addition, the hydrogen and carbon
systems contain radiogenic isotopes that are
produced by man-made nuclear reactions (3H or
tritium and 14C: Health Physics Society 2011) or
naturally by interaction of cosmic rays with the
upper atmosphere (14C and 3H: Korff and Dan-
forth 1939; Health Physics Society 2011). These
radiogenic isotopes are generally not used for ore

genesis studies, but have utility in the study of
young geological and archeological systems.

4 Fractionation of Stable Isotopes

Like other chemical components, isotopes can be
involved in chemical reactions that change their
abundances between two or more chemical sub-
stances. As an example, galena and sphalerite
exchange sulfur isotopes according to the fol-
lowing reaction:

Zn34S þ Pb32S ¼ Zn32S þ Pb34S ð2Þ

Like other chemical reactions, the equilibrium
constant (K) can be expressed as follows:

K ¼ a ¼ ðaZn32SaPb34SÞ=ðaZn34SaPb34SÞ
¼ ðaPb34S=aPb32SÞ=ðaZn34S=aZn32SÞ ð3Þ

where K and a are temperature dependent, and
aN indicates chemical activity of substance N.
Because isotopes behave nearly ideally, the

Table 1 Characteristics of light stable isotope systems commonly used in mineral system studies and mineral
exploration

Isotope system Abundances of stable isotopes1 Isotope ratios of international standards

Hydrogen 1H: 99.9885%
2H (D or deuterium): 0.0115%
3H (tritium) is a man-made radioactive
isotope that does not naturally exist

V-SMOW2

2H/1H: 155.75 (±0.08) � 10–6

Boron 10B: 19.9%
11B: 80.1%

NIST 9513
11B/10B: 4.04362 (±0.00137)

Carbon 12C: 98.93%
13C: 1.07%
14C is a radioactive isotope with a short
half-life that is produced by the interaction
of cosmic rays with 14N

V-PDB4

13C/12C: 11,180.2 (±2.8) � 10–6

Oxygen 16O: 99.757%
17O: 0.038%
18O: 0.205%

V-SMOW2

18O/16O: 2005.20 (±0.45) � 10–6
17O/16O: 379.9 (±0.8) � 10–6

V-PDB4

18O/16O: 2067.2 � 10–6
17O/16O: 386.0 � 10–6

Sulfur 32S: 94.93%
33S: 0.76%
34S: 4.29%
36S: 0.02%

V-CDT5

34S/32S: 44,150.9 (±11.7) � 10–6
33S/32S: 7877.29 � 10–6

Data sources: 1Rosman and Taylor (1999), 2,4Werner and Brand (2001), 3Catanzaro et al. (1970) and 5Ding et al. (2001)

212 D. L. Huston et al.



above activity ratios are essentially identical to
isotope ratios, and the above equation reduces to
the isotope fractionation a:

a ¼ RPbS=RZnS ð4Þ

The difference in isotope composition between
two minerals is commonly expressed as DA-B,
which is defined as dA - dB. Using the approxi-
mation that 1000ln X � X (valid only if
X * 1.00) and the definitions of R and d, aA-B is
related to DA-B as follows:

1000lnaA�B � DA�B ð5Þ

For DA-B less than 10‰, this approximation is
correct to within 0.25‰. For |DA-B| greater than
10‰, the approximation becomes less accurate
and isotope fractionation should be determined
using the exact relationship between a and d:

aA�B ¼ ð1þ dA=1000Þ=ð1þ dB=1000Þ
¼ ð1000 þ dAÞ=ð1000 þ dBÞ ð6Þ

For isotope systems in which fractionation is
relatively small (e.g. oxygen and boron), the
approximation is mostly valid, for but for the
hydrogen, carbon and sulfur systems, in which
fractionations can reach 100‰, the exact rela-
tionship should be used.

The fractionation of isotopes has been studied
experimentally and theoretically for many min-
erals (c.f. Taylor 1979; Ohmoto and Rye 1979;
Kieffer 1982; Clayton and Kieffer 1991;
Kowalski and Wunder 2018, and many others).
These data form the basis from which isotope
data can be interpreted in a geologically mean-
ingful manner. Readers are referred to Beaudoin
and Therrien (2009) and the related web-based
and macOS/iOS/padOS/Android AlphDelta iso-
tope calculator (http://alphadelta.ggl.ulaval.ca)
for an up-to-date compilation of these data for
hydrogen, carbon, oxygen and sulfur and a tool
for fractionation and equilibrium temperature
isotope calculations.

4.1 Multiple Isotope Measurements

This convention so far considers mass-dependent
fractionation, which can be expressed from the
ratio of two isotopes of an element. This is suf-
ficient for analysis and consideration of dD,
d11B, d13C, and d18O. While oxygen has another
minor isotope 17O, and its abundance is impor-
tant in atmospheric chemistry, its use for ore
studies has just begun (Peters et al. 2020), and
multiple oxygen isotope analysis is not consid-
ered further here. However, for sulfur isotopes
the abundances of the other minor isotopes are
increasingly being used to examine potential
processes affecting sulfide formation (one of the
earliest examples of this is the study of Hulston
and Thode 1965), and so some consideration of
multiple isotope measurements is required.

Sulfur has four stable isotopes 32S, 33S, 34S,
and 36S. As described above, the two-isotope
ratio 34S/32S, and hence d34S, is generally used to
consider an isotope fractionation related to mass
dependent fractionation. Based on d34S, a pre-
diction can therefore be made concerning the
magnitude of d33S and d36S in any sample. This
can be considered in terms of relative mass dif-
ference from the major isotope. If the isotope
fractionation is 1.0‰ for d34S, then the predic-
tion will be that d33S will be about 0.5‰ [0.5
being obtained from (33–32)/(34–32)], and d36S
will be about 2.0‰ [2 being (36–32)/(34–32)].
This approximation can be refined using exact
nuclidic masses, and also by changing the mass
fractionation law that relates d33S and d36S to
d34S (e.g. linear, power, exponential).

Another isotope parameter (D) can then be
determined for the difference in isotope abun-
dance measured, versus that predicted based on
d34S. A common formalism for D33S and D36S
can be expressed as2:

D33S ¼ d33SX � 0:515d34SX ð7Þ

and

2 These definitions of D33S and D36S differ from that of
D34S, which indicates the difference in isotopic compo-
sition between two minerals, that is D34SA-B = d34SA –

d34SB.
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D36S ¼ d36SX � 1:90d36SX ð8Þ

where the values 0.515 and 1.90 represent the
mass differences based on the exact nuclidic
masses, and a linear mass-dependent relationship
is assumed. For mass dependent fractionation,
D33S and D36S will be 0 ‰; for non-mass-
dependent fractionation, or, mass independent
fractionation, D33S and D33S can be non-zero. It
should be noted that the normalized abundances of
D33S and D36S are based on the concurrent mea-
surements of D34S, with D33S and D36S and so the
precision of D33S and D36S is not a function of the
external reproducibility of D34S in a sample suite.

5 Analytical Methods

Since the first description of analytical tech-
niques for carbon and oxygen isotope analyses of
carbonate minerals by McCrea (1950), analytical
methods have evolved to the point where for
most stable isotope systems, procedures exist that
allow the analysis of less than a few pictograms
(pg: 10–12 g) of sample for micro-analytical
methods. As the methods for stable isotope
analysis is a wide field and a number of volumes
have reviewed the analytical techniques (e.g. de
Groot 2004, 2009; Foster et al. 2018), the
description below is brief.

In a broad sense, analytical methods for stable
isotopes can be grouped into bulk methods that
generally produce a gas that is analysed by a gas-
source isotope ratio mass spectrometer, and
microanalytical methods that generally extract
material from the sample using either a laser or
an ion beam followed by analysis using gas-
sourced mass spectrometry, inductively coupled
plasma mass spectrometry (ICP-MS) or sec-
ondary ion mass spectrometry (SIMS). Bulk
methods, which were developed in the 1950s and
1960s, are still the mainstay for analyses in many
laboratories. In contrast, microanalytical methods
began to be developed in the 1980s and 1990s,
and are only now becoming widespread as the
number of instruments has increased and the
relative costs of analyses have decreased.

5.1 Bulk Analytical Methods

Most bulk stable isotope analytical methods
involve the conversion of solid minerals into
gases that can be analysed using gas-source mass
spectrometry. Carbonate minerals are typically
reacted with phosphoric acid at various temper-
atures (depending on the mineral) to produce
CO2, which is then analysed for d13C and d18O
(McCrea 1950). Typical external uncertainties
(2r)3 for this method are 0.10‰ for d13C and
0.16‰ for d18O.

Sulfide minerals are typically reacted with
excess CuO at 800–1000 °C, with the sulfide
converted to SO2 gas, which is analysed for d34S
(Grinenko 1962; Robinson and Kusakabe 1975).
Alternatively, sulfide minerals can be reacted
with BrF5 or ClF3 to produce SF6 gas, which is
then analysed (Puchelt et al. 1971). This latter
method has an important advantage over the SO2

method in that fluorine has only one isotope
(versus three for oxygen), removing uncertainties
in analysis due to non-S isotope variations. As a
consequence, the fluorination method is used in
multiple sulfur isotope studies (Rumble et al.
1993). External uncertainties (2r) for the SO2

method are typically 0.2–0.3‰ for d34S, and
uncertainties for the SF6 method are typically
0.2‰. For D33S and D36S, uncertainties of the
order of 0.04 ‰ and 0.4 ‰ (2r) reflect the rel-
ative abundances of 33S and 36S (Farquhar et al.
2007).

As the reagents that have traditionally been
used to fluorinate sulfide (and other) minerals
(BrF5, ClF3 and F2) are hazardous and difficult to
handle, Ueno et al. (2015) developed a rapid
technique for fluorination of Ag2S using solid
CoF3 as the fluorination agent. Following reac-
tion at 590 °C using a Curie-point pyrolyzer, the
resulting SF6 gas was purified using a combina-
tion of cryogenic cleaning and gas

3 To be consistent with radiogenic isotope systems,
uncertainties cited here are external 2r values. `̀ External''
refers to uncertainties determined from repeat analyses of
individual samples or standards; internal uncertainties,
which are usually less than external uncertainties, refer to
uncertainties due to counting statistics on individual
analyses.
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chromoatogarphy. Details are provided by Ueno
et al. (2015) and Caruso et al. (2022). External
(2r) uncertainties are 0.7‰ for d34S, 0.01‰ for
D33S and 0.2‰ for D36S.

Prior to analysis, sulfate minerals are typically
converted to Ag2S using two methods. In the first
method, described by Rafter (1957), the sulfate
minerals are first dissolved, then precipitated as
barite after the addition of BaCl2 to the solution.
The barite is reduced with graphite at 900–
1050 °C to produce BaS and CO2, then the BaS
is dissolved and AgCl added to precipitated
Ag2S. Alternatively, the sulfate minerals are
boiled either in an HI-H3PO2-HCl solution
(Thode et al. 1961) or in Kiba reagent (Sasaki
et al. 1979) to convert sulfur into H2S, which is
then precipitated as Ag2S with the addition of
AgCl. The Ag2S produced in both methods is
analysed using either the CuO reaction or
fluorination methods described above for sulfide
analysis. The graphite-reduction method has the
advantage that d18O can also be determined from
the CO2 produced.

Oxygen is extracted from rocks and minerals
by fluorination of the rock with either BrF5 or
ClF3 at temperatures of 450–690 °C, depending
on the mineral being analysed. The heating is
done either with a heating element surrounding
the reaction vessels or with lasers. This produces
O2 gas, which, historically, has been converted to
CO2 gas by Pt-calatysed reaction with graphite
(Clayton and Mayeda 1963), although many
laboratories currently use O2 directly. The CO2

or O2 gas is then analysed. This method typically
produces external uncertainties (2r) in d18O of
0.2–0.4‰.

Hydrogen isotope analysis of whole rocks,
minerals and fluid inclusions involves a fairly
complicated procedure to produce H2 gas suit-
able for mass spectrometry. First the sample is
heated to 150–200 °C under vacuum for several
hours to remove adsorbed water. After the
adsorbed water has been removed, whole rock
and mineral samples are heated to a temperature
of 900 °C using either a resistance furnace or an
induction oven to release water, which is col-
lected on a liquid N2 trap. To analyse fluid
inclusions, after removal of adsorbed water,

(generally) quartz chips are heated to 800 °C,
which decrepitates the fluid inclusions, and water
and other gases are collected using liquid N2.
After cryogenic purification, the collected water
is then reduced to form H2 gas using either
heated uranium (Bigeleisen et al. 1952) or zinc
(Vennemann and O'Neil 1993), with the H2 gas
then being analysed. This method typically pro-
duces external uncertainties (2r) in dD of 4‰. It
must be stressed that fluid inclusion decrepitation
results in the collection of the mixing of all types
of inclusions, which can introduce significant
uncertainties in interpreting the resulting data.

Production of gases for bulk isotope analyses
is always conducted on vacuum lines with all
conversions in vacuo, and the resulting gases
cleaned of impurities cryogenically. In most
methods gas conversion is undertaken at high
temperatures and involves the use of furnaces. In
addition, preparation of SF6 and O2 by fluorina-
tion involves strong, and dangerous, oxidants.
Hence, preparation of all gases for gas-sourced
mass spectrometry has a degree of hazard, which
some (though not all) micro-analytical methods
eliminate.

In addition to the preparation methods
described above, many laboratories use elemen-
tal analyzers to combust solids and produce gases
such as CO2 and SO2, which are separated
automatically using gas chromatography and
analyzed by gas-source mass spectrometry
(Pichlmayer and Blochberger 1988; Giesemann
et al. 1994). With the removal of the need for
cryogenic cleaning of the analyzed gases, this
development has simplified analytical methods
and made them much more rapid.

Bulk analytical methods for boron isotopes
differ from those used for other light stable iso-
topes in that analysis is undertaken using either
thermal ionization mass spectrometry (TIMS) or
inductively-coupled plasma mass spectrometry
(ICP-MS) rather than gas-source mass spectrom-
etry. As a consequence, preparation for analysis
involves solution chemistry and purification,
whereby care is needed to avoid partial loss of
volatile boron and resulting isotope fractionation.
Details of sample preparation are described in
detail by Sah and Brown (1997), Aggerwal and
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You (2016) and Foster et al. (2018). Historically,
boron isotopes were generally analysed using
TIMS, but the development of ICP-MS analysis in
the late 1990s has enabled much easier and more
rapid analysis. TIMS analyses are done using
positive (PTIMS) or negative ions (NTIMS), the
pros and cons of which are described in the spe-
cialized literature cited. TIMS analysis yields a
typical uncertainty (2r) of 0.4–0.6‰, whereas
ICP-MS analysis has an (2r) uncertainty of 0.2–
0.3‰ (c.f. Foster et al. 2013).

5.2 Micro-analytical Methods

The development of micro-analytical tools for
analyzing stable isotopes began in the late 1980s
and continues today, with both the spatial reso-
lution and precision of the analyses improving.
Micro-analytical methods have used two differ-
ent techniques to extract and analyse samples:
laser ablation followed by gas-source isotope
ratio mass spectrometry or inductively-coupled-
plasma mass spectrometry (ICP-MS, including
triple quadrapole ICP-MS—ICP-QQQ-MS), and
secondary-ion mass spectrometry (SIMS) utilis-
ing a focused ion beam of oxygen or cesium. The
two techniques have both advantages and dis-
advantages. Laser-based systems tend to provide
faster and less expensive analyses, but the anal-
yses can have lower spatial and analytical pre-
cision and are relatively destructive. In contrast,
secondary-ion mass spectrometry is slower and
more expensive, but it can have better spatial and
analytical precision, greater sensitivity, and is
much less destructive, which can be important if
multiple analyses are to be carried out of the
same points.

5.2.1 Laser Heating and Laser Ablation
Lasers can be used in two distinct ways for iso-
tope analysis – either for heating a small and
localized sample, or for direct ablation. Isotope
analysis by laser heating gas source isotope ratio
mass spectrometry involves laser heating of a
sample with an oxidant (O2, or F2) in a reaction
chamber prior to purification of the product gas
(O2, SO2 or SF6: Elsenheimer and Valley 1992;

Sharp 1990; Beaudoin and Taylor 1994) using
cryogenic or chromatographic techniques, and
measurement of the stable isotope composition
by gas-source mass spectrometry. The advantage
of the laser for heating is that localized heating of
the sample can be effected without involving the
container (crucible); hence blanks can be limited
allowing smaller samples to be analysed. One of
the first uses of laser heating for microanalysis
was to determine d18O and d34S from silicate and
sulfide minerals. Small crystals or small aliquots
of powders are laser-heated using typically a Nd:
YAG or CO2 laser in a F2 or BrF5 (or ClF3)
atmosphere for oxygen analysis, or additionally
with an O2 atmosphere for sulfur analysis (Crowe
et al. 1990; Kelley and Fallick 1990; Sharp 1990;
Elsenheimer and Valley 1992; Akagi et al. 1993;
Beaudoin and Taylor 1994).

Laser ablation, which can occur in both reac-
tive and inert atmospheres, typically produces a
crater 50–200 µm in diameter, depending on the
mineral being ablated and laser power and focus.
The depth of the pit is typically of a similar
dimension. Reaction of the ablated mineral with a
reactive atmosphere produces SO2 (sulfide min-
eral in O2 atmosphere), SF6 (sulfide mineral in F2,
BrF5 atmosphere) or O2 (silicate or oxide mineral
in BrF5 atmosphere). In some systems the product
gas is then cleaned offline and, in the case of
oxygen, converted into CO2 before analysis. In
other systems, the product gas is automatically
cleaned cryogenically or by gas chromatography
and then directly introduced into the mass spec-
trometer for analysis. Laser ablation and a reac-
tive atmosphere produces a reproducible, but
mineral- and laboratory-dependent, fractionation
effect that has to be corrected to produce final
results. The typical external (2r) errors associated
with laser ablation are typically 0.2–0.4‰ for
d34S and 0.2–0.6‰ for d18O.

Laser ablation in an inert atmosphere has
supplanted that in a reactive atmosphere. In this
method ablation products are introduced directly
into a (multi-collector) inductively coupled
plasma mass spectrometer with a carrier gas
(commonly He and/or Ar) (Mason et al. 2006;
Bendall et al. 2006). These methods typically
produce external errors (2r) of 0.3–0.6‰.
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Boron analysis using laser-ablation ICPMS
has advantages of greater speed than SIMS and
more flexibility in that it places lower demands
on surface quality and is less strictly dependent
on matrix-matched reference materials (but see
Mikova et al., 2014). Studies report a similar
level of external uncertainty as for SIMS (1‰ at
2r). The main disadvantage, however, is the
larger spot size and deeper penetration depth of
the laser compared to the ion beam. In many
cases a larger spot size is required as a greater
volume of material is required for analysis if the
boron concentrations are low.

5.2.2 Secondary Ion Mass
Spectrometry

SIMS uses a focused ion beam, e.g. O− or Cs+, to
ablate the sample. The interaction of the primary
ion beam (10–20 keV) with the target leads to
secondary ionization. The probability of ioniza-
tion is element specific, with metals producing
positive secondary ions with O− primary ion
beam, and non-metals being ionized to negative
secondary ions with a Cs+ ion beam. The
chemistry of the ion beam also aids in ionization
with electronegative oxygen producing strong
electropositive element secondary ion beams and
electropositive cesium producing strong elec-
tronegative element secondary ion beams (Ire-
land 1995). As such, SIMS differs from LA in
that an ion beam is produced directly from the
target. This makes it a sensitive technique, but
also strongly matrix dependent and so mineral
standards of close composition to the target
minerals are required.

SIMS was initially developed in geochemistry
in an attempt to measure trace element abun-
dances that were inaccessible by electron beam
techniques in the 1960s. The capability to
examine radiogenic isotope systems was not
developed until the SHRIMP ion microprobes
when the combined issues of transmission (sen-
sitivity) and high mass resolution were addres-
sed. While stable isotope analysis does not
require high sensitivity or high mass resolution,
the low transmission of early instruments led to
variable measured isotope compositions simply
because of differences in ion paths through the

instruments (Shimizu and Hart 1982). SIMS has
also been applied to measuring stable isotopes
including those of hydrogen, boron, carbon,
oxygen, and sulfur. As such, early analyses suf-
fered from reproducibility at a level of greater
than one permil for oxygen and sulfur isotope
systems (Valley and Graham 1991; Eldridge
et al. 1987). Subsequent developments have led
to much higher reproducibility with external
uncertainties (2r) of 0.3‰ for d18O analyses
(e.g. Kita et al. 2009) and 0.3‰ for d34S analyses
(e.g. Paterson et al. 1997; Kita et al. 2010).
Moreover, recent developments have allowed
analysis of all isotope ratios in both the oxygen
(e.g. d17O and d18O) and sulfur (d34S, d33S and
d36S) isotope systems with similar uncertainties
(Ireland et al. 2014).

A key aspect in stable isotope analysis is the
development of multiple collection whereby all
isotopes are measured at the same time thereby
cancelling the uncertainty associated with the
primary ion beam noise. This is now the standard
methodology for large sector ion microprobes.
For d18O measurements, sufficient 18O− is pro-
duced for analysis of both 18O− and 16O− in
Faraday cup multiple collection mode. Similarly,
for sulfur, 32S, 33S, and 34S can be measured by
Faraday cups. However, the low abundance 36S
cannot be measured with the Faraday cups using
high-ohmic resistors because of the Johnson
noise associated with the circuitry. Measure-
ments of 36S can use either an ion counter, or
Faraday cup electrometers using charge mode
(accumulation of charge across a capacitor).
Precision for in situ analysis of D33S can be
better than 0.1 ‰ while D36S measurements by
electron multiplier are around 1 ‰ (2r)
(Whitehouse 2013) and around 0.4 ‰ (2r) by
charge mode (Ireland et al. 2014).

While the large sector ion microprobes are
used to pursue highest precision stable isotope
analyses, the nanoscale-SIMS offers high spatial
resolution analysis. A typical “spot” for high
precision stable isotope analysis is typically 10–
30 µm, which allows sufficient material to be
sampled to give sufficient ions for the required
counting precisions. However, the purpose of the
nanoscale-SIMS is to analyse targets at the
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100 nm scale. At this sampling scale, only major
isotopes can be measured to high precision.

Boron analysis by magnet-sector SIMS is
commonly done with instruments set for mono-
collection and mass-switching between 11 and
10B, but multi-collection SIMS is routinely used
in some installations of the large-geometry
instruments. The external uncertainty obtained
by mono-collection SIMS is typically between 1
and 2‰ (2r), whereas multi-collection of the
two isotopes can reduce this uncertainty by about
half. Those values refer to “high-concentration”
samples like tourmaline, which can contain per-
cent levels of B. For low-concentration samples,
often with less than 20 ppm B, the analytical
precision may be limited by counting statistics.
For example, large-geometry SIMS instruments
have achieved precision of about 3‰ for samples
with 1 ppm B (Foster et al. 2018).

An important, and for some applications
limiting, issue for all SIMS analysis is the need
for matrix-matched reference materials that are
homogeneous on the micron scale or better. Such
are available and internationally distributed for
only a limited number of geologically relevant
materials for stable isotope analysis. These
include glass, tourmaline, carbonates, silicates/
oxides and sulfides; these are primarily standards
for mass-dependent fractionation. Further devel-
opment is required for minor isotope abundances
(e.g. for D33S and D36S), boron isotope mea-
surements at low levels, as well as a wider range
of minerals relevant to ore deposits.

6 Processes That Fractionate Light
Stable Isotopes

Fundamentally, fractionation of light stable iso-
topes is the result of small differences in transla-
tional, rotational and vibrational motions of bonds
within the respective phases.Although it is beyond
the scope of this review (see Kieffer 1982 for more
details), bonds involving heavier isotopes are
marginally stronger than bonds involving lighter
isotopes of the same element. This effect is
strongly dependent upon the relative mass differ-
ence (RMD = (AMH - AML)/AML, where

AMH = atomic mass of heavy isotope and
AML = atomic mass of light isotope) between
isotope pairs: the effect is much stronger between
hydrogen (1H) and deuterium (2H) (RMD * ((2–
1)/1) = 1) than between isotopes of heavier iso-
topes (e.g. 34S and 32S; RMD * (34–32)/
32 = 0.0625). Hence, isotope fractionation in the
hydrogen system is much greater than that in the
boron, carbon, oxygen and sulfur systems, in the
absence of kinematic and biologic processes (C,
S), and fractionations in light isotope systems are
greater than fractionations in stable metal systems
(e.g. Fe,Cu andZn: Lobato et al. 2023;Mathur and
Zhao 2023; Wilkinson 2023).

All geochemical processes involve some iso-
tope fractionation, although for heavy elements
(e.g. Pb, U), this effect is generally not measur-
able. The amount of fractionation depends not
only on relative mass differences, but also on the
type of geochemical reaction and the temperature
at which the reaction occurs. For most stable
isotope systems, the magnitude of isotope frac-
tionation decreases with increasing temperature
(Fig. 1), with mass dependent fractionation
functions (except hydrogen) generally having the
form:

1000lnaA�Bð DA�BÞ ¼ A=T2 � 106 þ B=T
� 103 þ C

ð9Þ
where T is temperature in Kelvin and A, B and C
are experimentally- or theoretically-determined
constants. This temperature dependence of iso-
tope fractionation between minerals can be used
to estimate paleotemperatures of mineral deposi-
tion (see below).

Most geochemical reactions can be divided
into two general groups: those reactions that do
not involve electron exchange, and those that do
(redox reactions). In general, redox reactions
involve much larger isotope fractionations. For
example, D34S at 300 °C for the reaction
between sphalerite and aqueous H2S, which is
not a redox reaction, is 1.5‰, whereas D34S at
300 °C for the reaction between anhydrite and
aqueous H2S, which is a redox reaction, is
22.0‰ (calculated using Alpha-Delta (Beaudoin
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and Therrien 2009); most fractionation factors
discussed below are calculated similarly).
Moreover, redox reactions include some reac-
tions, such as disproportionation, and photolytic
and biogenic reactions, that are characterized by
distinctive isotope effects, and at low tempera-
tures (<250–300 °C), kinetic effects can strongly
effect isotope fractionation.

6.1 Reactions Not Involving
Reduction or Oxidation

Reactions that do not involve electron exchange
are many and varied, but the most important
reactions in mineral systems (and geological
systems in general) involve the transition
between liquid and solid. In some systems (e.g.

Fig. 1 Temperature versus 1000 ln a diagrams for the
(A) hydrogen (1000 ln amineral-H2O (l)), (B) carbon (1000
ln amineral-CO2 (aq)), (C) oxygen (1000 ln amineral-H2O (l))
and (D) sulfur (1000 ln amineral-H2S (aq)) isotope systems.
For some systems, fractionation curves are also shown for
dissolved species. Updated from Taylor (1979) and
Ohmoto and Rye (1979). For hydrogen, isotope data of
Taylor (1979: biotite and muscovite), Chacko et al. (1999:
epidote curve a (300–600 °C)), Graham et al. (1980:
epidote curve b (150–300 °C)), Gilg and Sheppard (1996:
kaolinite) and Horita and Wesolowski (1994: H2O vapor)
were used. For carbon, isotope data of Ohmoto and Rye

(1979) were used. For oxygen, isotope data of Cole and
Ripley (1998: chlorite), Sharp et al. (2016: quartz), Zheng
(1993a: almandine, diopside and K-feldspar), Zheng
(1993b: biotite, epidote, kaolinite and muscovite), Zheng
(1999: anhydrite and calcite), and Zheng and Simon
(1991: hematite and magnetite) were used. For sulfur,
isotope data of Eldridge et al. (2016: SO2 (aq) and SO4

2−

(aq)), Li and Liu (2006: bornite, chalcopyrite, galena,
pyrrhotite andsphalerite), and Ohmoto and Rye (1979:
sulfate minerals (anhydrite, gypsum, barite, strontianite
and alunite) and pyrite), were used
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involving H and O) the transition between liquid
and gas is also important.

The simplest reactions involve a physical
phase change without a compositional change.
Examples include boiling of pure water, con-
densation of steam or the recrystallization of
aragonite to form calcite. Although these reac-
tions involve changes in physical parameters
such as density, the chemical composition of the
reactants and products do not change. However,
the isotope composition does change: D18Oliquid-

vapour for boiling or evaporation of pure H2O is
2.5‰ at 200 °C.

Although phase changes are important for
some mineralising processes (e.g. boiling in
some epithermal systems), by far the most
important processes in mineral systems involve
dissolution or melting in, or precipitation of
minerals from, aqueous fluids or magmas. Pro-
cesses whereby ore metals and other components
are extracted from source rocks into a trans-
porting media generally involve either melting of
rocks to form a metal-bearing magma or water–
rock reaction to form a metal-bearing aqueous
fluid. In contrast, processes whereby metal is
extracted from the melts or hydrothermal fluids
to form mineral deposits generally involve pre-
cipitation or crystallization of ore and gangue
minerals from these fluids. Isotope data can be
very useful in tracing these processes. A third
type of chemical reaction involves changing the
speciation and complexing of components within
hydrothermal fluids. This type of reaction may
not be observable in rock chemistry, but in some
cases, it can result in isotope fractionation. The
last group of processes involves the formation of
two immiscible fluids from an original fluid.
Examples include the exsolution of an immisci-
ble sulfide melt from a parent silicate magma or
the exsolution of an aqueous magmatic-
hydrothermal fluid during crystallization of a
silicate magma.

As the exsolution of a magmatic-
hydrothermal fluid from a crystallising magma
occurs at magmatic temperature (700–1000 °C:
Burnham 1979), and oxygen isotope fractiona-
tion at these temperatures is small, the inferred
oxygen isotope composition of the magmatic-

hydrothermal fluid (5.5–10.0‰: Taylor 1979)
overlaps with that of igneous rocks (5.5–11.0‰:
Taylor and Sheppard 1986).

The reaction of hydrothermal fluids with rocks
causes significant changes to the mineralogy and
chemical and isotope composition of the rock
and of the fluid, as a function of temperature and
atomic water/rock ratios. This process of
hydrothermal alteration is dominated by hydrol-
ysis. Many alteration minerals (e.g. sericite,
chlorite, epidote and others), which are enriched
in H2O or OH− relative to the rock-forming
minerals they have replaced, are the product of
hydrolytic reactions in which water has been
added to the rock. Tourmaline is a special case in
this regard because it is not only a hydrous
mineral but it is commonly the only mineral sink
for boron in alteration assemblages. If the
fluid/rock ratio is high (as is generally the case
for pervasive alteration assemblages), the isotope
composition of the altered rock is determined by
that of the altering fluid. In these cases, the iso-
tope composition of the altering fluid can be
estimated from the isotope composition of the
altered rock, and, in some cases, the source of
this fluid can be inferred.

The last non-redox process that affects isotope
characteristics in geological systems is mixing
between components with differing isotope
compositions that does not involve redox reac-
tion. Mixing can result in significant gradients in
isotope ratios, which can be used to identify and
map this process (see below). This process
commonly is an important mechanism of ore
deposition, with important applications for min-
eral exploration.

6.2 Redox Reactions

Many elements involved in chemical reactions in
geological systems exist in multiple valence
states. In mineral systems the most important
multivalent elements are Fe (Fe0, Fe2+ and Fe3+),
S (S2−, S0, S4+ and S6+) and C (C4−, C0, C4+).
Many of the reaction types discussed above can
involve changes in valency and if so, they are
considered redox reactions. An important
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characteristic of most redox reactions is that
while one element is reduced (i.e. gained elec-
trons) during the reaction, another must be oxi-
dized (i.e. lost electrons). Redox reactions
generally involve strong isotope fractionation,
because of the equilibrium between the reduced
species forming lower bond energy compounds
(e.g. H2S, CH4) with higher bond energy in
oxidized compounds (e.g. SO4, CO2). Hence,
large variations in isotope ratios can be an indi-
cator of redox reactions, particularly those
involving S, C and Fe (the importance of redox
in Fe isotope fractionation is discussed by Lobato
et al. 2023).

Figure 2a illustrates the variations in D34SH2S-
fluid as a function of pH and fO2 (i.e. redox) at a
temperature of 250 °C. Although current frac-
tionation data indicate no significant gradients
are present as a function of pH, there is a strong
gradient in D34SH2S-fluid just below the boundary
between the hematite and pyrite stability fields
(c.f., Ohmoto 1972). This gradient reflects the

relative abundance of reduced S (H2S and HS−)
and oxidized S (H2SO4, HSO4

− and SO4
2−)

species, which is a reflection of the oxidation
state of the system (i.e. RSO4/RH2S, fO2 and fH2).
Hence, if a large gradient in d34S exists either in
space or time (i.e. paragenesis), this gradient
could indicate the presence of redox reactions
involving S species, particularly if accompanied
by changes in Fe-S–O mineralogy.

Ohmoto (1972) indicated that carbon isotopes
can experience shifts as a consequence of redox
reactions involving graphite and carbonate min-
erals. Figure 2b shows variations in D13CH2CO3-

fluid as a function of fO2 and pH at 250 °C. There
is a strong gradient in D13CH2CO3-fluid that cor-
responds to the conversion of the C4− to C4+ in
the lower part of the pyrite field. Hence gradients
in d13C may indicate redox processes, although
other geological processes (e.g. mixing) can also
produce gradients.

Although Fig. 2 shows variations at 250 °C at
specific conditions (details in caption), the

Fig. 2 Variations in (A) D34SH2S-fluid and (B) D
13CH2CO3-

fluid as a function of redox (fO2) and pH at 250 °C. These
diagrams are updated from the original diagrams in
Ohmoto (1972) using updated thermodynamic and iso-
tope fractionation data (Ohmoto and Rye 1979; Eldridge

et al. 2016). The diagrams were calculated for a fluid with
5% dissolved NaCl, 10–2.5 m RS (*320 ppm S) and 1 m
RC (*120 ppm C) taking into account activity coeffi-
cients and ion pairing
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morphology of the diagram is retained for most
hydrothermal conditions. For example, the gra-
dient in D34SH2S-fluid near the upper margin of the
pyrite field is retained at higher and lower tem-
perature. Increasing the total sulfur content of the
fluid expands the pyrite and, to a lesser extent,
the pyrrhotite fields, but the sulfur isotope gra-
dient is retained. Similarly, the gradient in
D13CH2CO3-fluid also occurs near the bottom of the
pyrite field and overlaps the graphite field under
most hydrothermal temperatures.

Mixing of fluids with different redox charac-
teristics can induce redox reactions and isotope
fractionation. A good example of this is the
mixing of relatively reduced H2S-rich vapor
generated by boiling of epithermal fluids into
oxidized groundwater. As the gaseous H2S is
dissolved into groundwater, it is oxidized, pro-
ducing sulfuric acid, which extensively alters
rocks to aluminous assemblages (Simmons et al.
2005). In addition to the common hydrolytic,
precipitation and mixing reactions, there are
several special types of redox reactions that can
have distinctive isotope effects, including dis-
proportionation, photolytic and biologically-
mediated reactions. In addition, many redox
reactions are strongly affected by the speed, or
kinetics, of reaction, which decreases as tem-
perature decreases.

6.2.1 Disproportionation Reactions
Disproportionation reactions involve a reactant
with intermediate valency producing products of
higher valency and lower valency together.
Unlike other redox reactions, disproportionation
reactions do not necessarily involve valency
changes to other chemical components during the
reaction. The best example of such a reaction in
mineral systems is the disproportionation of SO2:

4SO2 þ 4H2O ¼ H2S þ 3H2SO4 ð10Þ

The most important role of SO2 disproportiona-
tion in mineral systems is during the evolution of
magmatic-hydrothermal fluids from moderately
oxidized magmas. This reaction, which causes
aluminous alteration due to the production of
sulfuric acid, can produce distinctive isotope

effects: in many porphyry systems in which this
process is important, D34Ssulfate-sulfide * 5–20‰
(mostly 7–18‰: Rye 2005; Seal 2006). Hence,
isotope fractionation can be indicative that this
(and other) processes have occurred in a mineral
system.

6.2.2 Mass-Independent Fractionation
and Photolytic SO2

Dissociation
For most reactions involving elements with three
or more isotopes, fractionation between isotopes
is `̀ mass-dependent'', that is the fractionation
between isotopes is dependent on relative mass
differences. In most cases d17O = 0.525–
0.528 � d18O (Young et al. 2002; Pack and
Herwartz 2014; Sharp et al. 2016), and d33S =
0.515 � d34S (Fig. 3a; Hulston and Thode
1965; Johnston 2011). Clayton et al. (1973,
1977), however, found that for O isotope frac-
tionation within carbonaceous chondritic mete-
orites, the mass-dependent relationship did not
hold. Subsequent studies have established this
for anhydrous minerals from carbonaceous
chondrites as well, where d17O = 0.941 � d18O
- 4.00 (Clayton 2003). Although it is beyond the
scope of this contribution,4 these meteoritic
effects identified “mass-independent” isotope
fractionation (MIF) for the first time (Ireland
2012). Subsequent studies found that the forma-
tion of ozone (Heidenreich and Thiemens 1986;
Mauersberger 1987) and the photolytic dissoci-
ation of gaseous SO2 (Farquhar et al. 2001) also
involved MIF although it remains to be seen
whether the MIF associated with ozone frac-
tionation is related in any way to the 16O vari-
ability in meteorites.

Photolytic dissociation of SO2 and other S-
bearing gases in the ancient (i.e. pre 2400 Ma)
atmosphere was controlled by two factors, the
abundance of the gas, and the shielding effects of
other gas molecules (e.g. O2 and O3) present in
the atmosphere (Farquhar et al. 2000; Lyons
2007; Ueno et al. 2009). The most important
factor is likely shielding by O2 and O3, which

4 See Clayton 2003 for more details and processes that
cause fractionation in meteorites.
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absorbs ultraviolet wavelengths of light thought
to induce photolytic dissociation of SO2 (Far-
quhar et al. 2001). As the concentration of free
O2 (and O3) gas in the atmosphere prior to the
Great Oxidation Event at * 2.42 Ga is thought
to have been less than 1 ppm (Catling 2014),
there would have been little shielding and pho-
tolytic dissociation of SO2 would have been
pronounced (Farquhar et al. 2001). In contrast,
the increased shielding of O2 (and O3) and/or a
decreased concentration of SO2 in an oxygenated
atmosphere after the Great Oxidation Event
would have caused photolytic dissociation of
atmospheric SO2, and the mass-independent
effects of this reaction, to cease.

Mass-independent fractionation in the S iso-
tope system is measured by the deviation from

mass-dependent fractionation. For 33S, this
deviation is measured by D33S (Eq. 7). As the
products (and isotope characteristics) of pho-
tolytic SO2 dissociations in the atmosphere can
be “rained out” into the hydrosphere, sedimen-
tary and diagenetic S-bearing minerals may
inherit the photolytic isotope signature. As
shown in Fig. 3b, prior to the Great Oxidation
Event, D33S of syn-depositional or diagenetic S-
bearing minerals is highly variable, with sulfide
minerals (mostly pyrite) having mostly positive
D33S values and sulfate minerals having negative
D33S values (cf. Farquhar et al. 2000). This mass-
independent fractionation effect is powerful as it
can be used to identify S that was present in the
atmosphere and hydrosphere during the Archean
and trace it through subsequent geological cycles

Fig. 3 Diagrams (modified after Farquhar et al. 2000)
showing mass-independent fractionation in the
34S-33S-32S isotope system. (A) d34S versus d33S diagram
showing mass-dependent fractionation (heavy line with
D33S value of 0.0‰), mass-independent fractionation
reflected as light lines with variable D33S values, and
analyses of syn-depositional sulfide and sulfate minerals
from > 3.0 Ga sedimentary rocks. (B) Variations in D33S
of syn-sedimentary sulfur-bearing minerals with

geological time. For the purpose this diagram syn-
sedimentary minerals includes both syn-depositional and
early diagenetic minerals. The gray bar in B encompasses
the mean ± one standard deviations of 73 younger
(<2.09 Ga) samples. The diagrams shown are the first
documenting mass independent fractionation of sulfur
isotopes from syn-sedimentary minerals; the data avail-
able have expanded by orders of magnitude since the
initial study of Farquhar et al. (2000)

Light Stable Isotopes (H, B, C, O and S) in Ore Studies—Methods, Theory, Applications and Uncertainties 223



including tectonic and mineral systems, because
it is indelible in younger mass-fractionation
processes (LaFlamme et al. 2018a). Examples
of how this technique has been used to identify
sulfur sources and infer tectonic processes related
to ore formation are discussed below.

6.2.3 Kinetic Effects, Thermochemical
Sulfate Reduction
and Biochemical Sulfate
Reduction

Whereas most geochemical reactions occur very
rapidly, redox reactions, involving the exchange
of electrons, require significant time to occur,
particularly at low temperatures (< 200 °C).
Ohmoto and Lasaga (1982) were among the first
to determine experimentally the rates of redox
reactions between aqueous sulfate and aqueous
sulfide. They found that at the pH conditions of
most hydrothermal systems (4–7) thermochemi-
cal sulfate reduction to sulfide involved an
intermediate thiosulfate species, and the rate at
which thiosulfate formed was the rate-limiting
step. Based upon this model they suggested that
thermochemical sulfate reduction is an important
hydrothermal process only at temperatures above
200 °C.

Subsequent studies have indicated that ther-
mochemical sulfate reduction can be important at
temperatures as low as 100–140 °C (Goldhaber
and Orr 1995; Machel 2001; Thom and Ander-
son 2008), particularly when catalysed by the
presence of H2S, certain reactive metals (e.g. Ni,
Co, Mn, Cu, Fe, Mg) and organic molecules
(Machel 2001; Meshoulan et al. 2016). The iso-
tope effects of thermochemical sulfate reduction
depend not only on temperature, but also upon
the availability of sulfate. In systems with excess
sulfate the kinetic D34Ssulfate-sulfide increases with
decreasing temperature, from * 10‰ at 200 °C
to * 20‰ at 100 °C (Machel et al. 1995;
Meshoulan et al. 2016; and references therein).
However, if the supply of sulfate is limited, or if
the rate of sulfate supply is less than that of
sulfate reduction, all sulfate is reduced to sulfide
and d34S of the resulting sulfide (either as H2S in
sour gas or as sulfide minerals) approximates the
d34S value of the original sulfate (Machel et al.

1995). Hence, the absence of significant frac-
tionation between reactant sulfate and product
sulfide may indicate limited availability of sulfate
in a mineral system.

At lower temperatures (< 100 °C), biochemi-
cal sulfate reduction can be an important process
to produce H2S (Goldhaber and Orr 1995;
Machel 2001). Due to its importance in a range
of ecological and geological processes, including
diagenesis, ore formation and sour gas formation,
bacterial sulfate reduction has been extensively
studied over the last three decades, and the
geochemical and isotope effects of this process
are well known. At present, sixty genera and over
220 species of sulfur-reducing bacteria are
known (Barton and Fauque 2009), and kinetic
sulfur isotope fractionation factors have been
determined for 32 of these species, covering a
large range of environments from freshwater and
marine muds, salt lakes, arctic sediments, and
hydrothermal environments. Detmers et al.
(2001) reported experimental kinetic D34Ssulfate-
sulfide values of 2.0–42.0‰, and sulfate reduction
rates of 0.9–434 fmole/cell/day.5 These workers
noted no correlation between D34Ssulfate-sulfide and
reduction rates, but found that the largest frac-
tionations were associated with bacteria that
completely oxidized electron-donor carbon to
CO2, whereas bacteria that only partially oxidize
the carbon (to acetate) produce lower fractiona-
tion factors. The four largest fractionation factors
(28.5–42.0‰) were produced by bacteria iso-
lated from marine muds (Detmers et al. 2001).
When both thermochemical and biochemical
sulfate reduction processes are considered, the
most extreme fractionations are associated with
biochemical sulfate reduction, which Machel
et al. (1995) highlighted as one that can be used
to distinguish thermochemical (10–20‰) from
biochemical sulfate reduction (15–60‰).

In addition, biochemical sulfate reduction
appears to have mass-independent fractionation
effects, as shown in Fig. 4. This fractionation,
which has D36S/D33S * -7, was interpreted by
Johnston (2011) to indicate biogenic sulfate
reduction. This contrasts with the mass-

5 1 fmole (femtomole) = 10–15 mol.
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independent fractionation signal associated with
Archean photolytic dissociation which has
D36S/D33S * -1. Moreover, biogenic mass-
independent fractionation is present in Phanero-
zoic rocks.

Biochemical (bacterial) reduction can also
produce significant fractionation in the carbon
isotope system. Reduction of acetate and CO2 to
form CH4 produces significant, but variable
fractionation (D13CCO2-CH4) of up to 95‰
(Whiticar 1999), with typical fractionation
between 25‰ and 60‰ (Conrad 2005). Kennedy
et al. (2010) found that carbon associated with
bacteriogenic iron oxides was depleted in 13C by
up to 22‰, with the greater depletion present in
samples more highly enriched in organic carbon.
Like biochemical sulfate reduction, the fraction-
ation appears to be highly dependent upon the
environment and it is likely to be also dependent
upon the species of micro-organism involved.

6.3 Open- and Closed System
Fractionation Between
Isotope Reservoirs

Many geological processes, particularly
devolatilization and degassing, involve the
interaction of two distinct geochemical reser-
voirs. Isotope fractionation between these reser-
voirs can be modelled using two end-member
processes: closed-system, or batch, fractionation,
and open-system, or Rayleigh, fractionation. In
closed-system fractionation, the two reservoirs
are continuously in isotope equilibrium, whereas
in open-system fractionation, aliquots of one
reservoir are removed and isolated and do not
interact with the other reservoir. Batch, or closed-
system fractionation (Nabalek et al. 1984) can be
modelled according to the relation:

dB;f � dB;i ¼ � 1� Fð Þ1000 ln aA�B ð11Þ

Fig. 4 S isotopic fractionations as measured in situ on
the ion microprobe SHRIMP SI. D33S and D36S are the
residuals in 33S/32S and 36S/32S after correction for mass-
dependent fractionation (as expressed by 34S/32S). Of
particular significance is the resolution of the Biogeo-
chemical Array (slope -7) from the Archean array (slope -

1) which both can have subpermil anomalies in 33S.
Previously, the presence of D33S anomalies alone has
been used as a life signal, but in the Proterozoic with
potential for Archean inheritance, a complete 4-isotope
sulfur analysis is required to understand the origin of the
sulfur
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Rayleigh, or open-system, fractionation
(Broecker and Oversby 1971) can be modelled
according to:

dB;f � dB;i ¼ 1000 FðaA�B�1Þ � 1
� �

ð12Þ

where dB,f is the final isotope composition of
reservoir B, dB,i is the initial isotope composition
of reservoir B, and F is the fraction of reservoir B
remaining.

Taylor (1986a) provided a good illustration of
the differences between closed- and open-system
hydrogen isotope fractionation during the
degassing of a magmatic vapor from a magma
(Fig. 5). In closed systems (curves a and b)
where the vapor remains in contact and in isotope

equilibrium with the melt, dD of both reservoirs
decrease uniformly as the vapor evolves from the
melt. If all hydrogen is extracted into the vapor,
the final dD of the vapor is identical to that of the
original magma.

In contrast, open-system fractionation (curves
c and d) involves continuous removal and iso-
lation of aliqots of evolved vapor from the
magma, with the aliquots equilibrating with the
magma only prior to removal. As a conse-
quence, the dD characteristics of the magma
and evolved vapor decrease dramatically as the
amount of H2O remaining in the magma
(F) decreases (Taylor 1986a). Individual ali-
quots of vapor produced during open-system
magma degassing can have dramatically lighter

Fig. 5 Hydrogen isotope shifts in magmatic vapor and
magma in hypothetical models of closed-system (batch)
degassing (curves a and b), and open-system (Rayleigh)
degassing (curves c and d; curve e indicates the accumu-
lated magmatic vapor). The solid lines indicate modelled
composition of the residual magma, and the dashed lines

indicated with modelled composition of the evolved
vapor. The initial magma had dD = -50‰ and
[H2O] = 1.9%; a value for 1000 ln avapor-melt of 20‰
was used. Reproduced with permission from Taylor
(1986a); Copyright 1986 Mineralogical Society of
America
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dD than fluids produced during closed-system
degassing, particularly as degassing proceeds
towards completion. However, the accumulated
vapor produced by open-system degassing has a
much more moderate evolution (curve e), not
dissimilar to that produced by closed-system
degassing.

Open- vs. closed-system fractionation has also
been demonstrated for the boron isotope system.
In this case, the fluid-vapor fractionation is
generally insignificant (only about 1 ‰ at 400°
C: Kowalski and Wunder 2018) but fluid-mineral
fractionation is strong owing to the contrasting
coordination environment of the boron ion in
aqueous fluid versus solid phases. Furthermore,
in the case of tourmaline or other B-rich miner-
als, crystallization can strongly deplete the fluid
reservoir in boron, so that Rayleigh fractionation
is a common process. This was demonstrated in
controlled experiments by Marschall et al. (2009)
and Rayleigh fractionation has been invoked to
explain systematic core-rim isotope variations in
zoned tourmaline from hydrothermal ore deposits
in several studies (e.g., Baksheev et al. 2015,
Fig. 6).

7 Light Stable Isotope
Characteristics of Major
Geological Reservoirs

Ore fluids in mineral systems have a number of
different sources and they carry metals, sulfur,
carbon, boron, chlorine and other components
that have been sourced from many different
geochemical reservoirs. Stable isotope studies are
one of very few tools to determine these sources
as the reservoirs commonly (although not
always) have distinctive stable isotope signa-
tures. Figure 7 and Table 2 summarizes the iso-
tope characteristics of a range of natural
reservoirs. Figure 8a illustrates the characteristics
of different crustal fluids on a d18O versus dD
diagram, and Fig. 8b shows a similar plot of
d11B versus dD used by Adlakha et al. (2017) to
distinguish fluid sources of the McArthur
River U deposit. Huston and Champion (2023),
Lobato et al. (2023), Mathur and Zhao (2023)
and Wilkinson (2023) discuss how radiogenic
lead isotopes and heavy stable metal isotopes can
be used to infer metal source.

Fig. 6 Rayleigh fractionation model to explain boron
isotope zoning in tourmaline from the Teremkyn gold
deposit, Darasun district, eastern Russia (modified after
Baksheev et al. 2015). The initial boron (12‰) is

interpreted to be granite-derived (i.e., stage I core) while
the composition of later tourmaline (stage I rim and stages
II to IV) reflects Rayleigh fractionation driven by
tourmaline crystallization (Baksheev et al. 2015)
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Seawater is one of the major Earth reservoirs
and it plays a key role in metallogenetic models
for a range of stratiform ore deposit types.
Modern ocean water has H- and O-isotope
compositions identical to V-SMOW, and it is
thought to have been relatively uniform through
time, with ranges in dD and d18O of -25‰ to 0‰
and -3‰ to 0‰, respectively, since the Archean
(Sheppard 1986). Seawater also has a uniform
and distinctly heavy boron isotope composition
(d11B * 40 ‰) compared to all other Earth
reservoirs (Table 2), which allows to distinguish
marine and terrestrial provenance of boron in ore
fluids and the minerals derived from them (e.g.,
Xavier et al. 2008). The H- and O-isotope com-
position of seawater is also the fundamental basis
of the meteoric water line, an important reference
on plots of H- and O-isotope compositions

(Fig. 8a). The meteoric water line (Craig 1961) is
defined by:

dD ¼ 8d18O þ 10 ð13Þ

The isotope composition of meteoric water is
governed by that of seawater and the tempera-
tures of seawater evaporation and precipitation
from clouds, both of which are related to latitude
and altitude. Lower values of dD and d18O are
characteristic of higher latitude and altitude
(Sheppard 1986).

Traditionally, formation waters in sedimen-
tary basins were thought to be seawater or brine
entrained in sediments at the time of deposition
(i.e. connate waters), but subsequent work has
demonstrated that many (or most) formation
waters are meteoric waters that infiltrated into

Fig. 7 Isotope characteristics
of major reservoirs for
(A) sulfur and (B) carbon
reservoirs (modified after
Ohmoto and Rye 1979), and
(C) boron (derived from
Marschall and Jiang 2011,
deHoog and Savov 2018,
Trumbull and Slack 2018)
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sedimentary basins subsequent to deposition and
diagenesis (Kharaka and Hanor 2003). Evidence
for this interpretation stems in part from isotope
arrays in d18O versus dD plots that trend toward
the meteoric water line and are consistent with
the composition of meteoric fluids at likely
recharge zones (see Kharaka and Hanor 2003 for
discussion). On the other hand, some basins
contain formation waters that are interpreted as

true connate waters. As these connate waters
were originally derived from seawater, their
isotope signature should reflect that of seawater
at the time of sedimentation (Sheppard 1986).
Figure 8a indicates that connate waters, includ-
ing evaporative brines, are characterized by dD
and d18O values somewhat lower and higher,
respectively, than modern seawater. These data
from Gulf coast basins in the United States

Table 2 Range in stable isotope values of the mantle and common upper-crustal sedimentary and igneous rocks

Reservoir dD d18O d11B d13C d34S

Upper
mantle

−80‰ to -50‰ for
upper mantle; −46‰
to −32‰ for
subduction-modified
mantle

5.7 ± 0.3‰;
6.0–6.7‰ for
subduction-
modified
mantle

7.1 ± 0.9 ‰ for
MORB-source
upper mantle

* -5‰ 0–1‰
(based on
mantle
xenolith
data;
overlaps
with
meteoritic
data)

Upper crustal sedimentary rocks

Psammitic
rocks

— 8–15‰ –- — −70‰ to
70‰

Pelitic
rocks

−90‰ to −40‰ 13–20‰ −13 to 4 ‰ for
pelagic clays,
continental
metapelites mostly
less than -10 ‰

−30‰ to −15‰
(reduced carbon)

Limestone
and chert

— 25–35‰ −5 to 26 ‰ for
marine carbonates,
mostly above 5; −12
to 8 for chert

0 ± 5‰

Upper crustal igneous rocks

Felsic
rocks

−130‰ to −40‰ (this
range is interpreted to
be the result of
Rayleigh degasing,
with highest dD values
associated with the
least degased samples,
as indicated by whole-
rock H2O content)

Mostly 6–
10‰

−2 ± 5 ‰, rarely
below -8 ‰ for I-
type rocks; -11 ± 4
‰, rarely above -8
‰ for S-type felsic
rocks

−35‰ to −10‰
(reduced carbon;
−10‰ to 3‰
(oxidized carbon)

Mostly -5‰
to 10‰, but
total range
from −20‰
to 25‰

Mafic
rocks

−120‰ to 0‰ (total
range); −85‰ to
−75‰ (primary
magmatic composition
of oceanic basalt)

4.9–8.0‰ −7.1 ± 0.9 ‰ for
fresh MORB, −2 to
17 ‰ for altered
basalt, gabbro in
ophiolites, −3 to −12
‰ for fresh OIB,
higher values if
seawater altered

−29.5‰ to −3.5‰
(total range); −11‰
to −3.5‰ for carbon
extracted above
600 °C (the most
likely magmatic
range; most data
cluster near -5‰,)

−3.0‰ to
2.5‰
(tholeiites);
2.5‰−6.0‰
(alkali
basalts)

Data from Ohmoto and Rye (1979), Kyser (1986), Taylor and Sheppard (1986), Hoefs (1997) and Marschall and Foster
(2018). In most cases metamorphosed rocks retain the isotope characteristics of their precursors (see text)
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(Kharaka and Hanor 2003, and references
therein), indicate a slight shift from oceanic
water, possibly due to equilibration with the host
rocks. Although limited, the data suggest that
connate fluids may have a distinctive dD - d18O
signature relative to meteoric water and other
crustal fluids. Marine-derived connate fluids
should also have a distinctive d11B signature
relative to crustal fluids because of the uniquely
high d11B value of seawater. This was used with
success in studies of B-isotopes in tourmaline
from U-deposits of the Athabasca Basin by
Mercadier et al. (2012) and Adlakha et al. (2017)
as shown on Fig. 8b.

The stable isotope composition of the upper
mantle andmafic igneous rocks derived from it are
thought to be relatively homogeneous, with

d13C * -5‰, d18O * 5.7 ± 0.3‰, d34S * 0–
1‰ (with D33S, D36S� 0) and d11B * 7 ± 1‰
(Table 2). The exception to this is where such
rocks are altered on the seafloor or, in the case of
arc settings, where the upper mantle is hydrated
from slab-released fluids. The homogeneity of
mantle-derived rocks contrasts with crustally-
derived rocks, which are more variable (Fig. 7)
due to the wider range of source components
involved and to the number of chemical processes
(metamorphism, melting, alteration and weather-
ing) which cause isotope fractionation, particu-
larly in the upper crust, atmosphere and
hydrosphere. For example, siliciclastic sedimen-
tary rocks have higher d18O values than igneous
rocks from which they were derived due to frac-
tionation during low temperature erosion and

Fig. 8 Variations in stable
isotope characteristics of
fluids present at the Earth's
surface or in upper crustal
rocks. A. d18O-dD diagram
showing isotope
characteristics of common
crutal fluids. Data from Taylor
(1979) and Kharaka and
Hanor (2003). B. Variations
in d11B (modified after
Adlakha et al. 2017)
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chemicalweathering. Sedimentary rocks also have
a wide range in d13C and d34S values (Table 2) due
to biological processes and low-temperature, dis-
equilibrium fractionation as discussed above, and
their d11B values depend on their marine or ter-
restrial provenance (Table 2). The O-isotope dis-
crimination of sedimentary versus igneous
(juvenile, arc-related) sources of granites is well
established (Taylor and Sheppard, 1986). Trum-
bull and Slack (2018) showed that the d11B com-
position of granites and related volcanic rocks also
reflects the S- and I- type source dichotomy (see
Table 2). The relatively heavy boron in I-type,
continental arc magmas (d11B from -10‰ to 12‰,
average -2‰), relates ultimately to seawater
alteration of the sub-arc magma source, whereas
the lighter boron in S-types (d11B from -22‰ to
0‰, average * -11‰) is due to continental
(meta)sedimentary rocks in the source.

In cases where magmas were derived by
partial melting of hydrothermally altered rocks
(Muehlenbachs et al. 1974; Taylor 1986b), the
d18O signature shifts, commonly to lower values
as seen in igneous rocks from Iceland
(Muehlenbachs et al. 1974) and the Yellowstone
complex in Wyoming, USA (Friedman et al.
1974; Hildreth et al. 1984). Schmitt and Simon
(2004) attributed the same effect of hydrothermal
alteration of the magma source to explain d11B
variations in volcanic rocks from the Long Val-
ley caldera.

7.1 The Effects of Metamorphism,
Metasomatism
and Devolatilization

Metamorphism of a rock can change its stable
isotope characteristics through two broad pro-
cesses, devolatilization or the influx of exoge-
neous fluids. Devolatilization is the generic
process whereby volatile components of a rock
are lost during prograde metamorphism and
includes dehydration, decarbonation and desul-
fidation. In some mineral systems, orogenic gold
systems, for example, metamorphic fluids pro-
duced by these processes are thought to be ore
fluids (e.g. Phillips and Groves 1983).

The most important devolatilization reaction
is dehydration. According to Wedepohl (1969a)
and Engel and Engel (1958b), the average water
content of pelitic rocks decreases up metamor-
phic grade from 5.0% in shales, to 2.96% in
phyllites and slates, to 2.41% in mica schists, to
2.02% in sillimanite gneisses, and to 0.62% in
transitional amphibolite-granulite facies semi-
pelitic rocks. On an atomic basis, metamorphic
dehydration will remove at most 10% of oxygen,
but up to 100% of the hydrogen if the process
goes to completion. As a consequence, the effect
on isotope composition is minor for oxygen (at
most an increase in d18O of 0.6‰: Valley 1986),
but can be significant for hydrogen (decreases in
dD of up to 16‰ or 40‰, depending upon the
process of devolatilization assumed: Valley
1986). As the water content in sandstone and
igneous rocks is much lower than in pelitic rocks
(Wedepohl 1969a,b), the effect of metamorphism
on oxygen and hydrogen isotope characteristics
of these rocks is much less. Hence, for most
siliciclastic and igneous rocks, d18O of the
metamorphosed rock is similar that of the pro-
tolith, but dD can significantly different.

Boron in clastic sedimentary rocks is hosted
mainly in clays and micas (Trumbull and Slack
2018) and the breakdown of these hydrous
minerals during metamorphism generally relea-
ses boron to the metamorphic fluid (Moran et al.,
1992). At the same time, the B-isotope fraction-
ation between sheet silicates and hydrous fluid
causes a progressive lowering of d11B values in
the higher-grade rocks and the opposite effect for
the fluid phase. The situation changes if tour-
maline forms during metamorphism because it
has a high thermal stability and preserves the
boron content in the rock, and its B-isotope
composition, during prograde metamorphism
(Trumbull and Slack 2018).

Decarbonation reactions can cause significant
changes in both d13C and d18O. Metamorphism
and devolatilization of marly carbonate rocks
commonly produces calc-silicate rocks contain-
ing wollastonite (after marly limestone) or
diopside (after marly dolostone). Both of these
reactions produce CO2 as a product, which then
escapes. Valley (1986) summarized the isotope
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effects of contact metamorphism on carbonate
rocks, indicating isotope shifts of up to 14‰ in
d13C and 22‰ in d18O, although these shifts
were spatially restricted to within 3 km of the
causative granite. These shifts in skarns and
marbles related to igneous intrusion require that
the magmatic-hydrothermal fluids present also
experienced significant isotope shifts during
decarbonation reactions.

During regional metamorphism, shifts in d13C
and d18O are likely to be restricted. Valley
(1986) showed that steep isotope gradients are
present at the contacts between compositionally
and isotopically distinct units, whereas within
these units the isotope signature is uniform.
Based on this he suggested that regional meta-
morphism does not affect the isotope character-
istics of the protolith unless significant,
channelized fluid flow occurred. However, under
situations involving the influx of isotopically
distinct exogeneous fluids, isotope shifts in dD,
d13C and d18O can occur. In contrast to the C, O
and H isotope systems, the variation of rock d11B
values during prograde metamorphism can vary
strongly depending on the specific mineral
assemblage and reactions involved (Trumbull
and Slack 2018 and references therein).

Studies by Ferry (1981), Pitcairn et al. (2010),
Zhong et al. (2015) and Finch and Tomkins
(2017) have indicated that as temperatures
increase during regional and contact metamor-
phism, pre-existing pyrite converts to pyrrhotite
according to one or more of the following (or
similar) reactions:

2FeS2 ! 2FeS þ S2 ð14Þ
2FeS2 þ 2H2O þ C ! 2FeS þ 2H2S þ CO2

ð15Þ

Or

2FeS2 þ 2FeOrock ! 4FeS þ O2 ð16Þ

The first two reactions are desulfidation reactions
in that sulfur is lost from the rock, but the last
reaction does not involve sulfur loss. The above
studies indicate that the metamorphic conversion

of pyrite to pyrrhotite occurs over a temperature
range of 200 °C to 550 °C. Graphical analysis of
whole rock geochemical data by Ferry (1981)
suggested that reactions similar to (15) are the
most likely reactions for pyrite to pyrrhotite
conversion and require fluid influx from meta-
morphic dehydration reactions or from external
sources.

The isotope effects of pyrite breakdown dur-
ing prograde metamorphism are not well studied,
with the best example being a laser ablation
study by Alirezaei and Cameron (2001) who
found no statistically significant fractionation
between pyrite and pyrrhotite or between meta-
morphic zones. They interpreted these results to
indicate that the conversion of pyrite to pyrrhotite
involved uptake of iron from wall rocks (i.e.
reaction 16) rather than sulfur loss. However, at
temperatures of 300–450 °C, conditions where
the conversion of pyrite to pyrrhotite is greatest
(Ferry 1981), D34Spyrite-H2S, D

34Spyrrhotite-H2S and
D34Spyrite-pyrrhotite are 0.8–1.2‰, 0.2–0.3‰ and
0.6–0.9‰, respectively. This suggests that d34S
variations caused by metamorphic desulfidation
are likely to be small, probably not recognizable
given the large variations in d34S that character-
ize sedimentary pyrite. Moreover, the isotope
composition of sulfur in metamorphic fluids is
likely to be similar to that of the rocks that evolve
the fluid.

Because primary metamorphic fluids cannot
be sampled at or near the Earth's surface, their
isotope composition has been inferred using the
isotope, mineralogical and chemical composition
of metamorphic rocks with estimates of frac-
tionation factors at the temperature range char-
acteristic of metamorphism. Due to the large
range in the isotope composition of the protoliths
and the range of metamorphic temperatures, the
inferred isotope field of metamorphic fluids is
large (Fig. 8). Despite this, metamorphic fluids
have distinctive isotope characteristics relative to
meteoric water, seawater and connate brines,
although they overlap with the field of magmatic
fluids.

The isotope composition of magmatic fluids
also has been estimated from the isotope and
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chemical composition of igneous rocks and
minerals, combined with crystallization temper-
atures and isotope fractionation factors (e.g.
Taylor 1979; Sheppard 1986). The resulting field
is large, although not as large as the metamorphic
fluid field, with which it largely overlaps. Unlike
metamorphic fluids, magmatic fluids have a dis-
tinctive isotope signature relative to other fluids
such as seawater, basinal brines and meteoric
waters present in the upper part of Earth's crust. It
must be stressed that the isotope fields shown in
Fig. 8 are for primary fluids. Reaction of these
fluids with rock has the potential to shift the
isotope composition of the fluid, particularly
under rock-dominated conditions.

8 Applications of Light Stable
Isotopes to Ore Genesis Studies
and Exploration

As discussed above, light stable isotopes frac-
tionate during a range of geological processes,
hence variations in stable isotope ratios can be
used to track these processes. Moreover, isotope
data can provide information as to the tempera-
tures and pressures at which mineral systems
evolve, and the sources of fluids. The following
section discusses how stable isotope data can be
used to constrain these processes and conditions
of ore formation. More importantly, it also dis-
cusses the limitations and ambiguities of some of
these constraints.

8.1 Geothermometry
and Geobarometry

Temperature, redox state, salinity and pH of the
ore fluid largely determine what metals can be
transported and how these metals can be depos-
ited. These parameters can be determined from
mineral assemblages, but also from fluid inclu-
sion and stable isotope data. Due to temperature-
dependent fractionation of stable isotopes
between minerals (Fig. 1), the temperature of
deposition can be estimated from D34S, D18O and
D13C data. However, use of these parameters for

geothermometry makes several implicit assump-
tions: (1) the minerals precipitated at the same
time from an isotopically homogeneous fluid,
(2) the fractionation between minerals has not
been affected by later geological events, and
(3) isotope fractionation between minerals
occurred under equilibrium conditions. The first
two assumptions can be largely (but not entirely)
assessed by paragenetic studies, and at higher
temperatures (>300 °C), disequilibrium becomes
less important in most systems (see below).

Another factor that must be considered in
assessing isotope thermometers is the purity of
mineral separates analysed. Cross-contamination
of mineral separates results in temperature esti-
mates that are too high. For example, a hypo-
thetical fluid with d18O of 8.0‰ will precipitate
quartz and magnetite with d18O values of
17.4‰ and -1.5‰ at 250 °C, respectively,
giving a D18Oquartz-magnetite = 18.9‰. If the two
separates are cross-contaminated by 10% (based
on atomic oxygen), the impure quartz and
magnetite separates will have with d18O values
of 15.5‰ and 0.4‰, respectively, giving a
D18Oquartz-magnetite = 15.1‰, which corresponds
to a temperature of 265 °C, which is 15 °C
higher than the hypothetical conditions. This
effect becomes stronger at higher temperature
and with greater cross contamination. Hence,
care must be taken to ensure sample purity, and
temperatures estimated from isotope mineral
pairs should be considered maximum tempera-
tures. In-situ techniques like SIMS can solve
many of the impurity issues, but at the cost of a
larger analytical uncertainty, which equates to a
larger temperature error.

If three or more minerals have been deposited
concurrently from an isotopically homogeneous
fluid, determining DX values for mineral pairs
can be used to assess the reliability of the isotope
thermometry. Determining dX of three coexist-
ing minerals yields three separate DX and tem-
perature estimates, and if all three temperature
estimates are within error, greater confidence can
be placed in the overall temperature estimate. If
the temperatures differ, the mineral assemblage
may not have formed concurrently under equi-
librium conditions, or one or more minerals have
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been affected by post-depositional disturbance,
or the mineral separates are not pure.

The uncertainties in stable isotope geother-
mometry depend on the relative uncertainties in
determining dX. If the (2r) uncertainties asso-
ciated with dX for each mineral pair are similar,
the (2r) uncertainty in DX is √2 � 2rdX; if the
uncertainties in dX are dissimilar, the uncertainty
is DX is estimated by adding the individual
uncertainties in dX in quadrature. This uncer-
tainty in DX is then used to estimate the uncer-
tainty in temperature. Note that the temperature
uncertainty is asymmetric, with the lower-
temperature uncertainty smaller than the higher-
temperature uncertainty. This is because the
intensity of fractionation in most stable isotope
systems decreases with increasing temperature.

Once a temperature estimate has been made, it
can be used to constrain other characteristics of
the mineral system. Possibly the most important
of these is the isotope characteristics of the ore
fluid, which is calculated from temperature-
dependent fluid-mineral fractionation factors. If
sufficient data are available, estimates of dDfluid,
d11Bfluid, d

13Cfluid, d
18Ofluid and d34Sfluid can be

made, which is very useful information for
determining fluid sources. Furthermore, isotope
temperature determinations can be combined
with fluid inclusion data to estimate the pressure
and, thereby, crustal depth at which mineraliza-
tion occurred. The pressure can be estimated
using the following equation:

Pt ¼ Ph þ Tt � Thð Þ DP=DTð Þ ð17Þ

where Pt is the trapping (geological) pressure of
the fluid inclusion, Ph is the homogenization
pressure (determined from fluid composition and
Th), Tt is the trapping (geological) temperature of
the fluids (determined from isotopic data as
described above or from another independent
geothermometer), Th is the fluid inclusion
homogenization temperature, and DP/DT is the
slope of the isochore. Examples where this
methodology has been applied include Huston
et al. (1993) Honlet et al. (2018), and many
others.

8.2 Tracking Fluid Sources

Stable isotopes are a powerful tool to determine
the source of water in ore fluids, and, to a lesser
extent the sources of boron, sulfur and carbon
within them. As discussed earlier, many fluids
present in the upper crust have quite distinctive
isotope characteristics, which enables inference
of the type of fluid from which the ore fluids were
derived (see Fig. 8). An example is the strong
contrast between the d11B values of seawater,
marine carbonates and evaporitic rocks of marine
origin on the one hand, and their equivalents
from terrestrial, continental settings on the other
(see Fig. 7). Thus the values of d11B, d34S and
d13C can be indicative of source (Fig. 7,
Table 2), but because there is considerable
overlap between potential reservoirs, in many
(most) cases, the isotope signature of the ore and
gangue minerals is not definitive of a particular
source.

An important exception to this generalization
for the sulfur isotope system is the use of mul-
tiple sulfur isotope ratios to identify mass-
independent fractionation. The recognition of
photolytic mass-independent fractionation of
sulfur isotopes prior to the Great Oxidation Event
(Farquhar et al. 2000, 2001) has opened a totally
new method to identify the relative importance of
sulfur that has or has not interacted with the
atmosphere or hydrosphere, particularly in
Archean and earliest Paleoproterozoic mineral
systems. This tool is particularly useful for sys-
tems in which the source of sulfur is contested,
for example volcanic-hosted massive sulfide
mineral systems (Huston et al. 2023), orogenic
gold deposits (LaFlamme et al. 2018b) and
orthomagmatic Ni-Cu-PGE deposits. In the lat-
ter, one mechanism that has been proposed to
produce an immiscible Ni-Cu-PGE sulfide melt
from the parental mafic/ultramafic magmas is
sulfur saturation of the magma by ingestion of
sulfide-rich wall rocks (Lesher and Campbell
1993). As many of these deposits formed in the
Neoarchean, the distinctive signature of mass-
independent sulfur isotope fractionation can dis-
tinguish between mantle and crustal and mantle
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sulfur.6 Bekker et al. (2009), Ding et al. (2012)
and Fiorentini et al. (2012) used D33S, which
indicates the presence (|D33S| > 0.0‰) or absence
(D33S * 0.0‰) of crustal sulfur, to indicate that
sulfur contamination from the crust was an
important process in some, but not all,
orthomagmatic Ni-Cu-PGE deposits, and that the
presence of mass-independent fractionation may
be a signature of the larger deposits (Fiorentini
et al. 2012).

8.3 Tracking Geochemical Processes

One of the more powerful uses of stable isotopes
in mineral systems studies is identifying and then
tracking geochemical processes like redox reac-
tions and phase separation (boiling, magma
degassing). As discussed above, many geo-
chemical processes cause significant, and, in
some cases, diagnostic, isotope shifts in rocks
and/or minerals, or cause spatial or temporal
isotope gradients. These effects are most easily
observed where there are strong isotope contrasts
between the reactants and the products of the
geochemical reaction. For example, in volcanic-
hosted massive sulfide systems, evolved seawa-
ter, the main ore fluid, has hydrogen and oxygen
isotope characteristics that contrast with the
rocks and other potential fluids that it interacts
with. As a consequence, hydrolytic alteration
zones developed in these systems can be easily
mapped using whole-rock d18O data, and the
involvement of other fluids (e.g. magmatic-
hydrothermal) can be assessed (Huston et al.
2011, 2023; and references therein).

One of the earliest uses of oxygen and
hydrogen isotopes in alteration studies was
determining the interaction of magmatic-
hydrothermal ore fluids and meteroic water
with host rocks in porphyry copper mineral
systems. Sheppard et al. (1969, 1971) showed
that hydrothermal minerals from core potassic
alteration zones in these deposits formed from

magmatic-hydrothermal fluids, whereas clay
minerals in peripheral argillic alteration zones
formed from heated, overprinting meteoric water.
These isotope data were one of the key datasets
in establishing the porphyry copper genetic
model in the 1960s and 1970s, and the results of
Sheppard et al. (1969, 1971) have been con-
firmed by studies of porphyry systems of differ-
ent ages around the world.

Boron isotope studies of ore systems have
focussed on tourmaline because this mineral is
common, resists alteration, preserves zoning and
contains percent levels of boron, but other min-
erals may become important (e.g. white mica, see
“future directions”). One of the first uses of B-
isotopes to understand ore fluid sources was the
study of massive sulfide deposits associated with
tourmalinite by Palmer and Slack (1989) and the
method grew rapidly since the advent of in-situ
studies using SIMS or LA-ICPMS (see Slack and
Trumbull 2011; Trumbull et al. 2020). Common
applications have been to constrain the fluid
source or to define mixing of multiple sources
and their temporal relationships. For example,
Xavier et al. (2008) found distinctly high
d11Btourmaline values (> 10‰) that indicate a
marine origin for high-salinity ore fluids in
Brazilian IOCG deposits. Zoning and replace-
ment textures combined with in-situ B-isotope
ratios tracked fluid evolution and mixing (Pal
et al. 2010; Baksheev et al. 2015; Lambert-Smith
et al. 2016). In granite-related Sn-W deposits and
pegmatites, tourmaline B-isotope studies have
been used to recognize the magmatic-
hydrothermal transition by its effect on B-
isotope partitioning (e.g. Drivenes et al. 2015;
Siegel et al. 2016).

Rotherham et al. (1998) interpreted large
variations in d34Ssulfide to be indicative that
reduction of an originally highly oxidized ore
fluid by interaction with ironstone was the
depositional mechanism for the Starra (now
known as Selwyn) copper–gold deposit in
northwest Queensland, Australia. Large (1975)
and Huston et al. (1993) interpreted zonation in
d34Ssulfide data from ironstone-hosted deposits in
the Tennant Creek district in a similar manner.
Large variations in d34S data can be indicative of

6 In this case, defined as sulfur that has (crustal) and has
not (mantle) interacted with the atmosphere prior to the
Great Oxidation Event at * 2420 Ma.
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redox reactions and spatial and temporal gradi-
ents can be used to track and map the progression
of these reactions.

Pyrite- and sulfate-bearing advanced argillic
alteration assemblages form by two processes in
the porphyry-epithermal mineral system: (1) dis-
proportionation of magmatic SO2 to form aqueous
H2S and sulfate, and (2) condensation of
hydrothermal H2S into oxidized groundwater
followed by oxidation of the H2S to form sulfate.
Both of these processes produce sulfuric acid,
which reacts with rock to produce pyrophyllite
and/or kandite (a complex mixture of members of
the kaolinite-nacrite-dickite family), which char-
acterize advanced argillic assemblages. These two
processes, which occur in different parts of the
porphyry-epithermal system, can produce miner-
alogically similar alteration assemblages that are
difficult to distinguish. Comparison of sulfur iso-
tope data from sulfide and sulfate minerals is one
method of distinguishing between them (Rye et al.
1992). Rye (2005) found that because SO2 dis-
proportionation is a high temperature process, it
produces equilibrium isotope fractionation,
whereas oxidation of H2S in groundwater, a low
temperature process, generally produces disequi-
librium isotope fractionation between sulfide and
sulfate minerals. These characteristics, combined
with other mineralogical data can be used as cri-
teria to distinguish between SO2 disproportiona-
tion and the oxidation of aqueous H2S in
groundwater as mechanisms to form advanced
argillic alteration assemblages.

In summary, variations in stable isotope ratios
can be used to identify and track geochemical
processes in mineral systems. It must be stressed,
however, that stable-isotope signatures can be
affected by many geochemical processes, and
these signatures are rarely diagnostic of one
process alone. As an example, the presence of a
d34Ssulfide * 0‰ is commonly taken to indicate
that the sulfur was derived (directly) from a
magma. However, this signature can be produced
by the fortuitous mixing of two non-magmatic
sources, or by leaching of volcanic rocks, which
would have a similar signature. Hence, when
interpreting isotope data (and geochemical data
in general) all processes that produce an isotope

signature must be considered valid, and not just
the favoured process the signature “proves”. It is
rare that an isotope signature is sufficiently
unique to eliminate all but one process as its
cause. The non-uniqueness of isotope signatures
can, in some cases, be overcome by the use of
multiple isotope systems, including both stable
and radiogenic isotopes (see future directions).

8.4 Exploration and Discovery

Although stable isotopes have proved to be
extremely useful in understanding fluid sources
and processes that form ore deposits, discoveries
of deposits using isotope data are uncommon.
Two examples that we are aware of are the dis-
covery of a new skarn lens in the Kamioka dis-
trict in Japan using d18O data of carbonate
minerals (Naito et al. 1995), and the discovery of
the West 45 lens at the Thalanga volcanic-hosted
massive sulfide deposit in Queensland, Australia
using whole-rock d18O data (Miller et al. 2001).
Despite well-documented and consistent zona-
tion of isotope values for a number of deposit
types (see above and later papers in this volume),
isotope methods for exploration have not been
taken up by industry to any significant extent.
Barker et al. (2013) attribute the lack of uptake
by industry to: (1) the costs of analyses, (2) the
requirement of specialist analytical labs, and
(3) the slow turnaround time for analyses. They
noted that for isotopes to be taken up by industry,
the quantity of analyses on a project would need
to increase from the tens or hundreds typical for
ore genesis studies to thousands for exploration.
Barker et al. (2013) reported a study in the Carlin
district, Nevada, USA in which they used large
numbers of analyses to show decrease in d18O of
carbonate minerals towards the Screamer gold
deposit. Because of the large variability of the
data at the drill hole scale, the statistical robust-
ness of large data sets was required to document
this zonation. Hence, uptake of stable isotope
variations as an exploration tool will require a
reduction in the costs and time required for
analyses, and a greater number of laboratories
able to provide them.
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9 Future Directions

As with other science fields, the techniques and
interpretations of stable isotopes in metallogenic
studies evolve over time. Techniques being
developed at present could strongly influence the
future direction of stable isotope research in
metallogenic studies. These include the devel-
opment of new techniques (e.g. clumped iso-
topes), the ability to integrate data from different
isotope systems (both stable and radiogenic) on
the same rock, mineral or spot, and the increasing
capability for inexpensive and rapid analyses.

Like the discovery of significant mass-
independent sulfur isotope fractionation in the
Archean, the development of analytical tech-
niques to measure fractionation of clumped iso-
topes has the potential to provide a new tool to
understand ore genesis. Rather than considering
variations in the isotope abundance of an indi-
vidual element, clumped isotopes measurements
identify isotope variations in molecules. For
example the CO2 molecule can vary in atomic
mass from 44 to 49, with mass number 44
(12C16O2) being the most abundant (98.40%) and
mass number 49 (13C18O2) the least (44.5 ppb)
(Eiler 2007). Just like isotopes, these `̀ isotopo-
logues'' also fractionate with temperature (Ghosh
et al. 2006). At present, clumped isotope geo-
chemistry has been extensively used in pale-
oenvironmental, paleobiological and related
studies (Huntington et al. 2011; Eagle et al.
2011), but the application to fluid flow and
metamorphism (Swanson et al. 2012; Lloyd et al.
2017) suggest that they might also be useful in
ore genesis studies where they can determine the
temperature and isotope (i.e. d18O) composition
of ore fluids (Mering et al. 2018). Clumped iso-
topes may be particularly useful in low temper-
ature systems, such as those hosted in basins,
where estimating temperature and determining
the origin of fluids are problematic. Interpretation
of these data does not require knowledge of other
information such as salinity and the isotopic
signature is less susceptible to later alteration.

To date, the application of B-isotope studies
of ore deposits has been almost exclusively based

on tourmaline (Trumbull et al. 2020). White mica
has been targeted before in studies of metamor-
phism (Konrad-Schmolke and Halama 2014), but
it is virtually unexplored in ore deposit studies
even though mica, particularly white mica, con-
tains the highest concentrations of boron of all
common rock-forming minerals (Harder 1974).
White mica is even more common than tourma-
line in alteration zones, and in cases where both
minerals coexist, the difference in fluid-mineral
B-isotope fractionation between them can be
used for geothermometry. A case study of the
Panasqueira Sn-W deposit by Codeço et al.
(2019) showed that mineralization temperatures
derived from D11B in coexisting mica and tour-
maline are consistent with other geothermome-
ters and can be used to track cooling of the
mineralizing system.

The development of microanalytical methods
of isotope analysis has allowed for the first time
determination of a large suite of isotope ratios,
both stable and radiogenic, from essentially the
same spot or the same mineral. Integration of such
information can lead to conclusions that are more
robust and far reaching than conclusions from each
isotope system individually. A good example of
this is the microanalytical collection of U–Pb, Lu–
Hf and oxygen isotope data from zircon. The
ability to collect such data individually has been
around for 10–30 years, but only recently have
these data been collected from the same spots,
allowing synergy of interpretation. As an example,
for magmatic zircons from an ore-related granite,
the U–Pb system allows age determination
(Chelle-Michou and Schaltegger 2023), the Lu–Hf
system provides information about source of the
magma (e.g. crustal versus mantle: Waltenberg
2023), and the oxygen system provides informa-
tion about modifications of the source (e.g. meta-
somatism prior to magma generation: Valley
2003). Collectively, these data can provide infor-
mation about the mineral system not available
individually from the separate isotope information.
For example, the data could indicate if a magma
originated from the mantle and if the mantle had
been metasomatized, potentially important infor-
mation in determining magma fertility.
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Another area with growth potential is the
combination of isotope systems including the
light stable isotopes described above (B, O, H, C,
and S; also Li though not discussed herein), as
well as heavier stable metal isotopes (e.g. Cu)
and radiogenic isotopes. Many of these can be
analysed in situ and with good precision by
SIMS and/or LA-ICP-MS, which opens the door
to detailed, petrographically-controlled analyses
of zoning and overprinting relationships in ore
and gangue minerals. Multiple-isotope analyses
would remove much of the current ambiguity in
identifying fluid and metals origin by isotope
fingerprinting. However, a prerequisite for
expanding the scope of in-situ analysis is the
availability of homogeneous and matrix-matched
reference materials for a wide range of mineral
groups (oxides, sulfides, silicates, carbonates
etc.). There needs to be heightened awareness of
the importance for development and distribution
of quality reference materials.

As discussed above and by Barker et al.
(2013), the development of rapid, inexpensive
methods of stable isotope data acquisition would
enhance the utility of stable isotope data in
mineral exploration. Although stable isotope data
can provide vectors toward ore, the time required
for analysis and the cost has generally restricted
stable isotope (and other isotope) data to aca-
demic studies and not exploration. Continued
development of rapid methods of analysis would
increase the update by the exploration industry.
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Light Stable Isotopes
in Volcanic-Hosted Massive Sulfide
Ore Systems

David L. Huston, Crystal Laflamme,
Georges Beaudoin, and Stephen Piercey

Abstract

Volcanic-hosted massive sulfide (VHMS)
deposits, the ancient analogues of “black
smoker” deposits that currently form on the
seafloor, are the products of complex mineral
systems involving the interaction of seawater
with the underlying volcanic pile and associ-
atedmagmatic intrusions. Light stable isotopes,
particularly those of oxygen, hydrogen and
sulfur, have had a strong influence in determin-
ing sources of ore fluids and sulfur as well as
elucidating geological processes important in

the VHMS mineral systems. Oxygen and
hydrogen isotope data indicate that evolved
seawater was the dominant ore-forming fluid in
VHMS mineral systems through geological
time, although a small proportion of deposits,
including high sulfidation and tin-rich deposits,
may have a significant, or dominant, magmatic-
hydrothermal fluid component. Higher-
temperature (> 200 °C) interaction of evolved
seawater alters the rock pile below the seafloor,
producing d18O depletion anomalies at the
deposit and district scales that can be used as a
vector to ore. In contrast, lower-temperature
hydrothermal alteration results in d18O-en-
riched zones that commonly cap mineralized
positions. An apparent decrease in the degree of
high temperature 18O depletion with time may
relate to the increasing importance of felsic-
dominated host successions in younger depos-
its. d18O anomalies have potential as an explo-
ration tool, and have contributed directly to
discovery. The other important contribution of
stable isotopes to understanding the VHMS
mineral system is quantification of the contri-
bution of sulfur sources. Conventional d34S
data, when combined with D33S data acquired
using recently developed technologies, indicate
that the dominant sulfur source is igneous
sulfur, either leached from the volcanic pile or
introduced as a magmatic volatile (these
sources are not distinguishable). The thermo-
chemical reduction of seawater sulfate is also an
important, but subordinate, sulfur source.
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Estimation of the proportion of seawater sulfate
with geological age indicate that, on average, it
has increased from 5–10% in the Archean to
20–25% in the Phanerozoic. This most likely
reflects the increase in seawater sulfate contents
through geological time. Although untested as
an exploration tool, variations in sulfur isotope
data may have utility is discriminating fertile
from barren sulfide accumulations or providing
vectors to ores at the deposits scale. As
exploration tools, light stable isotopes suffer
from a relatively high cost and slow
turn-around time. If these limitations can be
overcome, and new analytical methods can be
developed, light stable isotopes may emerge as
another tool for exploration, particularly as
discoveries are made at greater depth and under
cover.

1 Introduction

As discussed elsewhere in this volume, light stable
isotope data has proven key to understanding the
genesis of a range of mineral systems (Hagemann
et al. 2023; Huston et al. 2023; Quesnel et al. 2023;
Williams 2023). Although these data have been
particularly useful in understanding the sources of
ore fluids and sulfur, the data also have proven
useful in exploration (Miller et al. 2001). This
chapter presents an overview of variations in
stable isotope geochemistry in the volcanic-hosted
massive sulfide (VHMS) mineral system and how
this data has been used to understand this system
and where it may be practical for exploration
vectoring. It follows and builds on previous syn-
theses of stable isotopes in VHMS systems by
Huston (1999), Shanks (2014) and Leybourne
et al. (2022) and of active seafloor systems by
Zierenberg and Shanks (1988) and Shanks (2001).
Studies of active systems provide information
such as direct isotopic measurements of venting
fluids and the effect of changes during the times-
pan of the mineral system not available from
studies of ancient systems.

2 The Volcanic-hosted Massive
Sulfide Mineral System

The VHMS mineral system is arguably one of
the best documented and understood mineral
system. As VHMS deposits are preserved in
many different parts of the world and formed
through much of Earth’s history, they provide,
collectively, information on geological processes
through time, including changes in hydrothermal
and environmental processes. Despite these
changes, VHMS deposits through time share
many characteristics, both at the deposit- and
district- to province-scale.

The understanding of the VHMS mineral
system has come about not only from ancient
deposits (Franklin et al. 1981, 2005; Huston et al.
2006) but also the discovery of “black smoker”
deposits in modern oceanic basins (e.g., Han-
nington et al. 2005), which are thought to be
modern analogues of VHMS deposits. Currently,
hydrothermal fluids circulate extensively through
the upper crust, particularly in submarine exten-
sional zones associated with mid-oceanic ridges
on divergent margins, or back-arc basins/rifted
arcs along convergent margins. This circulation
not only cools the oceanic upper crust, control-
ling the Earth’s surficial heat budget (Stein
1995), but the fluids leach metals from the
underlying rock and transfer these metals into the
hydrosphere, having a major impact on the sea-
water metal budget. Although most metal is lost
to the seawater column when these fluids vent
(Converse et al. 1984), some of the metal is
trapped in massive sulfide deposits that form at
or just below the seafloor at venting sites (Herzig
and Hannington 1995); the vents are also sites of
abundant biological activity (Hannington et al.
2011). The growth of seafloor massive sulfide
deposits involves dissolution, alteration and
replacement of rock and massive sulfide within
and below the mounds, forming complex mix-
tures of sulfide and altered host rock known as
stockworks (Petersen et al. 2018).

Studies indicate that geologically ancient
VHMS deposits formed mostly in back-arc
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basins and rifted arcs along convergent margins
(e.g., Franklin et al. 2005). This differs from
modern black smokers, which are known to form
along both mid-oceanic ridges as well as back-
arc basins and rifted arcs (Hannington et al.
2005). This difference arises due the low likeli-
hood of preserving oceanic crust in the ancient
record—most of this crust is lost to subduction.
Figure 1 illustrates an idealized asymmetric,
VHMS-bearing back-arc basin that has rifted pre-
existing continental crust to the left and an arc
that developed on this crust to the right. Geo-
chemical analyses of volcanic successions that
host VHMS deposits (Lesher et al., 1986; Ker-
rich and Wyman 1997; Hart et al. 2004; Piercey
2011) indicate that both back-arc and arc signa-
tures are present in VHMS districts.

Volcanism and the associated magmatism are
integral components of the VHMS mineral sys-
tem, providing heat, fluids, metals and/or sulfur.
The left-hand side of Fig. 1 illustrates a VHMS
system associated with a semi-conformable,
subvolcanic intrusion that has provided heat to
drive fluid flow. The associated volcanic pile

provided metals and sulfur to the mineralizing
fluids. The right-hand side illustrates a situation
in which a cross-cutting intrusion, possibly arc-
related, has provided heat, metals, sulfur and
fluids to the evolving VHMS system. These two
systems should be considered end-member vari-
ants of the VHMS mineral system.

The other major source of system components
in VHMS systems is the overlying seawater
column. Based mostly on stable isotope evidence
seawater is thought to be the dominant fluid
source in most VHMS systems and an important
source of sulfur in many, particularly younger,
systems. The left-hand inset in Fig. 1 illustrates a
mineral system in which emplacement of a semi-
conformable, subvolcanic intrusion (c.f. Galley
2003) at a depth of 3–5 km drives convection of
seawater in the volcanic pile. This produces
semi-conformable alteration zones above the
intrusion that become cross-cutting along syn-
volcanic structures to become the proximal
alteration zones associated with most VHMS
deposits. This alteration pattern records the con-
vection of evolving seawater that interacts with

Fig. 1 Volcanic-hosted massive sulfide mineral system. Reproduced with permission from Huston et al. (2011);
Copyright 2011 Geoscience Australia
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the volcanic pile to extract metal and sulfur then
moves upwards through the pile and deposits
sulfur and metals to form a VHMS deposit. If the
seawater was sulfate-bearing, reduction to sulfide
by high temperature water–rock interaction was a
second source of sulfur in the system.

Volcanic-hosted massive sulfide deposits
form at and just below the seafloor and comprise
three types of mineralized rock, stockwork,
massive sulfide and exhalite (Fig. 2; Franklin
et al. 1981, 2005; Huston et al. 2006). The
stockwork zone consists of anastomosing veins,
or “stockworks”, of sulfide-bearing veins that
also commonly contain quartz, carbonate, chlo-
rite, sericite and, in some deposits, sulfate min-
erals. The stockworks typically vein strongly
altered volcanic rocks. This “proximal” alteration
typically is dominated by chlorite, sericite, quartz
and iron sulfide minerals. In some cases, proxi-
mal alteration can contain advanced argillic
assemblages (e.g., pyrophyllite, kaolinite)
although such zones are much less common than
the typical quartz-chlorite-sericite assemblage.
Stockwork and proximal alteration zones gener-
ally grade outwards over a distance of 10–200 m
to lower temperature “distal” alteration zones by

either a decrease in alteration intensity or min-
eralogical changes.

Stockwork zones commonly grade upwards
into massive sulfide zones, defined as rock that
contains more than 60% sulfide minerals (Sang-
ster and Scott 1976). Although early models
interpreted that massive sulfide zones formed at
the seafloor (e.g., Hutchinson 1973; Ohmoto
1986; Lydon 1988), more recent work has indi-
cated that massive sulfide zones can also form by
replacement of host rocks (Doyle and Allen
2003) or by increasing intensity of stockwork
(Fig. 2). Massive sulfide zones are commonly
zoned mineralogically and compositionally, typ-
ically from Cu-rich at the base to Zn-rich at the
top; many Phanerozoic deposits have sulfate-rich
zones at the very top. In some cases, massive
sulfide zones are flanked by exhalite, chemical
sediments formed from hydrothermal fluids that
have interacted with seawater. Exhalites can be
siliceous and/or iron-rich, can be enriched in
many hydrothermal elements, including base
metals, and can be deposited hundreds of meters
to even kilometers away from massive sulfide
deposits (Peter 2003 and references therein). In
many, though not all, districts, exhalites mark

Fig. 2 Idealized cross-section of volcanic-hosted massive sulfide deposits showing different ore and alteration zones
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stratigraphic positions prospective for VHMS
mineralization.

The right hand inset in Fig. 1 shows a scenario
in which the magmatic chamber that drove circu-
lation in the VHMS system also concentrated
magmatic-hydrothermal fluids and these were
introduced into the circulating VHMS fluid sys-
tem. In this case both seawater and magmatic
volatiles would be fluid sources, and magmatic-
hydrothermal sulfur and metals could form a sig-
nificant component of ore fluid, with the rest
derived either from convecting seawater or leach-
ing of the volcanic pile. A mixed fluid with sea-
water and magmatic-hydrothermal components
would then rise to the seafloor, where rapid cooling
upon mixing with ambient seawater would cause
metal deposition at or just below the seafloor.

3 Stable Isotope Terminology

In this chapter conventional isotopic results are
reported relative to internationally recognized
standards using standard d notation: V-SMOW
(Vienna-standard mean oceanic water: Werner
and Brand 2001) for oxygen and hydrogen and
V-CDT (Vienna- Canyon Diablo troillite: Ding
et al 2001). Typical 1r uncertainties in mea-
surements are 0.2‰ for d18O, 3‰ for dD and
0.2‰ for d34S. Details of analytical techniques,
standards and uncertainties are summarized by
Huston et al. (2023).

4 Stable Isotopes and the Genesis
of Volcanic-hosted Massive
Sulfide Systems

Stable isotope data have played a key role in
constraining and understanding fluid and sulfur
sources in VHMS mineral systems. Because the
oxygen and hydrogen isotope composition of
seawater is thought to have been relatively con-
stant over geological time (d18O * −3 to 0‰
and dD * −30 to 0‰: Sheppard 1986), and this
value is significantly different to magmatic-
hydrothermal fluids (d18O * 5.5 to 10‰ and
dD * −50 to −35‰: Taylor 1987), these data

can be used to assess the relative importance of
evolved seawater and magmatic-hydrothermal
fluids in individual VHMS ore systems at the
deposit and district scales. Similarly, as the d34S
composition of seawater sulfate (d34S + 10 to +
35‰; Crockford et al. 2019) differs to that of
sulfur derived from volcanic or magmatic-
hydrothermal sources (d34S −5 to + 8‰;
Chaussidon et al. 1989), sulfur isotope data have
been used to infer the importance of seawater-
derived sulfur to the VHMS mineral system
through geological time.

4.1 Oxygen and Hydrogen Isotopes

As seawater has oxygen and hydrogen isotope
compositions that are significantly different to the
rocks that underlie and host VHMS deposits,
alteration of these rocks by (evolved) seawater
can significantly affect the isotopic composition
of the altered rocks. This interaction occurs not
only in proximity to the ore zones, but also more
regionally. In both cases, oxygen isotope varia-
tions have been used to map hydrothermal
alteration zones.

4.1.1 Ore-proximal Patterns in Oxygen
and Hydrogen Isotopes

Over the last five decades numerous studies
(Table E1: updated from Huston 1999) have
documented variations in d18O and dD in the
immediate vicinity of VHMS deposits. These
studies have indicated systematic patterns, such
as a decrease in d18O toward ore (Fig. 3a), that
can be used for exploration (e.g., Miller et al.
2001). There are fewer studies documenting
variations in dD, and these studies do not show as
consistent of a pattern and are likely to be affected
by metamorphism. However, despite this, most of
the deposits shown in Fig. 3b are characterized by
an increase in dD proximal to ore.

Beaty and Taylor (1982) first illustrated these
relationships in a diagram schematically illus-
trating variations in d18O away from proximal
alteration zones for a range of deposits. Figure 3
is an update of this original diagram that includes
many historic studies as well as more recent
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studies that are based on a large number of
analyses (most deposits with a small dataset have
been excluded, but are summarised in Table E1).
At most deposits, there is a consistent pattern of
decreasing whole rock d18O toward the core of
the proximal alteration zone (Fig. 3a). In detail,
however, the magnitude and variation between
distal and proximal d18O varies between deposits
and, possibly, through time. Deposits associated
with advanced argillic alteration assemblages
(red lines in Fig. 3a), however, are characterized

by proximal d18O values that are similar to or
even higher than distal d18O values.

To assess possible reasons for this variability,
Fig. 4 plots the variation of (a) average distal
whole-rock d18O, (b) average proximal whole-
rock d18O and (c) the isotopic contrast (i.e.
d18Odistal – d18Oproximal) with geological time.
The figure also shows the variations in
(d) d18Odistal versus the isotopic contrast, and
(e) d18Odistal and (f) d18Oproximal versus 100Cu/
(Cu + Zn) of the deposit. No correlation is evi-
dent between d18Oproximal and isotopic contrast,
so this diagram is not shown. Although the cer-
tainty is limited due to a small sample size, there
appears to be a broad decrease in d18O values
from distal zones and, possibly, proximal zones,
with age. Variations in d18O in altered rocks are
controlled by the temperature of the isotopic
exchange, the water/rock (W/R) ratio, d18O of
the altering fluid and d18O and chemical and
mineralogical composition of the altered rock.

Figure 4e and 4f indicate that although there is
not a relationship between d18Odistal and 100Cu/
(Cu + Zn), low d18Oproximal alteration zones tend
to be associated with Cu-rich deposits. As 100Cu/
(Cu + Zn) is a proxy for the overall temperature
of the hydrothermal system (e.g., Large 1977;
Lydon 1988), this suggests that d18Oproximal

reflects, to a large degree, the overall temperature
of the hydrothermal system, particularly in
hydrothermal upflow zones with very high W/R.
Overall, this temperature has decreased over
geological time. The observation that d18Odistal is
unrelated to 100Cu/(Cu + Zn) suggests, however
a different control for the isotopic composition of
the outer, lower temperature and lower W/R
portions of the VHMS mineral system.

A possible reason for the disconnect between
d18Odistal and the overall temperature of the
hydrothermal system is that d18Odistal records a
different type of fluid-rock interaction to the high
temperature ore fluid. Under conditions of low
W/R, the isotopic composition of fluids is largely
controlled by the isotopic composition of the
rocks with which they interact, in this case the
bulk isotopic composition of the rock pile
underlying the VHMS deposit. Figure 4a shows
that rock pile in which felsic volcanic rocks

Fig. 3 Schematic diagrams showing variations in whole-
rock d18O and dD values around VHMS deposits
(updated from original diagrams in Beaty and Taylor
1982, using data from Table E1). Because of the large
number of studies, this diagram mostly shows deposits
with large number of analyses, but also includes some of
the classic deposits (e.g., Beaty and Taylor 1982) where
the relationship was first demonstrated. The width of the
most intense isotopically-altered zone ranges from a few
tens to a few hundreds of meters. The scale of the isotopic
zonation is up to 1000 m, but more typically a few
hundreds of meters

250 D. L. Huston et al.



Fig. 4 Plots showing the variation of (a) average distal
whole-rock d18O, (b) average proximal whole-rock d18O
and (c) the isotopic contrast (i.e. d18Odistal – d18Oproximal)
with geological time, (d) distal d18O versus isotopic

contrast, and (e) and (f) d18Odistal and d18Oproximal versus
100Cu/Cu + Zn) of the associated deposit. Data are from
Table E1
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dominate have higher d18Odistal those in which
mafic volcanic rocks dominate. As unaltered
felsic volcanic rocks (dacite and rhyolite) on
average have higher d18O (6–9‰) than mafic
rocks (basalt: 5–7‰) (Taylor and Sheppard
1986), low temperature, ambient fluids in equi-
librium with felsic dominated rock piles under
low W/R conditions would have higher d18O
than fluids equilibrated with mafic-dominated
piles. Interaction of such fluids in altered zones
distal to the main hydrothermal channelway may
account for the observed differences between
d18Odiistal in felsic-dominated and mafic-
dominated VHMS systems.

These mechanisms, however, do not directly
account for the apparent correlations of d18Odistal

and d18Oproximal with time (Figs. 4a and 4b);
these correlations may be indirect. As shown by
Barrie and Hannington (1999) and Huston et al.
(2010), deposits in felsic-dominated succession
are much more common in the Phanerozoic than
in the Paleoproterozoic or Archean; conversely,
deposits hosted by mafic-dominated successions
are more common in the Paleoprotoerozoic and
Archean. Hence, the correlation of d18Odistal and
d18Oproximal with geological time may relate to
the changing relative abundance of mafic- and
felsic-dominated volcanic successions as VHMS
hosts through time. A possible corollary to this
inference is that, on average, older VHMS
deposits formed at higher temperatures than
younger deposits. Hence, it is important to con-
sider the lithology of the altered host succession
when interpreting whole rock d18O patterns in
the context of genesis and exploration, an issue
highlighted by many authors (e.g., Taylor et al.
2015). It also must be stressed that distal values
are not those of pristine, unaltered volcanic
rocks, but those of rocks that have experienced
low temperature, pervasive alteration.

Metamorphic grade also does not seem to
affect d18O patterns, since regional metamor-
phism most commonly did not involve signifi-
cant water advection, and is considered
isochemical (Riverin and Hodgson 1980); thus,
variations in d18O see through regional meta-
morphism and reflect original fluid-rock interac-
tion patterns and pathways.

As discussed below the difference in the iso-
topic patterns associated with deposits associated
with advanced argillic alteration zones to those
deposits associated with the typical chlorite
and/or sericite dominated alteration assemblages
could be caused by interaction of lower temper-
ature hydrothermal fluids or by ore fluids with
higher d18O, such as magmatic-hydrothermal
fluids (e.g., Beaudoin et al. 2014). In high sulfi-
dation epithermal deposits, which are typically
associated with advanced argillic alteration
assemblages, the advanced argillic assemblages
are typically interpreted to be the consequence of
acidic fluids formed by the dissociation of SO2 at
high temperature (> 350 °C) in magmatic-
hydrothermal fluids (Ohmoto and Rye 1979;
Rye et al. 1992). Similar processes are envi-
sioned to have occurred in VHMS deposits that
have been influenced by magmatic-hydrothermal
fluids, leading to hydrothermally altered rocks
with elevated d18O (e.g., Sillitoe et al. 1996;
Huston et al. 2011).

In general, oxygen and, to a lesser extent,
hydrogen isotopes are zoned about VHMS
deposits due to hydrothermal alteration associ-
ated with the ore-forming fluids. In detail, how-
ever, the patterns can be complicated and can be
affected by the protolith lithological variability of
the altered rocks. To illustrate this we summarize
the results of some of the more detailed oxygen
and hydrogen isotope studies to illustrate the
similarities, and differences, in the isotopic
patterns.

Hokuroku district, Japan. In the Miocene
Hokuroku district of Japan, Hattori and
Muehlenbachs (1980), Green et al. (1983) and
Urabe et al. (1983) documented variations
around bimodal felsic VHMS deposits of this
district. Of the deposits described, the most
information is available from the Fukazawa
deposit (Green et al. 1983: Fig. 5a). Green et al.
(1983) documented a zone with d18O below 8‰,
which corresponds almost directly to the sericite-
chlorite alteration zone that cuts stratigraphy and
forms a pipe that extends below and above the
orebody. This zone is surrounded by a 500–
1500-m-wide, montmorillonite-altered halo that
is characterized by d18O values between 8‰ and
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14‰. Lateral to the montmorillonite zone, the
rocks have been quartz- and zeolite-altered with
d18O values above 14‰ (Date et al. 1983; Green
et al. 1983).

Noranda district, Québec, Canada. Beaty and
Taylor (1982) documented variations in whole

rock d18O data along a traverse across the alter-
ation pipe (in a similar position to stockwork
zones in other VHMS deposits) at the Amulet
deposit in the Noranda district, Québec (Fig. 5b),
showing a pattern about the alteration pipe, with
the central, most intensely, chlorite-altered part

Fig. 5 Sections and plans
showing proximal whole-rock
d18O variations around
VHMS deposits:
(a) Fukazawa deposit,
Hokuroku district, Japan
(modified after Green et al.
1983), (b) Amulet deposit,
Quebec, Canada (modified
after Beaty and Taylor 1983)
and (c) Kidd Creek deposit,
Ontario, Canada (modified
after Huston and Taylor
1999). “Dalmationite” in
(b) refers to a
metamorphosed, intensely
altered zone consisting of
coarse-grained cordierite
porphyroblasts set in a fine-
grained chlorite-quartz-
anthophyllite matrix. “Grid-
fractured” refers to a biotite-
rich rock with a grid-like
network of quartz-filled
fractures
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of the pipe having a d18O values of 3.6–4.0‰
that increased over a distance of 150 m outward
to 6.0–6.7‰ in least altered volcanic rocks.
Beaty and Taylor (1982) also demonstrated that,
with the exception of the Kidd Creek deposit (see
below), this pattern was consistent through most
deposits that had been studied at that time.

In the New Vauze-Norbec area in the central
part of the Noranda volcanic complex, Paradis
et al. (1993) showed an up stratigraphy increase
in d18O, from values near 2‰ at the bottom of
the stratigraphic section, to values near 14‰ at
the top. This stratigraphic variation was inter-
preted to have formed under an increasing ther-
mal gradient and increasing water/rock exchange
during the cooling of the Flavrian syn-volcanic
intrusion. Paradis et al. (1993) proposed that the
hydrothermal fluid was Archean seawater with
d18O near 0‰ that evolved through water–rock
isotope exchange to a heavier composition.

The variations in d18O described above are
one-dimensional transects or drill holes or two
dimensional plans or sections. Taylor et al.
(2014) determined three-dimensional variations
in whole rock d18O at the Horne and Quemont
deposits within the Noranda district, which
combined have produced over 10 Moz of gold.
The surface expression of the Horne deposit is
associated with a zone of low d18O (< 6‰), as
seen in other deposits discussed above. Zones of
high (> 9‰) d18O distal to the deposits may
indicate low temperature alteration peripheral to
the higher temperature alteration. These data,
data from elsewhere in the Noranda district (see
below) and from Kidd Creek indicate that per-
sistent zones of relatively high d18O may indicate
the lack of significant high temperature fluid flow
and downgrade exploration potential of these
zones, although it must be stated that deposits
associated with advanced argillic alteration zones
may not be associated with proximal d18O
depletion zones.

Kidd Creek deposit, Ontario, Canada.
The * 2714 Ma Kidd Creek deposit (147.88 Mt
grading 2.31% Cu, 6.18% Zn, 0.22% Pb, 87 g/t
Ag and 0.01 g/t Au) is the only significant
deposit in the Kidd-Munro assemblage in eastern
Ontario, Canada. It consists of several steeply-

plunging orebodies that are hosted by a mainly
rhyolitic volcaniclastic unit within a succession
dominated by mafic volcanic rocks (Huston and
Taylor 1999: Fig. 5c). The orebodies occur along
the southeastern limb of a tight, steeply-plunging
anticline.

The first oxygen isotope study by Beaty et al.
(1988) at Kidd Creek demonstrated that d18O
values in proximal quartz-rich alteration assem-
blages, at 10–12‰, were much higher than the
d18O values of other VHMS deposits, and that
these values increased stratigraphically below the
ore zone to values of 13–16‰ in felsic rocks.
Beaty et al. (1988) interpreted these results as
indicative of a two-stage hydrothermal system,
with the main stage fluids having values of 6–
9‰.

Huston and Taylor (1999) followed these
initial studies with a more detailed study. They
found that the d18O values are influenced by the
original lithology of altered rocks; Fig. 4c shows
variations in d18O only of samples with rhyolitic
protoliths as determined by lithological obser-
vations (e.g., the presences of quartz phe-
nocrysts) or the geochemistry of immobile
elements. The lowest d18O values (<11‰) at
Kidd Creek are associated with the “cherty
breccia” alteration facies that is closely associ-
ated with the ore lenses, a result consistent with
Beaty et al. (1988). Huston and Taylor (1999)
also found that d18O values increase both later-
ally away from and stratigraphically above the
ore zones to values that exceed 14‰. The host
succession includes both fragmental and coherent
rhyolitic rocks. Coherent units stratigraphically
below or at the same position as the ore lenses
are characterised by high dO values (> 13‰) that
are interpreted to be the consequence of low
temperature alteration that silicified these units.
These rocks then became impermeable to later,
higher temperature fluid flow, preserving the
18O-enriched signature and focussing fluid flow
into fragmental rocks. These fragmental rocks
were strongly affected by these later high-
temperature fluids, which produced the cherty
breccia and the 18O-depleted zone associated
with the ore lenses (Fig. 5c: Huston and Taylor
1999). This may have produced the isotopic
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disequilibria that Beaty et al. (1988) interpreted
to indicate two hydrothermal stages.

Stratigraphically above the ore position, d18O
data define an 18O-enriched (d18O > 13‰) zone
that forms a carapace that has been folded by the
later anticline. This zone is interpreted to have
formed as the result of lower temperature alter-
ation associated with the cooling of the Kidd
Creek hydrothermal system. This carapace is
only breached above the southwest ore lens
(Huston and Taylor 1999), and may indicate
limited high-temperature fluid flow after the Kidd
Creek deposit was covered by later volcanic
rocks. d18O patterns around the Kidd Creek
deposit not only provide vectors toward ore, but
they also provide constraints on ore fluid
hydrology before, during and after ore formation.

LaRonde deposit, Québec, Canada. The
LaRonde deposit (58.76 Mt grading 0.33% Cu,
2.17% Z, 45 g/t Ag and 4.31 g/t Au) is hosted by
dacitic to rhyolitic rocks of the Bousquet For-
mation, Blake River Group (2699–2697 Ma,
Mercier-Langevin et al. 2007). The deposit con-
sists of four stacked semi- to massive sulfide
lenses within complexly zoned alteration
assemblages that has been metamorphosed at
lower amphibolite facies to assemblages of
mostly quartz, biotite, chlorite, garnet, mus-
covite, staurolite, rutile and pyrite. An unusual
characteristic of the deposit is the presence of an
aluminous alteration zone consisting of quartz,
kyanite, andalusite, muscovite and pyrite (Dubé
et al. 2007). d18O values of the altered host rocks
range between 9.0 and 14.2 ‰ for all but 2
analyses, with average d18O values of different
alteration facies between 9.8 and 12.9‰ and the
aluminous facies having the highest d18O
(Beaudoin et al. 2014).

Fluid-rock modelling indicates that the high
d18O values at LaRonde can be explained by
reaction of volcanic rocks with an initial d18O
value of 7–9‰ with a fluid with initial d18O
close to 5‰, at temperatures of 100–200ºC,
under W/R ratios up to 50:1 (Beaudoin et al.
2014). These W/R ratios are typical of proximal
alteration zones, which are fluid dominated, as
shown by Green et al. (1983), Shanks (2014) and
many others. As these proximal alteration zones

define fluid conduits, they have much higher
W/R ratios than the VHMS system as a whole.

The initial fluid composition of 5‰ was
interpreted to have been evolved seawater per-
haps mixed with a magmatic water component
exsolved from dacitic to rhyolitic magma, con-
sistent with the aluminous alteration interpreted
to be metamorphosed advanced argillic alteration
analogous to subaerial high-sulfidation epither-
mal environments (Dubé et al. 2007).

4.1.2 District-scale Patterns in Oxygen
Isotopes

Although most d18O patterns have been estab-
lished in the immediate vicinity of VHMS
deposits, there are several more regional studies,
including studies of the * 400 Ma West Shasta
district in California, USA (Taylor and South
1985), the * 2698 Ma Noranda district in
Quebec, Canada (Cathles 1993), the * 2714 Ma
Kidd-Munro district in Ontario, Canada (Taylor
and Huston 1999), the * 3240 Ma Panorama
district in Western Australia (Brauhart et al.
2000), the * 2745 Ma Sturgeon Lake district in
Ontario, Canada (Holk et al. 2008) and the *
2681 Ma Izok Lake district in Nunavut, Canada
(Taylor et al. 2015). Of these the two best doc-
umented districts, Noranda and Panorama, are
described below.

Noranda, Québec, Canada. The Noranda
district in the Superior Province, Québec, is a
classical VHMS district that rests undeformed
since its formation (*2700 Ma), with only a
shallow tilt to the east. The district is hosted by a
sequence of bimodal mafic-felsic volcanic rocks
of the Blake River Group. The Noranda Volcanic
Complex hosts 18 VHMS deposits that have
yielded 48.5 Mt of ore, in addition to the Horne
deposit (54.3 Mt) and its undeveloped Horne 5
zone (*150 Mt; Kerr and Gibson 1993).
A seminal study by Cathles (1993) documented
the plan view of the VHMS system from 588
oxygen isotope analyses (Fig. 6) and was aug-
mented by 599 analyses by Taylor and Timbal
(2002). These studies show that the syn-volcanic
Flavrian pluton is surrounded by an annular zone
with d18O values < 6‰ that extend up section as
six fingers that point toward most of the VHMS
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deposits of the district (Fig. 6: Cathles 1993).
Stratigraphically above the low d18O fingers and
most VHMS deposits, the volcanic rocks have
d18O values > 9‰, interpreted to represent the
reaction of the volcanic rocks above the deposits
with cooled hydrothermal fluids, thus forming a
cap rock indicative of underlying higher tem-
perature hydrothermal fluid activity (Cathles
1993; Taylor and Holk 2002).

Panorama, Western Australia. The * 3238
Ma (Buick et al. 2002) Panorama district in the
East Pilbara Terrane of Western Australia is the
oldest significant VHMS district known, and also
one of the best preserved. The district contains two
economically significant deposits including Sul-
phur Springs (13.8 Mt grading 3.8% Zn, 0.2% Pb,
1.5% Cu and 17.0 g/t Au) and Kangaroo Caves
(3.8 Mt grading 6.0% Zn, 0.3% Pb, 0.8% Cu and
15.0 g/t Au) among several smaller deposits and
prospects hosted at or near the top of the bimodal
volcanic Kangaroo Caves Formation. Although
the district has seen only sub-greenschist

metamorphism, the host succession has been
structurally tipped on its side, providing an oblique
cross-section of the underlying sub-volcanic
Strelley Granite, through the host Kangaroo
Caves Formation, and into the overlying turbidites
of the Soanesville Group (Fig. 7a). This volcanic
succession was extensively altered, with system-
atic zonation in alteration assemblages at the dis-
trict scale. Brauhart et al. (1998) found that the
lower part of the volcanic succession is dominated
by a semi-conformable chlorite-quartz alteration
zone that becomes transgressive, forming cross-
cutting pipes below major deposits such as Sul-
phur Springs and Kangaroo Caves. This chlorite-
rich zone grades upward from the semi-
conformable zone and outward from the cross-
cutting pipes into semi-conformable sericite-
quartz and feldspar-sericite-quartz zones.

As part of a district-scale alteration study,
Brauhart et al. (2000) analyzed 188 volcanic and
granite samples for both oxygen isotopes and
whole rock geochemistry. Figure 7b shows the

Fig. 6 Whole-rock d18O variations in the Noranda district, Quebec, Canada (modified after Cathles 1993, to
incorporate geological data from Kerr and Gibson 1993)
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distribution of d18Owhole rock from these data. The
zone with the lowest d18O (< 6‰) corresponds
closely with the semi-conformable chlorite-
quartz alteration zone in the lower part of the
volcanic pile. d18O increases upwards through
the volcanic pile to values of 12–14‰ at the
top. The higher d18O values correspond to the
sericite-quartz and feldspar-sericite-quartz alter-
ation zones. Like the chlorite-quartz alteration
zones, pipes of low d18O values extend from the
basal zone below the locations of known VHMS
deposits. The pipe that extends below Sulphur
Springs has d18O values of < 6‰, whereas the
pipe that extends below Kangaroo Caves has
values of 6–8‰. This observation is consistent
with deposit-scale patterns in which Cu-rich

deposits are associated with stronger d18O
anomalies than Zn-rich deposits.

Following the method of Miller et al. (2001)
and using mineral abundances calculated from the
whole rock geochemical data, Brauhart et al.
(2000) estimated the fractionation function
between the altered rock and altering fluid
(D18Owhole rock-fluid). They then calculated the
temperature of alteration using the D18Owhole rock-

fluid functions and assuming d18Ofluid (Fig. 7c).
Using a d18Ofluid of 2‰ suggested that alteration
temperatures locally exceeded 400 °C in the high
temperature, semi-conformable chlorite-rich part
of the alteration system, within and just above the
Strelley Granite. The alteration temperature
decreased, in general, upward to the contact with

Fig. 7 Maps of the Panorama VHMS district showing
(a) geology and alteration zonation, (b) whole-rock d18O
variations, and (c) variations in estimated hydrothermal
temperatures calculated from whole-rock d18O and geo-
chemical data (modified after Brauhart et al. 2000). The

“background” alteration assemblage refers to spilitic
assemblages in basalt or keratophyric assemblges in
felsic rocks and typified by the presence albite-, K-
feldspar-chlorite- and/or ankerite-quartz-pyrite-dominant
assemblages (Brauhart et al. 1998)
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the overlying Soanesville Group, where the tem-
perature was generally below 200 °C. Immedi-
ately below the Sulphur Springs and Kangaroo
deposits, the chlorite-rich alteration zones become
transgressive, connecting the semi-conformable
zone at the base of the volcanic pilewith individual
deposits. The d18Owhole rock and calculated tem-
perature also reflect this alteration pattern, with
these data also defining transgressive zones con-
necting the high temperature semi-conformable
alteration zone with the proximal alteration zones
associated with the deposits. Although a d18Ofluid

value of 2‰was assumed in Fig. 6c, changing this
assumed value does not change the relative tem-
perature patterns even though the absolute tem-
peratures estimated do change.

4.1.3 Implications of d18O-dD Data
to Determining Fluid
Sources

Oxygen and hydrogen isotope data were a key
piece of evidence that was used to argue that ore
fluids that formed VHMS deposits were evolved
seawater (Ohmoto et al. 1983). Since then, the
gathering of new data has indicated a more
complicated picture, although evolved seawater
still appears to be the most important ore fluid.
Table 1 (updated from Huston 1999; this table
excludes deposits metamorphosed at grades of
amphibolite or higher and some deposits (e.g.,
Raul, Peru) for which a VHMS origin has been
questioned) and Fig. 8 summarize the d18O and
dD characteristics of VHMS ore fluids as deduced
from deposits that have not undergone high-grade
metamorphism (amphibolite or greater) that may
disturb the original isotopic characteristics.

Most VHMS deposits have fluid d18O-dD
signatures similar to seawater. In general, d18O
values are within 2‰ and dD values are within
20‰ of standard mean oceanic water (SMOW).
These values are consistent with evolved sea-
water being the dominant ore fluid (Fig. 8b).

As discussed above, currently active seafloor
systems provide information, such as direct
measurements of the isotopic composition of
mineralizing fluids and the isotopic response
(and geochemical response in general) of these

fluids to geological perturbations of the mineral
system. Although much of the data come from
active deposits not associated with convergent
margins, the data provide general guidance for
seafloor mineral systems. The vent fluids tend to
have d18O 0.5–1.0‰ heavier than, and dD values
very similar to ambient seawater (Shanks 2001),
which supports the inference (e.g., Ohmoto et al.
1983) that evolved seawater was the dominant
fluid source in most VHMS mineral systems.

Fig. 8 d18O-dD diagrams showing (a) the fields of
selected VHMS ore-forming fluids (from Table 1) and the
fields of seawater and magmatic water (Sheppard, 1986;
Taylor, 1992), and (b) paths showing the evolution of
seawater undergoing evaporation (Knauth and Beeunus,
1986), open-system water–rock interaction (e.g., Taylor
1987), adiabatic boiling (using data of Friedman and
O’Neil (1977) and Keenan et al. (1969)), and mixing with
magmatic water (updated from Huston 1999)
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There are, however, several important excep-
tions to the inference that seawater is the domi-
nant fluid source, including several deposits in
the ca 350 Ma Iberian Pyrite Belt, and the ca
2698 Ma Horne, ca 2714 Ma Kidd Creek and ca
2736 Ma South Bay deposits of the Superior
Province, Canada. These data may indicate a
significant contribution of other fluid sources,
particularly magmatic-hydrothermal fluids, in a
limited number of deposits (Fig. 8b).

The best case for a significant magmatic-
hydrothermal component is the Neves Corvo
deposit in the Iberian Pyrite Belt, which has the
highest estimated d18Ofluid from a VHMS deposit
at 8.3 ± 1.5‰ (Relvas et al. 2006). This deposit
is a highly unusual for VHMS deposits in being
very Sn-rich, with abundant pyrrhotite, not
unlike some carbonate-replacement tin deposits
that are typically thought to be magmatic-
hydrothermal in origin (e.g., Blevin and Chap-
pell 1995). Some of the other deposits with high
d18Ofluid are associated with advanced argillic
alteration assemblages, for example the Boco
deposit in Tasmania (Herrmann et al. 2009), an
alteration assemblage possibly indicative of a
magmatic-hydrothermal contribution (Huston
et al. 2011). The unusually 18O-enriched signa-
ture of advanced argillic assemblages at the
LaRonde-Penna district could also be the product
of magmatic-hydrothermal contribution (see
above and Beaudoin et al. 2014). Hence it would
appear that there is a significant subclass of
VHMS deposits in which a significant magmatic-
hydrothermal contribution is likely, but for most
of these deposits the most likely fluid source is
evolved seawater. A small contribution of
magmatic-hydrothermal fluids, however, would
be diluted by the dominant evolved seawater
contribution and not visible in stable isotopic
data. Such a contribution may be visible in other
data, for example metal budgets, and remains an
important line of enquiry for future research on
VHMS deposits.

In other districts, however, seawater-
dominated hydrothermal systems, which form
VHMS deposits, are physically separated from
coeval hydrothermal systems developed in sub-
volcanic intrusions. Drieberg et al. (2013)

showed this in the Panorama district. The ore
fluids that formed the VHMS deposits had lower
salinity, density and d18Ofluid (Table 1) than
fluids that formed Sn-Cu–Zn and Mo mineral
occurrences near the upper margin of the granite.
Drieberg et al. (2013) concluded that density
differences and low permeability barriers pre-
vented the mixing of the seawater-dominated
hydrothermal system in the volcanic pile with the
magmatic-hydrothermal system in the granite.

4.1.4 Application of Oxygen
and Hydrogen Isotope
Geochemistry
to Exploration and Ore
Genesis

Data from well-studied deposits described above,
combined with additional data presented in
Table E1, indicate that oxygen isotope data
define high-temperature fluid pathways associ-
ated with VHMS deposits at the deposit scale.
For most deposits, high temperature alteration
zones are associated with 18O depletion anoma-
lies (low d18O) that can extend up to several
hundreds of meters laterally from ore and greater
distances with depth. In some cases the low d18O
anomalies also extend above the deposit to define
a hanging wall alteration zone.

The data also indicate changes in isotopic
patterns with geological time and deposit type.
d18O values of proximal alteration zones are
higher for deposits in felsic-dominated succes-
sion than those hosted by mafic-dominated suc-
cessions. This may simply reflect the temperature
of upflow, which, based on 100Cu/(Cu + Zn) is
likely to be higher in the mafic-dominated sys-
tems. The variation in time may relate to the
greater abundance of felsic-dominated, lower
temperature systems at younger times in Earth’s
history.

The main exceptions to the general patterns
described above are deposits in which a signifi-
cant magmatic-hydrothermal component in
inferred (see also below). In these cases (Kidd
Creek, LaRonde and Boco: Table 1), the 18O
depletion anomaly is suppressed or can present
as a weak 18O enrichment anomaly (Fig. 3).
Hence, it is important to interpret oxygen isotope
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data in a geological context including the age,
host succession and type of deposit being
targeted.

Studies of the Noranda and Panorama districts
demonstrate that district-scale variations in
whole-rock d18O data correlate to variations in
alteration assemblages and provide district-scale
vectors to ore. The variations most likely relate to
temperature gradients within the hydrothermal
system. Other studies, including those at West
Shasta (Taylor and South 1985), Izok Lake
(Taylor et al. 2014), Kidd-Munro (Taylor and
Huston 1999), and Sturgeon Lake (Holk et al.
2008) districts, demonstrate broadly similar
relationships. The relative intensity of the
anomaly at the district scale may also be
indicative of the Cu:Zn ratio of associated
deposits as it is at the deposit scale.

In many cases low-d18O, high temperature
alteration zones associated deposits are sur-
rounded or capped by zones of higher d18O.
These zones, which are not readily identified by
mineralogical or geochemical alteration map-
ping, represent lower temperature alteration
zones, and regional gradients from these zones
toward higher-temperature zones can be used as
district-scale vectors.

Overall, whole rock oxygen isotopes allow
detection of the infiltration of hydrothermal
fluids, and mapping of the fluid pathways, which
enable targeting for VHMS mineralization. Sev-
eral characteristics of VHMS systems can be
uniquely recognized using stable isotopes: (1) a
syn-volcanic intrusion driving hydrothermal fluid
flow during cooling will be overlain by a high-
temperature alteration with low d18O values,
providing a regional exploration target for a
potentially fertile syn-volcanic intrusion; (2) dis-
cordant zones of low d18O values map the zones
of hydrothermal fluids flow up-section on top of
which VHMS deposits are most likely located;
(3) discordant to semi-concordant zones of high
d18O values record the waning upflow of
hydrothermal fluids at lower temperatures, which
sits above of the higher temperature up-flow zone
in the underlying stratigraphic section of volcanic
rocks, and thus enabling targeting of blind high
temperature (low d18O) up-flow zones.

4.2 Sulfur Isotopes

Sulfur is an important component of the VHMS
mineral system for two reasons. First, as iron and
base metal sulfides are very insoluble at low to
moderate temperatures, the presence of H2S
precipitates iron and base metal sulfides when
high temperature, H2S-rich ore fluids quench as
they reach the seafloor. Second, some metals, for
instance gold, are transported by sulfide com-
plexes. In reduced hydrothermal upper crustal
fluids, sulfur (as H2S) can be sourced from sul-
fide leached from the underlying volcanosedi-
mentary succession, thermochemical sulfate
reduction of seawater (TSR), either at depth or in
the near-surface during fluid upflow, and/or dis-
proportionation of magmatic SO2 (c.f. Ohmoto
1996). The sulfur isotope composition of sulfides
in all mineral systems reflects not only the sulfur
source but geochemical interactions between
magmas, fluids, host rocks, and seawater, that
lead to precipitation of sulfide minerals (Ono
et al. 2007; Peters et al. 2010; LaFlamme et al.
2018; Martin et al. 2021; Huston et al. 2023).
Owing to the high temperature of the upflow
zones of VHMS deposits (Eldridge et al. 1983;
Ohmoto 1986), it is unlikely that bacterial sulfate
reduction (BSR) played a role in an important
role in the core of VHMS systems, although in
some deposits BSR may have been an important
processes in the lower temperature peripheries to
VHMS systems (see below).

4.2.1 Secular Variations in Sulfur
Isotope Ratios
from Volcanic-hosted
Massive Sulfide Deposits

Figure 9 illustrates changes in d34S of sphalerite
and sulfate minerals from VHMS deposits with
geological time based upon a compilation of data
by Huston et al. (2022: Table E2). Sphalerite was
used for this analysis as it forms almost entirely
as the result of hydrothermal activity and there-
fore records the characteristics of hydrothermal
sulfur. Although it would be ideal to also con-
sider d34S variations of chalcopyrite with geo-
logical time, as it reflects higher temperature
parts of the VHMS system, an analogous
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compilation of chalcopyrite does not exist. As
minerals such as pyrite and pyrrhotite do not
form exclusively from hydrothermal processes
they can reflect the input of non-hydrothermal
sulfur produced by biological and other
processes.

Although limited by the concentration of
deposits into restricted time intervals, there are
some relatively consistent patterns in the data.
The most prominent pattern is the relatively
consistent values of median d34Ssphalerite of
Paleoproterozoic (-4.6‰ to 6.5‰, median =
1.7‰, n = 18: Fig. 9a) and Archean (-2.8‰ to
2.4‰, median = 0.8‰, n = 20) deposits at
around 0‰. This contrasts with the much greater
variability of deposits of Mesoproterozoic-
Phanerozoic age (-13.7‰ to 23.9‰, median =
4.6, n = 96). d34Ssulfate shows a similar pattern,
although shifted to higher values (Fig. 8b). For
Mesoproterozoic-Phanerozoic deposits, the range

is 3.5‰ to 44.4‰ with a median of 22.2‰
(n = 56), for Paleoproterozoic deposits the range
is 4.4‰ to 11.0‰ with a median of 8.8‰
(n = 4), and for Archean deposits the range is
3.8‰ to 13.2‰ with a median of 6.2‰ (n = 7).

Sangster (1968) was the first to document the
variability in d34S data in Phanerozoic VHMS and
sediment-hosted deposits. He found that d34Ssulfate
in these deposits was similar to the d34Ssulfate of
coeval seawater. The right-hand side of Fig. 10
illustrates this relationship. Sangster (1968) also
noted that d34Ssulfide values are 17.5 ± 2.5‰ (1r)
lower than coeval seawater, a relationship that has
held up even as the sulfur isotope database has
increased (Fig. 9c; see also Huston 1999). The
similarity between VHMS d34Ssulfate and coeval
seawater d34Ssulfate is most simply interpreted to
indicate that the sulfur in VHMS sulfate minerals,
for the most part (see discussion of exceptions
below), was derived from coeval seawater sulfate.

Fig. 9 Histograms showing (a) variations in median d34S
values of sphalerite, (b) variations in median d34S values
of sulfate minerals, (c) D34Sseawater sulfate-sphalerite (esti-
mated from secular seawater sulfate variations and
median sphalerite values), and (d) D34Ssulfate-sphalerite

(using median sulfate and sphalerite values for individual
deposits). Median mineral d34S data are from Huston
et al. (2022), and seawater sulfate data are after Crockford
et al. (2019) supplemented by Neo- and Paleoarchean
barite data summarised in Huston et al. (2022)
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Table 1 Estimated d18O and dD values for VHMS ore fluids

Deposit Age
(Ma)

d18O (‰) dD (‰) T (°C) Method of estimation Source

Active sea
floor vents

0.0 1.3 ± 0.9 1 ± 3 220–400 Measurements of venting flids
adjusted to remove influence of
entrained seawater

DeRonde (1995)

Hokuroku
district, Japan

-0.7 ± 1.6 -30 to -10 230–270 Fluid inclusion analysis fordD;
quartzd18O and fluid inclusion Th

ford18O

Hattori and Sakai
(1979)

Kosaka 1.0 ± 2.0 -30 to 15 220–330 Fluid inclusion analysis for dD;
quartz d18O and fluid inclusion Th

for d18O

Pisutha-Arnond and
Ohmoto (1983);
Hattori and
Muehlenbachs
(1980)

Iwami, Japan -2.5 ± 0.9 -55 to -35 230–270 Fluid inclusion analysis for dD;
quartz d18O and fluid inclusion Th

for d18O

Hattori and Sakai
(1979)

Troodos
Ophiolite,
Cyprus

0.5 ± 1.0 0 ± 5 350 Quartz and whole-rock analyses,
assuming temperature

Heaton and
Sheppard (1977)

Buchans,
Newfoundland

1.5 ± 3.0 -8 ± 2 240–370 Mineral separate analyses and
geothermomtry

Kowalik et al.
(1981)

Iberian Pyrite
Belt

Aljustrel 3.3 ± 1.8 -1 to 18 160–270 Mineral separate analysis and
geothermometry; the calculated
d18O values range from 0.0‰ to
5.7‰, with modes at 0.0–1.7‰ and
3.1–5.7‰. The d18O value range in
the mean ± one standard deviation

Barriga and Kerrich
(1984); Munha et al.
(1986)

Rio Tinto 0.7 ± 0.7 -5 to 8 210–230 Mineral separate analysis and
geothermometry; the calculated
d18O values range from 0.0‰ to
1.3‰

Munha et al. (1986)

Chanca 0.9 -10 to 0 220 Mineral separate analyses and
geothermometry

Munha et al. (1986)

Salgadinho 4.0 -10 to 0 230 Mineral separate analyses and
geothermometry

Munha et al. (1986)

Feitas 4.2–5.2 270–315 Quartz d18O and fluid inclusion Th Inverno et al. (2008)

Neves Corvo 8.3 ± 1.5 -37 to -11 300–400 Mineral separate analyses and
geothermometry

Relvas et al. (2006)

Boco,
Tasmania,
Australia

3.2–5.7 270–360 Pyrophllite d18O value and thermal
stability of pyrophyllite

Herrmann et al.
(2009)

Baiyinchang,
China

-5.3 to 3.1 160–280 Quartz d18O and fluid inclusion Th Hou et al. (2008)

Bruce,
Arizona, USA

1.5 ± 0.5 250–300 Extrapolated chlorite value,
assuming temperature

Larson (1984)

Crandon,
Wisconsin,
USA

-0.9 ± 0.8 -15 to 0 220–290 Mineral separate analyses and
geothermometry; the calculated
d18O values range from -2.1‰ to
0.1‰

Munha et al. (1986)

(continued)

262 D. L. Huston et al.



Table 1 (continued)

Deposit Age
(Ma)

d18O (‰) dD (‰) T (°C) Method of estimation Source

Mattagami
Lake, Quebéc,
Canada

1.5 ± 1.0 1 ± 3 240–350 Mineral separate d18O and fluid
inclusion Th

Costa et al. (1983)

Noranda
district,
Quebéc,
Canada

Horne 3.0 ± 1.5 -40 to -30 250–350 Mineral separate analyses and
geothermometry

Maclean and Hoy
(1991)

Mobrun 2.0 ± 2.0 150–250 Mineral separate analyses and
geothermometry

Hoy (1993)

Norbec 1.0 ± 2.0 200–300 Mineral separate analyses and
geothermometry

Hoy (1993)

Amulet 0.5 ± 1.0 250–350 Mineral separate analyses and
geothermometry

Beaty and Taylor
(1982)

Ansil -0.5 ± 1.0 200–350 Mineral separate analyses and
geothermometry

Hoy (1993)

Corbet -2.0 ± 2.0 250–300 Mineral separate analyses and
geothermometry

Hoy (1993)

Kidd Creek,
Ontario,
Canada

3.8 ± 0.5 -8 ± 5 300–350 Chlorite analyses, assuming
temperature

Huston and Taylor
(1999)

South Bay,
Ontario,
Canada

3.3 ± 1.2 300 Quartz analyses, assuming
temperature

Urabe and Scott
(1983)

Panorama,
Western
Australia

VHMS 3240 -0.8 ± 2.6 -48 to -23 90–270 Mineral separate d18O and fluid
inclusion Th; fluid inclusion waters
and mineral separates for dD

Drieberg et al.
(2013)

Granite-hosted
veins (greisen)

3240 4.1 to 9.9
(9.3 ± 0.6)

-48 to -18 240–590
(590)

Mineral separate d18O and fluid
inclusion Th; fluid inclusion waters
and mineral separates for dD

Drieberg et al.
(2013)
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This is in accord with paragenetic observations
and thermodynamic-based models suggesting the
sulfate minerals in VHMS deposits form when
upwelling hydrothermal fluids mix with sulfate-
bearing seawater (cf. Eldridge et al. 1983; Ohmoto
et al. 1983).

In contrast, the offset between d34Ssphalerite and
seawater d34Sseawater sulfate in Phanerozoic
deposits could be the results of several different
processes. For Phanerozoic deposits D34Sseawa-
ter sulfate-sphalerite ranges from 3‰ to 30‰, with a
strong mode at 15–20‰ (median = 19.5‰:
Fig. 9c). A similar pattern is seen for D34Ssulfate-
sphalerite using data from Phanerozoic deposits for
which d34S data are available for both sulfate
minerals and sphalerite (Fig. 9d). The range in
D34Sseawater sulfate-sphalerite for Phanerozoic depos-
its has been explained by several processes,
including: (1) biogenic reduction of seawater
sulfate (Sangster 1968), (2) derivation of sulfur
from a deep-seated (magmatic) source (Ishihara
and Sasaki 1978), or (3) partial or complete
reduction of seawater sulfate during circulation
of evolving seawater (Sasaki 1970; Solomon
et al. 1988). A more detailed discussion of these
alternatives is presented by Huston (1999), and it
is likely that all three, and possibly other, pro-
cesses have contributed to secular variability in
sulfur isotope characteristics of Phanerozoic
deposits. It is important to stress that the values
used in constructing Figs. 9 and 10 are median
values and are indications of the “average”
composition of deposits. Some deposits have
very large ranges individually, and it is likely that
non-hydrothermal processes, such as biogenic
processes, have contributed to the variability in
d34Ssulfide in these deposits, particularly at the
micro-scale (see below).

The restricted, near-0‰ range of d34Ssphalerite
and near-10‰ range of d34Ssulfate of Archean
deposits, combined with evidence of only minor
contributions of seawater sulfur from multiple
sulfur isotope studies (see below) suggest that
sulfur sources of VHMS deposits early in Earth’s
history differ from those later in Earth’s history.
The near-0‰ and, particularly, the uniform
character of d34Ssphalerite in Archean deposits

suggests a dominant (leached) igneous origin of
sulfide in these deposits.

To test this hypothesis the relative contribu-
tion of reduced seawater sulfate versus magmatic
sulfur were determined using the median
d34Ssphalerite data (Huston et al. 2022) and the
estimated d34S of coeval seawater sulfate deter-
mined from the d34Sseawater sulfate curve of Clay-
pool et al. (1980) and from a second
d34Sseawater sulfate curve determined from evapor-
ite data in Crockford et al. (2019). For periods of
time not covered by the respective curves, esti-
mates of d34Sseawater sulfate were made based on
d34Ssulfate of Strauss (2004) and d34Sbarite data
from Huston et al. (2022). Numeric values for
both curves are tabulated in Huston et al. (2022).

Fig. 10 Variations in d34S of sphalerite and sulfate
minerals from VHMS deposits through time. Data shown
are median values for individual deposits from Huston
et al. (2022). Seawater sulfate curve (heavy line with light
gray field showing full variability) is based on compila-
tion of Crockford et al. (2019) supplemented by Neo- and
Paleoarchean barite data of Huston et al. (2022)
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A small proportion of median d34Ssphalerite values
were negative. If the value was between 0‰ and
-5‰ (i.e. within the typical range of magmatic
sulfur), a d34Ssphalerite value of 0‰ was assigned
to the deposit (n = 17). Deposits with median
d34Ssphalerite values below -5‰ were excluded
from the analysis (n = 4).

The deposits were split into three groups by
age: Archean (> 2500 Ma), Paleoproterozoic
(2500–1600 Ma) and Mesoproterozoic-
Phanerozoic (< 1600 Ma). Based on both the
Claypool (not shown) and the Crockford
(Fig. 11) d34Sseawater sulfate curves, the “typical”
contribution (as measured by both median and
mean estimates) of reduced seawater sulfate to
VHMS sulfur budgets is significantly higher
(20–25%) in Mesoproterozoic to Phanerozoic
deposits than in Archean deposits (5–10%). The
Mesoproterozoic-Phanerozoic distribution is
characterized by a strong, tight mode at 0–5%,
a much broader mode with a peak at 15–30%
and a tail of values up to * 75% (Fig. 11a). In

contrast, the Archean distribution is character-
ized by a strong mode with a peak at 0–15%
and a tail with values to * 25% (Fig. 11d).
The Archean distribution is consistent with
estimates of seawater sulfate contributions
based on multiple sulfur isotope data (0% -
Panorama (3238 Ma): Golding et al. 2011; 3% -
Kidd Creek (2714 Ma): Jamieson et al.
2013; < 5% - cauldron margin deposits and <
15% main cauldron and post cauldron deposits,
Noranda district (2698 Ma): Sharman et al.
2015; 15% - Teutonic Bore and 18% Bentley
(2694 Ma); Chen et al. 2015). The data are also
consistent with interpretations from multiple
sulfur isotope data that Neoarchean seawater
contained much lower concentrations of sulfate
than modern seawater (80 lmol/l at 2714 Ma
versus 28,000 lmol/l presently: Jamieson et al.
2013).

Analysis of the data using the two different
d34Sseawater sulfate curves yielded somewhat dif-
ferent results for Paleoproterozoic deposits: both

Fig. 11 Histograms showing the estimation contribution
of reduced seawater sulfate to sulfur budgets for VHMS
deposits that formed during the: (a) Mesoproterozoic to
Phanerozoic, (b) and (c) Paleoproterozoic, and

(d) Archean. Histogram (b) was calculated using the
sulfate data from Crockford et al. (2019) whereas (c) was
calculated using Paleoproterozoic barite data from Hus-
ton et al. (2022)
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indicate a smaller contribution of seawater sul-
fate than in the Mesoproterozoic-Phanerozoic
period, but differed relative to the Archean. Use
of the Crockford et al. (2019)-based curve yiel-
ded a “typical” seawater sulfate contribution for
Paleoproterozoic deposits nearly identical to that
of Archean deposits (Fig. 11b), with a major
peak at 0–15% and a tail with values to * 25%.
In contrast use of d34Sseawater sulfate values from
ore-related barite yields “typical” seawater sul-
fate contributions of * 16–17% (Fig. 11c).
This discrepancy is due to the much higher
d34Sseawater sulfate values based on the Crockford
et al. (2019) data. A seawater sulfate contribution
to the Paleoproterozoic VHMS budget of *
16% is consistent with results obtained from the
ca 2027 Ma DeGrussa deposit in Western Aus-
tralia (LaFlamme et al. 2021; see below). This
analysis suggests more data are required to better
calibrate the Paleoproterozoic (and Meso- to
Paleoarchean) d34Sseawater sulfate curve. Analysis
is ongoing as to the control of other factors, such
as deposit type and alteration assemblage, on the
seawater sulfate contributions to the VHMS
sulfur budget.

The dominance of a magmatic sulfur source in
all ages of deposits does not necessarily imply a
magmatic-hydrothermal origin for the sulfur.
Rather, given that the host succession of VHMS
deposits is generally dominated by volcanic
rocks, a more likely source for the sulfur in the
deposits is leached sulfur from the underlying
volcanic pile, as documented by Brauhart et al.
(2001) in the Panorama district, and discussed
below. The inference that Paleoproterozoic-
Archean VHMS deposits are dominated by lea-
ched volcanic sulfur is also consistent with the
likely composition of seawater during this time.
Holland (1972) originally proposed that Paleo-
proterozoic and Archean seawater was reduced,
iron-rich and sulfate-poor relative to modern
seawater. Calculations by Huston (1999) also
suggested that Paleoproterozoic-Archean seawa-
ter was also sulfide-poor, with H2S concentra-
tions in the parts per billion range. If
Paleoproterozoic-Archean seawater was indeed
sulfate- and sulfide-poor, the sulfur source of
VHMS deposits would have been dominated by

leached volcanic or magmatic sulfide, a conclu-
sion supported by multiple sulfur isotope studies
of the Neoarchean Kidd Creek (Jamieson et al.
2013) and Jaguar (Chen et al. 2015) deposits (see
also below).

Following a compilation of the occurrence of
sulfate minerals in volcanic-hosted massive sul-
fide deposits, Huston and Logan (2004) observed
that Paleoarchean deposits commonly contain
sulfate minerals within mineralized zones,
whereas Mesoarchean to Paleoproterozoic
deposits were rarely sulfate-bearing. A more
comprehensive compilation (data from Huston
et al. 2022) indicates that 64% (7 out of 11) of
Paleoarchean deposits contain sulfate minerals, a
higher rate than even Phanerozoic deposits (44%:
232 of 530), and that only 6% (16 of 280) of
Neoarchean to Paleoproterozoic deposits contain
sulfate minerals. Huston and Logan (2004)
interpreted the rare occurrence of sulfate minerals
in Neoarchean to Paleoproterozoic deposits as
the result of the low concentration of sulfate in
reduced seawater of this age, following Holland
(1972). In contrast, the common occurrence of
sulfate minerals in Phanerozoic deposits is
interpreted to be the result of the common pres-
ence of sulfate in Phanerozoic oceans, with rel-
atively restricted periods of anoxia (Eastoe and
Gustin 1996). The most surprising result of these
studies was the common presence of sulfate in
Paleoarchean (>3200 Ma) deposits, which was
interpreted as the consequence of either a thin
sulfate-bearing surficial oceanic layer (c.f. Hus-
ton and Logan, 2004) or local concentrations of
sulfate caused by volcanic activity. In both cases
the sulfate is interpreted to be the consequence of
rainout of sulfate produced by photolytic dis-
proportionation of SO2 in the atmosphere (Far-
quhar et al. 2000), a hypothesis developed to
explain anomalous D33S (see below for defini-
tion) signatures of Paleoarchean VHMS sulfates
(Golding et al. 2011). The presence of D33S
signatures in Neoarchean deposits has also been
critical in establishing sulfur sources in these
deposits (see below). An unresolved issue is the
lack of sulfates in Meso- to Neoarchean deposits
as photolytic disproportionation of atmospheric
SO2 is thought to have continued until the Great
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Oxidation Event at * 2400 Ma (Farquhar et al.
2000, 2013).

4.2.2 Deposit and District-scale
Variations in d34S
from Phanerozoic Deposits

Conventional d34S analyses from Phanero-
zoic VHMS deposits commonly have variabili-
ties of 15‰ or more (e.g., Ducktown, Tennessee:
LeHuray 1984; Bathurst, New Brunswick:
Goodfellow and Peter 1999; Ming, Newfound-
land: Brueckner et al. 2015; Hercules, Tasmania:
Khin Zaw and Large 1992). These large ranges
most likely reflect the complexities of sulfur
sources and geochemical interactions, as dis-
cussed above, within the underlying rock pile
and at or near the depositional site. Below we
describe the d34S characteristics of three
Phanerozoic provinces, Cambro-Ordovician
deposits in the Dunage Zone, Newfoundland,
Cambrian deposits in the West Tasmania Ter-
rane, and the Iheya black smoker deposit south of
Japan, as well as active seafloor systems in
general. These provinces were chosen not only to
illustrate d34S variability, but to discuss pro-
cesses that cause the variability.

Deposits in the Dunnage Zone, Newfound-
land. Cambro-Ordovician VHMS deposits of the
Newfoundland Appalachians occur within vol-
canic and volcanosedimentary units in the Dun-
nage Zone (Fig. 12a). This zone hosts numerous
VHMS deposits, including Cambrian mafic,
bimodal-mafic, bimodal-felsic and felsic-
siliciclastic deposits (Kean et al. 1995; Hinchey
2011; Pilote et al. 2014; Cloutier et al. 2015), and
Ordovician bimodal-mafic and bimodal-felsic
deposits (Dunning et al. 1987; MacLachlan and
Dunning 1998). The d34S signatures of Dunnage
Zone VHMS deposits are highly variable and
include data from the Ming (d34S = 1–20‰;
Brueckner et al. 2015), Whalesback (d34S = 1–
6‰; Cloutier et al. 2015), Lemarchant (d34S = -
38 to + 14‰; Lode et al. 2017), and mafic
deposits from Notre Dame Bay (d34S = 2–20‰;
Bachinski 1978; Toman 2013). The characteris-
tics of the Ming and Lemarchant deposits are
described in more detail below.

The * 487 Ma Ming deposit (21.9 Mt at
1.49% Cu, 0.19% Zn, 3.21 g/t Ag, and 0.61 g/t
Au) is spatially associated with boninitic to arc
tholeiitic mafic rocks and hosted by tholeiitic
felsic rocks the Pacquet Complex in the Baie
Verte Peninsula, Newfoundland (Pilote et al.
2017). The deposit contains variably Au-Cu-
bearing massive sulfide that is locally capped by
a strongly quartz-altered rhyolite, which are
together underlain by a footwall zone with Cu-
rich chalcopyrite-pyrite-pyrrhotite-chlorite-rich
stringers (Brueckner et al. 2015). In situ sulfur
isotopic data for pyrite, chalcopyrite, pyrrhotite
and arsenopyrite in massive and semi-massive
sulfide mineralization have d34S between 2.8‰
and 12.0‰, whereas stringer sulfides have d34S
values of 6‰ to 16‰; sulfides in the quartz-
altered rhyolite cap have heavier d34S values of
5.9‰ to 19.6‰ (Fig. 12b; Brueckner et al.
2015). Notably, there are decreases in d34S
of mineral assemblages interpreted to have
formed at higher temperatures (e.g., > 300 °C
chalcopyrite-pyrrhotite-pyrite assemblages),
whereas those forming most proximal to the
massive sulfide-seawater interface (e.g., those in
the quartz-altered rhyolite cap) have higher d34S
values (Fig. 12b; Brueckner et al., 2015).

The ca 513–509 Ma Lemarchant deposit is a
polymetallic bimodal felsic deposit (2.28 Mt at
0.64% Cu, 9.87% Zn, 1.51% Pb, 99.9 g/t Ag,
and 1.26 g/t Au) hosted by felsic rocks of the
Bindons Pond formation in the Tally Pond Group
(Cloutier et al. 2017). The deposit contains bar-
ite, sphalerite, galena, pyrite, and chalcopyrite, as
well as abundant sulfosalt minerals, with
enrichment in epithermal suite elements (Gill
et al. 2016, 2019). The ores are overlain by
sulfide-rich hydrothermal mudstones genetically
related to mineralization (Cloutier et al. 2017).

Ores and hydrothermal mudstones from
Lemarchant have the widest known range in d34S
for VHMS deposits, ranging from -38.8‰ to
15.1‰ (Lode et al. 2017; Gill et al. 2019).
Within the mineralized system, the d34S values
of pyrite and chalcopyrite (0.3‰ to 10.6‰)
overlap with the values for galena (-6.4‰ to
15.1‰: Fig. 12c). In contrast, d34S of sulfide
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Fig. 12 Sulfur isotope characteristics of volcanic-hosted
massive sulfide deposits in the Dunnage Zone, New-
foundland: (a) location of Dunnage Zone and major
deposits (modified after Lode et al. 2017), (b) histogram
showing the distribution of d34S in sulfide minerals from

the Ming deposit (modified after Brueckner et al. 2015),
(c) histogram showing the distribution of d34S in sulfide
minerals from the ore zone of the Lemarchant deposit
(modified after Gill et al. 2019)
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minerals in the hydrothermal mudstones ranges
from -38.8 to 14.4‰, with an average value of -
12.6‰ (not shown). Proximal to mineralization,
however, d34S tends to be higher and overlaps
values from massive sulfide (Lode et al. 2017).

Overall, these results indicate that the relative
proportion of TSR-derived H2S and leached
igneous H2S (± magmatic-hydrothermal sulfur)
from the surrounding host rocks is variable
within each deposit. For instance, Brueckner
et al. (2015) and Cloutier et al. (2015) showed
that the vast majority (>50%) of sulfur in the
Ming and Whalesback deposits was from leach-
ing of igneous basement (with a possible con-
tribution of magmatic-hydrothermal sulfur for
Ming) with much lesser contributions coming
from TSR-derived H2S, particularly for assem-
blages that were Cu-rich and/or those with
enrichments in epithermal suite elements,
including precious metals. Gill et al. (2019)
showed that there was H2S derived from both
leaching and TSR in the Lemarchant deposit, but
they also argued that some of the low d34S values
(< 0‰) found were the result of magmatic-
hydrothermal SO2 disproportionation upon
cooling and condensing, and the generation of
light signatures in sulfides that crystallized
incorporated the magmatic-hydrothermal derived
H2S. Mudstones from this same deposit have a
much more complex history of biogenic sulfate
reduction, microbial sulfide oxidation, and
microbial disproportionation of intermediate
sulfur compounds; however, with proximity to
mineralization d34S increased to values near of
above 0‰, indicating a greater hydrothermal
input and possible magmatic-hydrothermal input.
Higher grade copper zones are associated with
d34S close to 0‰, Zn-Pb-rich zones are often
associated d34S signatures consistent with mixed
igneous and TSR-derived H2S, whereas deposits
enriched in Au, Ag and related elements can
have igneous, TSR, or, possibly, magmatic-
hydrothermal H2S with low d34S values. These
findings highlight the utility of d34S of an
exploration vector to high grade ore in the
VHMS setting, and are discussed further below.

High sulfidation deposits. Sillitoe et al. (1996)
observed that a small proportion of VHMS and
black smoker deposits contain significant
amounts of minerals, such as bornite and ten-
nantite, that are characteristic of hypogene high
sulfidation hydrothermal conditions. Many of
these deposits are also characterized by hypo-
gene advanced argillic alteration assemblages,
defined by the presence of minerals such as
kaolinite, pyrophyllite and diaspore. Following
work by Gamo et al. (1997), Herzig et al. (1998)
and Gemmell et al. (2004), Huston et al. (2011)
compared the d34S signature of high sulfidation
deposits with that of more typical deposits
(Fig. 13), for both modern black smokers and
Cambrian VHMS deposits in western Tasmania.
They found that high sulfidation deposits are
characterized anomalously light d34Ssulfide and
d34Ssulfur signatures, generally between -10‰
and 0‰, which is significantly lower than the
d34S range seen in coeval deposits that lack high
sulfidation mineralogy and advanced argillic
alteration assemblages (mostly 0–10‰ for black
smoker deposits and 8–19‰ for the western
Tasmanian deposits: Fig. 13). Moreover, d34S of
barite associated with the high sulfidation
assemblage in the Tasmanian deposits (19–30‰:
Walshe and Solomon 1981) and at Hine Hina
(16–17‰: Herzig et al. 1988) are lower than
coeval seawater and 20–30‰ heavier than coeval
sulfide minerals (i.e. D34Sbarite-sulfide *
20–30‰).

The sulfur isotope systematics at Hine Hina
were interpreted by Herzig et al. (1998) to indi-
cate the incorporation of significant quantities of
H2S produced by disproportionation of magmatic
SO2 to form H2S and H2SO4 and highly acidic
hydrothermal fluids. The data from high sulfi-
dation deposits in general can be interpreted
similarly, as discussed by Huston et al. (2011),
who concluded that “the presence of a major
population of anomalously low d34Ssulfide can be
suggestive of disproportionation of magmatic-
hydrothermal SO2, particularly if D34Ssulfate-
sulfide * 20–30‰, D34Sseawater sulfate-ore sulfate is
non-zero (i.e. |D34Sseawater sulfate-ore sulfate| > 5‰)

Light Stable Isotopes in Volcanic-Hosted Massive Sulfide Ore Systems 269



and, most importantly, advanced argillic alter-
ation assemblages are present.”

Iheya North black smoker deposit. The Iheya
North hydrothermal field (Fig. 14a) is located
within the Okinawa Trough, interpreted to be an
incipient intracontinental arc-back-arc basin
(Shinjo and Kato 2000). Nine hydrothermal
mounds make up the field, occurring within
bimodal basaltic-rhyolite volcanic rocks, overlain
by terrigenous sediments (Ishibashi et al. 2015).
The Integrated Ocean Drilling Program Expedi-
tion 331 completed 5 drill holes into and sur-
rounding the North Big Chimney (Fig. 14b;
shows three of five holes). Sulfur isotope analy-
ses of hydrothermal pyrite in the five drill holes
at varying depths demonstrates that the massive

sulfides at the North Big Chimney yield consis-
tent d34S = 11.9 ± 1.1‰ (1r: Figs. 14c-d), near
identical to the d34S composition of the vent fluid
(Aoyama et al. 2014). However, progressively
outwards from the main vent site hydrothermal
pyrite returns lower and more variable d34S
values of 7.0 ± 3.8‰ (1r) (LaFlamme et al.
2018: Fig. 14e).

The spatial variation within the hydrothermal
system indicates that the lower temperature sur-
roundings of the hydrothermal system precipitate
hydrothermal pyrite with an increasingly deple-
ted d34S value. LaFlamme et al. (2018) demon-
strate that this pattern can only be accounted for
by way of increased leaching of d34S-depleted
sedimentary pyrite originally deposited by biotic

Fig. 13 Comparison of d34S values for hydrothermal
sites on midocean ridges and arc environments on the
modern seafloor and for deposits from the Cambrian
Mount Read district, Tasmania. Modified from Herzig

et al. (1998) and Gemmell et al. (2004) to include data
from Kim et al. (2004), Solomon et al. (1969, 1988),
Green et al. (1981) and Walshe and Solomon (1981).
Intalicized names indicate high sulfidation deposits
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metabolisms. As the most significant metal
enrichments (Fe, Zn, Cu, Bi, Tl, and Cd) are
associated with sulfides at the North Big Chim-
ney containing d34S values near-identical to the
vent fluid, it is clear that sulfur isotopes can
vector toward metals in sedimented seafloor
hydrothermal systems (LaFlamme et al. 2018).
This knowledge can then be applied in metal
vectoring within VHMS deposits.

Modern seafloor systems on divergent mar-
gins. Prior to the discovery of seafloor
hydrothermal systems along convergent margins
in the 1990s, a large amount of data, including
d34S data of venting fluids and ore minerals, had
been collected from seafloor systems on diver-
gent margins (Shanks 2001 and references
therein). Although collected from a different
tectonic setting, these data provide insights into
sulfur sources and processes that cause d34S
variability in seafloor systems. One of the more

puzzling results was the observation that in the
9–10°N East Pacific Rise (9–10°N EPR) vent
field, minerals on the inside walls of venting
chimneys appear to be out of equilibrium with
the venting fluids: D34Svent-inner wall sulfide * 1.8–
4.0‰, much greater the fractionation expected at
the temperatures of venting (Shanks 2001).

Shanks (2001) also indicate that geological
events can change isotopic signatures of the vent
fluid. Immediately following a seismic (cracking)
event at depth in the 9–10°N EPR vent field,
d34S values of the vent fluid at the P vent
decreased sharply by * 3‰, coinciding with
significant changes in vent chemistry (although
not d18O). Hence it appears that geological
events can cause significant changes in the iso-
topic (and chemical) characteristics of active
systems, changes that cannot be documented in
ancient systems due to the lack of precise tem-
poral information available for modern systems.

Fig. 14 Diagrams showing (a) the location of the Iheya
North black smoker deposit, (b) a geological cross section
of the deposit showing the locations of the drill drill

holes, and (c) to (e) d34S distributions from the three drill
holes showing proximal to distal variations in d34S
(modified after LaFlamme et al 2018)
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4.2.3 Multiple Sulfur Isotopes
In addition to 32S and 34S, sulfur has two other
stable isotopes, 33S and 36S. Although fractiona-
tion of the isotopes has been measurable for
decades (e.g., Hulston and Thode 1965), 33S and
36S were thought to fractionate relative to 32S
(and 34S) in a mass-dependent manner. Farquhar
et al. (2000), however, found that, for some
reactions, 33S and 36S fractionate independent of
mass (mass-independent fractionation or MIF).
Farquhar et al. (2000) and subsequent workers
(Farquhar and Wing 2003; Johnston et al. 2007)
showed that MIF occurs during photolytic
breakdown of atmospheric SO2 restricted to
before the Great Oxidation Event (older than ca
2400 Ma). Mass independent fractionations of
33S and 36S are measured by D33S and D36S,
which indicate deviation from mass-dependent
fractionation. These two parameters were defined
by Farquhar et al. (2000) and processes that
produce MIF are reviewed by Farquhar and Wing
(2003), Johnston (2011) and Huston et al. (2023).

Multiple sulfur isotope studies have become
important in genetic studies of VHMS deposits,
enabling more precise estimates of the relative
sulfur inputs from seawater sulfate, sulfur lea-
ched from sediments containing pyrite derived
by bacterial sulfate reduction, and igneous sulfur
in different environments (Ono et al. 2007; Peters
et al. 2010; McDermott et al. 2015; Martin et al.
2021), and improving the understanding of the
involved in this input. We illustrate uses of
multiple sulfur isotopes in VHMS research using
three examples, (1) assessment of isotopic and
paragenetic equilibrium, (2) assessment of
seawater-derived sulfur in Archean deposits, and
(3) determination of sulfur sources and mineral-
izing processes at the DeGrussa deposit, Western
Australia.

Assessing isotopic and paragenetic equilib-
rium. One of the more difficult aspects of inter-
preting isotopic data is determining if mineral
assemblages analyzed are in isotopic equilibrium.
If this can be established, isotopic fractionation
between minerals can be used to estimate the
temperature of mineral crystallization and the
isotopic composition of the ore fluid. Typically,
this is determined based on paragenetic

relationships: if the minerals are in textural equi-
librium, it is assumed that they are in isotopic
equilibrium. Paragenetic relations, however, are
not always straightforward and can be controver-
sial; moreover, they can be overprinted or
destroyed by later recrystallization. Jamieson et al.
(2006) presented a method of independently
assessing isotopic (dis)equilibrium using d34S and
D33S data in Archean rocks. These authors took
advantage of the fact that D33S is not changed by
mass dependent fractionation; during equilibrium
fractionation between two minerals, d34S frac-
tionates but D33S remains constant. Hence, if two
minerals have statistically different D33S, it is
unlikely that they are in isotopic equilibrium.
Conversely, similar D33S values are consistent
with isotopic equilibrium, although crystallization
from two different fluids with similar D33S would
also appear to be in isotopic equilibrium. Jamie-
son et al. (2006) used this method to assess eight
mineral pairs from the Kidd Creek deposit. Two
mineral pairs were not considered to be in isotopic
equilibria, and a further three were considered to
be in equilibria but small fractionation factors
between the two minerals precluded the calcula-
tion of meaningful temperatures. One of the
mineral pairs interpreted to be out of isotopic
equilibrium from the D33S data was clearly out of
equilibrium from the d34S data. The three
remaining mineral pairs in apparent isotopic
equilibria yielded depositional temperatures
within the expected ranges, consistent with being
in true isotopic equilibrium. Although this tech-
nique is time restricted largely to the Archean, it
provides independent criteria for assessing iso-
topic (dis)equilibria. The method is also applica-
ble to assessing in situ data collected using
secondary ion mass spectrometry (SIMS: White-
house 2013).

Sulfur sources in Archean deposits. In the
Archean, prior to significant fractionation in d34S
of VHMS deposits, the D33S record of these
deposits has proven to be useful (e.g., Jamieson
et al. 2013; Caruso et al. 2019). At that time, the
ferruginous ocean chemistry reflected the low
redox state of the atmosphere and ocean basins
incorporated atmosphere-derived elemental sul-
fur and sulfate formed by mass independent
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fractionation of sulfur (MIF-S) with large posi-
tive and negative D33S anomalies (> ± 0.2‰;
Farquhar et al. 2013). Therefore, the recycling of
sulfur derived from the Archean ocean seawater
sulfate may be traced using this signature.
Neoarchean VHMS deposits, including the Kidd
Creek (Jamieson et al. 2013) and Noranda
(Sharman et al. 2015) deposits of the Superior
Craton, as well as the Teutonic Bore complex
(Chen et al. 2015) and Nimbus deposits (Caruso
et al. 2019) of the Yilgarn Craton, generally
preserve Δ33S < 0‰. This predominantly nega-
tive Δ33S signature is interpreted to indicate
hydrothermal fluids incorporated a small com-
ponent of Archean seawater sulfate (3–18%),
which recycled the oxidised form of MIF-S.
Barré et al. (2022) suggested that in the Noranda
and Matagami districts of the Abitibi Sub-
province multiple sulfur isotope signatures can
be directly correlated with metal endowment of
deposits. Massive Zn-Cu-sulfide sub-seafloor
replacement deposits incorporate less seawater
sulfate and preserve a near igneous signature,
whereas less-endowed Fe-exhalites yield a higher
proportion of seawater sulfate and an increas-
ingly enriched d34S and depleted D33S signature,
reflecting the isotopic composition of the
Archean ocean seawater sulfate reservoir. Exha-
lites are intimately linked to massive sulfide
occurrences, and so their sulfur isotope compo-
sition may be utilised for within-camp targeting.

DeGrussa deposit, Western Australia. The *
2.03 Ga DeGrussa Cu-Au–Ag deposit (and
satellite Monty deposit) is located in the Bryah
Basin of the Paleoproterozoic Capricorn Orogen
of Western Australia (Hawke et al. 2015:
Fig. 15). The deposits contain 9 Mt at 4.5% Cu
and 1.5 g/t gold (Hilliard et al. 2017). Massive
sulfide ore lenses are associated with gabbroic
sills that intrude tubiditic volcaniclastic rocks,
interpreted to have formed in a continental rift
setting (Occhipinti et al. 2017). Massive sulfide
ore lenses are commonly associated with mag-
netite and consist of pyrite with lesser pyrrhotite
and chalcopyrite (LaFlamme et al. 2021).

An integrated dataset of in situ multiple sulfur
isotope data and conventional fluorination-IRMS

multiple sulfur isotope analyses identifies an
overprinting non-VHMS sulfide mineralizing
event with d34S > 8‰. The original VHMS
mineralizing event at Degrussa, however, yields
d34S from 2.9‰ to 3.6‰, and D33S from -0.08‰
to 0.00‰. A two component d34S-D33S mixing
model indicates 11% of H2S is derived from
thermochemically reduced seawater sulfate
mixed with magmatic H2S, either derived from
leaching of volcanic rock or from magmatic-
hydrothermal fluids.

4.2.4 Application of Sulfur Isotope
Geochemistry
to Exploration and Ore
Genesis

Volcanosedimentary basins commonly contain a
range of sulfide accumulations (Fig. 16), some
related to VHMS mineral systems (e.g., VHMS
deposits and exhalites) and some not (e.g., pyritic
black shale). Even among VHMS-related accu-
mulations, sulfur sources are diverse, with the
source potentially having implications to fertility.
As presented above, sulfur isotope data can aid in
distinguishing the origin and sulfur source of
sulfide accumulations.

An important potential application of sulfur
isotopes in VHMS exploration is to distinguish
Fe-sulfide accumulations formed solely through
sedimentary or diagenetic processes or through
metamorphic processes from those that included
exhalative hydrothermal sulfur (Brueckner et al.
2015; Lode et al. 2017; LaFlamme et al. 2021).
Sulfur isotope characteristics, based on our
review and shown in Fig. 16, appear to be suf-
ficiently distinctive to distinguish exhalative
components and may allow vectoring once
exhalative horizons are determined.

Once a VHMS-related hydrothermal occur-
rence has been identified, sulfur isotope data may
aid potential assessment and ranking during
exploration programs. Different parts of a VHMS
mineral system may have distinctive d34S sig-
natures due to the varying incorporation of sulfur
from different sources through the system
(Fig. 16). The massive sulfide and stringer zones,
produced by deposition of hydrothermal sulfide
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at or below the seafloor, have d34S signatures that
reflect varying proportions of sulfide produced
by thermochemical sulfate reduction of seawater
sulfate (d34S * d34Scoeval seawater sulfate), leached
from igneous sulfur deep in the VHMS system
(d34S * 0‰) or generated by disproportionation
of magmatic SO2 (d34S * -15‰ to -5‰). Dur-
ing early-stage prospect evaluation and near-
mine exploration, these signatures may assist in
discriminating the genesis and potential of pro-
spects or new lens: for example, a significant
population ore minerals with d34S below 0‰
may indicate the presence of Cu-Au-rich high
sulfidation potential, particularly if accompanied
by advanced argillic alteration assemblages ore

an ore assemblage enriched in metals such as Bi,
Te, Mo, Sn and Se..

A second tracer in sulfur isotope space, D33S,
can further elucidate seawater contribution of
sulfur to the system, especially in Precambrian
deposits, in which the conventional seawater
sulfur isotope signature is less certain (see
LaFlamme et al. 2021). Mixing models in d34S-
D33S space, can better predict the multiple sulfur
isotope signature of massive sulfide ore. Pre-
liminary work has highlighted that at the district
scale, d34S- D33S signature of massive sulfide ore
lenses may be directly correlated to Au grade
(Sharman et al. 2015). Therefore, more studies
concentrated on the potential of near-mine

Fig. 15 Diagrams showing (a) the location and regional
geology of the DeGrussa deposit, (b) a histogram
showing variations in in situ d34S analyses of sulfide
minerals, and (c) a scattergram showing the relationship

between d34S and D33S using fluorination analysis.
Reproduced with permission and with small modification
from LaFlamme et al. (2021); Copyright 2021 Elsevier
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multiple sulfur isotope vectoring within VHMS
deposits of various ages and tectonic setting are
warranted.

5 Application of and Impediments
to the Use of Light Stable
Isotopes in Exploration

Although stable isotope studies have been critical
to characterizing and understanding ore-forming
processes in VHMS systems, they have not been
extensively utilized by the exploration industry,
largely because of the slow turn-around time and
high costs relative to other analytical tools. The
review above has suggested that there are iso-
topic patterns that are potentially useful for
exploration at the district to deposit scale. Fur-
ther, the development of in-situ methods at rel-
atively reasonable cost and with high volume
analysis, compared to conventional methods,
suggests the potential for more widespread usage
with continued analytical development into the
future.

The only example where isotopic data has
been directly used to discover a VHMS deposit is

the study by Miller et al. (2001), who combined
whole rock oxygen isotope with other geo-
chemical data to map paleothermal gradients and
discover the West 45 lens at the * 480 Ma
Thalanga deposit, Queensland. This illustrates
the utility of whole rock oxygen isotope data at
the deposit scale, and studies such as those by
Cathles (1993) and Brauhart et al. (2000) illus-
trate the potential use of whole rock oxygen
isotope data at the district scale.

6 Conclusions and Future Directions

Since recognition of VHMS deposits as a class,
light stable isotopes, particularly those of oxy-
gen, hydrogen and sulfur, have played a key role
in understanding the hydrothermal system that
formed these deposits. Estimates of fluid oxygen
and hydrogen isotope data, determined from
mineral isotopic data, suggest that in most cases
evolved seawater was the dominant hydrothermal
fluid. There is, however, sound evidence that
magmatic-hydrothermal contributions may be
important in some VHMS deposits, particularly
when isotopic data are supported by other

Fig. 16 Model of a seafloor
hydrothermal system (not to
scale) showing sulfur sources
and sinks, and reactions
involving that occur during
fluid circulation below and on
the seafloor (modified after
LaFlamme et al. 2021)
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indicators of magmatic-hydrothermal input such
as certain alteration assemblages and enrichment
in particular elements. These latter deposits can
be important as they can be enriched in metals
such as tin, gold and other elements associated
with magmatic-hydrothermal contributions.
Alteration associated with hydrothermal flow
leaves consistent patterns in whole rock oxygen
isotope data that can be used to define fluid flow
pathways, both at the deposit and district scales.
When combined with whole rock geochemical or
mineralogical data, the isotopic data can be used
to produce paleotemperature maps.

Sulfur isotope data also provide important
insights into the VHMS system, particularly
addressing the sources of sulfur. Conventional
d34S and multiple isotope data (e.g., D33S data)
indicate that although reduced seawater sulfate
has been a component of the sulfur budget of
VHMS systems since the Paleoarchean, its
importance has increased in general from 5–10%
in the Archean to 15–20% in the Paleoprotero-
zoic and to 20–25% in the Phanerozoic; within
these time intervals, however, the proportion can
vary significantly between deposits. The other
component is magmatic sulfur, which can be
derived by leaching of volcanic rocks or through
input of magmatic-hydrothermal H2S or SO2.
The latter may be important to form high sulfi-
dation VHMS deposits (c.f. Sillitoe et al. 1996),
which are commonly enriched in gold.

Possibly because of their relatively high cost
and/or slow turn-around time, isotopic data have
not been employed extensively in exploring for
VHMS deposits. Despite this, oxygen isotopes
have directly contributed to the discovery of a
new ore lens at the Thalanga deposit in
Queensland (Miller et al. 2001), and they clearly
have potential to produce paleotemperature and
fluid flow maps at the deposit and district scales.
Sulfur isotope data have utility in fingerprinting
mineralized from barren sulfide bodies, and may
also provide vectors to ore.

The last twenty years has seen many signifi-
cant improvements in analytical technologies and
in the understanding of stable isotope

systematics. The most important has been the
development of microanalytical tools such as
LA-ICP-MS that allow rapid in situ isotopic
analysis of petrographically constrained samples.
Moreover, rapid and inexpensive analytical
techniques are being developed for a range of
light stable isotopic systems (see Huston et al.
2023 for discussion) that may allow the rapid
collection of large datasets useful in exploration.

The other major leap has come through the
use of multiple isotopic systems such as the
oxygen and, as discussed here, the sulfur system.
Prior to 2000, 33S and 36S were rarely analyzed
and largely ignored. The discovery of mass-
independent sulfur isotope fractionation has
resulted in major changes in our understanding of
the sulfur cycle and new insights into ancient
environments on Earth. These discoveries have
also impacted our understanding of VHMS sys-
tems, including evidence of the importance of
reduced seawater sulfate even before the Great
Oxidation Event.

New technologies and the understanding
derived from them will continue to impact our
understanding of the VHMS mineral system.
These new isotopic data will lead to new dis-
coveries, either directly as costs come down, or
indirectly, through better understanding of min-
eralizing processes.
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The Light Stable Isotope (Hydrogen,
Boron, Carbon, Nitrogen, Oxygen,
Silicon, Sulfur) Composition
of Orogenic Gold Deposits

Benoît Quesnel, Christophe Scheffer,
and Georges Beaudoin

Abstract

Orogenic gold deposits formed in various
terranes of most ages since the Paleoarchean
and generally consist of quartz veins hosted in
shear zones formed at the ductile brittle
transition under greenschist to lower amphi-
bolite metamorphic conditions. Vein mineral-
ogy is dominated by quartz with various
amounts of silicates, carbonates, phyllosili-
cates, borates, tungstates, sulfides, and oxides.
The isotopic composition of these minerals
and fluid inclusions has been investigated
since the 1960s to constrain the characteristics
of orogenic fluid systems involved in the
formation of gold deposits worldwide. This
review is based on 8580 stable isotope
analyses, including d18O, dD, d13C, d34S
d15N, d11B, and d30Si values, from 5478
samples from 558 orogenic gold deposits
reported in the literature from 1960 to 2010.

This contribution describes the variability of
the light stable isotopic systems as function of
the minerals, the age of the deposits, their
regional setting, and their country rocks. The
temperature of isotopic equilibrium of oro-
genic gold veins is estimated from mineral
pairs for oxygen and sulfur isotopes. Based on
these temperatures, and on fractionation
between mineral and fluid components (H2O,
CO2 and H2S), the isotopic composition of
fluids is estimated to better constrain the main
parameters shared by most of auriferous
orogenic fluid systems. Orogenic gold depos-
its display similar isotopic features through
time, suggesting that fluid conditions and
sources leading to the formation of orogenic
gold deposits did not change significantly
from the Archean to the Cenozoic. No con-
sistent secular variations of mineral isotope
composition for oxygen (−8.1‰ � d18O
33‰, n = 4011), hydrogen (−187‰ � dD
−4‰, n = 246), carbon (−26.7‰ � d13C
12.3‰, n = 1179), boron (−21.6‰ � d11B
9‰, n = 119), and silicon (−0.5‰ � d30Si
0.8‰, n = 33) are documented. Only nitro-
gen (1.6‰ � d15N � 23.7‰, n = 258) and
sulfide sulfur from deposits hosted in sedi-
mentary rocks (−27.2‰ � d34S � 25‰,
n = 717) display secular variations. For nitro-
gen, the change in composition is interpreted
to record the variation of d15N values of
sediments devolatilized during metamor-
phism. For sulfur, secular variations reflect
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incorporation of local sedimentary sulfur of
ultimate seawater origin. No significant vari-
ation of temperature of vein formation is
documented for orogenic gold deposits of
different ages. Quartz-silicate, quartz-
carbonate and sulfide-sulfide mineral pairs
display consistent temperatures of 360 ± 76 °
C (1r; n = 332), in agreement with the more
common greenschist facies hostrocks and fluid
inclusion microthermometry. Fluid sources for
orogenic gold deposits are complex but the
isotopic systems (hydrogen, boron, carbon,
nitrogen, oxygen, sulfur) are most consistent
with contributions from metamorphic fluids
released by devolatilization of igneous,
volcano-sedimentary and/or sedimentary
rocks. The contribution of magmatic water
exsolved from magma during crystallization is
not a necessary component, even if permissi-
ble in specific cases. Isotopic data arrays can
be interpreted as the result of fluid mixing
between a high T (*550 °C)—high d18O
(*10‰)—low dD (*−60‰) deep-seated
(metamorphic) fluid reservoir and a low T
(*200 °C)—low d18O (*2‰)—high dD
(*0‰) upper crustal fluid reservoir in a
number of orogenic gold deposits. The origin
of the upper crustal fluid is most likely sea- or
meteoric water filling the host rock porosity,
with a long history of water–rock isotope
exchange. Mixing of deep-seated and upper
crustal fluids also explains the large variation
of tourmaline d11B values from orogenic gold
veins. Regional spatial variations of oxygen
and hydrogen isotope compositions of
deep-seated fluid reservoirs are documented
between orogenic gold districts. This is the
case for the Val-d’Or (Abitibi), Coolgardie
and Kalgoorlie (Yilgarn) where the oxygen
isotope composition of the deep-seated fluid
end-member is 4‰ lower compared to that
from the Timmins, Larder Lake, and Kirkland
Lake districts (Abitibi). However, both mixing
trends converge towards a common, low d18O
upper crustal fluid end-member. Such varia-
tions cannot be related to fluid buffering at the
site of deposition and suggest provinciality of
the fluid source. The contribution of meteoric

water is mainly recorded by fluid inclusions
from Mesozoic and Cenozoic age deposits,
but micas are not systematically in isotopic
equilibrium with fluid inclusions trapped in
quartz from the same vein. This suggests late
involvement of meteoric water unrelated to
deposit formation. Yet, a number of deposits
with low dD mica may record infiltration of
meteoric water in orogenic gold deposits.
Isotope exchange between mineralizing fluid
and country rocks is documented for oxygen,
carbon, sulfur and silicon isotopes. Large
variations (> 10‰) of sulfide d34S values at
the deposit scale are likely related to evolving
redox conditions of the mineralizing fluid
during reaction with country rocks. Deposits
hosted in sedimentary rocks show a shift to
higher d18O values as a result of fluid/rock
oxygen exchange with the regional sedimen-
tary country rocks.

Keywords

Stable isotope � fractionation � temperature �
fluid source �metamorphic crustal � hydrogen �
oxygen � boron � carbon � nitrogen � sulfur �
silicon

1 Introduction

Orogenic gold deposits comprise a diverse class
of mineral deposits that contain the second largest
resource of gold, after the Witwatersrand
(Republic of South Africa) paleoplacers (Dubé
and Gosselin 2007). In addition to their economic
importance, orogenic gold deposits record
important geological process active at mid-crustal
levels, where the deformation behavior of rocks
changes, with increasing depth, from brittle to
ductile. The formation of orogenic gold deposits
involves advection of significant volumes of
crustal fluids, which carry large amounts of dis-
solved mass and energy at the scale of the crust.

The class of orogenic gold deposits was pro-
posed by Groves et al. (1998) to combine gold
deposits that shared numerous characteristics, yet
had remained grouped under different deposit
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types in literature. The orogenic gold deposits
were defined to include a range of epigenetic
gold styles variably named “mesothermal”,
“quartz-carbonate”, “lode gold”, “greenstone
gold”, “Mother Lode”, “turbidite-hosted”, “BIF
(Banded-Iron Formation)-hosted”, etc. The class
of orogenic gold deposits was defined to include
deposits where gold is the major economic metal,
and which formed in volcanic and/or sedimen-
tary, accretionary, metamorphic terranes in con-
vergent settings of all ages. The geological
characteristics of orogenic gold deposits have
been reviewed by Goldfarb et al. (2005) and
Goldfarb and Groves (2015) amongst others, and
are briefly summarized hereafter. Orogenic gold
deposits consist of gold-bearing quartz-carbonate
veins or disseminated sulfides, commonly rep-
resenting less than 5 vol.% sulfides, most com-
monly pyrite and arsenopyrite. The veins display
a range of structural features from foliated shear
bands to brittle breccia and are characteristically
associated to steeply-dipping reverse faults,
related to major crustal shear zones typically
marking terrane boundaries. The country rocks
are varied and include almost all types of vol-
canic, plutonic, sedimentary rocks and their
metamorphosed equivalents. Hydrothermal
alteration is characteristically narrow and con-
trolled by the vein structures, replacing peak-
metamorphic minerals by white mica, Fe–Mg
carbonate minerals and sodic feldspar, being the
most common. The veins formed from low-
salinity (3–12 wt.% NaCl eq.) carbonic-aqueous
hydrothermal fluids with XCO2 < 0.3, at tem-
peratures typically about 350 °C. Orogenic gold
deposits formed at depths of less than 20 km,
typically near the base of the seismogenic con-
tinental crust, under high, to supra-lithostatic,
fluctuating fluid pressure. Deposits formed dee-
per in the crust are characterized by ductile
deformation, with gold mineralization mostly in
disseminated sulfide minerals or less commonly
in foliated veins, and formed at the higher tem-
perature range. Those formed higher in the crust
are characterized by more brittle structures, and a
lower temperature of formation.

In spite of these well-defined geological
characteristics, the origin of hydrothermal fluids

that formed orogenic gold deposits remains
controversial. Goldfarb and Groves (2015)
reviewed sources for fluids in orogenic gold
deposits, stating that the stable isotope compo-
sition of the minerals is inconsistent between
deposits, and leads to equivocal interpretations
about the source of fluids and dissolved compo-
nents. This is particularly intriguing since the
auriferous hydrothermal fluids are considered to
have a well-defined composition that should
enable determination of the source(s) of fluids.
Goldfarb and Groves (2015) reiterated a long-
held view that fluid-rock exchange, at the site of
reaction, could mask part of the original isotopic
signature (Ridley and Diamond 2000). If the
association of the orogenic gold deposits with a
major shear zone is a well-established fact, the
role of the shear zone has been contested from
being a deep-seated fluid channelling feature
(e.g., McCuaig and Kerrich 1998) to a breach
into a mid-crustal low permeability barrier
(Beaudoin et al. 2006).

The first major compilation of oxygen, H,
carbon, sulfur stable isotope data for Au–Ag
deposits in metamorphic rocks, now defined
largely as orogenic gold deposits, was under-
taken by Kerrich (1987). This led to the concept
of provinciality in the oxygen isotope composi-
tion of orogenic gold deposits, inferred to indi-
cate large and uniform fluid source rock volumes,
but different for each orogenic gold vein field
(McCuaig and Kerrich 1998). High d18O values
are characteristic of the auriferous fluids forming
orogenic gold deposits, with a range of d18OH2O

values of 6 to 11‰ for Precambrian deposits
(McCuaig and Kerrich 1998) and of 7 to 13‰ for
Phanerozoic deposits (Bierlein and Crowe 2000),
and as shown by the range of quartz d18O values
of 6.9 to 25‰ for the 25 largest orogenic gold
deposits (Goldfarb et al. 2005).

Goldfarb et al. (2005) compiled dD values
ranging from −150 to −26‰ for mica and from
−98 to −24‰ for fluid inclusions from the 25
largest orogenic gold deposits. Using the likely
temperatures of isotopic equilibrium, the
hydrothermal fluids dD values were suggested to
range from −80 to −20‰, excluding low values
from fluid inclusions of dubious or mixed origins
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(McCuaig and Kerrich 1998; Goldfarb et al.
2005). Combined with the estimated fluid d18O
values of 6 to 14‰, this has been taken as a strong
indication for a metamorphic source for the
auriferous fluids (McCuaig and Kerrich 1998).

The carbon isotope composition of hydrother-
mal carbonates associated with gold mineraliza-
tion was shown to range mostly between −10 and
0‰, with outlier values as low as−32‰ (Goldfarb
et al. 2005). McCuaig and Kerrich (1998) also
remarked the narrow range in d13C values for a
given deposit. The isotope composition of carbon
has led to interpretation of a number of potential
sources, from the mantle to magmas, to crustal
devolatilization, mixing and redox reactions
(McCuaig and Kerrich 1998). Likewise, the sulfur
isotope composition of sulfides are summarized to
mostly range from 0 to 9‰, but with a total range
from−20 to 25‰, interpreted to reflect local sulfur
sources (Goldfarb et al. 2005).

Despite the low variance in geological fea-
tures, and in the chemical PVTX characteristics
of auriferous fluids associated with orogenic gold
deposits, the variation of the stable isotope
composition of hydrothermal minerals and fluid
inclusions has led to various, at times conflicting
or equivocal, interpretations. Here, we attempt to
address the variations in the stable isotope com-
position of hydrothermal minerals and fluid
inclusions in orogenic gold deposits on the basis
of a detailed analysis of an extensive compilation
of data published between 1960 and 2010. The
study of the database allows to outline major
stable isotope compositional features for oro-
genic gold deposits to yield improved under-
standing of the sources of fluids, carbon, sulfur,
nitrogen, boron and silicon for this deposit type.

2 Methodology

2.1 Database

The database integrates fifty years of stable iso-
tope and orogenic gold deposit research pub-
lished between 1960 and 2010, since which time
data interpretation has been ongoing (Beaudoin
2011). Review of data published since 2010

shows no special features from more recent
studies, but specific cases are discussed in rela-
tion to pre-2010 data. The first study of stable
isotopes in orogenic gold systems was on the
sulfur isotope composition of gold quartz veins
of the Yellowknife district, Canada (Wanless
et al. 1960). Because gold-bearing quartz ±

carbonate veins have been described using a
range of descriptive names from lode to quartz-
carbonate to orogenic gold veins, the search in
literature has used all known terms used to
identify stable isotope research for this deposit
type. The deposits compiled in the database
comprise all the major orogenic gold deposits as
defined by Goldfarb et al. (2005). Some of the
deposits aggregated in the compilation have
controversial metallogenic affinity. Nevertheless,
the amount of data from deposits of controversial
metallogenic affinity is small, such that it should
not significantly impact on the overall stable
isotope characteristics of orogenic gold deposits,
unless otherwise noted. Data were compiled from
193 references, for which tabulated stable isotope
values were reported (Supplementary Material
Spreadsheet 1). Data reported in figures or as
range of values, without individual mineral
composition, were not considered in this study.
The data were compiled dominantly from peer-
reviewed journals, with the exception of a few
major deposits for which data were only avail-
able in university theses.

The database contains 8580 stable isotope
analyses for oxygen (n = 4014), hydrogen
(n = 706), carbon (n = 1244), sulfur (n = 2215),
nitrogen (n = 254), boron (n = 117) and silicon
(n = 30) from 5478 samples (Supplementary
Material Spreadsheet 1). Stable isotopic compo-
sitions are expressed in ‰, and are reported
relative to VSMOW, VPDB, VCDT, AIR,
NIST SRM 951, and NBS28 for d18O and dD,
d13C, d34S, d15N, d11B and d30Si, respectively.
Data reported in literature relative to SMOW,
PDB and CDT are considered identical to the
newer IAEA Vienna (V-) standards. Where
samples have the same name, and several isotope
or mineral analyses are reported, the results are
deemed to be from the same sample even though
textural equilibrium can seldom be verified.
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Oxygen isotope compositions have been mea-
sured in 22 minerals. Two studies report d18O
values from fluid inclusions (FI) hosted by quartz
or scheelite (Santosh et al. 1995; Billstrom et al.
2009), which are not considered further because
the d18O values are most likely equilibrated with
the host mineral oxygen. The hydrogen isotope
composition has been measured in seven miner-
als and from FI in quartz. Mao et al. (2008)
report seven dD values from “K-feldspar”.
Because the source of hydrogen in theses anal-
yses is unspecified, but likely to be from FI, these
data were not included in the database. Carbon
isotopic compositions have been measured in
seven minerals and in FI trapped in quartz and
scheelite. Sulfur isotopic compositions have been
measured in 13 minerals. Nitrogen and silicon
isotopic composition have been measured in
three and two minerals, respectively. Boron has
been measured in tourmaline. The samples are
from 564 deposits from all continents with the
exception of Antarctica (Fig. 1), and range in age

from the Archean to the Cenozoic, including 180
Archean, 68 Proterozoic, 104 Paleozoic, 129
Mesozoic, and 83 Cenozoic deposits. For
Archean deposits, most of them are Neo-Archean
(n = 164), with fewer Paleo- (n = 2) and Meso-
Archean (n = 13). The age of the gold deposits is
known with variable accuracy, such that
geochronological data yield precise age for some
deposits, whereas only age inferences can be
made for others.

Gold deposits are hosted in a range of country
rock types including sedimentary, volcano-
sedimentary, or igneous rocks with variable
chemical composition from felsic to ultramafic.
For deposits hosted by several types of rocks, the
dominant lithology/chemical composition is
recorded in the database. Sedimentary rock-
hosted deposits include unmetamorphosed clas-
tic and/or chemical sedimentary rocks (grey-
wackes, sandstones, shales, limestones,
mudstones, argilites, BIF) or their metamor-
phosed equivalents (paragneiss, schist) which are

Fig. 1 Location of orogenic gold deposits with stable isotope data. The world geology map is prepared using digital
data from Gosselin and Dubé (2005)

The Light Stable Isotope (Hydrogen, Boron, Carbon, Nitrogen … 287



all reported as “sedimentary” for simplicity.
Volcano-sedimentary rock-hosted deposits are
mainly represented by Archean and Proterozoic
greenstone belts. Igneous rock-hosted deposits
include plutonic or volcanic rocks. Volcanic
rocks mainly consist of rhyolite to basaltic rocks
in greenstone belts, as well as mafic and ultra-
mafic dykes. Plutonic rocks include a wide
variety of rocks such as tonalite-trondhjemite-
granodiorite (TTG) batholiths as well as granitic
—diorite intrusions in various geological envi-
ronment. Based on the description provided in
each publication, geochemical descriptors (felsic,
intermediate, mafic and ultramafic) are used to
summarize the composition of dominant intru-
sive and volcanic rocks.

Deposits associated with zeolite, prehnite-
pumpellyite or sub-greenschists facies, and/or
“low” metamorphic grade rocks, have been
combined into a sub-greenschist category. Those
hosted by lower, middle, or upper greenschist
facies rocks have been classified into a green-
schist category. Lower, middle, or upper amphi-
bolite, and granulite metamorphic facies host
rocks are categorized into a high-grade meta-
morphic category. The resulting categories must
be used with caution since orogenic gold deposits
commonly post-date regional metamorphism.
Moreover, in numerous studies, the metamorphic
grade is not accurately described or covers a
range, such as “lower greenschist to amphibo-
lite”. In such cases, we arbitrarily attributed a
deposit to the higher metamorphic grade. Finally,
for most of deposits from the North China Craton,
a metamorphic grade class is not attributed
because the gold deposits formed during the
Mesozoic, significantly younger than Precam-
brian regional granulite grade metamorphism.

2.2 Temperature of Equilibrium

There can be several isotopic fractionations for a
pair of minerals (e.g. dquartz–dmineral) (Beaudoin
and Therrien 2009) such that the computed tem-
peratures can vary depending on the selected
fractionation. Oxygen isotope fractionations
derived from previous studies by Vho et al. (2019)

are used for temperature estimates from quartz-
tourmaline, quartz-chlorite, quartz-biotite, quartz-
muscovite, quartz-albite, quartz-plagioclase,
quartz-feldspar, quartz-ankerite, quartz-calcite
and quartz-dolomite mineral pairs and are repor-
ted with a 2r confidence interval (Supplementary
Material, Spreadsheet 2). For quartz-sericite,1 no
fractionation equation exists in literature and,
consequently, we use the quartz-muscovite frac-
tionation equation from Vho et al. (2019). For
quartz-scheelite, only one fractionation equation
is available (Zheng 1992), but it yields low tem-
peratures (mainly between 110 and 200 °C),
inconsistent with the greenschist facies conditions
and other geothermometers. Consequently, a
combination of two equations, quartz-H2O from
Clayton et al. (1972) and scheelite-H2O from
Wesolowski and Ohmoto (1986), has been used to
estimate the temperature of equilibrium between
quartz and scheelite.

For quartz-plagioclase, quartz-feldspar and
quartz-carbonate pairs, no information about the
composition of the mineral is provided. Conse-
quently, data are not presented in dquartz–dmineral

diagrams and temperatures have not been
calculated.

For sulfide pairs, pyrite-galena, pyrite-
chalcopyrite, pyrite-pyrrothite, pyrite-sphalerite,
sphalerite-chalcopyrite and chalcopyrite-galena
fractionation data are from Kajiwara and Krouse
(1971). The fractionation from Liu et al. (2015)
was used for sphalerite-galena. The data are
plotted in dmineral–dmineral diagrams overlain by
isotherms ranging from 250 to 550 °C.

2.3 Oxygen and Hydrogen Isotope
Composition of Water

Oxygen and hydrogen isotope compositions of
H2O are calculated from quartz and OH-bearing
minerals pairs that yield equilibrium

1 We use “sericite” herein as a general term for unspec-
ified white mica, as this term is used in the cited reference,
even though the term has been disapproved by the
International Mineralogical Association. In most cases
“sericite” refers to fined grained muscovite, phengite or
related white micas.
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temperatures in the range 250–550 °C. This
temperature range is consistent with the accepted
range in temperature of formation for orogenic
gold deposits (Goldfarb and Groves 2015). Thus,
it is presumed that those mineral pairs record O–
H isotope equilibrium. The water isotopic com-
position has been calculated using various
hydrogen mineral-H2O fractionations and oxy-
gen quartz-H2O fractionation equation from Vho
et al. (2019). The entire dataset is presented in
Supplementary Material 2. For tourmaline and
chlorite, the fractionations of Kotzer et al. (1993)
and Graham et al. (1984) have been used,
respectively. For biotite and muscovite (or ser-
icite) the hydrogen fractionations from Suzuoki
and Epstein (1976) were used.

2.4 Carbon Isotope Composition
of CO2

The carbon isotope composition of CO2 was cal-
culated using calcite-CO2 and dolomite-CO2

fractionations from Ohmoto and Rye (1979)
assuming equilibrium temperatures in the range
250–550 °C as determined from quartz-calcite
and quartz-dolomite oxygen fractionation data
(Vho et al. 2019). Because there are no carbon
ankerite-CO2 fractionation in literature, we did not
compute d13C of CO2 from ankerite. The
entire dataset is presented in Supplementary
Material 2.

3 Stable Isotope Composition
of Minerals and Fluid Inclusions

3.1 Oxygen Isotopes

3.1.1 Silicates, Tungstates, Borates
and Oxides

The oxygen isotope composition of 2357 quartz
samples from orogenic gold deposits ranges from
5.2 to 25.9‰ (Fig. 2). Quartz d18O values show
a broad, bimodal, distribution with one mode
near 11.5‰, and the second near 15‰ (Fig. 2).2

Quartz from orogenic gold deposits formed dur-
ing the Archean shows this bimodal distribution,

whereas quartz from deposits formed during the
Proterozoic are characterized by d18O values
about the lower mode (11.6‰; Fig. 2a). Oro-
genic gold deposits formed during the Phanero-
zoic have quartz d18O values about the higher
mode (15‰) and tailing towards the highest
d18O values (Fig. 2a).

Figure 2b shows the distribution of quartz
d18O values for orogenic terranes for which there
is more than 50 analyses. Quartz from the
Archean Yilgarn Craton (Australia) shows a
normal distribution about the 11.5‰ mode, with
few higher values. In contrast, quartz from the
Archean Superior Craton (Canada) displays a
bimodal distribution. Quartz from the Proterozoic
Trans-Hudson Orogen (Canada) plots mostly
about the 11.5‰ mode. Quartz from the
Appalachian/Caledonian and Hercynian orogens
(America and Europe) plots mostly near 13.5‰
whereas those from the Tasman Orogen (Aus-
tralia) are characterized by higher values with a
mode near 16.5‰. Mesozoic and Cenozoic oro-
genic gold deposits from the Cordillera (North
America) are characterized by heavier quartz
oxygen isotope compositions mainly between
12.5‰ and 19.5‰ (Fig. 2b). Mesozoic orogenic
gold deposits from the Daebo Orogen and North
China Craton (China, Korea) plot mostly near
13‰.

Figure 2c shows the distribution of all quartz
d18O values as function of the principal country
rock type. Quartz hosted in igneous rocks shows
the lowest d18O values with a normal distribu-
tion centered at 11.5‰. Deposits hosted in
sedimentary country rocks have higher d18O
values with a normal distribution centered at
15‰. The d18O values for deposits hosted in
volcano-sedimentary rocks display a bimodal
distribution with modes centered at 12‰ and
15‰. Most of the high d18O values are from
deposits hosted by sedimentary and volcano-
sedimentary rocks. The distribution of d18O
values for quartz hosted in igneous rocks, divi-
ded by geochemical affinity, is presented on

2 The character (uni-, bi- or polymodal) of the distribution
and the location of the modes were determined visually.
Modes refer to the class with the most observations.
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Fig. 2d. No major difference is identified
between mafic and felsic country rocks, both
showing a unimodal distribution about the major
11.5‰ mode. Vein quartz hosted in ultramafic
rocks ranges between 11.5‰ and 15.5‰, with-
out a well-defined mode.

Quartz from orogenic gold districts from the
Archean Superior Craton displays distinct oxy-
gen isotopic compositions. The lower d18O val-
ues, between 9‰ and 14‰, with a mode
centered on 11‰ are characteristic of the Val-

d’Or district, whereas the higher d18O values
between 13‰ and 16‰, with a mode at 15‰ are
mostly from the Timmins district (Fig. 3a). There
is no grouping of d18O values for other districts
perhaps because of the smaller number of anal-
yses. The difference in d18O values between the
Val-d’Or and the Timmins districts correlates
with the distribution of d18O values as function
of the type of country rocks (Figs. 3a, b). Quartz
from veins hosted in igneous rocks have d18O
values ranging from 5 to 22‰ with a main mode

Fig. 2 Histograms showing d18O values of quartz
forming veins from orogenic gold deposits based on:
a the age of deposits; b the craton or orogen hosting the

deposits (only craton or orogen with more than 50 d18O
values are shown); c country rock of deposits; and d the
geochemistry of igneous rocks hosting the deposits
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at 11‰, whereas those hosted in sedimentary
displays higher d18O values, between 5 and
27‰, with a mode at 14.5‰, and those hosted in
volcano-sedimentary rocks have values between
7 and 24‰, with modes at 11.5 and 14.5‰. As
shown in Fig. 3c, the igneous rocks hosting
deposits with high quartz d18O values are mainly
ultramafic.

For the Yilgarn Craton, quartz d18O values
range mainly between *10 and *14‰, with no
distinction between districts (Fig. 4a). Most of
these veins are hosted in mafic igneous rocks and
the few hosted in volcano-sedimentary rocks

have similar d18O values (Figs. 4b, c). In districts
from the Cordilleran Orogen for which there are
more than 20 analyses, quartz displays d18O
values mostly between *12 and *20‰
(Fig. 4d) higher than those documented from the
Superior and Yilgarn cratons. In the Cordilleran
Orogen, the Fairview, Klondike and Bridge
River districts (12–14‰, 14–16‰ and 18–20‰,
respectively) in Canada, the Berners Bay (12 to
16‰) and Mother Lode districts (16–19‰;
United States of America—USA) display distinct
ranges of d18O values. In contrast, the d18O
values from the Nome district (USA) define a

Fig. 3 Histograms showing d18O values of quartz
forming veins from orogenic gold deposits from the
Superior Craton based on: a district; b country rocks;

c geochemistry of igneous rocks hosting deposits; and
d deposits from the Val-d’Or district
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large range of values (10 to 20‰). All these
districts are hosted in volcano-sedimentary and
sedimentary rocks but in some of the districts,
major deposits are hosted by granite (Fig. 4e).
Data do not vary with the chemistry of the
igneous rocks (Fig. 4f).

At the district scale, quartz from orogenic
gold deposits is characterized by narrow ranges
of d18O values (Fig. 3d). For example, in the
Val-d’Or vein field, quartz from the Beaufor
deposit is characterized by quartz oxygen isotope
compositions in the range 9.9–11.1‰, with an
average of 10.6 ± 0.2‰ (Beaudoin and Pitre
2005). Few studies allow comparison of several
deposits in one district. In the Val-d’Or vein
field, Beaudoin and Pitre (2005) and Beaudoin
and Chiaradia (2016) showed no systematic
variation in composition across vein thickness,
along strike, or down-dip. In Val-d’Or, there is a
gradual change in the average composition of

quartz of a deposit at the scale of the district
(Beaudoin and Pitre 2005).

Figure 5 presents the oxygen isotope compo-
sition of other silicates, tungstate, borates and
oxides. Muscovite (n = 84) and sericite (n = 70)
have d18O values ranging from 7.0 to 17.0‰ and
6.6 to 16.0‰, respectively (Fig. 5a), with one
muscovite having a low d18O value of 0.7‰.
Chlorite (n = 87) and biotite (n = 45) have sim-
ilar d18O values ranging from 1.0 to 12.0‰ and
from 2.0 to 12.6‰, respectively. Two talc sam-
ples yield d18O values of 7.0 and 7.9‰ (Fig. 5a).
Scheelite (n = 54) has a small range of d18O
values from 2.0 to 6.6‰, whereas tourmaline
(n = 40) displays a wider range of d18O values
from 4.9 to 11.0‰ (Fig. 5b). Actinolite (n = 19)
has d18O values from 5.0 to 11.5‰, whereas two
epidote samples yield d18O values of 7.7 and
9.6‰ (Fig. 5b). Undifferentiated feldspar
(n = 20) and plagioclase (n = 20) have d18O
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Fig. 4 Histograms showing d18O values of quartz
forming veins from orogenic gold deposits from the
Yilgarn Craton and Cordilleran Orogen based on: a district
(Yilgarn Craton); b country rocks (Yilgarn Craton);

c geochemistry of igneous rocks hosting deposits (Yilgarn
Craton); d districts (Cordilleran Orogen); e country rocks
(Cordilleran Orogen); and f geochemistry of igneous
rocks hosting deposits (Cordilleran Orogen)
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values ranging from 3.6 to 11.3‰ and from 5.5
to 13.4‰, respectively, whereas albite (n = 17)
displays d18O values from 8.3 to 17.8‰ (Fig. 5
c). Magnetite (n = 14) and hematite (n = 8) have
low d 18O values from −4.1 to 7.6‰ and from
−2.3 to 2.2‰, respectively (Fig. 5d).

3.1.2 Carbonates
Figure 6 shows the oxygen isotope composition
of carbonate minerals, including calcite (n = 493),
dolomite (n = 345), ankerite (n = 207), siderite

(n = 53), magnesite (n = 8) and undifferentiated
carbonate minerals (n = 42). Carbonate d18O
values show three modes, with two principal
modes centered on 10‰ and 12.5‰ (Fig. 6a), and
a third mode centered on 24‰. Ankerite, calcite
and dolomite have d18O values ranging from 7.7
to 25.0‰, from 6.3 to 27.5‰, and from 1.2 to
25.3‰, respectively, with the same bimodal dis-
tribution for ankerite and calcite. Dolomite dis-
plays a bimodal distribution with two modes
centered on 12‰ and 16‰. Siderite has d18O

Fig. 5 Histograms showing d18O values of silicates and
oxides minerals in deposits: a biotite, chlorite, muscovite,
sericite and talc; b actinolite, epidote, scheelite, and

tourmaline: c albite, feldspar and plagioclase; and
d hematite and magnetite
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Fig. 6 Histograms showing d18O values of carbonate
from veins in orogenic gold deposits according to:
a carbonate mineral; b age of deposit; c craton or orogen

hosting deposits (only craton or orogen with more than 30
d18O values are shown); d country rocks of deposits; and
e geochemistry of igneous rocks hosting deposits
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values ranging from 7.7 to 29.8‰, but most of
data are around 11‰. The few d18O values of
magnesite and undifferentiated carbonate minerals
do not show consistent distribution patterns.

Archean deposits display a bimodal distribu-
tion of d18O values with two principal modes
centered on 10‰ and 12.5‰ (Fig. 6b). Protero-
zoic deposits do not display a specific distribu-
tion of d18O values, whereas Paleozoic deposits
display a bimodal distribution with two principal
modes centered on 12.5‰ and 14.5‰. Mesozoic
deposits have two main modes of d18O values at
14.5‰ and 16‰. Values higher than *20‰,
are mostly from Paleozoic deposits with only few
Archean, Proterozoic and Mesozoic analyses.
Figure 6c shows that d18O values for Archean
cratons (Kaapvaal, Slave, Superior, Yilgarn) are
mostly lower than *15‰. The distribution of
the d18O values from Yilgarn is centered on
10‰, whereas data from the Kaapvaal, Slave and
Superior cratons are mostly centered on 12.5‰.
For the Appalachian/Caledonian Orogen, d18O
values are scattered about a large mode near
13‰. For others cratons/orogens, data are less
numerous and scattered. Figure 6d displays car-
bonate d18O values as function of the country
rock type. Deposits hosted in igneous rocks have
a bimodal distribution with two modes about
10‰ and 12.5‰. Values for deposits hosted in
sedimentary rocks display a normal distribution
centered on *14‰, whereas those hosted in
volcano-sedimentary environment display three
modes centered on *10‰, *12‰ and *14‰.
Figure 6e shows carbonate d18O values as func-
tion of the chemical composition of igneous
country rocks. Deposits hosted in felsic to mafic
rocks have two modes about 10‰ and 12.5‰.
Deposits hosted in ultramafic rocks have a nor-
mal distribution of carbonate d18O values cen-
tered on 12.5‰.

3.1.3 Hydrogen Isotopes in Silicates
The hydrogen isotope composition (Fig. 7a) has
been measured in muscovite (n = 86), sericite
(n = 51), biotite (n = 32), chlorite (n = 42),
actinolite (n = 9), epidote (n = 5), and tourma-
line (n = 13). The range in dD values for vein
minerals is remarkably wide, from −187 to −4‰

(Fig. 7a). The distribution of vein mineral dD
values is bimodal, with a principal mode near -
58‰, and a second mode near −85‰, with an
asymmetric tail to low dD values. Epidote has the
highest dD values (−30 to −4‰). Muscovite and
sericite are characterized by dD values that
spread mainly between −80 and −26‰, with a
mode near −55‰, but with a wide spread to low
dD values (−186‰; Fig. 7a). Chlorite displays a
main mode at slightly lower values compared to
muscovite and sericite (between −90‰ and
−70‰), but also yields low dD values (−187‰).
Biotite displays a relatively small range of dD
values from −117 to −51‰ (Fig. 7a). Tourma-
line and actinolite have dD values that span the
range of the two main modes of hydrogen iso-
tope compositions.

In Fig. 7b, dD values of minerals are reported
relative to the age of the deposits. The bimodal
distribution about the principal (−58‰) and the
second (−85‰) modes encompasses dD values
of all ages. However, Mesozoic and Cenozoic
deposit dD values display a unimodal distribu-
tion centered around -58‰, with an asymmetric
tail to the lowest dD values for deposits from the
Cordillera Orogen. Deposits from Trans-Hudson
Orogen display a unimodal distribution with
values ranging between *−120 and *−30‰,
and a mode at *−90‰. For other cratons/
orogens, data are less numerous and scattered.

Figures 7d and e show the distribution of dD
values as function of country rock and of
chemical composition of igneous rocks, respec-
tively. No trends were identified, but the lowest
values documented for Mesozoic and Cenozoic
deposits from the Cordillera Orogen are from
deposits hosted in sedimentary and volcano-
sedimentary rocks.

3.1.4 Hydrogen Isotopes in Fluid
Inclusions

Figure 8 presents the dD values of fluid inclu-
sions extracted from quartz (n = 468). The range
in dD values for fluid inclusions is from −179 to
−7‰, with a wide and asymmetric distribution
towards low dD values (Fig. 8a). The mode is
centered on −70‰. Hydrogen isotope composi-
tions of fluid inclusions from Archean,
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Fig. 7 Histograms showing dD values in OH-bearing
minerals from veins from orogenic gold deposits based
on: a nature of mineral; b age of deposit; c craton or

orogen hosting deposits; d country rocks of deposits; and
e geochemistry of igneous rocks hosting deposits
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Proterozoic, Paleozoic and Cenozoic orogenic
gold deposits are typically heavier, from −7
to *−110‰, with few outlying values to *
−150‰ (Fig. 8a). Fluid inclusions dD values for
Mesozoic orogenic gold deposits typically have
values lower than −40‰, with a bimodal distri-
bution with a mode near −70‰ and a second
mode centered on −160‰ (Fig. 8a).

Figure 8b shows the distribution of dD values
from fluid inclusions as function of craton/
orogen. The main mode near −70‰ is domi-
nated by deposits from the Daebo and Tianshan

orogens, and from the North China Craton Cra-
ton. Deposits from the Himalayan Orogen dis-
play a wide range of dD values, with a secondary
mode at *−110‰ from three deposits in Tibet
(Supplementary material, Spreadsheet 1). The
low dD values (< −120‰) are documented
mainly for deposits hosted in the Cordillera
Orogen, with a few measurements from deposits
hosted in the Baltic Shield and the Trans-Hudson
Orogen (Supplementary material, Spreadsheet 1).

Figure 8c shows dD values as function of the
type of country rocks. The lowest dD values are

Fig. 8 Histograms showing dD values from fluid inclu-
sion (FI) trapped in quartz from veins from orogenic gold
deposits based on: a age of deposit; b craton or orogen

hosting deposits (only craton or orogen with more than 20
dD values are shown); c country rocks of deposits; and
d geochemistry of igneous rocks hosting deposits
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characteristic of volcano-sedimentary rocks
hosting deposits in the Mesozoic Cordillera
Orogen. The dominant country rocks of deposits
with dD values higher than −120‰ are igneous
and sedimentary with only few analyses for
deposits hosted in volcano-sedimentary rocks. In
Fig. 8d, dD values between −120‰ and −60‰
are mainly from deposits hosted by felsic to
intermediate igneous country rocks, whereas
mafic and ultramafic hosted deposits have fluid
inclusions with dD values between −60‰ and
−20‰.

3.1.5 Carbon Isotopes in Minerals
and Fluid Inclusions

Figure 9a shows the distribution of the carbon
isotopic compositions for calcite (n = 513),
dolomite (n = 344), ankerite (n = 214), siderite
(n = 44), magnesite (n = 7), undifferentiated
carbonate minerals (n = 47), and graphite
(n = 2). Most d13C values range from −15 to 3‰
with a wide mode at −4‰, a secondary mode
around −14‰ and a third one at −22‰. The
d13C values from fluid inclusions trapped in
quartz and scheelite show a unimodal distribu-
tion centered near −6‰ with rare values as low
as −26‰ (Fig. 10a).

There is no significant difference of d13C
values as function of the mineral or fluid inclu-
sions (Figs. 9a and 10a). In Archean deposits,
carbonates have d13C between −8 and 3‰,
whereas Proterozoic, Paleozoic and Mesozoic
deposits have similar d13C values distributed
from −15 to 3‰ with a mode at −5‰ (Fig. 9b).
However, low d13C values are documented for
Paleozoic deposits of the Meguma district hosted
in sedimentary rocks (Appalachian/Caledonian
Orogen; Fig. 9b, c, d).

Carbonates from Archean Slave, Superior,
Kaapvaal and Yilgarn cratons and from the
Mesozoic North China Craton Craton display
d13C values between −7 and 0‰, whereas the
range of d13C values from the West African
Craton is centered on −13‰ (Fig. 9c).

The carbonate d13C values from deposits
hosted by igneous rocks show a unimodal dis-
tribution with a mode near −4‰ (Fig. 9d).

Volcano-sedimentary rock-hosted deposits dis-
play a narrow range of d13C values, between −10
and 0‰. Sedimentary rock hosted deposits show
a multimodal distribution with a main mode at
−6‰, and three other modes around −3, −13 and
−22‰. Felsic igneous rocks hosted deposits
show a unimodal distribution with a main mode
at −4‰. The carbonate d13C values from
deposits hosted in mafic and ultramafic rocks,
mainly from −9 to 0‰, each show a distribution
with a main mode near −3‰ (Fig. 9e).

3.1.6 Sulfur in Sulfides and Sulfates
The sulfur isotope composition of sulfides ranges
from −30 to 17‰, with a mode at * 3‰ and a
tail to low d34S values. (Fig. 11a). Anhydrite
(n = 3) and barite (n = 29) d34S values range
from −2.9 to 18.2‰ with a mode at *8‰. Most
d34S values are from pyrite (n = 1305),
arsenopyrite (n = 258) and galena (n = 199). No
variation of d34S in relation to sulfide species is
identified. The d34S values are similar for
deposits formed during the Archean and
Proterozoic (Fig. 11b). However, Paleozoic age
deposits show a bimodal distribution of d34S
values with a main mode at 0‰ and a second
mode at 3‰. Mesozoic and Cenozoic age
deposits display a distribution of d34S values
similar to that of Archean and Proterozoic
deposits, although with a wider range to low and
high d34S values.

The distribution of d34S values is homoge-
neous for all cratons/orogens, and most of the
data are spread along the entire range as illus-
trated for the Slave, Superior and Daebo
cratons/orogen (Fig. 11c). The range of d34S
values from the West African Craton is narrower,
from −12 to −5‰. However, these data are from
six deposits and have been measured mainly on
arsenopyrite (Fig. 11a). Similarly, the Trans-
Hudson Orogen and Dharwar Craton display a
narrow distribution from 2 to 10‰. No signifi-
cant difference has been identified for d34S val-
ues from deposits hosted by igneous,
sedimentary or volcano-sedimentary rocks
(Fig. 11d). However, sulfide minerals from
deposits hosted in sedimentary rocks display
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Fig. 9 Histograms showing d13C values of carbonate
minerals and graphite from orogenic gold deposits based
on: a nature of minerals; b age of deposit: c craton or
orogen hosting deposits (only craton or orogen with more

than 30 d13C values are shown); d country rocks of
deposits; and e geochemistry of igneous rocks hosting
deposits
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d34S variations with age (Fig. 11e). Archean
deposits have d34S values with a unimodal dis-
tribution at 2.5‰, whereas Proterozoic deposits
display a unimodal distribution at 4‰. Paleozoic
deposits display a bimodal distribution with two
main modes at 0‰ and 2.5‰ and with a number
of values around 9‰. Mesozoic deposits display
scattered d34S values with several data about
2.5‰ and tailing to low values. There are not

enough data from Cenozoic age deposits to
describe the distribution. The d34S values of
minerals hosted by mafic to ultramafic igneous
rocks show a bimodal distribution, with a main
mode near 1.5‰ and a second mode at −5‰
(Fig. 11e). The range of d34S values for deposits
hosted by felsic igneous rocks is slightly higher
than for mafic rocks, between −5‰ and 15‰
with a mode at 3‰.

Fig. 10 d13C values of CO2 from fluid inclusion (in
quartz and scheelite) and CO2 in equilibrium with calcite
and dolomite using temperatures of equilibrium calculated
using O isotope fractionation of Vho et al. (2019) on
quartz-carbonate minerals pairs (see Fig. 13 and Supple-
mentary material, spreadsheet 2). Histograms showing

d13CCO2 values are presented based on: a mineral; b age
of deposit; and c country rocks of deposit. d shows
d13CCO2 values of various geological reservoirs (Taylor
1986; Kerrich 1989; Trull et al. 1993)
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Fig. 11 Histograms showing
d34S values of vein sulfide
minerals from orogenic gold
deposits based on: a mineral;
b age of deposit; c craton or
orogen hosting deposit (only
craton or orogen with more
than 50 d34S values are
shown); d country rocks of
deposits; e geochemistry of
igneous rocks hosting
deposits; and f age of deposits
in sedimentary country rocks.
g Variations in d34S values for
various geological reservoirs
(Machel et al. 1995;
Wortmann et al. 2001; Seal
2006; Johnston et al. 2007;
Labidi et al. 2013).
D34S2�SO4�H2S due to
thermochemical sulfate
reduction (TSR) calculateed
at 500 °C and 100 °C
(Eldridge et al. 2016)
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3.1.7 Nitrogen in Silicates
The N isotope composition of biotite (n = 15),
muscovite (n = 208) and K-feldspar (n = 31)
range from 1 and 24‰ (Fig. 12a). Archean
deposits have mostly d15N values higher than
10‰. Proterozoic deposits display a range
between 7 to 12‰ whereas Phanerozoic deposits
have mostly d15N values below 7‰ (Fig. 12b).
Figure 12c shows that d15N values labelled by
craton/orogen mimics the distribution as a func-
tion of the age of the deposits. Figure 12d shows
that low d15N values are mostly documented
from deposits hosted in volcano-sedimentary and
sedimentary rocks whereas higher values are
mainly from igneous rock hosted deposits.

3.1.8 Boron in Tourmaline
The B isotope composition of tourmaline
(n = 117) ranges from −21.6 to 9‰ (Fig. 13a).
The d11B values for Proterozoic deposits range
from −16 to −9‰ (Figs. 13a, b). Archean
deposits hosted in the Dharwar Craton have d11B
values that spread mainly between −5 and 9‰,
with a bimodal distribution with a main mode
about −2.5‰ and a second mode about 4‰. The
d11B values for the Archean Yilgarn Craton are
the lowest and range between −24 and −18‰.
These data are similar to d11B values of tour-
maline compiled by Trumbull et al. (2020) from
orogenic gold deposits worldwide, ranging
between −24.8 and 19.8, with two modes at −15
and −2‰.

3.1.9 Silicon in Silicates
The silicon isotope composition of quartz
(n = 19) and sericite (n = 11) range from −0.5 to
0.8‰ and from −0.3 to 0.4‰, respectively
(Fig. 14a). The limited data is from two deposits,
Hemlo (Superior Craton) of controversial origin
(Ding et al. 1996), and Sawaya’erdun (Tianshan
Orogen) (Liu et al. 2007), such that the repre-
sentativeness of the range of d30Si values is
limited. No difference in composition is identi-
fied for d30Si values in relation to host mineral
and deposit age (Fig. 14b).

4 Isotope Equilibrium
and Temperature of Formation

The isotope composition of a mineral depends on
intrinsic and extrinsic factors. Intrinsic factors are
related to the crystal structure, mass of the atoms
forming molecular bounds in minerals, and iso-
tope diffusion coefficients. These intrinsic factors
determine partitioning of light and heavy iso-
topes of an element between two coexisting
phases, the isotopic fractionation. The extrinsic
factors comprise the temperature of the system,
the pressure, particularly for gaseous phases, the
bulk isotopic composition of the system and its
components, and the isotope exchange reaction
rate which, if fast, enables close system isotopic
equilibrium to be reached or, if slow, will yield a
kinetic open system in isotopic disequilibrium.
The extrinsic factors determine the magnitude of
the fractionation between isotopic species, tem-
perature being the most important.

In order to make interpretations from the
isotopic composition of minerals, it is thus
essential to verify the assumptions about the state
of equilibrium of the system in order to use
theoretical or experimental fractionations to
derive the temperature of equilibrium, or the bulk
isotopic composition of the system and its com-
ponents. Verification of equilibrium is best
achieved comparing the composition of isotopic
phases using d–d diagrams (Criss et al. 1987). In
d–d diagrams, two coexisting phases in a closed
system, minerals for example, will plot on the
isotherm of the temperature of equilibrium,
which is determined by the fractionation between
the two species. If mineral pairs formed at the
same temperature, but in isotopic systems with
different bulk compositions, the data will plot
along the same isotherm. If minerals formed at
different temperatures in a system with a bulk
constant isotopic composition, data will plot in
an array orthogonal to isotherms.

d–d diagrams are drawn for quartz-
silicate/borate/tungstate (Fig. 15), quartz-
carbonate (Fig. 16), and sulfide-sulfide
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Fig. 12 Histograms showing d15N values of minerals
from veins from orogenic gold deposits based on:
a mineral; b age of deposit; c craton or orogen hosting
deposit; and d country rock of deposits. e d15N values of
various geological reservoirs are (Peters et al. 1978;

Haendel et al. 1986; Minagawa and Wada 1986; Bebout
and Fogel 1992; Compton et al. 1992; Williams et al.
1995; Wu et al. 1997; Ader et al. 1998; Jia and Kerrich
2000; Sephton et al. 2002; Gu 2009)
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(Fig. 17). Quartz-muscovite mineral pairs from
the same sample form a linear array that is par-
allel to isotherms (Fig. 15a). The data array is
centered on the 350 °C isotherm calculated using
Vho et al. (2019), which indicates that most
quartz-muscovite pairs are approaching isotopic
equilibrium near 350 °C. Few mineral pairs plot
outside the array, which indicate either isotopic
equilibrium at higher/lower temperatures, or
isotopic disequilibrium. Using the fractionation
of Vho et al. (2019), 60 of the 68 samples plot
between the 250 and 550 °C isotherms. An
apparent lower temperature of equilibrium is
documented for Mesozoic age deposits (Fig. 15
a), but this trend is related to the fact that five of
the seven quartz-muscovite with temperatures
below 350 °C are from the Alleghany district,

Cordilleran Orogen (Böhlke and Kistler 1986).
Quartz-sericite pairs show a similar distribution
(Fig. 15b), but data are mostly centered along the
450 °C quartz-muscovite isotherm. Quartz-
biotite pairs (Fig. 15c) show more scatter than
quartz-muscovite, but are mostly centered on the
350 °C isotherm. Quartz-chlorite pairs (Fig. 15d)
show a similar distribution than that of quartz-
biotite pairs, although a number of samples yield
large Dqz-chl, up to 12‰, which clearly indicates
these mineral pairs were not in isotopic equilib-
rium. Quartz-albite (Fig. 15e) pairs plot mainly
parallel to 250 °C isotherm. Quartz-tourmaline
pairs (Fig. 15f) form an array centered on the
450 °C isotherm using Vho et al. (2019), but
would be around the 350 °C isotherm using the
fractionation of Kotzer et al. (1993), which has

Fig. 13 Histograms showing d11B values of tourmaline
from veins from orogenic gold deposits based on: a the
age of the deposit; and b the craton or orogen hosting
deposits. c d11B values of various geological reservoirs

(Palmer and Swihart 1996; van Hinsberg et al. 2011;
Lambert-Smith et al. 2016; Marschall et al. 2017;
Trumbull and Slack 2018)
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been defined using Proterozoic and Archean
orogenic gold-bearing veins. Several samples
have small (*1‰) or large (< 7‰) Dqz-tur values
that indicate that these samples are not in isotope
equilibrium. Finally, quartz-scheelite pairs scatter
in the d–d diagram (Fig. 15 g), with several pairs
with small (*3‰) or large (< 12‰) Dqz-sch

values that indicate that these samples are not in
isotope equilibrium. For all quartz-silicate/
borate/tungstate pairs, there is no obvious
trends with the composition of the country rocks,
or age of the deposit.

Quartz-ankerite mineral pairs form a broad
array parallel to isotherms (Fig. 16a), but with a
large proportion of samples with fractionations
too small or too large to record isotopic

equilibrium at geologically reasonable tempera-
tures (250–550 °C; (Goldfarb et al. 2005). Both
quartz-calcite (Fig. 16b) and quartz-dolomite
(Fig. 16c) also form broad arrays along iso-
therms, but data distribution also shows a trend
of high d18O values for calcite and dolomite (<
25‰), that indicates isotope disequilibrium with
coexisting quartz in these samples.

Because the magnitude of D34S between sul-
fide minerals at equilibrium temperatures
between 250 and 550 °C is small (e.g., 1.6 to
0.7‰ for pyrite-chalcopyrite), small D34S varia-
tions yield large variations of the calculated
temperature of equilibrium, such that temperature
estimation using sulfur isotopes is less accurate.
Pyrite-chalcopyrite (Fig. 17a) pyrite-sphalerite

Fig. 14 Histograms showing d30Si values of minerals from vein from orogenic gold deposits based on: a mineral; and
b age of deposit. c d30Si values of various geological reservoirs (Poitrasson 2017 and reference therein)
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Fig. 15 d18Osilicates versus d18Oquartz of coexisting vein
minerals with symbols indicating the age and the type of
country rocks. Isotherms drawn using oxygen isotope

fractionation equations from Vho et al. (2019) for a, b, c,
d, e, g and h and from Clayton et al. (1972) and
Wesolowski and Ohmoto (1986) for f
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(Fig. 17b) and pyrite-galena (Fig. 17c) pairs
similarly plot as broad arrays parallel to iso-
therms. For these mineral pairs, only a small
proportion of samples show small or large frac-
tionations that indicate sulfur isotope disequilib-
rium. Most data plot close to the 350 °C isotherm
indicating isotope equilibrium. A few pyrite-
pyrrhotite pairs scatter in the d-d diagram
(Fig. 17d), indicating sulfur isotope disequilib-
rium. Sphalerite-chalcopyrite (Fig. 17e) and
sphalerite-galena (Fig. 17f) pairs, similar to most
pyrite-sulfide pairs, plot in broad arrays centered
along the 350 °C isotherm. Finally, the galena-
chalcopyrite d–d diagram (Fig. 17 g) shows a
broad array parallel to isotherms, but at low
calculated temperatures (circa 150 °C).

In summary, quartz-silicate, quartz-carbonate,
and sulfide-sulfide mineral-pairs that display
evidence for isotopic equilibrium between the
250–550 °C yield an average temperature of
360 ± 76 °C (r = 1, n = 332) without evidence
for secular change with the age of formation of
then orogenic gold deposits.

5 Discussion

5.1 Secular Variations in Mineral
and Fluid Inclusion
Compositions

Figure 2a shows that d18O values of quartz from
Archean (8–16‰) and Proterozoic (8–16‰) age
deposits broadly overlap with Paleozoic (9–
17.5‰), Mesozoic (10–22.5‰) and Cenozoic
(10–17.5‰) age deposits, yet Phanerozoic age
deposits yield slightly higher d18O values (9–
22.5‰) than Precambrian age deposits (8–16‰).
Figure 6b, likewise shows that carbonate miner-
als from Archean and Proterozoic age deposits
typically have lower d18O values (7–15‰) than
that of Paleozoic (9–25‰) and Mesozoic (8–
20‰) age deposits. The change in quartz and
carbonate oxygen isotope composition with age
of deposit (Figs. 2a and 6b), is not continuous
with a reversal to lower d18O values for Cenozoic
age deposits, casting doubt on a secular evolution

Fig. 16 d18Ocarbonate versus d
18
Oquartz of coexisting vein

minerals with symbols indicating the age and the type of
country rocks. Isotherms drawn using O isotope

fractionation equations from Vho et al. (2019) for a,
and c, and from Clayton et al. (1972) and Wesolowski and
Ohmoto (1986) for b
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of the composition of hydrothermal fluids in
orogenic gold deposits, as suggested by Goldfarb
and Groves (2015). As shown in Fig. 2c, the

lower Archean quartz d18O values are domi-
nantly for orogenic gold deposits hosted by
igneous rocks, whereas Phanerozoic age deposit

Fig. 17 d34SSulfide versus d34SSulfide of coexisting vein
sulphide minerals with symbols indicating the age and the
type of country rocks. Isotherms drawn using S isotope

fractionation equations from Kajiwara and Krouse (1971)
for a, b, d and f, from Li and Liu (2006) for c and e, and
from Liu et al. (2015) for g
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higher d18O values are characteristic for deposits
hosted by sedimentary and volcano-sedimentary
country rocks. Figure 6d shows a similar pattern
where carbonate with lower and higher d18O
values correspond to Archean and Proterozoic
age deposits dominantly hosted, respectively, by
igneous or sedimentary and volcano-sedimentary
country rocks.

Less abundant data for other silicate minerals
do not allow analysis by age of deposit. In con-
trast, carbonate mineral d13C values do not dis-
play a distribution by age of deposit, with the
exception of the low d13C values from deposits
of the Appalachian Orogen, which indicates this
a provincial feature (Fig. 9b). Similarly, silicate
(Fig. 7b) and inclusion fluid3 (Fig. 8b) dD values
do not display different distributions based on the
age of the deposits, with the exception of the low
values from the Mesozoic Cordillera Orogen
deposits. Sulfide sulfur in deposits hosted by
igneous and volcano-sedimentary rocks does not
display compositional variations related to the
deposit age (Fig. 11). In contrast, deposits hosted
in sedimentary rocks show different but over-
lapping ranges of d34S values with age. Chang
et al. (2008) showed that Phanerozoic orogenic
gold deposits hosted in sedimentary rocks have
sulfide d34S values that closely track that of
seawater sulfate at the age of the host rocks. This
result was interpreted to record leaching of
reduced seawater sulfate from the sedimentary
country rocks. Likewise, Goldfarb et al. (1997)
showed that the Juneau district Cenozoic oro-
genic gold deposits have d34S values that follow
those of their Phanerozoic sedimentary host
rocks. Thus, the sulfur isotope composition of
orogenic gold deposits hosted in sedimentary
rocks vary with the age of the host rocks fol-
lowing the secular variation of seawater sulfate,
but with no evidence of secular variation related
to the age of the deposits.

The less abundant data for N (Fig. 12b), B
(Fig. 13a) and silicon (Fig. 14b) allows for less
definitive assessments of secular variations in
composition. The N isotope composition is

characteristically higher for Archean (11–24‰)
and Proterozoic (7–12.5‰) compared to Paleo-
zoic- (2.5–14‰) and Mesozoic- to Cenozoic-
aged deposits (5–7‰: Fig. 12b). The decrease in
d15N values with decreasing deposit age has been
ascribed to progressive mantle degassing
(d15N = −5‰ + /−2‰) into the atmosphere
(d15N = 0‰), and the gradual sequestration of
heavier atmospheric N2 into sedimentary rock
micas (Jia and Kerrich 2004; Kerrich et al. 2006).
However, other studies suggest that atmospheric
d15N values were constant through time and that
isotopic variations in sedimentary rocks reflect
isotopic fractionation related to fluid-rock inter-
action and/or biogenic activity (Cartigny and
Marty 2013).

The compilation shows that Archean age
deposits have mostly higher d11B values than
Proterozic age deposits (Fig. 13a). However,
recent studies show that several Archean deposits
also have low tourmaline d11B values, such as in
Val-d’Or (Beaudoin et al. 2013; Daver et al.
2020) and the Hattu schist belt (Molnár et al.
2016). Finally, the limited amount of silicon
isotope compositions does not display a trend
with age (Fig. 14b).

5.2 Temperature Variations

5.2.1 Isotopic Disequilibrium
Most minerals pairs plot between the 250–550 °
C isotherms, temperatures typical for the forma-
tion of orogenic gold deposits, thus suggesting
widespread isotopic equilibrium for quartz-
silicates/borate/tungstate and sulfide-sulfide
pairs. In contrast, quartz-carbonate pair d18O
values are scattered with only few pairs along
250–550 °C isotherms suggesting common iso-
topic disequilibrium.

Diachronous formation of quartz and carbon-
ate could explain such disequilibrium, although
quartz and carbonate are commonly parageneti-
cally coeval in orogenic gold deposits. Isotopic
exchange can also occur between mineral-pairs
during cooling by volume diffusion (Giletti
1986). As shown by Sharp and Kirschner (1994),
the degree of retrograde oxygen diffusion

3 Factors controlling fluid inclusion isotopic data are
complex and described in more detail below.
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between quartz and calcite depends of the closure
temperature of quartz which, in turn, depends of
its grain size, oxygen diffusion coefficient and
cooling rate. They showed that for quartz grains
in a large reservoir of calcite, resetting below
400 °C will only occur for small quartz grain
sizes. Consequently, retrograde diffusion
exchange between quartz and calcite in veins is
unlikely to explain scattered data in dQtz–dCarb
space (Fig. 16). Late infiltration of low temper-
ature fluids can significantly alter the d18O value
of calcite and disturb the initial isotopic equi-
librium between co-genetic minerals (Sharp and
Kirschner 1994). This low temperature resetting
has been proposed to explain the common iso-
topic disequilibrium documented for carbonates
with high d18O values compared to quartz
(Kontak and Kerrich 1997; Beaudoin and Pitre
2005): Fig. 16). Because veins commonly expe-
rienced successive deformation events (as folded
or sheared veins), such late fluid circulation can
easily be channelized in newly formed fractures.

5.2.2 Secular Variations
in Temperature
of Formation of Orogenic
Gold Deposits

Goldfarb et al. (2005) suggested that Phanero-
zoic and Paleoproterozoic orogenic gold depos-
its formed at lower temperatures (250–350 °C)
that older Archean deposits (325–400 °C).
However, they acknowledged that each age
group of orogenic gold deposits displayed large,
and overlapping, ranges of temperature of for-
mation. For mineral pairs showing isotope
equilibrium, there is no secular trend of chang-
ing equilibrium temperature with age of deposit
(Figs. 15, 16 and 17). This observation is inde-
pendent of the fractionation used to compute the
temperature, as the different fractionations will
only shift the nominal value of the temperature,
not the data distribution along isotherms. Thus,
the stable isotope composition of vein minerals
does not support the interpretation of a lower
temperature of formation for Proterozoic and
Phanerozoic orogenic gold deposits, compared
to higher temperature Archean age orogenic
gold deposits.

5.3 Composition of Hydrothermal
Fluids and Dissolved
Elements

In the following sections, the d18O and dD values
of H2O and d13C values of CO2 are calculated
from minerals isotopic composition at tempera-
tures of 250–550 °C for mineral pairs that show
evidence of isotope equilibrium. d34S values of
H2S have not been calculated because isotope
fractionation between sulfides and H2S are small
(< 1‰) between 250 and 550 °C (Li and Liu
2006). The source of H2S is discussed based on
d34S values of sulfides.

5.3.1 Water
Metamorphic versus magmatic water. The two
most common sources of fluids proposed for
orogenic gold deposits are magmatic and meta-
morphic water. As reviewed by Goldfarb and
Groves (2015), the inconsistent timing between
magmatism and orogenic gold deposit formation,
and lack of a specific magmatic association, both
argue against the ubiquity of magmatic fluids in
the formation of orogenic gold deposits.

Most of the calculated water compositions
plot in the field for metamorphic water, but a
small proportion of analyses also plot in the field
for magmatic water and a few plot outside both
fields (Figs. 18a, b; Sheppard 1986). Magmatic
water has been argued in some cases (Li et al.
2012; Zeng et al. 2014; Deng et al. 2015), but
this interpretation is based on fluid d18O and dD
values between −0.2 and 6‰ and −96 and
−52‰, respectively, that plot largely outside of
the magmatic water field, and are too low for the
inferred granitic magma source. Thus, meta-
morphic water is the more common fluid source,
and in most cases the only likely fluid source for
the formation of orogenic gold deposits. The
variation of oxygen and hydrogen isotopes
composition of metamorphic water(s) docu-
mented on Fig. 18 probably reflect that fluids
were sourced from metamorphism of variable
proportions of sedimentary and igneous rocks in
the crust.

Evidence of meteoric water in fluid inclusions.
Fluid inclusions are trapped either during crystal
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growth (primary) or in cracks during late fluid
circulation (secondary). Caution must be exer-
cised using isotope composition of fluid inclu-
sions because the mechanical or thermal
decrepitation leach methods extract all popula-
tions of fluid inclusions, some of which not
associated with gold formation. It has been
shown by Faure (2003) than thermal decrepita-
tion yield inaccurate dD values, possibly because
of uncontrolled reactions between released H2O
and Si–OH bounds in quartz, for example.
Likewise, Gaboury (2013) showed that fluid
inclusions have different hydrocarbon composi-
tions as a function of the temperature of
decrepitation. As an example, Foley et al. (1989)
showed bulk extract contained two types of fluid
inclusions with distinct dD values at Creede
(Colorado, USA). This is particularly likely in

orogenic gold deposits where veins are com-
monly deformed and thus may have trapped
various fluids during and/or after mineralization.
For example, in laminated veins, most fluid
inclusions are secondary (Ridley and Diamond
2000). Pickthorn et al. (1987) reviewed evidence
for discrepancy between fluid inclusion and mica
dD values and concluded to mixing of various
generations of fluid inclusions, including late
meteoric water trapped in secondary inclusions in
the host minerals. This was contested by Nesbitt
et al. (1987) on the basis that various mixtures of
fluid inclusions should yield a mixing line
between two end members, contrary to the low
variance of dD values.

As shown on Fig. 19, micas are commonly
out of isotopic equilibrium with fluid inclusions
trapped in quartz from the same vein. Isotopic

Fig. 18 Diagrams showing
the variation of d18O and dD
values of H2O calculated from
quartz and OH-bearing
minerals. a dDH2O versus
d18OH2O with symbols
indicating the age of deposits,
and b the type of country
rocks. The high dD values are
interpreted to reflect the effect
of evaporation–condensation
cycles, whereas higher d18O
reflect O isotope buffering by
fluid-rock interactions. The
Global Meteoric Water Line
is derived from Craig (1961),
whereas the metamorphic and
magmatic water boxes are
from Sheppard (1986)
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disequilibrium is well documented for chlorite
and some sericite/muscovite displaying high dD
values (*-60‰) compared to the dD values of
coexisting fluid inclusion (<-60‰). Such dise-
quilibrium has been interpreted to record infil-
tration of late, low dD meteoric water or a
mixture of several types of fluid inclusions with
different hydrogen isotope compositions (Gold-
farb et al. 1991). Fluid inclusions (Figs. 8a) and
OH-bearing minerals (Fig. 7b) low dD values are
mainly documented from Mesozoic and Ceno-
zoic deposits, and are commonly interpreted to
result from late meteoric water infiltration dis-
connected with the formation of the deposits
(Nesbitt et al. 1989; Zhang et al. 1989; Madu
et al. 1990; Goldfarb et al. 1991; Shaw et al.
1991; Rushton et al. 1993; Apodaca 1994; Jia
et al. 2003). However, similar low dD values are
also documented for older deposits. In deposits
from Trans-Hudson terrane (Figs. 8a, b), Liu
(1992) considered that meteoric water circulated
in the vein structure, but after the formation of
the deposit. In contrast, Billstrom et al. (2009)
suggest that low dD values in Baltic Shield
Paleoproterozoic age deposits could reflect infil-
tration of surface water during gold deposition.

Fluid Mixing. Figures 20a, b, c and d show
the variation of d18OH2O and dDH2O values as a

function of the temperature of equilibrium
between pairs of minerals. For both isotopes,
data is spread along a linear trend between low
d18O (*2‰), high dD (*10‰) values at low
temperatures (*250 °C), and high d18O
(*12‰), low dD (*-100‰) values at high
temperatures (*550 °C) of equilibrium. This
trend is similar to that documented by Beaudoin
and Chiaradia (2016) for quartz and tourmaline
from orogenic veins from the Val-d’Or vein field,
which was interpreted to result from mixing
between a low temperature upper crustal fluid
and a high temperature deep-seated crustal fluid.
Data for orogenic gold deposits (Figs. 20a,b,c,d)
show that the same mixing trend between similar
fluid end-members is recorded for deposits of all
ages (Archean to Cenozoic), hosted in different
country rock types, suggesting that fluid mixing
between two common reservoirs may be an
important process documented in orogenic gold
deposits of all ages, worldwide, yet poorly doc-
umented in literature. The high d18O—low dD—
high T deep-seated crustal fluid is likely meta-
morphic in origin, whereas the low d18O—high
dD—low T upper crustal fluid is water of surfi-
cial origin with a long history of water–rock
reactions, perhaps not unlike long residence
water in cratons, as reviewed by Warr et al.

Fig. 19 dDMineral versus dDFI coexisting OH-bearing
mineral and fluid inclusions from a same sample.
Isotherms have been drawn using mineral-H2O H isotope
fractionations of Suzuoki and Epstein (1976) for mus-
covite and biotite and from Graham et al. (1987) for

chlorite. The grey area represents the uncertainty associ-
ated to the chlorite-H2O H isotope fractionation of
Graham et al. (1987) between −40‰ and −30‰ between
200 and 500 °C
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Fig. 20 Diagrams showing the variation of d18O of H2O
calculated from quartz and OH-bearing minerals as
function of temperature calculated from mineral pairs
based on: a the age of deposits; and b the type of country
rocks. Diagrams showing the variation of dD of H2O
calculated from quartz and OH-bearing minerals as
function of temperature calculated from mineral pairs
based on: c the age of deposits and d the type of country
rocks. The broad linear arrays in a, b, c and d suggest
mixing between a low temperature, low d18O, high dD

(interpreted as an upper crustal) and a high temperature,
high d18O, low dD (interpreted as a deep crustal) fluids.
Diagrams showing the variation of d18O of H2O calcu-
lated from quartz and OH-bearing minerals as function of
temperature calculated from mineral pairs based on: e the
district; and f the type of country rocks. The shift in d18O
values between different districts could suggest provin-
ciality on the fluid, that is that the deep-seated fluid
reservoir varies slightly in composition between orogenic
gold vein districts
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(2021). The ultimate origin of the surficial water,
obscured by water–rock exchange, may be diffi-
cult to decipher in several deposits. High dDH2O

values, up to 0‰, in the Wiluna deposit (Yilgarn)
have been interpreted to result from mixing of
surface water, at shallow levels, with
metamorphic-magmatic fluids (Hagemann et al.
1994). Boiron et al. (2003) showed that the deep-
seated fluid was the dominant reservoir involved
in the first step of the vein formation followed by
progressive infiltration of surficial water during
basement uplift. It is known that crustal rocks
porosity contains water deep in the crust
(Smithson et al. 2000). This water may have been
trapped since rock formation or may have infil-
trated from surface (seawater or meteoric) slowly
reacting with country rocks along the fluid
pathways. If fluid mixing has not been commonly
identified in orogenic gold districts, the data
compilation indicates that most deposits, in
which we can interpret a temperature of equi-
librium and a H–O fluid composition from min-
eral pairs, plot along a broad array that we
interpret as a mixing line between two common
reservoirs. Beaudoin et al. (2006) showed that
the regional change in oxygen isotope composi-
tion of orogenic gold deposits of the Val-d’Or
vein field can be reproduced by simulating fluid
flow and oxygen isotope transport and reaction of
the deep-seated fluid in rocks saturated by the
upper crustal fluid end-members. Infiltration of
the deep-seated fluids along the higher perme-
ability shears and fractures of the orogenic gold
deposits resulted in mixing with the upper crustal
fluids filling the host rocks porosity, thus yield-
ing the mixing lines shown in Fig. 20. Mixing of
various proportions of fluids from different
reservoirs also explains the gradual change in
composition between deposits in one district, as
shown in the Val-d’Or (Beaudoin and Pitre 2005)
and Victoria (Gray et al. 1991) vein fields.

Fluid buffering. As shown in Figs. 2c, 6d, the
highest quartz and carbonate d18O values are
documented in deposits hosted dominantly in
volcano-sedimentary and sedimentary rocks,
consistent with the interpretation that isotopic
oxygen exchange between fluids and sedimen-
tary rocks leads to 18O-enriched quartz (Böhlke

and Kistler 1986; Goldfarb et al. 1991, 2004;
Boer et al. 1995; Zhang et al. 2006) and car-
bonates (Böhlke and Kistler 1986; Steed and
Morris 1997). For carbonates, some values enri-
ched in 18O also likely reflect a late, retrograde,
and low-temperature re-equilibration with a
surface-derived fluid.

Figures 18b and 20b shows that most
d18OH2O values higher than those along the
mixing trend, are from deposits hosted in sedi-
mentary or volcano-sedimentary rocks. This
suggests oxygen isotope buffering of the fluids
by sedimentary and volcano-sedimentary country
rocks, which is detected in sedimentary rocks
because of their heavier oxygen isotopic com-
position (Sheppard 1986).

Provinciality. Figures 20e and f present
d18OH2O values as function of temperature for the
Archean Yilgarn (Kalgoorlie and Coolgardie
districts) and Superior (Val-d’Or, Timmins,
Larder Lake, and Kirkland Lake districts) cra-
tons. Data displays two trends between a com-
mon low d18OH2O—high dD—low temperature
upper crustal fluid endmember, and two slightly
different deep-crustal fluid endmembers distin-
guished by their oxygen isotope composition.
Deep crustal fluid #1 is characteristic of the
Kirkland Lake, Larder Lake, and Timmins
Superior Craton districts, and has a d18OH2O

about 4‰ higher than deep crustal fluid #2,
which is defined by deposits of Superior Craton
Val-d’Or, and Yilgarn Craton Kalgoorlie and
Coolgardie, districts. This suggests that the deep-
seated fluids were sourced from rocks at depth
with a slightly different oxygen isotope compo-
sition, likely reflecting different proportions of
igneous and sedimentary rocks in the crustal
segment undergoing prograde metamorphism,
such that the deep-seated fluid reservoir varies
slightly in composition between orogenic gold
vein districts. The difference in end-member
composition cannot be an artifact of water–rock
reactions because deposits from both trends are
hosted dominantly by igneous rocks (Fig. 20f).

Origin of high dD fluids. The formation of the
gold-bearing quartz vein is commonly associated
with the precipitation of micas in the veins and
host rock, or micas formed by hydration of host-
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rock minerals (Groves et al. 1998; Ridley and
Diamond 2000; Eilu and Groves 2001; Craw
et al. 2009). Muscovite and chlorite are the two
main micaceous minerals in orogenic gold
deposit. Here, we model the evolution of the H–
O isotopic composition of water from which
micas precipitate progressively in an open system
following Rayleigh distillation to determine if
mica precipitation can explain the deuterium
enrichment, up to 20‰, of the hydrothermal
fluids in orogenic system (Fig. 18e, f). Isotopic
exchange between fluid and hostrock is not
considered. Equations 1 and 2 are modified from
Sharp (2017):

dLiq ¼ ½dLiq þ 1000�F aChl=Ms�Liq�1ð Þ � 1000; ð1Þ

and

dChl=Ms ¼ aChl=Ms�Liq dLiq þ 1000
� �� 1000;

ð2Þ

where F is the remaining water fraction, at 350 °
C and using 1000ln achlorite-H2O = −35‰ (Gra-
ham et al. 1987) for H, 1000ln achlorite-H2O = –

0.7‰ (Wenner and Taylor 1971) for O, 1000ln
amuscovite-H2O = –37.8‰ (Suzuoki and Epstein
1976) for H, and 1000ln amuscovite-H2O = 1.3‰
(Vho et al. 2019) for oxygen.

The composition of water in equilibrium with
chlorite and/or muscovite during progressive
crystallization of micas follows a D-enrichment
trend toward high dD values (Fig. 21c). A 20‰
enrichment in deuterium is reached after con-
sumption of *40–45% hydrogen to form chlo-
rite or muscovite. During chlorite precipitation,
there is a *0.4‰ 18O enrichment of the residual
fluid, for a dD enrichment of *20‰, whereas
muscovite precipitation causes a decrease of fluid
d18O values of about −0.7‰ for the same deu-
terium enrichment. In a dD–d18O space, mus-
covitization yields a trend with a steep negative
slope whereas chlorite precipitation yields a steep
positive slope. The change in dD of fluids during
muscovite precipitation could contribute to
explain high dD values of the hydrothermal fluid
as shown in Fig. 18a.

Seismic rupture of fault veins occurs after a
pre-seismic stage during which fluid pressure
increases progressively to reach and overcome
the lithostatic pressure (Sibson et al. 1988).
Seismic rupture occurs once the increasing shear
stress reaches a critical value, which then triggers
progressive drainage of the overpressured fluid
upward along the fault, and an abrupt fluid
pressure decrease. This leads to increased effec-
tive stress on the fault plane that seals the fault,
during which vein mineral precipitates, which
reduces permeability of the fault and yield a new
cycle of increasing fluid pressure. This cycle can
be repeated numerous times, as attested by the
typical crack and seal texture of orogenic veins,
in the so-called fault-valve model (Sibson et al.
1988; Robert et al. 1995; Cox 2005). It has been
shown that these pressure fluctuations can induce
water vapor phase separation (Wilkinson and
Johnston 1996; Ridley and Diamond 2000). It is
likely that lower density vapor will migrate
upward along a high permeability structure,
separating from the residual liquid in a vein
opening. Upon sealing of the vein, the vapor will
condense under increasing pressure. The boiling-
condensation cycles can be summarized as
follow:

F0 ! V1 ! F1 ! V2 ! F2 ! . . .Vn ! Fn;

ð3Þ

where F0 is the initial fluid, Vn the composition
of vapor separated from Fn − 1, which then con-
denses in a new fluid Fn and n the number of
boiling-condensation cycles (Fig. 21b).

We model the isotope effects during boiling-
condensation open-system Rayleigh isotopic
fractionation for vapor formation from a fraction
of the liquid and assume complete condensation
of vapor. This means that the new fluid Fn will
have the same isotopic composition as the vapor
Vn using Eqs. 4 and 5, modified after Sharp
(2017):

dLiq ¼ dLiq;i þ 1000
� �

F aVap�Liq�1ð Þ � 1000; ð4Þ

and
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dVap ¼ aVap�Liq dLiq þ 1000
� �� 1000: ð5Þ

Using isothermal conditions at 350 °C, consid-
ering 10% or 40% of vapor formation from liquid
for each successive vapor separation episode, and
oxygen and hydrogen isotope fractionation
between vapor and liquid from Horita and
Wesolowski (1994).

The two scenarios (10 and 40% vapor sepa-
ration) yield similar linear trends with higher dD
and lower d18O values for the condensed water,
along a vector with a slope of −10.5 (Fig. 21c).
The proportion of water evaporation for each
cycle (10% or 40%) only changes the magnitude
of the isotopic shift (Fig. 21c), and consequently
the number of cycles required to reach 20‰

Fig. 21 a Conceptual model of the effect of
chloritization/sericitization of country rock on the ore
fluid. b Conceptual model of the successive boiling-
condensation cycles related to the fault valve model
(Robert et al. 1995). Vapor formation from an over-
pressured fluid (F0) can occur during seismic events.
Vapor (V1) is expected to migrate upward, faster than

residual liquid and then to condense entirely (F1) during
re-sealing of fault. This process can be repeated numerous
(n) times because of the successive re-opening of the fault
during seismic cycles. c Quantification of the vector of
enrichment in deuterium and depletion in 18O of the
evolved fluid (Fn) computed for the different models
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enrichment in deuterium of residual water, and a
corresponding depletion of −2‰ in 18O, similar
to the maximum fluid dD values in orogenic gold
deposits (Figs. 18a, b). Using 10% of evapora-
tion, *11 cycles are required to reach the dD
value of 20‰, whereas *20 cycles are needed
with 40% evaporation steps (Fig. 21c). The
modeled boiling-condensation trend is consistent
with positive dD values (*20‰) combined with
smaller 18O depletion (*-4‰) of the fluid
recorded by equilibration fractionation with
hydrogen bearing minerals (Fig. 18a). The
boiling-condensation trend is consistent with data
with dDH2O > 0‰ from the Val-d’Or vein field
(Beaudoin and Chiaradia 2016) showing similar
deuterium enrichment (dD from 0‰ to 29‰) and
18O depletion (d18O from 5.9‰ to 2.9‰) of
mineralizing fluid.

5.3.2 Source(s) of CO2

CO2 plays an important role in the formation of
orogenic gold deposits as testified by (i) the
common carbonation of country rocks, (ii) the
association of gold with quartz-carbonate veins,
and (iii) the occurrence of CO2-rich fluid inclu-
sions trapped in orogenic quartz veins (Smith
et al. 1984; Ho et al. 1992). CO2 has the capacity
to buffer the pH of the fluid in a range where the
gold complexation with reduced sulfur is
increased (Phillips and Evans 2004). Neverthe-
less, the origin of CO2 remains debated. Four
main carbon reservoirs have been proposed to
explain the wide variation of d13C values of CO2;
(i) reduced organic carbon in sedimentary rocks
(such as graphite, organic matter) with low d13C
values −26‰, Kerrich (1989); (ii) deep-seated
mantle-derived carbon with d13C ranging from
−10.8 to −1.6‰ (Trull et al. 1993), (iii) mag-
matic CO2 (d13C from −5 to −2‰; (Taylor
1986), and (iv) seawater-derived carbonate with
a d13C value near 0‰.

Figure 10 shows the distribution of d13C
values CO2 either from fluid inclusion trapped in
quartz and scheelite or calculated from quartz-
carbonate pairs with equilibrium temperatures in
the range 250–550 °C. The d13C values of CO2

display a similar range of values, between −25
and 6‰, as well as a similar distribution, mainly

between −12 and 0‰ (Fig. 10a). No trend
between d13C values and the age of deposit is
documented, although all Archean age deposits
have d13CCO2 values above −6‰.

The positive d13C values are commonly
interpreted as metamorphic CO2 released during
decarbonation reaction of a source with d13C
near 0‰, such as sedimentary carbonate rocks
(Oberthuer et al. 1996; Chen et al. 2008; Scheffer
et al. 2017). The low d13CCO2 values (< −8‰)
are mainly documented from deposits hosted in
sedimentary rocks (Fig. 10c). This is particularly
well illustrated by the Meguma district from the
Appalachian/Caledonian Orogen (Fig. 9c),
where carbonate minerals have negative d13C
values (−25.9‰ < d13C < −18.2‰), which was
interpreted by Kontak and Kerrich (1997) to
represent the formation of 13C-depleted CO2 by
oxidation of graphite from the sedimentary
country rocks (Fig. 9d). Most authors have
argued that CO2 with negative d13CCO2 values
could formed by oxidation/hydrolysis of reduced
carbon in sedimentary rocks during metamor-
phism (Oberthuer et al. 1996; Kontak and Ker-
rich 1997; Klein et al. 2008; Billstrom et al.
2009).

Nevertheless, some low d13CCO2 values are
also documented from deposits hosted by
igneous rocks. One value at −24.1‰ is from
fluid inclusions in quartz from the Proterozoic
Chega Tudo gold deposit (Brazil), where Klein
et al. (2008) argued that the low d13CCO2 values
reflect organic carbon from the carbonaceous
schist hosting the porphyritic rocks. The two
others values (−25.0‰ and −18.8‰) have been
measured from fluid inclusions in scheelite from
the Proterozoic intrusive-hosted Björkdal gold
deposit, Sweden, (Billstrom et al. 2009), where
they argued that these values indicate organic
carbon derived from the greywacke-dominated
sedimentary rocks that host the intrusion.

The most debated d13CCO2 values are those
between −12 and −1‰ (Fig. 10). Several authors
argued that these signatures indicate a deep-
seated carbon source, such as sub-continental
mantle or an igneous carbon source (Rye and
Rye 1974; Shelton et al. 1988; Zhang et al. 1989;
Santosh et al. 1995; Oberthuer et al. 1996;
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Haeberlin 2002; So et al. 2002; Pandalai et al.
2003; Klein et al. 2007; Billstrom et al. 2009;
Sun et al. 2009). Klein et al. (2007) concluded
that the wide range of d13CCO2 values (−10.7 to
−3.9‰) do not allow to discriminate a particular
source and could reflect leaching of carbon of the
country rocks along the fluid pathway. Alterna-
tively, some authors argued that these signatures
could also be derived from prograde metamor-
phism of reduced carbon-bearing sediments in
the middle crust (Zhang et al. 1989; Madu et al.
1990; Oberthuer et al. 1996).

5.3.3 Source of H2S
The sulfide minerals in orogenic gold deposits
(Fig. 11) have d34S mostly from *0‰ to 10‰
with a significant number of data tailing to values
as low as −30‰. Mantle H2S has a narrow range
of compositions with d34S between *−1.5‰
and *1.0‰ (Labidi et al. 2013) whereas mag-
matic H2S has d34S values typically ranging
between *−3.7‰ and *16‰ (Seal 2006).
Ancient marine evaporites record the marine
sulfate reservoir with positive d34S values mainly
between *10 and *35‰ (Claypool et al. 1980;
Seal 2006). Finally, sedimentary pyrite defines a
large range of d34S with low values, as low as
−50‰, and positive values up to *16‰. This
large range of values reflects variable sulfur
isotope fractionation during bacterial and ther-
mochemical sulfate reduction (BSR and TSR).
Sulfur isotope fractionation during TSR yields
sulfides with 11–43‰ lower than sulfate d34S
values at 500 °C and 100 °C respectively
(Eldridge et al. 2016). During BSR, depletion of
34S is up to 72‰ depending of environmental
conditions (Machel et al. 1995; Wortmann et al.
2001; Johnston et al. 2007). In orogenic gold
deposits, the range in H2S sulfur isotope com-
position can result from mixing of different sulfur
reservoirs or sulfur leaching during fluid/rock
exchange along the fluid pathway, and changes
in physico-chemical conditions (pressure, tem-
perature, fO2, pH) of the fluid (Schwarcz and
Rees 1985; Fedorowich et al. 1991; Thode et al.
1991; Couture and Pilote 1993; Neumayr et al.
2008). Commonly, low d34S values (< 10‰) are
attributed to BSR sources of reduced H2S such as

from sedimentary rocks (Nie and Bjorlykke
1994; Oberthuer et al. 1996; Nie 1998; Bierlein
et al. 2004; Goldfarb et al. 2004; Chen et al.
2008), whereas higher d34S values (> 10‰) are
attributed to TSR sources of H2S (Kontak and
Smith 1989; Tornos et al. 1997) or igneous sulfur
(Hattori and Cameron 1986).

Investigation of mass independent fractiona-
tion of sulfur (MIF-S; D33S) in hydrothermal
systems has been used as a complementary tracer
of the source of H2S. Whereas d34S values are
sensitive to physico-chemical processes which
can modify its isotopic composition along the
fluid pathway or at the deposition site, MIF-S is a
chemically conservative tracer. By combining
d34S and D33S, several studies of Archean oro-
genic gold deposits from Yilgarn, Barberton and
Abitibi have shown that H2S is partly derived
from Archean sedimentary rocks (Helt et al.
2014; Agangi et al. 2016; Selvaraja et al. 2017;
LaFlamme et al. 2018; Petrella et al. 2020). The
low variance of D33S values in a deposit has been
interpreted to indicate a homogeneous sedimen-
tary H2S reservoir, such that d34S variations in a
deposit record variations of the oxidation state of
the hydrothermal fluid (LaFlamme et al. 2018;
Petrella et al. 2020) or redox reactions with
country rocks, as suggested in Neumayr et al.
(2008) for the St. Yves gold camp (Yilgarn). On
the other hand, d34S variations at the deposit or
district scales can record the incorporation of
H2S from the local country rocks as documented
by Goldfarb et al. (1991); Goldfarb et al. (1997)

5.3.4 Nitrogen
Similar secular changes of the N isotope com-
position of mica and K-feldspar from orogenic
gold veins and of sedimentary rocks suggest that
hydrothermal fluids were dominantly derived
from metamorphic dehydration of sedimentary
rocks, consistent with the oxygen and hydrogen
isotopic composition (Jia and Kerrich 1999,
2004; Jia et al. 2001, 2003), or that were equi-
librated with sedimentary rocks along the fluid
pathway (Kreuzer 2005). Nitrogen is incorpo-
rated into sedimentary rocks by biological
activity and is thus mainly bound to organic
matter. Organic matter displays a wide range of
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d15N values (−4–15‰) (Minagawa and Wada
1986; Wu et al. 1997; Gu 2009). Kerogen in
sedimentary rocks displays a more limited range
of d15N values (2–6‰) (Williams et al. 1995;
Ader et al. 1998; Sephton et al. 2002), whereas
organic N in marine sediments ranges between
0‰ and 10‰ (Peters et al. 1978; Compton et al.
1992; Williams et al. 1995). During diagenesis
and metamorphism, the maturation of organic
matter releases ammonium (NH4

+) that substi-
tutes for K+ in mica and K-feldspar. Metamor-
phic rocks display d15N values between 2 and
17‰ (Haendel et al. 1986; Bebout and Fogel
1992; Jia and Kerrich 2000). Some studies
argued that metamorphism decreases the N con-
centration, and increase d15N values of the
metamorphosed rocks (Haendel et al. 1986;
Bebout and Fogel 1992), but the N isotope
fractionation between source rock, hydrothermal
fluid and newly formed minerals is small
(Busigny et al. 2003; Jia et al. 2003; Jia and
Kerrich 2004; Pitcairn et al. 2005; Kerrich et al.
2006).

5.3.5 Boron
The B isotope composition of tourmaline from
orogenic gold deposits displays a wide range of
values from −22‰ and 9‰ (Fig. 13). At tem-
peratures between 250 and 550 °C, the
tourmaline-fluid fractionation ranges from −4.5
and −1.6‰, (Meyer et al. 2008). Consequently,
the large variation of 30‰ for d11B values can-
not be the result of variation in the temperature of
formation of orogenic gold deposits. The B iso-
tope composition of the marine seawater reser-
voir has values near 40‰. In contrast, d11B
values of others terrestrial reservoirs mostly
overlap: continental crust (−6 to −14‰), I-type
and S-type magmas (−7 to 3‰ and −7 to −15‰,
respectively), MORB and mantle rocks (−8 to
−6‰), marine sediments (−14 to −2‰), or
marine carbonate (−12 to 26‰) (Fig. 13c) (Pal-
mer and Swihart 1996; van Hinsberg et al. 2011;
Lambert-Smith et al. 2016; Marschall et al. 2017;
Trumbull and Slack 2018).

At the Paleoproterozoic Palokas gold deposit
(Fennoscandian Shield), d11B values in the range
of −4.5—1.0‰ are interpreted to result from a

single magmatic-hydrothermal event (Ranta et al.
2017). In the Paleozoic Passagem de Mariana
gold deposit (Brazil), Trumbull et al. (2019)
reported d11B values between −11.5 and 7.1‰
for orogenic gold veins, and argued in favor to a
crustal B source derived from the sedimentary
rocks hosting the deposit. A similar hypothesis
was discussed by Büttner et al. (2016) and Jiang
et al. (2002) to explain the range of d11B values
(−18.4 to −8.9‰ and −21.4 to −17.8‰,
respectively) in Proterozoic gold deposits from
the Twangiza-Namoya gold belt (Democratic
Republic of Congo) and in the Archean Mount
Gibson deposit (Yilgarn Craton), respectively.

The contribution of at least two different
sources of B is invoked to explain the wide range
of d11B recorded in some deposits. At Hira
Buddini (India), Krienitz et al. (2008) docu-
mented tourmaline with d11B values between −4
and 9‰, interpreted to result from mixing
between a metamorphic fluid (d11B * 0‰),
generated by devolatilization of volcanic rocks,
and a magmatic fluid (d11B * 10‰) exsolved
from I-type granitic intrusions. A similar inter-
pretation was advanced by Molnár et al. (2016)
to explain the wide range of d11B values (−24.1
to −9.6‰) in the Archean Hattu schist belt
(Finland), where the range in values was inter-
preted to reflect mixing between a heavy mag-
matic B with a lighter B reservoir from
metamorphic devolatilization of sedimentary
rocks.

Tourmaline from orogenic gold quartz-
tourmaline veins from the Proterozoic Tapera
Grande and Quartzito deposits (Brazil) shows
d11B values ranging from −15.7 to −5.0‰
(Garda et al. 2009). The wide range of value is
interpreted to result from mixing B from multiple
sources, derived from volcano-sedimentary rocks
(higher d11B), and from granitic or sedimentary
rocks with lower d11B values. Similarly, tour-
maline from the Proterozoic Bhukia gold deposit
(India) has d11B values in the range of −12.6 to
−9.2‰, that have been interpreted to originate
from two fluid sources, a granite-derived
hydrothermal and a metapelite-derived meta-
morphic fluids (Hazarika et al. 2019). Lambert-
Smith et al. (2016) also argued that the wide
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range of d11B values, from 3.5 to 19.8‰, in
tourmaline from gold-rich veins in the Loulo
mining district (Mali), resulted from mixing
marine evaporite with a sedimentary-derived B.
In the Val-d’Or district, Beaudoin et al. (2013)
and Daver et al. (2020) concluded that tourma-
line d11B values, between −15.6 and −7.7‰, are
a result of mixing of a low d11B prograde
metamorphic fluids released from sedimentary
and/or volcanic rocks with a high d11B seawater-
derived pore fluid. Trumbull et al. (2020) show a
bimodal distribution of the d11B values for oro-
genic gold deposit tourmaline, consistent with
two common B reservoirs, sourced from
metamorphic/igneous rocks (low d11B) or from
seawater-altered volcano-sedimentary rocks
(high d11B).

In summary, B in orogenic gold deposits
generally derived from multiple sources. It is
generally accepted that B in orogenic deposits is
derived from the devolatilization of volcano-
sedimentary and/or sedimentary sequences dur-
ing metamorphism (Jiang et al. 2002; Krienitz
et al. 2008; Garda et al. 2009; Beaudoin et al.
2013; Büttner et al. 2016; Lambert-Smith et al.
2016; Molnár et al. 2016; Hazarika et al. 2019;
Trumbull et al. 2019; Daver et al. 2020). The
wide range of B isotopic values suggest mixing
with other B source(s) that remains matter of
debate. B-rich seawater-derived fluid (Beaudoin
et al. 2013; Lambert-Smith et al. 2016; Daver
et al. 2020) has been proposed as possible
source, consistent with the upper crustal fluid
identified using oxygen and hydrogen isotopes.
B-rich magmatic-derived fluid are also suggested
in rare cases (Krienitz et al. 2008; Molnár et al.
2016) but are unlikely to be a common boron
reservoir.

5.3.6 Silicon
The silicon isotope composition of quartz is
poorly documented in orogenic gold deposits.
Only 30 d30Si values are compiled (Fig. 14a,b),
from the Hemlo (Superior Craton) and the
Sawaya’erdun (Tianshan Orogen, China) depos-
its (Ding et al. 1996; Liu et al. 2007). Natural
variation of the d30Si values between various
terrestrial reservoirs is small (Fig. 14c). Mantle

peridotite, granulitic lower continental crust,
igneous continental rocks, oceanic crust
(MORB + OIB), and sedimentary rocks display
overlapping ranges of d30Si values between −0.8
and 0‰ (Poitrasson 2017). Only chert-BIFs, and
seawater stand out with values between −3.6–
5.0‰ and 0.6–4.4‰, respectively (Poitrasson
2017). Silicon does not fractionate significantly
during fluid-rock interaction at tempera-
tures above 50 °C (Douthitt 1982; Ding et al.
1988; Geilert et al. 2014; Poitrasson 2017), and
thus does not provide information on temperature
and processes during quartz precipitation. For
orogenic gold systems, d30Si is mainly used to
discuss the source of silicon by comparing the
d30Si values of the veins with those of the local
country-rocks. Hence, (Liu et al. 2007) argued
that the silica (d30Si = −0.5–0.5‰) associated
with the formation of the Sawaya’erdun orogenic
gold deposit was derived from sedimentary
(d30Si = −0.5–1.9‰) and volcanic (d30Si =
0.1‰) country rocks.

6 Conclusions

The stable isotope geochemistry of veins miner-
als has been widely used to constrain various
parameters related to fluid systems involved in
the formation of orogenic gold deposits. In this
review, we compare and integrate multi-isotopes
data from numerous deposits worldwide of var-
ious ages and locations to identify global trends
shared by most of orogenic gold deposits.

6.1 Temperature

Temperature estimates using quartz-silicate,
quartz-carbonate and sulfide-sulfide mineral-
pairs display consistent temperature ranges of
360 ± 76 °C (r = 1, n = 332) with no secular
changes, which are in agreement with tempera-
tures expected for deposits formed at tempera-
tures typical for the greenschist to lower
amphibolite facies of the country rocks. Quartz-
silicate pairs are mostly in isotopic equilibrium,
suggesting that retrograde isotopic exchange
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between minerals and fluids did not disturb the
bulk isotopic composition. In contrast, a signifi-
cant proportion of quartz-carbonate pairs show
isotopic disequilibrium. This could result from
quartz and carbonate forming at different times,
but later oxygen isotopic exchange of carbonate
with a low-temperature fluid is more consistent
with the paragenetic sequence of orogenic gold
deposits. Sulfide-sulfide mineral-pairs are mostly
in isotopic equilibrium.

6.2 Fluid Reservoirs

The oxygen and hydrogen isotope composition
of fluids indicate that fluid mixing is a process
documented in many orogenic gold deposits. The
mixing endmembers are a low T—high dD—low
d18O upper crustal and a high T—low dD—high
d18O deep-seated fluid reservoirs.

The nature of the upper crustal fluid is surfi-
cial water of various origins having experienced
long lived exchange with country rocks. Mete-
oric water is rarely documented and is commonly
related to late infiltration disconnected from the
formation of the gold deposits. This is likely the
case for most low dD values (< −120‰) docu-
mented in OH-bearing mineral and fluid inclu-
sion, mainly from Mesozoic deposits.

The deep-seated fluid endmember is likely
metamorphic in origin as attested by hydrogen
and oxygen isotope compositions of water plot-
ting mostly in the field for metamorphic water,
even if a few data plot in the overlapping field for
magmatic and metamorphic waters. The d11B
values also point a metamorphic source for the
fluid that mixed with B-rich seawater-derived
fluid, consistent with O–H isotope. The d15N
values of orogenic gold vein minerals also favor
a deep-seated fluid reservoir derived from meta-
morphic dehydration of sedimentary rocks. The
contribution of magmatic water exsolved from
magma is documented in some specific cases but
is not an essential component for the formation
of orogenic gold deposits.

Spatial variations of oxygen and hydrogen
isotope compositions of deep-seated fluid

between districts indicate variable proportions of
igneous and sedimentary rocks in the crustal
segment released water during prograde meta-
morphism. Such provinciality is documented for
d18O values of quartz between cratons and
districts.

Finally, a significant number of high dD val-
ues (up to 20‰) for water result of (i) muscovite
precipitation during wallrock alteration and
(ii) successive phase-separation of water associ-
ated to cyclic seismic rupture of fault-veins that
displays trends of enrichment in deuterium that
fit well the data.

6.2.1 Carbon Isotopes
No secular variations of mineral isotope com-
position are identified for carbon isotopes
(d13C). The d13C values in orogenic gold
deposits suggest that CO2 can be derived from
the oxidation of reduced carbon and/or from
decarbonation reaction of *0‰ inorganic sedi-
mentary rocks during metamorphism, or derived
from a deep-seated carbon source such as the
mantle. Wide ranges of d13C are commonly
documented at the deposit scale that suggests a
carbon contribution from multiple sources, or
that fluid acquired its d13C isotopic signature
along the fluid pathway through exchange with
country rocks.

6.2.2 Sulfur Isotope
d34S values of sulfide minerals do not display
secular variation or provinciality, but display wide
ranges of values. Mixing of sulfur from different
reservoirs and/or changes in physico-chemical
conditions of the fluid at the site of deposition
have been proposed to explain the d34S variation
in a deposit. Commonly, low d34S values are
attributed to BSR sulfur from sedimentary rocks,
whereas positive d34S values are attributed to TSR
sulfur or igneous sulfur. Orogenic gold deposits
hosted by sedimentary rocks contain sulfur lea-
ched from the local country rocks. At the deposit
scale, d34S values record changes in the oxidation
state of the hydrothermal fluid related to redox
reactions with country rocks along the fluid
pathway or at the site of deposition.
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Light-Element Stable Isotope Studies
of the Clastic-Dominated Lead–Zinc
Mineral Systems of Northern
Australia and the North American
Cordillera: Implications for Ore
Genesis and Exploration

Neil Williams

Abstract

Clastic-dominated lead–zinc (CD Pb–Zn)
deposits are an important source of the world’s
Pb and Zn supply. Their genesis is contentious
due to uncertainties regarding the time of ore
formation relative to the deposition of the
fine-grained carbonaceous strata that host CD
Pb–Zn mineralization. Sulfur-isotopic studies
are playing an important role in determining if
ore minerals precipitated when hydrothermal
fluids exhaled into the water column from
which the host strata were being deposited, or
when hydrothermal fluids entered the host
strata during diagenesis or even later after
lithification. Older conventional S-isotopic
studies, based on analyses of bulk mineral-
separate samples obtained by either physical
or chemical separation methods, provided data
that has been widely used to support a
syngenetic-exhalative origin for CD Pb–Zn
mineralization. However, with the advent in
the late 1980’s of in situ S-isotopic studies
using micro-analytical methods, it soon

became apparent that detailed S-isotopic vari-
ations of genetic importance are blurred in
conventional analytical data sets because of
averaging during sample preparation.
Clastic-dominated Pb–Zn mineralization in
the North Australian Proterozoic metallogenic
province and the North American Paleozoic
Cordilleran province has been the subject of
many stable isotope studies based on both
bulk and in situ analytical methods. Together
with detailed mineral texture observations, the
studies have revealed a similar sulfide mineral
paragenesis in both provinces. The earliest
sulfide phase in the paragenesis is fine-grained
pyrite that sometimes has a framboidal tex-
ture. This pyrite typically has a wide range of
d34S values that are more than 15‰ lower
than the value of coeval seawater sulfate.
These features are typical of, and very strong
evidence for, pyrite formation by bacterial
sulfate reduction (BSR) either syngenetically
in an anoxic water column or during early
diagenesis in anoxic muds. The formation of
this early pyrite is followed by one or more
later generations of pyrite that often occur as
overgrowths around the early pyrite genera-
tion. The later pyrite generations have d34S
values that are much higher than the early
pyrite, often approaching the value of coeval
seawater sulfate. Later pyrite formation has
been variously attributed to BSR in a more
restricted diagenetic environment, to sulfate
driven-anaerobic oxidation of methane
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(SD-AOM) and to abiotic thermal sulfate
reduction (TSR), with all three mechanisms
again involving coeval seawater sulfate. The
main sulfide ore minerals, galena and spha-
lerite, either overlap with or postdate later
pyrite generations and are most often attrib-
uted to TSR of seawater sulfate. However, in
comparison with pyrite, there is a dearth of
in situ d34S data for galena and sphalerite that
needs to be rectified to better understand ore
forming processes. Importantly, the available
data do not support a simple sedimentary-
exhalative model for the formation of all but
part of one of the Northern American and
Australian deposits. The exception is the giant
Red Dog deposit group in Alaska where
various lines of evidence, including stable
isotopic data, indicate that ore formation
was protracted, ranging from early syn-
sedimentary to early diagenetic sulfide forma-
tion through to late sulfide deposition in veins
and breccias. The Red Dog deposits are the
only example with early sphalerite with
extremely low negative d34S values typical
of a BSR-driven precipitation mechanism. By
contrast, later stages of pyrite, sphalerite and
galena have higher positive d34S values
indicative of a TSR-driven precipitation
mechanism. In CD Pb–Zn deposits in
carbonate-bearing strata, carbon and oxygen
isotope studies of the carbonates provide
evidence that the dominant carbonate species
in the ore-forming hydrothermal fluids was
H2CO3, and that the fluids were initially warm
(� 150 °C) and neutral to acid. The d18O
values of the hydrothermal fluids are � 6‰,
suggesting these fluids were basinal fluids that
evolved through exchange with the basinal
sedimentary rocks. Known CD Pb–Zn depos-
its all occur at or near current land surfaces
and their discovery involved traditional
prospecting, geophysical and geochemical
exploration techniques. Light stable isotopes
are unlikely to play a significant role in the
future search for new CD Pb–Zn deposits
deep beneath current land surfaces, but are
likely to prove useful in identifying ore-
forming hydrothermal fluid pathways in

buried CD Pb–Zn systems and be a vector to
new mineralization.

1 Introduction

Clastic-dominated lead–zinc (CD Pb–Zn) min-
eral deposits are the main source of the world’s
zinc and lead supply. They are therefore an
attractive exploration target but their genesis, a
critical element in exploration strategies, remains
contentious (Huston et al. 2006; Magnall et al.
2021; Spinks et al. 2021). Reviews of the CD
Pb–Zn deposit type include Gustafson and Wil-
liams (1981), Leach et al. (2005), Leach et al.
(2010) and Wilkinson (2014). Common features
of the deposit type are: (1) their occurrence in
fine-grained carbonaceous and pyritic sedimen-
tary rocks; (2) ores that are sedimentary in
appearance with sulfide banding that parallels
bedding in adjacent inter-ore strata; (3) a strati-
form and stratabound relationship with their host
sedimentary rock sequences; (4) stacked layers of
mineralization; (5) high sulfide sulfur contents
(typically � 20 wt% S); (6) a simple sulfide
mineralogy dominated by pyrite, sphalerite and
galena and (7) low Cu (� *0.4 wt% Cu) and
variable Ag (� *150 g/t Ag) contents.
Deposits have an irregular age distribution. They
first appeared *1850 Ma but there are few in
rocks aged between 1350 and 760 Ma. Barite is
often associated with Paleozoic-age deposits but
less so with Proterozoic examples.

This chapter discusses the genetic and explo-
ration implications of the light-element (carbon,
oxygen and sulfur) isotope geochemistry of CD
Pb–Zn mineralization in the two most compre-
hensively studied CD Pb–Zn metallogenic
provinces. These are the North Australian
Proterozoic province (Huston et al. 2006) and the
North American Paleozoic Cordilleran province
(Leach et al. 2010). General information on light
stable isotopes, including their chemistry, frac-
tionation, analysis and applications can be found
in Huston et al. (2023). Stable isotope applica-
tions of particular relevance to CD Pb–Zn
deposits are highlighted in the following sum-
mary of CD Pb–Zn mineral systems.

330 N. Williams



2 Clastic-Dominated Pb–Zn Mineral
Systems

The mineral system concept is growing in
prominence in ore genesis studies and mineral
exploration (Hagemann et al. 2016). The main
components of a mineral system are the source of
ore- and gangue-mineral constituents; the trans-
port of these constituents to sites of ore forma-
tion; the trap where ore forms and the energy that
drives the system.

The generic CD Pb–Zn mineral systems in
Fig. 1 are based on the work of Goodfellow
(1987), Hoggard et al. (2020), Huston et al.
(2006, 2016), Manning and Embso (2018) and
Sangster (2002, 2018). The sedimentary rock
sequences in the system occur in sedimentary
basins formed in extensional tectonic settings.
Basin fill includes both shallow- and deeper-
water facies material. During burial and com-
paction seawater-sulfate bearing basinal waters
are thought to react with the basin fill and
scavenge metals, generating the mineralizing
hydrothermal fluids. Possible energy sources that
drive systems include heat flow from the base-
ment, gravity, compaction, seismic pumping, and
compressional tectonism (Cooke et al. 1998), and
the release of pressure in over-pressured fluid
reservoirs triggered by extension (Vearncombe
et al. 1996). The main channelways along which
the hydrothermal fluids move from deep within
host basins to trap sites are extensional growth
faults.

The trap for CD Pb–Zn mineralization is the
environment associated with the deposition and
lithification of the fine-grained carbonaceous
strata that host the mineralization. These host
rocks are typically deposited in half-graben tec-
tonic settings adjacent to the same extensional
growth faults that may have been hydrothermal
fluid conduits. Wall rocks adjacent to feeder
faults are often hydrothermally altered and spa-
tially associated with feeder-zone breccia- and
vein-hosted mineralization.

Ore deposition occurs when the chemistry of
the hydrothermal fluid changes upon arrival at
the trap site. One possible trigger for change is

the exhalation of the fluid into the host-sediment
depositional environment (syngenetic ore for-
mation), a scenario illustrated in Fig. 1a. If the
hydrothermal fluid has a low salinity, ore-
forming reactions would most likely be trig-
gered by mixing between the hydrothermal fluid
and seawater (Pathway 1, Fig. 1a). On the other
hand, if the exhaling hydrothermal fluid has a
high salinity, it would mostly like be denser than
seawater and would pond in sea-floor depres-
sions and form brine pools in which sulfide for-
mation is triggered by changes associated with
the development and evolution of the brine pool
chemistry (Pathway 2, Fig. 1a). Figure 1b illus-
trates subsurface ore forming scenarios that are
triggered by reactions between the hydrothermal
fluid and components of the host strata during
either diagenesis (syndiagenetic ore formation)
or after lithification (epigenetic ore formation).
The timing of CD Pb–Zn ore formation relative
to the deposition of the host rocks has been
debated for decades and remains a critical
uncertainty in CD Pb–Zn mineral systems. In the
case of syndiagenetic and epigenetic ore forma-
tion (Fig. 1b) an outflow zone for the
hydrothermal fluids may occur in rocks down-
stream from the trap environment.

2.1 Applications of Stable Isotopes
in Clastic-Dominated Pb–Zn
Systems

Many of the important chemical reactions in CD
Pb–Zn systems fractionate stable isotopes and
carbon, oxygen and sulfur isotopic studies of
systems have done much to improve our under-
standing of how ore forms within the systems.

2.1.1 Metal Source Identification
It is difficult to elucidate metal sources for CD
Pb–Zn deposits using stable isotope evidence.
However, some insights can be gained indirectly
through stable isotope studies of possible source
rocks. For example, Cooke et al. (1998) found
that altered volcanic horizons stratigraphically
below CD Pb–Zn mineralization in the North
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Australian CD Pb–Zn province (Fig. 2) are
almost 100% depleted in Pb, Zn and Cu and are
therefore a possible metal source. Cooke et al.
(1998) used fluid inclusion and bulk C- and O-
isotope data from the altered volcanic rocks to
conclude that the fluids which caused the alter-
ation were warm (� 100 °C) and saline (> 20 wt
% NaCl equivalent) and had a d18OSMOW value
of � −1‰ and a d13CPDB value of � −7‰.
These values are consistent with the idea that the
metal-depleting fluids were originally meteoric
waters ± seawater and that their salinity and 18O
content increased as they moved through over-
lying basinal carbonates and evaporites and
deeper into underlying volcanic rocks. The
question of whether or not the isotopic compo-
sition of these fluids prove that volcanic rocks
were the source of metals in CD Pb–Zn miner-
alization higher in the stratigraphic succession is
discussed later in this Chapter.

2.1.2 Sulfide-Sulfur Source
Identification

In contrast to metal sources, sulfur isotope
studies have proved very useful in identifying the
source of sulfide-S in CD Pb–Zn mineralization.
Sulfur isotope data, along with other geological
evidence, suggest strongly that the sulfide-S

source was seawater sulfate, and came either
directly from seawater or indirectly via sulfate
minerals such as gypsum, anhydrite or barite.
The value of d34Sseawater sulfate has varied signif-
icantly through geological time, and the secular
d34Sseawater sulfate curve was initially constructed
using worldwide sulfur isotopic data from marine
evaporites (Claypool et al. 1980). Evaporites are
best preserved in Phanerozoic strata and the
secular d34Sseawater sulfate curve is therefore best
documented in the Phanerozoic, but less so in the
Precambrian where evaporites are rare. During
the Phanerozoic the curve varies between *12
and 30‰ and the processes controlling
d34Sseawater sulfate values are well understood
(Bottrell and Newton 2006; Halevy et al. 2012;
Canfield 2013). Although the Precambrian part
of the curve is not so well documented, it con-
tinues to be improved using not only scant
evaporite data, but also carbonate associated
sulfate (CAS) data (Kah et al. 2004; Gellatly and
Lyons 2005; Chu et al. 2007; Luo et al. 2015;
Crockford et al. 2019; Turchyn and DePaolo
2019). In this Chapter the best estimates of the
value of d34Sseawater sulfate at the time of deposi-
tion of the strata hosting CD Pb–Zn deposits are
presented under the Source heading, whereas the
applicability of this value to ore formation is

Fig. 2 Location of the significant clastic-dominated Pb–Zn deposits and prospects in the Carpentaria Zinc Belt of
Northern Australia
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discussed under the Trap heading because, as
will become apparent later in this Chapter, one of
the main issues relating to CD Pb–Zn ore genesis
is how and where in the mineral system sulfate is
reduced to sulfide.

2.1.3 Transport Mechanisms
In a seminal study of hydrothermal fluids capable
of forming CD Pb–Zn mineralization, Cooke et al.
(2000) used geochemical modelling to show that
both cool (� 150 °C) oxidized hydrothermal
fluids (dominated by SO4

2− ± HSO4
−) and war-

mer (*250 °C) reduced acidic fluids (dominated
by H2S or HS−) can transport and deposit suffi-
cient quantities of Pb and Zn to form CD Pb–Zn
deposits. Stable isotopic studies can help deter-
mine which fluid type was involved in the for-
mation of a particular deposit and examples are
discussed in this Chapter.

2.1.4 Trap Mechanisms
The S-isotopic composition of galena, sphalerite
and pyrite are important determinants of the
processes by which the sulfides form in CD Pb–
Zn deposits, the relative timing of sulfide mineral
formation (paragenesis), and temperatures of ore
formation.

A low-temperature (< 100 °C) process fre-
quently mentioned in discussions of CD Pb–Zn
ore formation is bacterial sulfate reduction
(BSR). BSR is the main process by which pyrite
forms in modern carbonaceous muds (Berner
1970), sediments that may be modern analogues
of the pyritic carbonaceous fine-grained strata
that host CD Pb–Zn mineralization. Critical
components of the modern process are organic
matter, sulfate, a source of iron (typically
hydrous iron oxide coatings on detrital minerals)
and sulfate reducing bacteria. In modern car-
bonaceous muds pyrite formation by BSR most
often occurs during early diagenesis, within
centimeters of the sediment–water interface.
Where the rate of organic matter accumulation
exceeds the rate of oxidation of the organic
matter, anoxic conditions develop and sulfate
reducing bacteria become active. The bacteria

metabolize the organic matter and reduce sulfate
that diffuses into the sediments from the overly-
ing water column. The basic reaction in the
process is:

2CH2Oorganicmatter þ SO2�
4 ! H2Sþ 2 HCO�

3

ð1Þ

The H2S produced by BSR reacts with hydrous
iron oxides in the muds to form either macki-
nawite (FeS) and/or greigite (Fe3S4). Some H2S
is bacterially oxidized to elemental sulfur which
in turn reacts with the mackinawite and greigite
to form pyrite. Pyrite formation by BSR is a low
temperature process as most sulfate reducing
bacteria live within a temperature range of 0°
to *48 °C with a few, the thermophiles, able to
live in a range of *30° to *100 °C (Ohmoto
and Goldhaber 1997). In detail, pyrite formation
by BSR is a complex process and further infor-
mation can be found in Berner (1970, 1984),
Goldhaber and Kaplan (1974) and Rickard and
Luther (2007). In modern environments pyrite
sometimes forms by BSR in stratified water
bodies where stagnant anoxic layers underlie
oxic surface waters. In the anoxic layer, provided
there are sufficient concentrations of SO4

2−,
suitable oxidants, reactive organic matter and
iron, pyrite can form by the same BSR reaction
pathway to that just described. The main locus of
such pyrite formation is close to the oxic-anoxic
interface, and after settling into the underlying
muds pyrite grain growth may continue by BSR
in the early diagenetic environment (Wilkin and
Barnes 1997).

Pyrite can also form diagenetically in anoxic
sediments deeper (meters to *10 m) beneath the
sediment–water interface by a different biogenic
process (Borowski et al. 2013). This second low-
temperature process operates in the sulfate-
methane transition zone (SMT) where methane
and sulfate-reducing bacteria form a diagenetic
environment characterized by the anoxic oxida-
tion of methane. Here methane rather than solid
organic matter is involved in sulfate reduction by
way of reactions of the type:
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CH4 þ SO2�
4 ! HS� þHCO�

3 þH2O ð2Þ

Following Rieger et al. (2020) this sulfate
driven-anaerobic oxidation of methane process is
referred to in this Chapter as SD-AOM.

A third pathway for pyrite formation involves
the inorganic reduction of sulfate, a reaction
requiring temperatures higher than those for BSR
and SD-AOM, and either organic carbon or
another reductant. Such reduction is referred to
as thermal sulfate reduction (TSR), a process that
appears to become important at temperatures of
100–140 °C and greater (Huston et al. 2023).

The formation of pyrite, as well as galena and
sphalerite, in CD Pb–Zn deposits has been vari-
ously attributed to BSR, SD-AOM and TSR, and
sulfur isotope studies are one of the main ways
distinguishing between these pathways. Details
about the S-isotopic fractionations associated
with BSR and TSR are discussed by Huston et al.
(2023). Typically, Ssulfide − Ssulfate fractionation
by BSR ranges from *15 to 60‰ while the
kinetic isotope fractionation for TSR has a
smaller range of *10–20‰ (Kiyosu and Krouse
1990). As the d34Sseawater sulfate value through
geological time is � *10‰ (Bottrell and
Newton 2006), the d34S values of sulfides
formed by the BSR pathway are typically low
and negative, whereas those formed by the TSR
pathway are high and positive. This difference is
used often to distinguish between the two
reduction pathways (Machel et al. 1995).

However, the SD-AOM study of Borowski
et al. (2013) has complicated interpretations of
d34Ssulfide ranges and values. Whereas in modern
sediments pyrite formed by BSR is characterized
by low negative d34S values, pyrite formed by
SD-AOM is characterized by high d34S positive
values, making it difficult to distinguish between
TSR and SD-AOM using sulfur isotopic data
alone. The interpretation of high positive d34S
values is further complicated by two other pro-
cesses that have been shown to produce high
positive d34S values. One is when sulfides form
by BSR in euxinic sulfate-limited conditions
(Gomes and Hurtgen 2015) and the other is when
sulfides form by BSR in a restricted or closed

system in which Rayleigh fractionation becomes
important (Ohmoto and Goldhaber 1997; Huston
et al. 2023). Choosing between these possible
causes of high positive d34S values requires other
evidence besides sulfur isotope data and is a
topic examined in many of the studies reviewed
in this chapter.

Huston et al. (2023) used the exchange of 32S
and 34S between galena and sphalerite (their
Eq. 2) to illustrate their discussion of stable iso-
tope fractionation. The magnitude of D34Sspha-
lerite-galena is temperature dependent and can be
used as a CD Pb–Zn ore-forming geother-
mometer provided the two sulfides coprecipitated
in isotopic equilibrium or formed at different
times under the same physicochemical conditions
and assuming, in both instances, that the samples
analysed are pure and are not contaminated with
other sulfides. Throughout this chapter, for the
sake of consistency, all temperatures derived
using on the D34Ssphalerite-galena geothermometer
are based on the experimental calibration equa-
tion of Ding et al. (2003) which is almost iden-
tical to the preferred equation of Ohmoto and
Rye (1979). The cited temperatures also assume
the above-mentioned conditions have been met
for accurate temperature determinations.

2.1.5 Isotopic Analytical Methods
and Reporting
Nomenclature

Stable isotopic analytical techniques have
evolved through time (Huston et al. 2023). The
older techniques required *10 mg of sample for
analysis and bulked mineral separates were typ-
ically obtained either by physical (e.g. hand
picking) or selective chemical dissolution meth-
ods. By contrast, starting in the late 1980s, bulk
techniques began giving way to in situ micro-
analytical techniques. To maintain consistency
with Huston et al. (2023), isotopic values deter-
mined by the bulk analytical techniques are
identified in this Chapter by the subscript “bulk”
(e.g. d34Sbulk pyrite), whereas values determined
by in situ microanalytical techniques are
identified by the subscript “in situ” (e.g.
d34Sin situ pyrite).
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Both analytical techniques pose analytical
challenges (Huston et al. 2023). Nevertheless,
data acquired using both techniques have helped
advance our understanding of CD Pb–Zn mineral
systems. Because of the small grain sizes of
minerals in many CD Pb–Zn deposits (diame-
ters < 1 mm) bulk analytical techniques produce
values that can be averages of many tens of
millions of individual grains (Eldridge et al.
1993). As shown by Eldridge et al. (1993), the
averaging aspect of bulk analyses has been found
to have obscured genetically important isotopic
complexities and Ohmoto and Goldhaber (1997)
warned that interpretations developed using bulk
data will not always be accurate. Therefore,
where possible, this Chapter emphasizes con-
clusions reached using in situ data, with the
implications of bulk data only discussed where
they are important to the interpretation of in situ
data or have had a major impact on our under-
standing of particular CD Pb–Zn mineral
systems.

3 The Northern Australian
Proterozoic Clastic-Dominated
Pb–Zn Province

The sedimentary host-rock sequences of this
province are Palaeo- to Mesoproterozoic in age
(Southgate et al. 2000) and occur in the McAr-
thur Basin in the north, and in the Mt Isa Inlier in
the south (Fig. 2). The province hosts five of the
world’s ten largest CD Pb–Zn deposits based on
Pb + Zn content (Leach et al. 2005). These, in
order of decreasing Pb–Zn content, are HYC
(3rd), Hilton (6th), Mt Isa (7th), George Fisher
(9th) and Century (10th). All five deposits have
supported significant mining operations. All but
one of the five deposits occur in strata deposited
between *1665 and *1635 Ma. The exception
is Century which occurs in strata depos-
ited *1595 Ma (Page and Sweet 1998). The
province also contains a number of smaller CD
Pb–Zn type deposits, including Dugald River,
Lady Loretta, Walford Creek, and Teena (Rohr-
lach et al. 1998; Williams 1998; Large et al.
2005; Hayward et al. 2021).

3.1 Clastic-Dominated Pb–Zn
Deposits in the McArthur
Basin

The largest CD Pb–Zn deposit in the McArthur
Basin is the HYC deposit, sometimes referred to
as the McArthur River deposit (Fig. 3a).
The HYC deposit has been described by Crox-
ford and Jephcott (1972), Murray (1975), Lam-
bert (1976), Eldridge et al. (1993), Large et al.
(1998), Ireland et al. (2004a,b) and Spinks et al.
(2021). The HYC deposit is located in the Batten
Fault Zone portion of the McArthur Basin, as are
several smaller CD Pb–Zn deposits and occur-
rences (Fig. 3a), including Emu Plains (Ahmad
et al. 2013; Walker et al. 1977), Mitchell Yard
and Myrtle (Ahmad et al. 2013), the stratiform
part of Ridge II (Williams 1978a), Teena (Hay-
ward et al. 2021) and W-Fold (Murray 1975;
Walker et al. 1977).

Almost all the CD Pb–Zn mineralization in
the McArthur Basin occurs in carbonaceous and
dolomitic mudstones of the 1640 ± 3 Ma HYC
Pyritic Shale Member of the Barney Creek For-
mation in the McArthur Group (Fig. 3b). Away
from CD Pb–Zn mineralization pyrite is common
in the Barney Creek Formation, and sometimes
in the overlying Reward Dolostone (Fig. 3b).
The most pyritic and organic-rich portions of the
two formations occur in McArthur Basin sub-
basin depocenters.

A number of small discordant vein- and
breccia-hosted Pb–Zn and Cu deposits also occur
in the Batten Fault Zone in dolostone formations
older than the Barney Creek Formation. Two of
these, Cooley and Ridge (Fig. 3a), lie immedi-
ately east of, and appear to be a feeder-zone
component of the HYC mineral system (Wil-
liams 1978a; Rye and Williams 1981).

3.2 Stable Isotope Studies
in the McArthur Basin

3.2.1 Source
As noted earlier, Cooke et al. (1998) used
fluid inclusion and bulk C–O (carbonate) and
oxygen (silicate) isotope measurements of altered
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volcanic rocks lying stratigraphically deep
beneath the Barney Creek Formation to deter-
mine if they were the source of the metals in the
McArthur CD Pb–Zn mineralization. The
volcanic rocks studied by Cooke et al. (1998)
are exposed in the Mallapunyah Dome
region, *80 km SSW of the HYC deposit. Bulk
whole rock d18OSMOW data from altered mafic
volcanic rocks in the Dome region range from
15.7 to 19.7‰, a range used with other evidence
to conclude that alteration occurred at � 100 °C
and involved saline (> 20 wt% NaCl equivalent)
fluids with a d18OSMOW value of � −1‰ and a
d13CPDB value of � −7‰. In contrast bulk whole
rock d18OSMOW data for similarly-altered mafic
rocks between *80 and 200 km east of the
Mallapunyah Dome range from 6.0 to 10.4‰
(Champion et al. 2020), a difference attributed
either to alteration at � 250 °C by similar fluids
(with a d18OSMOW value of 1.7‰) to those
involved in the Mallapunyah Dome alteration or
to alteration by very different fluids. Although
neither study proves conclusively that the metals
in the McArthur Basin CD Pb–Zn mineralization
came from the altered volcanic rocks, both pos-
tulate the stable isotopic composition of the

hydrothermal fluids that might have formed the
CD Pb–Zn mineralization.

The value of d34Sseawater sulfate at the time of
deposition of the strata hosting McArthur CD
Pb–Zn deposits was taken by Magnall et al.
(2020b) to be, at a minimum, 25‰ based on the
global comparisons of Li et al. (2015). This is in
good agreement with the median d34S evaporative

gypsum value of 26.8‰ for the Myrtle Shale
Member (Fig. 3b) of the McArthur Group
(Crockford et al. 2019). However, the secular
d34Sseawater sulfate curve of Chu et al. (2007),
based on CAS data through the Jixian section,
northern China, gives a d34Sseawater sulfate value of
20‰ for sedimentary rocks of the same age as
the Barney Creek Formation. The sulfide-
forming processes discussed in the McArthur
Trap section below considers the genetic impli-
cations of both a 20‰ and a 26.8‰ value for
McArthur d34Sseawater sulfate.

3.2.2 Transport
Rye and Williams (1981) studied the bulk iso-
topic composition of ore-stage vein-fill dolomite
in the Cooley and Ridge mineralization and the
results are shown in Fig. 4. The d13C and d18O
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deposits and prospects, McArthur Basin, Northern Terri-
tory, Australia. b McArthur Group stratigraphy in the
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values correlate strongly, and dolomite from the
Emu Fault zone (Smith and Croxford 1975) falls
at the isotopically light end of the trend. More-
over, d13C and d18O values increase westward
from the Emu Fault. Two explanations were
proposed for the correlation using temperature-
dependent fractionation modelling. The first
is that the correlation reflects vein dolomite
deposition from a hydrothermal fluid with
d13CH2CO3 *−2.75‰ and d18OSMOW *12.5‰
that cooled from *325 to 100 °C as it flowed
westwards from the Emu Fault. The isotopic
composition of this fluid suggests it was a highly
evolved basinal brine that had exchanged with a
large marine carbonate reservoir (Taylor 1979).
If the explanation is correct then the Emu Fault
dolomite formed at *325 °C, the Cooley dolo-
mites formed between *275 and *185 °C, and
the Ridge I dolomite formed between *190 and
*175 °C. The second explanation is that the
correlation again reflects a cooling trend, this
time of a hydrothermal fluid that had a constant
d18OSMOW but a d13C that became progressively
lower due to local oxidation of organic matter

during hydrothermal alteration of the host rocks.
This second explanation yields a cooling
from *220 to *125 °C of a fluid that had ini-
tial d13CH2CO3 and d18OSMOW values respec-
tively of −4.5‰ and 8.1‰. By the time the fluid
cooled to 125 °C the d13CH2CO3 value of the
fluid would have decreased to −5.25‰. Rye and
Williams (1981) noted that there were no unique
fits of model curves to the dolomite isotope
trend, and simply concluded that the data are
consistent with the formation of ore-stage dolo-
mite from a single hydrothermal fluid that
cooled, and possibly changed in isotopic com-
position, as it moved westwards from the Emu
Fault zone and deposited the Cooley and Ridge
mineralization.

Importantly, Rye and Williams (1981) found
that the C- and O-isotopic composition of dolo-
mites in well-mineralized HYC samples (Smith
and Croxford 1975) also correlate strongly and
that the lines of best fit for the HYC and Cooley-
Ridge data sets are almost indistinguishable
(Fig. 4). The similarity is strong evidence that the
Cooley and Ridge prospects and HYC deposit are
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Fig. 4 d18O versus d13C values of dolomite in the
discordant and concordant Ridge –Cooley mineralization
and HYC deposit (after Rye and Williams 1981; Smith
and Croxford 1975). The data field for the unmineralized

McArthur Basin rocks represents, respectively, the 1st and
3rd quartiles of the d18O and d13C values determined by
Kunzmann et al. (2019) for 485 drill-core samples remote
from mineralization in the McArthur Basin
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genetically related and are parts of the one mineral
system in which the discordant Cooley-Ridge
mineralization is feeder-zone style mineralization.
Dolomite vein-fill in the discordant Cooley-Ridge
mineralization precipitated at warmer tempera-
tures (*170–310 °C, 1st model or *170–210 °
C, 2nd model) from the same hydrothermal fluids
that at lower temperatures (*170–240 °C, 1st
model or *125–175 °C, 2nd model) completely
exchanged and isotopically equilibrated with pre-
existing sedimentary dolomite in the HYC deposit
and/or deposited hydrothermal dolomite in the
HYC mineralization.

Large et al. (2001) studied the isotopic
composition of carbonates in an interpreted
hydrothermal alteration halo around the HYC
deposit. The halo is characterized by anomalous
whole-rock Zn, Pb and Tl values and, locally,
Mn-rich ferroan dolomite-ankerite carbonates
(Large et al. 2000). Carbonate C- and O-isotopic
values in the halo define a field that is bordered
by the HYC and Cooley-Ridge lines (Fig. 5) and
extends away from the lines, and from the
unaltered McArthur Basin dolomite field of

Kunzmann et al. (2019), towards higher d18Odo-

lomite values and lower d13Cdolomite values. Using
a temperature-dependent fluid-rock interaction
modelling approach Large et al. (2001) found
that the hydrothermal alteration was caused
either by a HCO3

−dominant neutral to alkaline
fluid with a d18OSMOW value of 5 ± 5‰ and a
d13C value of −6‰ ± 1‰ over a temperature
range of 50–120 °C, or a H2CO3-dominant
neutral to acidic fluid with a d18O value
of *15‰ and a d13C value of −4 to −6‰ over a
temperature of greater than 200 °C. Based on
mineralogical features, interpreted to indicate
alteration was a low-temperature event, Large
et al (2001) concluded that a HCO3

−dominant
fluid caused the alteration. The conclusion is
puzzling because the modelling of Cooke et al.
(1998) showed that the isotopic composition of
carbonates define a d13C − d18O curve with a low
positive slope like that shown in Fig. 4 when
in equilibrium over a range of temperatures
(25–200 °C) with H2CO3-dominant fluids, but
not with HCO3

−-dominant fluids which define a
U-shaped curve over the same temperature range
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McArthur Basin and Lady Loretta areas (after Kunzmann
et al. 2019; Large et al. 2001; McGoldrick et al. 1998).
The data field for the unmineralized McArthur Basin
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(Cooke et al. 1998: Fig. 19). Therefore the weight
of evidence favors the formation of the HYC
mineralization and associated hydrothermal alter-
nation by a hot (initial temperature > 200 °C)
neutral to acidic H2CO3-dominant hydrothermal
fluid.

A comparison of the various C- and O-
isotopic compositions postulated for the HYC
ore-forming hydrothermal fluids with those pos-
tulated for the metal-leaching fluids by Cooke
et al. (1998) is shown in Fig. 6a. The metal-
leaching fluid is close in composition to the low
d13Cfluid and d18Ofluid extremes of the wide
isotopic compositional field calculated by Large
et al. (2001) for their lower-temperature
HCO3

−dominant HYC fluid, but is distinctly
lower isotopically to the isotopic compositions
calculated by Large et al. (2001) and Rye and
Williams (1981) for the three higher-temperature
H2CO3dominant HYC hydrothermal fluids. As
the HYC fluids were most likely H2CO3-domi-
nant, it is clear from Fig. 6a that the metal-
leaching fluids discussed earlier were not the
immediate ore-forming fluids. However, if the
metal-leaching fluids had continued to interact
with McArthur Basin strata after leaching metal
from volcanic material, they may have evolved to

become the ore-forming fluids. As illustrated in
Fig. 6b this evolution would require increasing
temperatures and an increase in d18Ofluid values
of between *9 and *16‰ and in d13Cfluid

values of between *2 and *4‰. Further work
is clearly needed to better understand the origin
of the metals and hydrothermal fluids in the HYC
mineral system.

3.2.3 Trap
As well as C- and O-isotopic studies, S-isotopic
studies have also added to an understanding of
CD Pb–Zn mineral systems in the McArthur
Basin. Pyrite has been the studied isotopically in
detail in the HYC and Teena deposits (Fig. 3a).
In the HYC deposit there are two generations of
pyrite (Williams 1978a; Eldridge et al. 1993;
Large et al. 1998; Ireland et al. 2004b). The
earlier generation, Py1, comprises small (typi-
cally 5–10 µm diameter) euhedral to subhedral
crystals that occur either in bedding parallel
laminae or in spherical to ellipsoidal aggregates
with diameters of up to *100 µm. The second
generation, Py2, occurs either as overgrowths on
individual Py1 grains or as interstitial cement in
Py1 aggregates. Py2 is optically duller and
slightly browner and softer than Py1. Chemically,
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the main chemical distinction between the pyrite
generations appears to be an enrichment of Tl in
Py2 relative to Py1 (Spinks et al. 2021).

In situ sulfur isotope analyses show that Py1
and Py2 are isotopically different (Eldridge et al.
1993). Py2 has a broader spread of d34Sin situ pyrite

values than Py1 and a median d34Sin situ pyrite

value *16‰ higher (Fig. 7). If the value of
d34Sseawater sulfate during the deposition of the
Barney Creek Formation was 26.8‰, based on
the Myrtle Shale Member median d34Sevaporative
gypsum value discussed above, then D34Sseawater
sulfate-pyrite 1 is � 40‰ and that for Py2 is
30% (Fig. 7). Both fractionations are in the
range of pyrite formation by BSR. Eldridge et al.
(1993) concluded that Py1 formed by BSR dur-
ing early diagenesis when the system was open to
sulfate, whereas Py2 was formed during later
diagenesis when the system was closed to sulfate,
with d34Ssulfate increasing due to closed-system
Rayleigh fractionation.

Magnall et al. (2020b) studied pyrite in and
around the Teena deposit from three drill holes
aligned in a roughly east–west direction over a
distance of *1.75 km across the Teena sub-
basin (Hayward et al. 2021). Two holes intersect
the mineralized Lower Pyritic Shale Member of
the HYC Pyritic Shale and the third intersects
the poorly-mineralized (< 6 wt% Zn) Lower
Pyritic Shale Member *115 m west of Teena.
The study also included pyrite from the Mid-
dle HYC Pyritic Shale Member above the
deposit. Two pyrite generations were identified
at Teena, Py-1 and Py-2, each with two
sub-types (a and b). Py-1a comprises < 5 µm
grains and framboids, whereas Py-1b com-
prises > 5 µm idiomorphic euhedral pyrite that
typically occurs on the margins of nodular car-
bonate. Py-2a comprises spherical and concen-
trically zoned crystals containing abundant host
rock inclusions, and Py-2b comprises irregular,
anhedral overgrowths on earlier Py-1 and con-
tains interstitial sphalerite and galena. A minor,
later pyrite type, Py-3, comprises coarse-grained
euhedral crystals in late-stage sulfide-carbonate-
quartz veins. The Teena Py-1 and Py-2 gener-
ations appear to be the same as the two HYC
pyrite generations.

Py-1a is present throughout the stratigraphic
interval studied at Teena and is abundant within
correlative carbonaceous intervals in the three
drill holes. Py-1a is interpreted to also predate the
growth of diagenetic dolomite nodules. The
restriction of Py-1b to the margins of the nodules
is interpreted to indicate that Py-1b formed late
during nodule growth. Py-2 is limited to regions
of Pb–Zn mineralization. It is enriched in Pb and
As and is interpreted to be hydrothermal in
origin.

The Teena d34Sin situ pyrite data of Magnall
et al. (2020b) are summarized in Fig. 8. The data
reveal that there are two classes of Py-1a at
Teena, and these are shown separately in Fig. 8.
The class with the lower median value has a large
offset from coeval seawater sulfate (assumed here
to be 26.8‰) of *30‰, consistent with forma-
tion by BSR under relatively open system con-
ditions. Py-1a is widespread both within,
adjacent to, and stratigraphically above the Teena
mineralization. In contrast the Py1a class with
the higher median value of 33.3‰ is comparable
in value to the assumed value of coeval seawater
sulfate. This Py1a class is restricted to an interval
of high pyrite abundance in the Middle HYC
Pyritic Shale Member and it occurs in all three
drill holes. Magnall et al. (2020b) concluded that
the formation of this high-median-value Py-1a
was not a localized process, but rather was a sub-
basin wide process. Highly positive d34Spyrite
values are typical of sulfate reduction in a
sulfate-limited environment that is widely inter-
preted to reflect water-mass restriction (e.g.
Lyons et al. 2000). However, because the high
positive Py-1a occurs in a part of the HYC
Pyritic Shale that was laid down at a time of high
relative sea level during a marine transgression
(Kunzmann et al. 2019), Magnall et al. (2020b),
concluded that sulfate limitation was caused by a
high organic carbon flux that promoted BSR in
an euxinic water column.

Py-1b generally has higher d34S values than
those of the low-median value Py-1a class and is
interpreted by Magnall et al. (2020b) as indicat-
ing that Py-1b formed in pore fluids during later
diagenesis, either by BSR or SD-AOM. How-
ever, the range of Py-1b spans the entire range of
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Fig. 7 Box and whisker diagrams of sulfur isotopic data
for the HYC, Ridge and Cooley mineralization (after
Smith and Croxford 1973; Rye and Williams 1981;
Ireland et al. 2004b). Principal features of these and
subsequent box and whisker plots are illustrated in the
insert. The box shows the 25th (Q1) to 75th (Q3)
percentile range of isotopic values in each data set. This
range is the interquartile range (IQR). The vertical line
within the box marks the median value of the data set and
the cross marks the average value. The whiskers extend
respectively each side of the box to the smallest data

point � Q1 − 1.5*IQR (the minimum) and to the largest
data point � Q3 + 1.5*IQR (the maximum). Outliers are
those data point beyond the minimum and maximum
limits and are shown at dots The dashed blue and orange
vertical lines show the value of d34Ssulfide formed by
thermochemical sulfate reduction at various temperatures.
These lines have been determined using the fractionation
equation of Kiyosu and Krouse (1990) assuming a sea-
water sulfate with a value of 26.8‰, and b seawater
sulfate with a value of 20‰
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all the pyrite in the Lower HYC Pyritic Shale
Member, suggesting the possibility that some of
the pyrite classified as Py-1b on textural criteria
may be Py-2, a possibility that requires further
investigation. The d34Sin situ Py2 values are
intermediate between the py-1a end members,
but showed no systematic trends within individ-
ual zoned aggregate samples. Because Py-2 only
occurs within Pb–Zn mineralized rocks, and Py-
2b sometimes has interstitial galena and spha-
lerite, Magnall et al. (2020b) concluded that Py-2
is part of the Teena hydrothermal event that
postdates the early diagenetic Py-1 event.
Unfortunately, Magnall et al. (2020b) did not
measure the S-isotopic compositions of galena
and sphalerite at Teena to determine the isotopic
relationship of Py-2 to the two ore sulfides and
further test their paragenetic sequence conclusion
that Py-2, galena and sphalerite are cogenetic and
formed during later diagenesis at Teena.

The S-isotope geochemistry of galena and
sphalerite, however, has been studied in the
HYC, Cooley and Ridge deposits. In a bulk
isotope study Smith and Croxford (1973)
reported d34Sbulk values for coexisting pyrite,
galena and sphalerite in a vertical section
through the HYC mineralization (Fig. 9). The
D34Sbulk sphalerite-bulk galena values are relatively

uniform, suggesting the two ore minerals were
in, or have approached, S-isotopic equilibrium.
The fractionations give equilibration tempera-
tures ranging from *90 to *240 °C. The
d34Sbulk pyrite values of Smith and Croxford
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intersected in the V121 Shaft (after Smith and Croxford
1973)

Light-Element Stable Isotope Studies of the Clastic-Dominated … 343



(1973), as well as being shown in Fig. 9, are
also included in Fig. 7. They reflect mixtures of
Py1 and Py2 and it is therefore not surprising
that the median d34Sbulk pyrite value falls
between those of Py1 and Py2. The d

34Sbulk pyrite

values increase progressively upwards from
−3.9‰ at the base of the deposit to 14.3‰ at the
top, whereas galena and sphalerite values do not
(Fig. 9). The pattern is strong evidence that
galena and sphalerite are not in isotopic equi-
librium with either Py1 or Py2. The pattern
further suggests that the ratio Py1/Py2 is highest
at the base of the HYC deposit and decreases
systematically up through the deposit. Smith
and Croxford’s (1973) preferred genetic inter-
pretation is that the HYC mineralization formed
syngenetically by a dual S-source process in
which Zn and Pb, either as sulfides or sulfide
complexes, were introduced intermittently into a
restricted local basin by exhaled basinal brines
whereas Fe was contributed continuously as
iron oxides or hydroxides that were converted to
pyrite by BSR in a restricted environment in
which the d34Sseawater sulfate increased upward
due to closed system Rayleigh fractionation.

In situ HYC d34Sgalena and d34Ssphalerite data,
reported by Eldridge et al. (1993), are included in
Fig. 7. Unlike the bulk and in situ pyrite values,
the bulk sphalerite and galena values are com-
parable to their in situ values. Eldridge et al.
(1993) concluded that sphalerite and galena
could not have formed from the same H2S pool
as the pyrite if all three sulfide minerals had had a
common hydrothermal origin, and also that
sphalerite and galena could not have formed
from the same BSR generated H2S pool as pyrite
even if all three sulfides had a biogenic origin. To
explain these conclusions Eldridge et al (1993)
proposed a syndiagenetic model for the HYC
mineralization in which the two pyrite genera-
tions formed at different stages of diagenesis by
BSR whereas sphalerite and galena, as well as
some gangue minerals, precipitated later from
hydrothermal fluids that travelled parallel to
bedding in the host sedimentary sequence before
it was totally lithified. In this genetic model the
two pyrite generations formed diagenetically by
BSR from relatively cool fluids dominated by Fe,

SO4
2− and CO2, whereas the base-metal sulfides

formed later from a warmer Pb–Zn bearing
hydrothermal fluid. The in situ data could not be
used to differentiate between galena and spha-
lerite formation involving a sulfate-dominant
oxidized hydrothermal fluid and inorganic sul-
fate reduction (i.e. TSR) as proposed by Wil-
liams (1978b), and precipitation from a H2S-
dominant reduced hydrothermal fluid. The
genetic model is similar to the Teena model of
Magnall et al. (2020b), the main difference being
that Eldridge et al. (1993) regarded Py2 to be an
extension of the BSR diagenetic event that
formed Py1 rather than a part of the hydrothermal
ore-forming event.

The possibility that galena and sphalerite
formed by TSR is problematic if the sulfate being
reduced is coeval seawater sulfate with the d34S
value of *26.8‰ discussed above. Figure 7a
shows the d34S values of sulfides that would
form by TSR from this sulfate at various tem-
peratures, based on the kinetic fractionation
equation of Kiyosu and Krouse (1990). The
majority of the galena and sphalerite d34S values
plot below 100 °C and below the temperature
range for TSR, and below the temperature range
suggested by the HYC D34Sbulk sphalerite-bulk galena

values. If the two ore minerals did form in the
trap environment by TSR, then the sulfate
involved was not coeval seawater sulfate with a
d34S value of *26.8‰, but rather was formed
from sulfate with a lower d34S value. One pos-
sibility is that the sulfate had a d34S value
of *20‰, consistent with the secular
d34Sseawater sulfate curve of Chu et al. (2007). This
possibility is illustrated in Fig. 7b. The resulting
temperatures of galena and sphalerite formation
are closer to those indicated by the galena-
sphalerite sulfur isotope fractionation geother-
mometer. If the coeval seawater sulfate indeed
had a d34S value of *26.8‰ and was the source
of reduced sulfur in the pyrite, then it is possible
that galena and sphalerite formed by TSR from
an oxidized hydrothermal fluid that transported
sulfate with a d34S value of *20‰, or from a
reduced hydrothermal fluid in which the reduced
sulfur had a value between *0 and *10‰. The
possibility that the sulfide sulfur in the two ore
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minerals was not coeval seawater sulfate, and the
oxidation state of the HYC hydrothermal fluid,
are subjects that need further investigation.

The few bulk d34S values of coexisting
sphalerite and galena in the Cooley and Ridge
prospects (Rye and Williams 1981) are similar to
those in the HYC, but D34Sbulk sphalerite-bulk galena

values are smaller and give a temperature range
130–300 °C. The temperatures fall westwards
away from the Emu Fault, consistent with the
temperatures indicated by the isotopic composi-
tion of the associated ore-stage dolomite.

Ireland et al. (2004b) measured the in situ
sulfur isotopic composition of two grain-size
variants of sphalerite in the HYC deposit, named
Sp1 and Sp2 (Fig. 7). Sp1 is the dominant type. It
is very fine grained (1–10 µm) and occurs as
irregular elongate aggregates (up to 200 µm
long) that combine to form sphalerite laminae up
to *1 mm thick (Ireland et al. 2004b). The less
abundant second type, Sp2, occurs as partial to
almost complete replacement of the nodular
dolomite found predominately towards the frin-
ges of the HYC deposit. Ireland et al. (2004b)
only analysed Sp1 and Sp2 in the lower HYC ore
lenses but sampling was widespread and inclu-
ded material from both the center and fringes of
the deposit. Sp1 d34Sin situ values are similar to
the in situ sphalerite values reported by Eldridge
et al. (1993), indicating that most of the spha-
lerite analysed in the previous study was Sp1.
The median values of d34Sin situ Sp1, d

34Sin situ Sp

2 and d34S bulk sphalerite (Fig. 7) suggest that Sp1
represents *60% of all the HYC sphalerite,
rather than > 80% as estimated by Ireland et al.
(2004b). The difference raises the possibility of
there being a strong positively-skewed contin-
uum of d34Ssphalerite values across the whole of
the HYC and that all the sphalerite formed during
a single event, a possibility also requiring further
investigation.

Ireland et al. (2004b) concluded that Sp1
formed when pulsed distal exhalations of warm
(100–150 °C) hypersaline sulfate-predominant
metalliferous brines ponded in a local depres-
sion, producing a stratified brine pool with each

stratum having different chemistries and tem-
peratures. It was argued the brine pool was
overlain by anoxic seawater and, above that
layer, oxic seawater. To explain the lack of
isotopic equilibrium between pyrite and spha-
lerite, Ireland et al. (2004b) postulated that Sp1
formed in, and settled from, a layer near the
base of the brine pool by reactions involving
H2S produced by BSR and minor amounts of
H2S generated by thermal sulfate reduction
(TSR). In contrast, Py1 formed at the same time
as Sp1 in a higher layer of the brine pool uti-
lizing H2S formed by BSR and more oxidized
sulfur species (SO4

2−, S0 and S2O3
−1) produced

by the cyclical sulfur oxidation and dispropor-
tionation in the oxic zone overlying the brine
pool. By contrast Sp2 and Py2 are postulated to
have formed diagenetically beneath the brine
pool in a metalliferous brine environment that
was partially closed and dominated by BSR-
generated H2S that produced heavier d34S val-
ues for Sp2 and Py2 than those for Sp1 and Py1
due to closed-system Rayleigh fractionation. No
attempt is made to explain the disequilibrium
isotopic relationship between Sp2 and Py2. The
genetic model of Ireland et al (2004b) is com-
plex and additional detail to that covered in the
above summary can be found in the original
reference.

Two more recent studies of the McArthur CD
Pb–Zn mineralization, neither of which involve
new stable isotope data, further supports the
diagenetic/epigenetic ore-forming conclusions of
Eldridge et al. (1993) and Magnall et al. (2020b)
rather than the syngenetic-exhalative conclusions
of Ireland et al. (2004b). Spinks et al. (2021)
used Maia Mapper, a µXRF mapping system,
and SEM and electron backscatter diffraction
observations to show that galena and sphalerite
in the HYC deposit formed by the hydrothermal
replacement of dolomite. Similarly, Magnall
et al. (2021), building on their earlier S-isotopic
study at Teena, used other mineralogical and
geochemical evidence to conclude that the Teena
galena and sphalerite also formed by carbonate
replacement.
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3.3 Clastic-Dominated Pb–Zn
Mineralization
in the Southern Mt Isa Inlier

The most economically important CD Pb–Zn
deposits in the Mt Isa Inlier are the Mt Isa, Hilton
and George Fisher deposits (Fig. 2). All occur in
the ca 1655 ± 7 Ma dolomitic Urquhart Shale
(Page and Sweet 1998). The Urquhart Shale also
hosts the large Mt Isa Cu orebodies that postdate
the Pb–Zn orebodies (Kawasaki and Symons,
2011; Large et al. 2005; Perkins 1984). Unlike
the McArthur Basin CD Pb–Zn mineralization,
that in the Mt Isa district is complexly altered
by faulting, folding, metamorphism and by
hydrothermal alteration related to Cu mineral-
ization. Much of the Mt Isa district CD Pb–Zn
mineralization is banded like the McArthur ores
but the banding and grain sizes are coarser. The
main sulfide minerals are sphalerite, galena,
pyrite and pyrrhotite. Deformed mineralization
displays textures indicative of extensive sulfide
remobilization, but some breccia and vein-hosted
mineralization appears to have been introduced
after the CD Pb–Zn mineralization (Chapman
2004).

3.3.1 Source
The value of d34Sseawater sulfate at the time of
deposition of the strata hosting CD Pb–Zn
deposits of the Mt Isa district is uncertain. The
secular d34Sseawater sulfate curve of Chu et al.
(2007) suggests the value was *28‰, whereas
in their study of the George Fisher deposit Rieger
et al. (2020) assume a value between 18 and
25‰.

3.3.2 Transport
Carbon and oxygen isotope studies in the Mt
Isa CD Pb–Zn district include Smith et al.
(1978), Heinrich et al. (1989) and Waring et al.
(1998). However, these studies are of little use in
elucidating the nature of the fluids that formed
the Mt Isa CD Pb–Zn deposits because, as was
shown by Waring et al. (1998), the isotopic
geochemistry of the Mt Isa carbonates reflects
hydrothermal alteration associated with the later
Mt Isa Cu mineralization, an event that

overprinted C- and O-isotopic evidence of the
earlier Pb–Zn mineralizing event.

3.3.3 Trap
Pyrite in the Urquhart Shale along a *17 km
interval of the formation stretching from *4 km
south of the Mt Isa deposit to a point *14 km
north of the deposit and *5 km south of the
George Fisher deposit has been studied by
Painter et al (1999). The study included 104
d34Sbulk measurements of fine-grained (< 30 µm)
pyrite, the earliest recognized pyrite generation in
the Mt Isa region). Although the most pyritic
portion of the studied interval is in the Mt Isa
deposit itself, Painter et al. (1999) found no
obvious difference in d34Sbulk pyrite values
between mineralized and unmineralized Urquhart
Shale.

The d34Sbulk pyrite values have a positively
skewed distribution (Fig. 10), interpreted by
Painter et al. (1999) as indicating the pyrite
formed in a restricted environment during late
diagenesis from sulfate-bearing fluids that flowed
parallel to bedding. Petrographic and spatial
arguments were used to conclude that the pyrite
formed by TSR rather than BSR. Painter et al
(1999) used geological and textural arguments
and a statistical analysis of all previous bulk
sulfur isotope results from the Mt Isa deposit
(Fig. 10) to conclude that fine-grained pyrite
predated the Pb–Zn mineralization and that the
mineralizing hydrothermal fluids were dominated
by reduced sulfur rather than by sulfate. This two
stage syndiagenetic model is similar to that pro-
posed for the HYC mineralization by Eldridge
et al. (1993).

Further insights into the formation of pyrite in
the Urquhart Shale and its CD Pb–Zn mineral-
ization are provided by Rieger et al. (2020) in an
in situ sulfur isotope study of pyrite in and near
the George Fisher CD Pb–Zn deposit. The study
includes data from unmineralized Urquhart Shale
at Shovel Flats at the northern end of the study
area of Painter et al. (1999). Four significant
stages of sulfide deposition are recognized by
Rieger et al. (2020). These are an early pre-ore
pyrite stage, followed by three stages of
hydrothermal sulfide deposition comprising
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pyrite, sphalerite, galena, pyrrhotite and chal-
copyrite. The first hydrothermal stage is the
dominant one and is the CD Pb–Zn stage. Five
pyrite types are identified by Rieger et al. (2020).
The earliest is Py-0, the fine-grained pyrite also
studied by Painter et al. (1999). Rieger et al.
(2020) divided Py-0 into two sub-types: Py-0a
that occurs as the bright cores of zoned Py-0
crystals and Py-0b that occurs as duller over-
growths around Py-0a. The first hydrothermal
pyrite phase, Py-1, is stratabound and coarser (�
several 100 µm) than Py-0. Py-1 is sometimes
replaced by sphalerite or galena to give the pyrite
atoll texture first described in the Mt Isa deposit
by Grondijs and Schouten (1937). The second
hydrothermal pyrite phase, Py-2, occurs in veins
and breccias that cut and replace the host sedi-
ments and previous sulfide phases. The third
hydrothermal pyrite stage, Py3, comprises stra-
tabound, massive units or veins and breccias that
cut all previous stages and host-rock bedding.
Py-3 is often accompanied by pyrrhotite. Another
pyrite type, euhedral pyrite (Py-euh), occurs as
overgrowths on Py-0 and is the coarsest (up to
several mm in grain size) pyrite type. It occurs at
Shovel Flats as well as in the George Fisher
deposit. Although Py-euh postdates Py-0, its
relationship, if any, to either one or more of the
hydrothermal pyrite phases is unclear. Further

and very detailed descriptions of the textural
relationship between the various sulfides in the
George Fisher mineralization and enclosing
sediments can be found in Rieger et al. (2020).

The in situ sulfur isotopic composition of the
George Fisher pyrite types are shown in Fig. 11.
Py-0 has the lowest isotopic values. In the
George Fisher mineralization the median d34S
value of Py-0a is −1.1‰ and that of Py-0b is
0.7‰, whereas at Shovel Flat the median Py-0a
value is 4‰. The in situ Shovel Flats values are
consistent with the bulk values of samples from
the same area reported by Painter et al. (1999).
The order of median d34S values is Py-
0 < Py2 < Py-1 < Py-3. Py-euh at both George
Fisher and Shovel Flats have similar wide dis-
tributions of d34S of values.

Because d34Sin situ Py-0 values are offset from
coeval seawater sulfate values (assumed to be
between 18 and 25‰) by � 25–32.5‰, Rieger
et al. (2020) concluded Py-0 formed during early
diagenesis by BSR under open-system conditions
rather than during late diagenesis by TSR as
argued by Painter et al. (1999). As Py-0b d34S
values are slightly higher than those of Py-0a
Rieger et al. (2020) also concluded that Py-0b
formed under increasingly sulfate-limited condi-
tions as diagenetic pore fluids became more
restricted.
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Rieger et al. (2020) noted that the variability
of Py-1 d34S values is at the hand-specimen
scale, suggesting Py-1 formed a transport-limited
environment that was not linked to the closing
environment in which Py-0 formed because of
the separation of the d34S values of the two pyrite
types (Fig. 11). Given the high positive d34S
values of Py-1 it was concluded it formed at a
temperature of > 100 °C by TSR involving the
oxidation of organic matter in the host Urquhart
Shale. During deformation following the Stage 1
hydrothermal event it is argued that the earlier
sulfides were recycled and replaced to form the
Stage 2 mineralization, resulting in Py-2 being
isotopically intermediate in values between Py-0
and Py-1. Py-3 is postulated to have formed by
TSR during a later deformational event associ-
ated with the Cu mineralization event. Because
Py-euh occurs in both mineralized and unmin-
eralized samples Rieger et al. (2020) concluded
that this pyrite type is unlikely to have had a
hydrothermal origin. Py-euh could have formed
by either TSR under conditions of variable rates
of sulfate replenishment relative to reduction, or
by sulfate reduction involving SD-AOM. Rieger
et al. (2020) did not measure the isotopic

composition of the sphalerite and galena in the
George Fisher deposit to test their conclusion
that the hydrothermal pyrite-forming mecha-
nisms also extends to the formation of galena and
sphalerite.

However, bulk S-isotopic values for galena
and sphalerite, as well as for pyrite and pyr-
rhotite, have been reported from the Mt Isa CD
Pb–Zn deposit by Solomon (1965) and Smith
et al. (1978) and their data are shown in Fig. 10.
The distributions of d34S values for the four
minerals are similar in both studies, but those
from Smith et al. (1978) are more useful from a
genetic viewpoint as they include 14 measure-
ments of coexisting galena, sphalerite, pyrrhotite
and pyrite. Their d34S values, with one excep-
tion, decrease in the order pyrite > spha-
lerite > pyrrhotite > galena, suggesting sulfur
isotope equilibrium was reached or approached
between the four minerals. However, because of
uncertainties regarding the purity of their mineral
separates, and discrepancies in equilibration
temperatures determined from D34S values of the
various sulfide pairs, Smith et al (1978) con-
cluded that isotopic equilibrium was never fully
established. The median values of pyrite
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measured by Solomon (1965) and Smith et al.
(1978) are respectively 17.0 and 18.1‰ and are
clearly different to the fine-grained pyrite studied
by Painter et al. (1999). Rather the pyrite is
similar to Py-1 at the George Fisher deposit
which has a median value of 16.9‰. The simi-
larity is further support for the conclusion of
Rieger et al. (2020) that Py-1 formation is a part
of the CD Pb–Zn ore-forming event.

The S-isotopic data of Smith et al. (1978) also
show that the Py-1 type pyrite is more similar
isotopically to coexisting galena and sphalerite
than is the case with the pyrite coexisting with
galena and sphalerite in the HYC ores. The dif-
ference suggests strongly that unlike the Mt Isa
ores, the HYC ores do not contain significant
quantities of hydrothermal pyrite, suggesting that
the hydrothermal fluids that formed the Mt Isa
mineralization had a higher abundance of Fe than
the HYC hydrothermal fluids.

3.4 Clastic-Dominated Pb–Zn
Mineralization
in the Central Mt Isa Inlier

A small but interesting CD Pb–Zn deposit, Lady
Loretta, occurs in the central Mt Isa Inlier
(Fig. 2). The host is the 1653 ± 7 Ma Lady
Loretta Formation which lies at the top McNa-
mara Group (Page and Sweet 1998). The min-
eralization and its geological setting has been
described by Carr (1984), Carr and Smith (1977)
and Duffett (1998). Unlike the other North
Australian CD Pb–Zn deposits, Lady Loretta has
thick lenses of layered barite with sphalerite,
pyrite and chert at the top of the mineralized
sequence. The strata hosting Lady Loretta may
have been formed in a lacustrine, rather than
marine environment (Large and McGoldrick
1998). The strata are dolomitic, but the carbonate
directly associated with the mineralization is
siderite (Large and McGoldrick 1998). Lady
Loretta is less metamorphosed than the ore
deposits of the Mt Isa district, but more meta-
morphosed than those in the McArthur Basin
(Carr and Smith 1977).

3.4.1 Source
A strong indication of the value of d34Swater
column sulfate at the time of deposition of the strata
hosting the Lady Loretta CD Pb–Zn deposit has
been provided by Gellatly and Lyons (2005) who
reported 23 CAS analyses from the Paradise
Creek Formation that lies *500 m beneath the
Lady Loretta Formation in the McNamara Group
(Southgate et al. 2000). The CAS d34S values
range from 14.1 to 37.3‰ and have a median of
30.6‰ which is taken here to be the value of
d34Swater column sulfate during Lady Loretta times.

3.4.2 Transport
Dolomite outside the Lady Loretta mineralization
has bulk d18OSMOW and d13C values respectively
of 16.5–18.2‰ and −1.5 to −0.9‰ (McGoldrick
et al. 1998). The d13C values fall in the range of
unaltered McArthur Basin dolomites whereas the
d18OSMOW values are lower (Fig. 5), a difference
attributed by Large et al. (2001) to a marine
depositional environment in the McArthur Basin
and a lacustrine one at Lady Loretta. Siderite
within the Lady Loretta mineralization has bulk
d18O and d13C values respectively of 23.2–
28.3‰ and −3.2 to −1.9‰. McGoldrick et al.
(1998) calculated that the siderite formed at
temperatures near 100 °C from a fluid with a
d18OSMOW value of 6‰ and a d13C value of
−6‰. Such a fluid falls in the low-temperature
HYC hydrothermal fluid (Fig. 6) modelled by
Large et al. (2001). The values are also consistent
with the ore-forming hydrothermal fluid being an
evolved basinal brine.

3.4.3 Trap
Bulk d34S values of pyrite, sphalerite, galena and
barite at Lady Loretta are reported by Carr and
Smith (1977). The median d34S values for the
three sulfides are similar to those at Mt Isa, while
barite has a median d34S value of 39.4‰
(Fig. 12). In the seven sets of d34S of coexisiting
pyrite-sphalerite-galena measurements made by
Carr and Smith (1977) only one set has the
relationship d34Sbulk pyrite > d34Sbulk sphalerite >
d34Sbulk galena, suggesting the three sulfides are
not in, or approached, isotopic equilibrium.
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By contrast, in all seven sets d34Sbulk sphalerite >
d34Sbulk galena, indicating the two ore minerals are
in, or have approached, sulfur isotope equilib-
rium and that they are both in isotopic disequi-
librium with pyrite. Bulk D34Ssphalerite-galena values
range from +2.3 to +4.7‰, corresponding to a
temperatures range of *125–300 °C. However,
this range should be treated with caution as Carr
and Smith (1977) had difficulties obtaining pure
mineral separates for analysis. Had galena and
sphalerite formed by TSR of the ambient water
column sulfate with a value of 30.6‰, then the
range of ore-forming temperature, based on the
fractionation equation of Kiyosu and Krouse
(1990) would be *110–160 °C (Fig. 12).

Carr and Smith (1977) noted a subtle increase
in d34Sbulk pyrite values up section at Lady Loretta
and suggested the trend reflected pyrite formation
by BSR in a restricted environment with an
increasingly limited supply of sulfate, as sug-
gested by Smith and Croxford (1973) to explain
a similar increase in d34Sbulk pyrite values up
section in the HYC deposit. The suggestion is
supported by the d34Sbulk barite values from the
barite lenses at the top of the deposit which
are *9‰ higher than the assumed ambient
water column sulfate value (Fig. 7). As sphalerite
and galena appear isotopically unrelated to pyr-
ite, Carr and Smith (1977) proposed a two S-
source model for the formation of the Lady
Loretta deposit in which Pb and Zn sulfides, or
sulfide complexes of Pb and Zn, were exhaled

into the restricted reservoir of seawater from
which the pyrite formed independently by BSR,
the same genetic model proposed for the HYC by
Smith and Croxford (1973).

3.5 Clastic-Dominatd Pb–Zn
Mineralization
in the Northern Mt Isa Inlier

The large CD Pb–Zn Century deposit in the
northern Mt Isa Inlier (Fig. 2) is hosted by the
siliciclastic Lawn Hill Formation that was
deposited at 1595 ± 6 Ma (Page and Sweet
1998). Although some pyrite occurs in a halo
around the deposit, the mineralization mostly
comprises sphalerite with only minor galena
(Broadbent et al. 1998). Some 80–90% of the
Century ores are finely banded and are interlay-
ered with sideritic siltstone and black shale, with
the remainder comprising later coarser-grained
vein- and breccia-style mineralization.

There are two types of sphalerite in the ban-
ded mineralization, one with a porous texture and
a high pyrobitumen content, and the other with a
non-porous texture and a low pyrobitumen con-
tent (Broadbent et al. 1998). A number of minor
vein and breccia-style occurrences of Pb–Zn
mineralization occur in a 10 by 20 km area to the
north, northwest and south of Century, and these,
together with Century, comprise the Burketown
mineral field (Polito et al. 2006).
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3.5.1 Source
The value of d34Sseawater sulfate at the time of
deposition of the strata hosting the Century
deposit is uncertain. The secular d34Sseawater sulfate
curve of Chu et al. (2007) indicates that the value
changed suddenly from *16 to *22‰ around
the Century host strata were being deposited.

3.5.2 Transport
Five textural types of siderite occur in the Cen-
tury deposit. Broadbent et al. (1998) report
d18Obulk and d13Cbulk values for siderite mixtures
that range respectively from 13.9 to 25.3‰ and
−8.3 to 2.5‰ (Broadbent et al. 1998: Fig. 17).
Because the analyses are of mixtures of siderite
types, they could not be used to make quantita-
tive estimates of the C- and O-isotopic compo-
sition of the hydrothermal fluids that formed the
Century deposit. Broadbent et al. (1998) simply
concluded that the siderites were deposited from
an 18O-enriched fluid, the source possibly being
evaporative carbonate sequences deep beneath
the Lawn Hill Formation. A subsequent fluid
inclusion study (Polito et al. 2006) found that the
porous sphalerite was deposited at temperatures

between 120 and 160 °C from a saline basinal
brine (*21% NaCl equivalent) with a dDfluid

range of −89 to −83‰. It was concluded that the
fluids were highly evolved meteoric waters that
came from siliciclastic strata some 8–10 km
beneath the Century deposit site.

3.5.3 Trap
The bulk sulfur isotope values of sphalerite,
galena and pyrite at Century measured by
Broadbent et al. (1998) and Polito et al. (2006)
are illustrated in Fig. 13. The median values of
the pyrite, porous and non-porous sphalerite and
galena in the stratiform mineralization reported
by Broadbent et al. (1998) are similar (respec-
tively 11.0‰, 10.2‰, 9.2‰ and 11.1‰) which,
along with textural evidence, led Broadbent et al
(1998) to conclude they are cogenetic. However,
the sphalerite in the stratiform mineralization
measured by Polito et al. (2006) has a median
value of 13.2‰ indicating that the spread of
d34Ssulfide values in the CD Pb–Zn mineralization
at Century is greater than that found by Broad-
bent et al. (1998) and a good understanding of
the formation of the Century mineralization

n=3Bulk  late Py
n=20Bulk  banded Py

Bulk  porous Sp n=4
n=5Bulk  non-porous Sp

Bulk  late Sp n=10
Bulk  banded Gn n=3

Bulk  late Gn n=5
n=3Bulk  lode Py

Bulk  lode Sp n=23
n=9Bulk  lode Gn

n=4Bulk  banded Sp
n=6Bulk  late Sp

n=9Bulk  late Gn
Bulk  lode Py

Bulk  lode Sp n=24
Bulk  lode Gn n=22

-20                 -10                     0                    10                   20                    30                  40                   50                   60  

Po
lit

o
et

 a
l. 

(2
00

6)
Br

oa
db

en
t e

t a
l. 

(1
99

8)

? ?

??
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requires a comprehensive in-situ S-isotope study
of the deposit.

Sulfides in the Century vein and breccia
mineralization have higher bulk values than those
in the stratiform mineralization, while those in
the nearby Burketown mineral field are even
higher (Fig. 12). To explain this observation
Broadbent et al (1998) argued that that the
Century and Burketown deposits are part of a
single mineralizing system involving a large
closed-system sulfate-rich fluid reservoir that
became progressively enriched in 34S as sulfides
formed by TSR over a long period. These authors
also postulated that the Century CD Pb–Zn
mineralization formed by the subsurface
replacement of silica and infill of pore space in
the host sediments during late diagenesis, with
porous sphalerite forming by oil-mediated TSR
reactions and the non-porous sphalerite by gas-
mediated TSR reactions. However, Polito et al.
(2006) concluded that the fluids that formed
Century did not form the vein and breccia min-
eralization elsewhere in the Burketown mineral
field.

4 The North American Paleozoic
Cordillera Clastic-Dominated Pb–
Zn Province—Canada

Several well-studied CD Pb–Zn deposits occur in
the Selwyn Basin in the Canadian portion of the
North American Cordillera (Fig. 14), including
the Howards Pass deposit which is the second
largest of the world’s ten largest CD Pb–Zn
deposits based on Pb + Zn content (Leach et al.
2005). The Selwyn Basin CD Pb–Zn deposits are
hosted by strata ranging in age from Cambrian to
Devonian. The Basin is well suited to sulfur
isotope studies to elucidate the role seawater
sulfate might have been played in the formation
of these deposits because the secular d34S seawater

sulfate curve for the Paleozoic is well documented
(Claypool et al. 1980); there are numerous hori-
zons of sedimentary/early diagenetic pyrite
within the basin, as well as horizons rich in
barite, and there are three significant groups of

CD Pb–Zn deposits of different ages in the basin.
They are the Cambrian Anvil Range group, the
Ordovician–Silurian Howards Pass group and the
Late Devonian MacMillan Pass group. (Fig. 13).
The Anvil Range deposits have not been studied
using in situ techniques, unlike those MacMillan
and Howards Pass deposits, and are therefore not
considered further in this Chapter. However,
information about their stable isotope character-
istics can be found in Campbell and Ethier
(1974) and Shanks et al. (1987).

In the first of two related papers that greatly
influenced ideas on the formation of CD Pb–Zn
mineralization worldwide, Goodfellow and
Jonasson (1984) presented secular S-isotopic
curves for pyrite and barite in the Selwyn
Basin. The barite curve is similar in shape to the
global seawater sulfate curve of Claypool et al.
(1980), but is consistently 5–10‰ higher than
the seawater sulfate curve. By contrast, the pyrite
curve of Goodfellow and Jonasson (1984) is
different and exceeds the d34S seawater sulfate curve
in three periods: the Late Ordovician, the Early
Devonian and the Late Devonian. These three
periods were interpreted to be times of almost
complete reduction of seawater sulfate by BSR in
restricted and stagnant deep euxinic layers of a
stratified ocean. In the second paper Goodfellow
(1987) noted that the interpreted periods of
stagnation appear to coincide with periods of CD
Pb–Zn mineralization and linked ore formation
to stagnation. Because the isotopic curves for
sphalerite and galena generally track the pyrite
curve in the Selwyn Basin, Goodfellow (1987)
further argued that the sulfide-S in the ore min-
erals also formed in the stagnant layer and con-
cluded that CD Pb–Zn ores formed in the Selwyn
Basin upon the exhalation of base-metal rich, but
S-poor, hydrothermal fluids into stagnant euxinic
ocean water (Fig. 1a, Pathway 1). This
sedimentary-exhalative model is based on bulk
sulfur isotopic measurements, but with the
advent of in situ isotopic analytical technologies
and their application to the MacMillan Pass and
Howards Pass CD Pb–Zn deposits, a very dif-
ferent history of ore-forming processes has
emerged.
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4.1 Clastic-Dominated Pb–Zn
Mineralization in the
MacMillan Pass District

The MacMillan Pass CD Pb–Zn mineralization
occurs in the Late Devonian Earn Group.
Although the host rocks have been slightly
metamorphosed (to sub-greenschist facies) and
deformed into tight folds, mineralization display-
ing well-preserved sedimentary and hydrothermal
features occurs in the limbs of folds (Magnall et al.
2016b). There are two significant deposits at
MacMillan Pass, Tom (Andsell et al. 1989) and
Jason (Gardner and Hutcheon 1985). Tom is
located *6 km east of Jason. Both deposits have
several zones of stratiform mineralization in a

sequence of chert conglomerates and biosiliceous
mudstones that accumulated in a submarine fan on
the eastern edge of the Selwyn Basin. Both
deposits have well-developed feeder zones.

4.1.1 Source
The value of d34Sseawater sulfate at the time of
deposition of the Late Devonian strata hosting
the Tom and Jason CD Pb–Zn deposits
is *24‰ (Magnall et al. 2016a).

4.1.2 Transport
A study of the Tom and Jason feeder zones by
Magnall et al. (2016a) provides important
insights into the nature of the fluids involved in
the formation of the deposits. Two stages of

Fig. 14 Location of the most
significant CD Pb–Zn deposit
districts in the North
American Cordillera CD Pb–
Zn Province. The term Realm
in the geological map legend
refers to the various
components of the pre-
accretionary terranes that
today comprise tectonic
elements of the North
American Cordillera
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feeder-zone development are recognized. Stage 1
comprises pervasive ankerite alteration of the
organic-rich mudstone host rock and associated
crosscutting ankerite stockwork veining (±py-
robitumen, pyrite and quartz). Stage 2 involves
the deposition of massive sulfide (galena, pyr-
rhotite and pyrite ± chalcopyrite and sphalerite)
and siderite (±quartz and barytocalcite).

d13Cbulk ankerite and d18Obulk ankerite values for
Jason feeder complex correlate positively and
strongly but those for Tom do not (Fig. 15). The
Tom d13C bulk ankerite values are similar to those at
Jason, but Tom d18Obulk ankerite values are on
average *2.5‰ higher. Temperature-dependent
fluid-rock interaction modelling by Magnall et al.
(2016a) indicates that the earliest ankerite-
forming event involved a fluid with an initial
isotopic value of −3‰ for d13C and + 9.5‰ for
d18O at Jason and −2.5‰ for d13C and + 10.0‰
for d18O at Tom (Fig. 6). Fluid inclusion data
indicate that the hydrothermal fluids entering the
feeder zones were initially hot (270–300 °C) but
cooled during the evolution of the Stage 1
ankerite event. It is concluded that the
hydrothermal fluids had a modest salinity (6 wt%

NaCl), were initially hot (270–300 °C) with a pH
(� 4.5) and were metal rich (� 100 ppm Pb,
Zn). As there are no evaporites in the Selwyn
Basin, the modest salinity of the hydrothermal
fluid is interpreted to have been derived origi-
nally from seawater trapped in Selwyn basinal
rocks. Their high d18O values of *10.0‰ sug-
gest these basinal fluids evolved as they inter-
acted with the basinal sedimentary lithologies
(Magnall et al. 2016a).

4.1.3 Trap
Stage 2 fluid inclusion data of Magnall et al.
(2016a) indicate that during sulfide deposition
the hydrothermal fluids in the feeder zones to the
Tom and Jason deposits cooled to between 215
and 108 °C. Stage 2 bulk pyrite, galena and
sphalerite d34S values from feeder complexes are
illustrated in Fig. 16. The Jason feeder zone bulk
galena d34S values have limited range compared
to those at Tom and are also significantly lower.
Because the feeder-zone sulfide minerals appear
to have formed close to the sediment–water
interface, Magnall et al. (2016a) assumed that
Late Devonian seawater sulfate with
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d34Ssulfate *24‰ was the source of the sulfide S.
As the fluid inclusion data indicate that the
temperature of sulfide formation was � 108 °C,
Magnall et al. (2016a) argued that the sulfide
sulfur was generated by the TSR of seawater
sulfate. Based on their sulfur isotope measure-
ments and the kinetic isotope fractionation
equation of Kiyosu and Krouse (1990) for TSR,
Magnall et al. (2016a) found that the sulfides at
Jason formed at temperatures broadly consistent
with the temperatures derived from their fluid
inclusion measurements. Given the contrasting
S-isotopic composition of the Tom sulfides it was
further suggested that the sulfide sulfur at Tom
might have formed at cooler temperatures by
BSR.

Turning to the stratiform CD Pb–Zn miner-
alization adjacent to the Tom and Jason feeder
complexes, Magnall et al. (2015) observed that
the ore-bearing sequences at Tom and Jason
contain abundant preserved radiolarians, includ-
ing beds up to 10-cm-thick with > 50% radio-
larians that are partially preserved by an early
generation of pyrite that is overprinted by base-
metal sulfides. The radiolarian-rich lithologies
are interpreted to be a favorable host for miner-
alization due to high porosities during early
diagenesis. Because the lithology also contains
abundant organic matter it has a high capacity for

the generation of sulfide via in situ sulfate
reduction.

The stable isotope geochemistry of the Tom
and Jason CD Pb–Zn mineralization was studied
by Magnall et al. (2016b). The study includes
in situ d34S data for barite and pyrite from rela-
tively undeformed drill core samples, as well as
bulk d34S values for pyrite extracted from barren
mudstones between the two deposits and above
and below the Tom deposit. Magnall et al.
(2016b) identified three phases of mineralization.
Stage 1 includes > 7 µm framboidal pyrite (Py–
I) and small (< 25 µm) anhedral crystals of barite
(brt-I) that replace quartz in the host mudstones.
Stage 2 is characterized by euhedral pyrite that
occurs as stratiform accumulations (Py–IIa) or
solitary crystals (Py–IIb), and by coarser-grained
(> 25 µm) and equant barite (brt–II) that is often
associated with Py-IIa. Stage 2 also has barite in
veins (brt–III) as well as euhedral celsian. The
main mineralization event is Stage 3. It includes
pyrite, sphalerite, galena and witherite. Stage 3
pyrite (Py–III), occurs as large sub- to anhedral
replacements of earlier barite, and witherite
occurs as an accessory phase to sphalerite.
Galena is the final phase in the Stage 3 event,
occurring as anhedral, interstitial crystals that
replace earlier barite and pyrite along stratiform
horizons.
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The in situ barite d34S values from the three
stages are similar (Fig. 17) and Magnall et al.
(2016b) concluded that the barite sulfate origi-
nated from modified Late Devonian seawater.
They also observed that radiolarian tests in the
host sediments have high Ba contents and con-
cluded the enrichment reflected high levels of
biological activity that predated diagenetic base-
metal mineralization.

The various pyrite generations have distinc-
tive sulfur isotopic compositions (Fig. 17). Py-I
has the lowest d34S values, Py-IIa has the high-
est, and Py-IIb and Py-III have values between
Py-I and Py-IIa. Py-I values are offset from the
ambient seawater SO4

2− value by between 44
and 54‰ and are interpreted to reflect formation
by BSR, consistent with the framboidal texture of
Py-I. Because the majority of framboids are > 7
µm in diameter it is further argued that Py-I
formed diagenetically below the sediment–water
interface rather than in a euxinic water column
because framboids that form above the sedi-
ment–water interface typically have smaller
diameters. Py–II is the heaviest isotopically and
Magnall et al. (2016b) concluded from its iso-
topic composition and relationship with brt-II

barite that it formed diagenetically below the
sediment–water interface by SD-AOM. Py-III
has a broad distribution of d34S values that
overlap Py-II, but which extends to lower values.
The formation of sphalerite and galena is not
discussed in detail in Magnall et al. (2016b) other
than a brief comment that barite replacement by
these sulfides might be an important mineralizing
pathway in those CD Pb–Zn deposits rich in
barite. Bulk pyrite d34S values from barren
mudstones range from −15.6 to +8.7‰ (n = 37).
Because the range falls between the distributions
of Py–I and II the bulk pyrite is interpreted to be
mixtures of these two pyrite types.

Magnall et al. (2020c) presented a new sub-
seafloor replacement model for the MacMillan
Pass deposits using the stable isotope data and
arguments discussed above, as well as new
geological, geochemical and mineralogical
information from Magnall et al. (2020a). The
new model has ore formation occurring entirely
in the subsurface from hot (300 °C) mineralizing
fluids that thermally degraded organic matter,
generating CO2 that promoted barite dissolution
and not only triggered sulfide precipitation by
TSR but also increased porosity and permeability
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that further facilitated ore formation. Gardner and
Hutcheon (1985) report bulk (physical separates)
S-isotopic values of galena and sphalerite from
both the feeder zone and the CD Pb–Zn miner-
alization at Jason (Figs. 16 and 17). The values
are consistent with the derivation of their sulfide-
S by TSR of Late Devonian seawater sulfate at
temperatures � *150 °C, with feeder zone
having the higher temperatures (Fig. 16).

4.2 Clastic-Dominated Pb–Zn
Mineralization
in the Howards Pass District

CD Pb–Zn mineralization in the Howards Pass
district occurs in the Ordovician–Silurian Duo
Lake Formation. There are fourteen known
deposits at Howards Pass, the largest being XY,
Don, and Anniv. The main sulfides are sphalerite
and galena, with pyrite a minor though ubiqui-
tous component (Goodfellow and Jonasson
1986). The host sediments comprise carbona-
ceous and calcareous mudstones and some
siliceous mudstones (Gadd et al. 2016).
Descriptions of the geological and geochemical
characteristics of the Howards Pass mineraliza-
tion can be found in Gadd et al. (2016), Kelley
et al. (2017), Martel (2017) and Slack et al.
(2017). Following the bulk sulfur isotopic
Howards Pass studies of Goodfellow and
Jonasson (1984) and Goodfellow (1987) dis-
cussed above, Gadd et al. (2017) presented a
more detailed study of the Howards Pass min-
eralization that included both in situ and bulk
isotopic isotopic measurements. Johnson et al.
(2018) subsequently published a new and very
comprehensive bulk pyrite d34S stratigraphic
profile for an unmineralized Duo Lake Formation
section in the region of the XY, Central, Don and
Don East mineralization.

4.2.1 Source
The value of d34Sseawater sulfate at the time of
deposition of the Silurian strata hosting the
Howards Pass CD Pb–Zn deposits is *24‰
(Gadd et al. 2017).

4.2.2 Trap
In a detailed textural study Gadd et al. (2016)
showed that pyrite of the Howards Pass district
had a protracted growth history. Py1 is the ear-
liest generation. It is framboidal and formed
either in the water column or during very early
diagenesis. During later diagenesis two younger
pyrite generations (Py2a and Py2b) formed con-
currently with sphalerite and galena. An even
younger generation, Py3, occurs as porphyrob-
lasts in strain shadows in deformed rocks and is
therefore related to later deformation rather than
to the mineralizing event.

Gadd et al. (2017) measured the in situ sulfur
isotopic composition of the four pyrite types and
galena from across the Howards Pass district, as
well as the bulk sulfur isotopic compositions of
coexisting sphalerite and galena in the XY
deposit. The data are summarized in Fig. 18.
The d34S values of the framboidal Py1 are all
negative and D34Sseawater sulfate-pyrite 1 values
range from *34 to 54‰. The range is strong
evidence that Py1 formed by BSR either syn-
genetically in the water column or during early
diagenesis from coeval seawater sulfate with a
d34S of *28‰. The d34S values of Py2a and
Py2b are much higher than those of Py1 and are
interpreted to reflect formation during later dia-
genesis by TSR. Gadd et al. (2017) note that the
Py2 values mimic the secular Selwyn Basin
pyrite curve that Goodfellow and Jonasson
(1984) used to argue that the Howards Pass host
rocks were deposited during a period of basin-
wide stagnation when the oceanic environment
was restricted and euxinic. However, as pointed
out by Gadd et al. (2017), it is the isotopic
composition of Py1 that reflects conditions in the
oceanic water column and the Py1 data do not
support the idea that the Howards Pass host rocks
were deposited in a restricted euxinic
environment.

The d34Sin situ galena values are significantly
lighter than the d34Sbulk galena values (Fig. 18),
but the reason for this difference remains unclear.
Amongst the bulk sulfur isotope measurements
there are 12 coexisting sphalerite-galena pairs, all
with d34Sbulk sphalerite > d34Sbulk galena. Gadd et al.
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(2017) concluded that the two phases formed
concurrently in isotopic equilibrium, with
D34Ssphalerite-galena yielding a median temperature
of *160 °C. It was further concluded galena
and sphalerite formed by TSR involving coveal
seawater sulfate with a d34S value of *28‰, a
conclusion further supported by the sulfide d34S
values predicted by the kinetic fractionation
equation of Kiyosu and Krouse (1990) for TSR
involving sulfate with a d34S value of *28‰
(Fig. 18).

Gadd et al. (2017) concluded that Howards
Pass mineralization formed diagenetically
beneath a brine pool in a depression floored
(Fig. 1a Pathway 2) by water saturated, organic-
rich hemipelagic sediments. Initial BSR of sea-
water sulfate triggered Py1 precipitation at the
top of the sediment pile or just above in the
overlying water column. Subsequently exhaled
dense warm (> 100 °C) hydrothermal fluids
entered the system and ponded above the pyritic
muds. These fluids then seeped down into the
porous muds where TSR, initially catalyzed by
BSR-produced H2S, precipitated both Py2 gen-
erations, sphalerite and galena deeper in the
sediment pile. Py3 is postulated to have formed
later in response to metamorphism associated
with Jurassic to Cretaceous orogenesis. In sup-
port of their argument that Py2a and 2b, sphalerite
and galena formed diagenetically in the sediment

pile, Gadd et al. (2017) noted that calcite asso-
ciated with the mineralization has d13C values
ranging from −1 to −6‰. Much of the calcite is
nodular, suggesting it formed diagenetically,
with its low d13C values coming from the oxi-
dation of organic carbon (with d13C values of *
−28‰) associated with the TSR event that
formed Py2, galena and sphalerite.

In an attempt to reconcile the older stagnant
euxinic basin ore-forming model at Howards
Pass with the new contradictory findings just
discussed, Johnson et al. (2018) constructed a
new bulk pyrite d34S stratigraphic profile through
an unmineralized section of the Duo Lake For-
mation at Howards Pass. The new profile is
shown in Fig. 19. The d34S values of pyrite range
from *−15‰ at the base of the section to 30‰
at the top, which is twice the range found by
Goodfellow and Jonasson (1984). Johnson et al.
(2018) argued that if the high positive values had
been due to stagnation in a restricted anoxic
oceanic basin, then the anoxic environment must
have remained uninterrupted for some 20 Myr.
The improbability of this situation, together with
other geochemical evidence that the sequence
was at least intermittently oxygenated (Slack
et al. 2017), led Johnson et al. (2018) to propose
that the base of the Duo Lake Formation was
dominated by isotopically low Py1, and that
pyrite with highly positive d34S values became
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Fig. 18 Box and whisker diagram of sulfur isotopic data
for sulfides in the Howards Pass deposits (after Gadd et al.
2017). The dashed blue, vertical lines show the value of

d34Ssulfide formed by thermochemical sulfate reduction at
various temperatures assuming a seawater sulfate with a
value of 24‰
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increasingly abundant up section. It is unclear
from the textural descriptions of the latter pyrite
generation (predominantly subhedral to euhedral
crystals) if it is Py2 and/or Py3 as defined by
Gadd et al. (2016, 2017). Johnson et al. (2018)
also found that d13Cbulk carbonate values decrease
up section from *−2.5 to *−12.2‰, a trend
that correlates with an increase in TOC. The
trends are interpreted as indicating that beneath
the Howards Pass mineralization pyrite formed
by BSR, whereas starting immediately below the
mineralized horizon, pyrite with high positive
d34S values began forming by SD-AOM that also
generated oxidized carbon complexes with low
d13C values that concurrently formed low-d13C
authigenic carbonate. Johnson et al. (2018) sug-
gested the high positive isotopic composition of
galena and sphalerite in the Howards Pass min-
eralization might also have formed by SD-AOM,
rather than by TSR as proposed by Gadd et al.
(2017). However, the various temperature esti-
mates of galena and sphalerite at Howards Pass
are inconsistent with SD-AOM being an impor-
tant ore-forming process.

5 The North American Paleozoic
Cordillera Clastic-Dominated
Pb–Zn Province—United States

The Alaskan part of the Northern American
Cordillera hosts the world’s largest CD Pb–Zn
deposit based on Pb + Zn content (Leach et al.
2005). It is the Red Dog deposit complex located
in the Western Brooks Range in northern Alaska
(Fig. 14). The complex comprises of four large
CD Pb–Zn deposits (Qanaiyaq, Main, Aqqaluk
and Paalaaq). They occur in organic-rich silic-
eous mudstones, shales, cherts and carbonates of
the Carboniferous Kuna Formation (Leach et al.
2004). The deposits were originally one single
deposit but were dismembered during the
Mesozoic Brookian orogeny *100 Ma after the
deposition of the Kuna Formation.

The stratigraphic top of the deposits is marked
by a sulfide-poor barite facies, beneath which, in
descending order, lies a sulfide-bearing barite
facies, a silica rock facies, a massive sulfide
facies and, at the base, a sulfide vein facies
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(Leach et al. 2004). About 20% of the Red Dog
production has come from the sulfide-bearing
barite facies, 60% from the massive sulfide
facies, and 20% from the sulfide vein facies
(Kelley et al. 2004).

The sulfide-bearing barite facies comprises
two textural types of barite, a fine-grained (10–
50 µm) equigranular type and a coarse-grained
(up to 3 cm) type (Kelley et al. 2004). Both types
are intergrown with sulfide minerals, with sul-
fides locally interlayered with barite. The silica
rock facies is characterized by strongly silicified
barite dominated by medium-grained zoned
euhedral quartz. The massive sulfide facies (>
40% sulfides) comprises semi-massive and mas-
sive, unbedded sulfide mineralization, with the
sulfides disseminated in a dense silica matrix.
Within this facies there are rare zones of banded
and fragmental sulfides. Although sulfide veins
occur throughout the mineralization, they are
most abundant at the base and periphery of the
mineralization. Veins vary in width from *1
mm to 1 m and in places the vein density is
sufficient to constitute ore.

The main sulfides in the Red Dog deposits are
sphalerite, galena, pyrite and marcasite. Kelley
et al. (2004) divided the mineralization into 4
temporal stages, each characterized by different
colors of sphalerite. The earliest stage, Stage 1, is
characterized by early brown sphalerite, Stage 2
by yellow–brown sphalerite, Stage 3 by red-
brown sphalerite and the final stage, Stage 4, by
tan sphalerite.

5.1 Source

The value of d34Sseawater sulfate at the time of
deposition of the Carboniferous strata hosting the
Red Dog is 17.5 ± 1‰ (Johnson et al. 2004).

5.2 Transport

To date there have been no stable isotope studies
directly relevant to the elucidation of the origin
of the hydrothermal fluids that formed the Red
Dog deposits. However, Leach et al. (2004)

found that the Stage 4 red-brown sphalerite at
Red Dog contains fluid inclusions suitable for
study. They revealed that red-brown sphalerite
formed between 100 and 180 °C from a fluid
with a salinity of 14–19 wt% NaCl equivalent,
consistent with the fluid being an evolved basin
brine that obtained its salinity through the evap-
oration of seawater. No fluid inclusions data
could be obtained from the earlier three spha-
lerite stages.

5.3 Trap

In situ sulfur isotopic values of sphalerite, pyrite
and galena reported by Kelley et al. (2004) are
shown in Fig. 20. As the value of d34Sseawater
sulfate at the time of deposition of the Red Dog
host rocks was *17.5‰. D34S sulfide-sulfate values
for Stage 1 sphalerite and pyrite range from *40
to 55‰ providing good evidence that the two
sulfides formed by BSR. However, given the
possibility of barite-inclusion contamination in
some samples, Kelley et al. (2004) noted that the
fractionation could be considerably smaller—in
the range 15–25‰. In either case, the Stage 1
sphalerite and pyrite data are consistent with
BSR involvement in their formation. The rare
Stage 1 galena has low positive d34S values,
unlike the low negative values for sphalerite and
pyrite, indicating that the ore-forming sulfides
did not approach or achieve S-isotopic equilib-
rium. This isotopic relationship is interpreted
as indicating rapid low temperature sulfide
precipitation.

In contrast, Kelley et al. (2004) concluded that
the formation of the Stage 2 and 3 mineralization
was dominated by TSR based on D34S sulfide-

sulfate values of *15‰ for Stage 2 and 3 sulfides
and Red Dog barite. Few available pyrite and
galena sulfur isotope measurements from the
Stage 2 and 3 mineralization lie within the ranges
of the sphalerite measurements, suggesting that
their formation also involved TSR. Sulfides in
the Stage 4 mineralization are characterized by
isotopic values similar to those in Stage 1 min-
eralization, suggesting BSR was also involved
in their formation (Kelley et al. 2004).
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A comparison of the d34S values of sphalerite
and galena with the sulfide d34S values predicted
by the kinetic fractionation equation of Kiyosu
and Krouse (1990) for TSR involving sulfate
with a d34S value of *17.5 (Fig. 20) are con-
sistent with the Stage 1 colloform and dendritic
galena, and Stages 2 and 3 galena and sphalerite
all forming by TSR from coeval seawater sulfate.

In summary, Kelley et al (2004) concluded
from geological, mineralogical, textural, geo-
chemical and isotope data that the formation of
the Red Dog mineralization was protracted and
complex. During the early Stage 1 event barite,
brown sphalerite, pyrite and galena formed by

BSR in organic-rich muds at or below the sea-
floor at temperatures from cool (< 100 °C)
hydrothermal fluids rich in Ba, Zn and Pb.
Warmer (100–200 °C) hydrothermal fluids
recrystallized barite and deposited Stage 2 yel-
low–brown sphalerite, pyrite and galena in
partly-lithified organic-rich muds below the sea-
floor, with H2S produced by TSR of sulfate
sourced from either barite or seawater. During
Stage 3 the continued alteration of mudstones
produced methane, hydrofracturing and veins in
which barite, red-brown sphalerite, pyrite or
marcasite and galena were deposited from
the evolving hydrothermal fluids. Red-brown
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sphalerite and pyrite also formed from the fluids
by the replacement of earlier-deposited barite.
Finally, Stage 4 event appears to be related to
Brookian-age thrusting; it is thus not part of the
main hydrothermal event that formed the original
mineralization.

6 Implications for Clastic-
Dominated Pb–Zn Mineral
Systems

6.1 Source

The consensus view that Pb and Zn in CD Pb–Zn
deposits is leached from host-basin sedimentary
and/or volcanic rocks lying stratigraphy beneath
the deposits is difficult to test using stable iso-
topes. At best, as shown by Cooke et al (1998)
and Champion et al. (2020) in their source-
related studies in the McArthur Basin, stable
isotopes can be used to infer the C- and O-
isotopic composition of fluids that might have
leached metals from potential source rocks, but
only in those rare cases where potential source
rocks can be accessed and analysed. As both
studies showed, the approach does not produce
definitive outcomes. So far little attention has
been paid to the source of the significant amounts
of iron contained in the early pyrite attributed to
BSR in pyrite-rich CD Pb–Zn deposits such as
those in the McArthur Basin and Mt Isa district.
Possibilities include an ordinary oceanic envi-
ronment, a ferruginous ocean, and/or hydrother-
mal fluids. Which, if any, of these sources are
important is a subject requiring further research.

The consensus view that contemporaneous
seawater sulfate is the source of sulfide-S in CD
Pb–Zn deposits has been clearly demonstrated in
the case of the North American Paleozoic
deposits. The involvement of seawater sulfate in
the formation of the Proterozoic age Aus-
tralian CD Pb–Zn deposits cannot be demon-
strated so well, because the secular d34S seawater

sulfate curve for the Proterozoic is less well
understood. Nevertheless the S-isotopic geo-
chemistry of sulfides in the older Australian CD
Pb–Zn deposits is consistent with their derivation

from sulfate with large positive d34S values
which in all probability was seawater sulfate.
However, in the case of the HYC deposit, it is
possible that the ore-forming reduced sulfur was
generated by TSR at depth and transported to the
trap in a reduced fluid. While this reduced sulfur
was formed from seawater sulfate, there is some
evidence to suggest it had a different d34S value
to that of the sulfate in the water column from
which the host strata of the HYC deposit were
deposited.

6.2 Transport

Insights into the nature of the transporting
hydrothermal fluids that form CD Pb–Zn
deposits have come from carbon and oxygen
isotopic composition of carbonates in and sur-
rounding CD Pb–Zn mineralization. Fluid-
mineral modelling of carbon and oxygen iso-
topic data typically yields results suggesting that
the fluids had high d18O values (� 6‰), typical
of basinal-generated fluids that evolved geo-
chemically through exchange with the basinal
sedimentary rock pile (Fig. 6). In the HYC and
Jason deposits where carbonate was either
deposited from the hydrothermal fluids or fully
exchanged with the fluids, d13Ccarbonate and
d18Ocarbonate values correlate and have low posi-
tive slopes (Figs. 4 and 15) suggesting that the
dominant carbonate species in the fluids was
H2CO3 rather than HCO3

− (Cooke et al. 1998:
Fig. 19). The hydrothermal fluids that formed
both the HYC and MacMillan Pass mineraliza-
tion were therefore neutral to acidic.

6.3 Trap

The preferred trap-related ore-precipitating pro-
cesses presented in the more comprehensive
in situ studies discussed above are summarized in
Table 1. The studies do not support the simple
sedimentary-exhalative process favoured in the
era preceding in situ sulfur isotope studies.
Rather they indicate trap processes involving a
protracted period of sulfide precipitation. In most
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Table 1 Summary of genetic models arising from in situ light stable isotope results of comprehensively studied CD
Pb–Zn deposits in the Northern Australian and North American Cordillera provinces

Deposit Reference Pre-mineralization events Mineralization events

HYC Eldridge
et al.
(1993)

Py1 forms by BSR during early diagenesis
in an environment open to seawater sulfate
Py2 forms by BSR during later diagenesis
in an environment becoming increasingly
closed to seawater sulfate

Sphalerite and galena form after Py1 and
Py2 from a Pb–Zn rich hydrothermal fluid
either by TSR from a sulfate-dominant Pb–
Zn rich hydrothermal fluid or by direct
precipitation from a H2S dominant Pb–Zn
rich hydrothermal fluid

Ireland
et al.
(2004b)

Py1 forms by BSR in the upper layers of a
stratified brine pool
Py2 forms during early diagenesis in a
sulfate-restricted environment beneath the
brine pool by BSR and minor TSR

Sp1 forms in the lower layers of a stratified
brine pool by BSR
Sp2 forms during early diagenesis in the
sulfate-restricted environment beneath the
brine pool by BSR and minor TSR

Teena Magnall
et al.
(2020b)

Py-1a forms both in and around the
mineralized zone by BSR in an
environment open to seawater sulfate
Py-1b forms during diagenesis either by
BSR or SD-AOM

Py-2 is part of the galena-sphalerite ore-
forming event that post-dates the formation
of Py-1a and Py1b. Magnall et al. (2020b).
did not discuss in detail the processes
involving the formation of galena and
sphalerite

Magnall
et al.
(2021)

As above In a study unrelated to stable isotopes it is
concluded that Py-2, galena and sphalerite
form by carbonate replacement during the
mid-stage of burial diagenesis, most likely
by processes involving TSR

George
Fisher

Rieger
et al.
(2020)

Py-0 forms during early diagenesis by BSR
of seawater sulfate. The Py-0b variant
forms under more sulfate-restricted
conditions than Py-0a

Py-1 postdates the formation of Py-0 and
forms by TSR during the CD Pb–Zn phase
of galena and sphalerite formation. The
formation of the later pyrite types, Py-2 and
Py-3, are associated with the deformation
and Cu-mineralizing events that postdate
the CD–Pb-Zn ore formation. Py-3 is
thought unlikely to have had a
hydrothermal origin

MacMillan
Pass

Magnall
et al.
(2016a)

In the Feeder Zone an early Stage 1event is
characterized by pervasive ankerite
alteration and ankerite-pyrite-quartz
stockwork vein formation at *220–270 °
C

In the Feeder Zone a Later Stage 2
mineralizing event involves the deposition
of galena, pyrrhotite and
pyrite ± chalcopyrite and sphalerite
at *110–215. Sulfide S is generated from
coeval seawater sulfate by TSR

Magnall
et al.
(2016b)

In the CD Pb–Zn host sediments Py-I
forms during early diagenesis by BSR. Py-
II forms during later diagenesis by SD-
AOM

Py-III, galena and sphalerite form by TSR

Magnall
et al.
(2020c)

As above Using a range of evidence including the
stable isotope data presented in
Magnall et al. (2016a, b) it was concluded
that CD Pb–Zn ore formation occurred
entirely in the subsurface from hot (300 °
C) hydrothermal fluids that degraded
organic matter, generating CO2 that
promoted barite dissolution and triggered
sulfide precipitation by TSR, as well as
increasing permeability that further
facilitated ore formation

(continued)

Light-Element Stable Isotope Studies of the Clastic-Dominated … 363



of the recent studies it is argued that hydrother-
mal fluids did not exhale into the water column
from which the host strata were deposited, but
rather infiltrated the host strata after sedimenta-
tion. Only two of the recent studies (Ireland et al.
2004b; Gadd et al. 2017) retain an exhalative
genetic component, and in both of these the
critical trap element is a brine pool in which the
exhalative fluids pond. It is argued by Ireland
et al. (2004b) that sulfide precipitation is syn-
genetic and occurs mainly in the brine pool,
whereas Gadd et al. (2017) argue that sulfides
precipitate within the sedimentary pile beneath
the pool.

In situ studies show that both the Northern
Australian and Selwyn Basin CD Pb–Zn deposits
have remarkably similar histories of sulfide
deposition, commencing with pre-ore diagenetic
pyrite formation involving BSR in a system open
to sulfate and followed in most deposits by
additional pyrite formation in more restricted
environments as diagenesis and lithification
progressed. This restriction leads to Rayleigh

fractionation of sulfur isotopes and to higher d34S
values in the later pyrite compared to the earlier
pyrite. The process of later pyrite formation has
been variously attributed to BSR (HYC: Eldridge
et al. 1993), BSR or SD-AOM (Teena: Magnall
et al. 2020b), SD-AOM (Tom and Jason: Mag-
nall et al. 2020c) and to TSR (George Fisher:
Rieger et al. 2020; Howards Pass: Gadd et al.
2017).

By comparison with pyrite, there is a lack of
in situ sulfur isotope data available for galena
and sphalerite. The main impact to date of in situ
sulfur isotope studies on the formation of the ore
minerals has been the detailed sulfide mineral
textural observations required for good in situ
analyses. These observations show that galena
and sphalerite mostly form after early diagenetic
pyrite and therefore do not have a syngenetic to
earlier diagenetic origin. Processes by which the
ore minerals form have been mostly attributed to
TSR-generated reduced S, exceptions being BSR
for Sp-1 at HYC as suggested by Ireland et al.
(2004b) and the possibility of SD-AOM at

Table 1 (continued)

Deposit Reference Pre-mineralization events Mineralization events

Howards
Pass

Gadd
et al.
(2017)

Py1 forms either syngenetically or during
early diagenesis by BSR of coeval seawater

Py2, galena and sphalerite form during
later diagenesis by TSR from hydrothermal
fluids that seep downwards from a brine
pool formed by the exhalation of dense
hydrothermal fluids
Johnson et al. (2018) concluded that at least
some Py2, galena and sphalerite could have
formed by SD-AOM

Red Dog Kelley
et al.
(2004)

There is no pre-mineralization event as
mineralization commences during
sedimentation

Stage 1 mineralization: Brown sphalerite,
pyrite, barite and rare galena form by BSR
in unconsolidated organic matter-rich muds
Stage 2 mineralization: Pyrite and yellow–
brown sphalerite and formation involves
TSR and the dissolution of pre-existing
barite
Stage 3 mineralization: Barite, red-brown
sphalerite, pyrite and/or marcasite and
chalcedonic quartz form in veins and
replace pre-existing barite adjacent to the
veins. Sulfide formation again involves
TSR
Stage 4 mineralization: This stage is related
to Brookian-age thrusting that post-dates
the Stage 1–3 events by *100 my
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Howards Pass (Johnson et al. 2018). However, as
noted earlier, ore-forming temperatures at
Howards Pass appear too high for SD-AOM to
have been a significant process in ore formation.
Similarly, in the case of the HYC mineralization,
D34Ssphalerite-galena values and dolomite C-O iso-
topic modelling indicate that mineralization
formed at temperatures � 100 °C, consistent
with the production of sulfide by TSR rather than
BSR. This conclusion is further strengthened by
a study, unrelated to stable isotopes, of the tem-
perature of alteration of organic matter in and
around the HYC mineralization by Vinnichenko
et al. (2021).

The Red Dog district is the only example
discussed in this Chapter that does not follow the
same ore-forming mechanism of early pyrite
formation involving BSR and the latter formation
of galena and sphalerite involving TSR. For the
Red Dog district there is good sulfur isotopic
evidence that Stage 1 brown sphalerite formed by
BSR in unconsolidated organic-rich muds. The
subsequent main stages of base metal mineral-
ization involved TSR, mostly likely associated
with barite replacement, as is also postulated by
Magnall et al. (2020c) for some of the Tom and
Jason mineralization. In a much later stage of ore
formation in the Red Dog district, some *100
my younger than the main ore-forming event,
sulfur isotopic data suggests sphalerite formation
again involved BSR (Kelley et al. 2004).

6.3.1 Trap-Related Questions Still
to be Answered

Cool-oxidized or warm-reduced hydrothermal
fluids? It was noted at the beginning of this
Chapter that Cooke et al. (2000) used geochemical
modelling to show that both cool (� 150 °C)
oxidized hydrothermal fluids (dominated by
SO4

2− ± HSO4
−) and warmer (*250 °C)

reduced acidic fluids (dominated by H2S or HS−)
can transport and deposit sufficient quantities of
Pb and Zn to form CD Pb–Zn deposits. The cool
oxidized fluids were termed McArthur-type and
Cooke et al. (2000) argued these fluids formed
deposits such as HYC, Mt Isa and Hilton by
in situ sulfate reduction and/or by low-temperature
fluid mixing or interaction with earlier-formed

pyrite. In contrast the warm reduced fluids were
termed Selwyn-type and it was argued they
formed the Selwyn Basin deposits at higher tem-
peratures by processes like cooling, addition of
H2S and pH increases.

In the in situ isotopic studies reviewed above,
the trap-related paragenetic sequences and their
interpretation in the North Australian and Selwyn
Basin CD Pb–Zn deposits are strikingly similar.
The similarity suggests that the hydrothermal
fluids in both metallogenic provinces were warm
and very likely had similar chemistries, contrary
to the conclusions of Cooke et al. (2000). How-
ever, in deposits such as Tom and Jason, where
barite-replacement appears to be a significant
ore-forming process, it is likely that TSR occur-
red within the trap itself, whereas in other
deposits, such as HYC, the site of TSR is less
obvious. Eldridge et al. (1993) suggested H2S
required for ore formation was introduced into
the HYC trap by the hydrothermal fluid, imply-
ing that TSR occurred deeper in the mineral
system whereas Williams (1978b), in a study not
involving stable isotopes, favoured in situ TSR
and a SO4

2-dominant hydrothermal fluid. The
site of TSR for CD Pb–Zn ore formation and the
oxidation state of the hydrothermal fluids has not
been discussed specifically in many of the studies
reviewed in this Chapter, and is another subject
worthy of further investigation to improve
understanding of trap processes in the CD Pb–Zn
mineral systems.

What is the temperature of clastic-dominated
Pb–Zn ore-formation? A significant uncertainty
in our understanding of CD Pb–Zn mineral sys-
tems, and one related to uncertainty about the
oxidation state of the ore-forming hydrothermal
fluids, is the temperature of ore formation. In the
McArthur Basin, for example, Ireland et al.
(2004b) argued that galena and sphalerite formed
by BSR at temperatures < 100 °C whereas oth-
ers (e.g. Eldridge et al.1993; Rye and Williams
1981; Magnall et al. 2020b) presented a range of
evidence indicating temperatures were > 100 °C
and therefore involved TSR. One line of evi-
dence used to support temperatures of > 100 °C,
D34Ssphalerite-galena values, is permissive of war-
mer fluid temperatures but, as mentioned earlier,
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this geothermometer is based on assumptions
that require further testing. There is a paucity of
in situ sulfur isotopic data for galena and spha-
lerite in CD Pb–Zn deposits and more such data
might help improve temperature estimates using
the D34Ssphalerite-galena fractionation geother-
mometer. However, irrespective of whether or
not they do, new in situ galena and sphalerite
sulfur isotope studies will almost certainly pro-
duce fresh and unexpected genetic insights as has
already happened with in situ S-isotopic studies
of pyrite in CD Pb–Zn deposits.

What is the correct explanation for the for-
mation of sulfides with high d34S values? In many
of the studies discussed in this Chapter sulfides
with high d34S values have been variously
attributed to sulfate-restricted conditions caused
by BSR in a stagnant and restricted basin, BSR in
an euxinic water column triggered by a high flux
of organic carbon, BSR in a restricted diagenetic
environment, SD-AOM during later diagenesis
and TSR. All these processes have been shown
elsewhere to produce sulfides with high d34S
values, so high d34S values in and of themselves
are not indicative of a particular process. The only
S-isotopic signature that appears to be diagnostic
of a particular process is a D34Ssulfide − sulfate range
of *15–60‰, with much of the range having
negative values. This S-isotope signature appears
only to be displayed by sulfides formed by BSR in
a system open to sulfate. Other processes are
difficult to differentiate, although if the tempera-
tures of sulfide reduction could be ascertained
accurately, then choosing between biogenic and
abiogenic processes would be possible. Clearly
new and/or better diagnostic criteria would
improve our understanding of the formation of
sulfides with high d34S values in CD Pb–Zn
deposits and help to remove uncertainties about
the position of sulfides in the paragenetic
sequence in those instances where mineral tex-
tures are inconclusive.

Where has all the oxidized organic carbon
gone? Sedimentary organic matter is character-
ized by low negative d13C values (*−25‰), an
isotopic signature that transfers to oxidized
organic carbon species (Ohmoto and Goldhaber

1997). Low negative d13C values in carbonates
are therefore a good indication that oxidized
organic carbon is a significant component of
those carbonates. Authigenic carbonates associ-
ated with both SD-AOM (Borowski et al. 2013)
and TSR (Machel et al. 1995; Machel 2001)
typically have low value d13C and is one line of
evidence used to conclude that the respective
sulfate-reduction mechanisms involved the oxi-
dation of organic matter. Ireland et al. (2004b)
used a lack of low d13C values in nodular dolo-
mites in the HYC deposit to argue that their
formation did not involve the oxidation of
organic matter during ore formation by either
BSR or TSR beneath the nodular dolomite-
bearing layers as suggested by Logan et al.
(2001). Similarly, Rye and Williams (1981)
found no C-isotopic evidence for significant
amounts of oxidized organic carbonate in the
dolomites in and surrounding the HYC deposit.
This isotopic evidence may be used to suggest
that sulfide formation in the HYC deposit did not
involve in situ sulfate reduction and concomitant
oxidation of organic matter. This would be con-
sistent with the model of Eldridge et al. (1993) in
which reduced sulfur was transported into the
HYC trap by the hydrothermal fluids and the
model of Ireland et al. (2004b) in which the HYC
ores formed syngenetically by BSR in a brine
pool from which oxidized organic carbon was
able to escape into the overlying water column.
Alternatively, if ore formation did involve in situ
sulfate reduction during diagenesis or later, then
the large amounts of oxidized of organic car-
bonate that would have been generated during
sulfate reduction (Williams 1978b) must have
been removed through the outflow zone of the
HYC CD Pb–Zn mineral system. In the other CD
Pb–Zn deposits reviewed in this chapter, in
which ore-formation is postulated to involve
in situ TSR, little attention has been paid to the
quantities and fate of the oxidized organic carbon
that would have been generated as galena and
sphalerite were precipitated. The fate of this
carbon is another subject worthy of further
investigation to improve our understanding of
trap processes in the CD Pb–Zn mineral systems.
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7 Implications for Future
Exploration

The CD Pb–Zn deposits discussed in this chapter
are located at, or close to, current land surfaces
where traditional prospecting, geophysical and
geochemical exploration methods have been
effective. However, the search for new CD Pb–
Zn deposits will become increasingly focused on
buried deposits that have no near-surface
expression. New exploration methods will be
needed in the future and the stable isotope studies
summarized in this chapter provide some clues as
to how light stable isotopes might assist in the
discovery of CD Pb–Zn mineralization at depth.

In the case of an undiscovered CD Pb–Zn
deposit located deep beneath current land sur-
faces, the parts of the CD Pb–Zn mineral system
most likely to have a surface or near-surface
expression are extensions of the feeder faults
above buried deposits and the discharge zones
for the hydrothermal fluids, downstream from
buried deposits (Fig. 1). If exploration is taking
place in a metallogenic province containing
previously discovered and well-studied CD Pb–
Zn deposits, knowledge of the isotopic geo-
chemistry of the hydrothermal fluids that formed
the known deposits could help identify exten-
sions of feeder faults above buried deposits. Such
extensions might have hydrothermal alternation
minerals and/or vein- and breccia-fill minerals
with isotopic signatures consistent with alteration
and formation from fluids matching those that
formed the known deposits in the province. If an
exploration strategy is based on a genetic ore-
forming model in which galena and sphalerite
formed in the trap environment by in situ TSR
and the concomitant oxidation of organic matter,
then authigenic or vein-fill carbonates with low
negative d13C values in prospective terrains may
help to identify the discharge zone of a CD Pb–
Zn deposit and thus be a vector to mineralization
at depth.

Both potential exploration applications of
stable isotope geochemistry would require large
numbers of analyses and, as discussed by Huston
et al. (2023), the approach would require

reductions in costs and the time required for
analyses, and a significant increase in the number
of analytical laboratories required to provide the
analyses. These conditions would not be such a
problem were the two applications used more
selectively to analyse appropriate minerals in
drill core from drill holes sited using other
exploration tools.

8 Future Directions

Stable isotopes, particularly where integrated
with other geochemical, mineralogical and geo-
logical techniques, are playing an increasing role
in the study of CD Pb–Zn deposits and the trend
will continue as stable isotope studies and tech-
nologies continue to evolve. As shown in this
chapter, in situ stable isotope studies are proving
to be particularly useful in genetic studies of CD
Pb–Zn mineralization, but future in situ investi-
gations would benefit from more integration with
bulk isotopic and other whole-rock geochemical
studies that would facilitate the quantification of
ore-forming process. At present it is very difficult
to estimate from existing data the relative
importance of BSR, SD-AOM and TSR in ore
formation. Also, integrated studies at a variety of
sampling sizes would provide important new
insights into the scales at which processes such
as sulfate reduction operate during CD Pb–Zn
ore formation.

Galena and sphalerite have been neglected
relative to pyrite in in situ isotopic studies and
the imbalance needs to be addressed given the
uncertainties about galena and sphalerite forma-
tion in CD Pb–Zn deposits. Studies of the
abundances of 33S and 36S, in addition to 32S and
34S, are providing new information about the
formation of pyrite in sedimentary rocks unre-
lated to CD Pb–Zn mineralization as shown, for
example, by Johnston et al. (2008) in their
McArthur Basin pyrite study. Abundance data
for all four sulfur isotopes in pyrite, galena and
sphalerite in CD Pb–Zn mineralization should
similarly refine our understanding of the ore-
forming processes.
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Huston et al. (2023) note that the development
of analytical techniques to measure fractionations
of “clumped isotopes” has the potential to
become an important new ore genesis tool.
Clumped isotope studies of carbonates in CD
Pb–Zn deposits show promise as a much-needed
and improved geothermometer that could help
improve knowledge of the temperature of ore
formation.

Stable isotopes will very likely play a greater
role in CD Pb–Zn mineral exploration but, as is
currently the case, that role is likely to remain
subsidiary to the various geophysical and other
geochemical exploration tools which are widely
used today in the mineral exploration industry
and which are being continually adapted to meet
the challenges of locating ore at ever-increasing
depths beneath the current land surface.
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Light Stable Isotope (O, H, C)
Signatures of BIF-Hosted Iron Ore
Systems: Implications for Genetic
Models and Exploration Targeting

Steffen Hagemann, Ana-Sophie Hensler,
Rosaline Cristina Figueiredo e Silva,
and Harilaos Tsikos

Abstract

Stable isotope data from hypogene (i.e.,
below the line of weathering) iron oxides
and gangue minerals from BIF-hosted iron ore
deposits in Australia, South Africa, and Brazil
have significantly assisted in constraining
different hydrothermal fluid sources and fluid
flow models during the upgrade of BIF to iron
ore. The d18O values on iron oxides from BIF
and different paragenetic stages of enrichment
display a consistent decrease from unenriched
BIF (4–9‰) to as low as −10‰ for
high-grade iron ore. This large shift in oxygen
isotope values is interpreted as evidence for
enormous incursion of ‘ancient’ meteoric
water into fault and fracture zones at the time

of iron enrichment during the Archean and
Paleoproterozoic time. The d18Ofluid values of
paragenetically early iron oxides of > 4‰
suggest the involvement of magmatic fluids
in greenstone belt-hosted Carajás-type iron
ore deposits, and basinal brines in basin-
hosted Hamersley-type deposits. In contrast,
the paragenetically late stage iron oxides in
the metamorphosed, basin hosted iron ore
deposits of the Quadrilátero Ferrífero display
d18Ofluid values > 6‰. This reflects the
renewed deep crustal, hypogene (metamorphic
or magmatic) fluid influx. Carbon and oxygen
isotope data on carbonates in BIF and
hydrothermally altered iron ore indicate that
carbon in the latter is not derived from BIF
units, but represents either magmatic carbon in
the case of the Carajás-type deposits or carbon
within the underlying basin stratigraphy as in
the case of the Hamersley-type iron deposits.
The systematic decrease of d18O values in iron
oxides from the early to late paragenetic
stages and from the distal to proximal alter-
ation zone, including the ore zone, may be
used as a geochemical vector. In this case,
oxygen isotope analyses on iron oxides
provide a potential exploration tool, particu-
larly for targeting the extension of iron ore
bodies or entirely concealed high-grade iron
ore deposits, in which hematite/magnetite are
frequently the only mineral that can be readily
analysed.
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1 Introduction

Stable isotope analyses are a relatively new approach
in the Banded Iron Formation (BIF)-hosted iron ore
system and have only been applied in the past three
decades. Stable isotope analyses, however, can add
fundamental information to our understanding of
iron ore genesis, particularly because detailed
deposit-scale investigations in Australia, Brazil and
Africa have shown that hydrothermal fluids play a
significant role in the upgrade of BIF to iron ore
(e.g., Hagemann et al. 1999; Thorne et al. 2004;
Cope et al. 2008, Rosière et al. 2008; Spier et al.
2008; Cabral and Rosiere 2013; Figueiredo e Silva
et al. 2013; Hensler et al. 2015).

The purpose of this review is to summarize
the impact of stable isotope geochemistry on the
understanding of the BIF-hosted iron ore sys-
tems. In addition, potential applications of stable
isotope analyses for the exploration of concealed
iron deposits or extension of existing iron ore
systems are discussed.

The first part of this review provides a sum-
mary of data for the major BIF-hosted iron sys-
tems in the world, namely the Hamersley
(Australia), Transvaal and the Griqualand West
(South Africa), Pic de Fon (West Africa), Quad-
rilátero Ferrífero (QF, Brazil), Carajás (Brazil),
Urucum (Brazil), and Noamundi (India). The
second part summarizes the genetic implications
of the stable isotope data. The last part provides
examples of how stable isotope data can be
applied in exploration and discuss its limitations.

2 Review of Significant BIF-Hosted
Iron Ore Districts and Deposits

The BIF-hosted iron ore system represents the
world’s largest and highest grade iron ore districts
and deposits (Fig. 1). Banded iron-formation, the

precursor to low- and high-grade BIF-hosted iron
ore, consists of Archean and Paleoproterozoic
Algoma-type BIF (e.g., Serra Norte iron ore district
in the Carajás Mineral Province), Proterozoic Lake
Superior-type BIF (e.g., deposits in the Hamersley
province, and deposits in the Quadrilátero Ferrí-
fero), and Neoproterozoic Rapitan-type BIF (e.g.,
the Urucum iron ore district). The following sec-
tions briefly review the major iron ore districts in
the world; many of those are currently in produc-
tion. Due to the different level of investigations, the
information about different deposits and districts is
inconsistent. All references to production or
reserves below refer to Fe ore.

2.1 Precambrian BIF-Hosted Iron
Ore Districts of Western
Australia

The three major BIF-hosted iron ore provinces in
Western Australia (Fig. 1; Hagemann et al. 2016,
2017) are the: (1) Hamersley province, which
hosts the giant Mt Whaleback (1800 Mt), Mt
Tom Price (900 Mt) and Paraburdoo (800 Mt)
deposits, and the Mining Area C (950 Mt), and
Chichester Range (2230 Mt) districts, (2) Yilgarn
craton, which contains a large number of small to
medium size (50–150 Mt) deposits such as
Koolyanobbing (93 Mt; including Windarling),
Wiluna West (78 Mt—not actively mined),
Wiluna and Jack Hills (78 Mt—not actively
mined), and (3) Pilbara craton with small to
medium size iron ore districts in the central Pil-
bara, for example McPhee Creek (136 Mt), Mt
Goldsworthy (122 Mt; including Nimingarra,
Shay Gap, Sunrise Hill and Yarrie), Mt Webber
(39 Mt) and Corunna Downs (37 Mt), and the
western Pilbara that hosts lower-grade (when
compared to the central part), primary magnetite-
rich BIF, including Cape Lambert (485 Mt),
Miaree (90 Mt), and Mt Oscar (43 Mt). Presently,
only the Mt Webber deposit is in production.

The Hamersley province hosts two major BIF-
hosted iron ore styles (Hagemann et al. 2017 and
references therein): (1) high-grade (59–64 wt.-%
Fe) hematite ore (commonly referred to as “blue”
ore in the Hamersely Province of Western
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Australia), which, in many localities, is accom-
panied by minor martite-microplaty hematite ore,
but contains little or no goethite ore, is mostly
confined to the Brockman Iron Formation; and
(2) high-grade (58–62 wt.-% Fe) martite-goethite
ores (“brown” ore) of the Marra Mamba and
Brockman Iron Formation.

In the Yilgarn craton, martite-goethite ores are
located at all major deposits; specular hematite ore
is best developed at the Koolyanobbing and Weld
Range deposits (Duuring et al. 2017a). Magnetite-
martite ores are common at Koolyanobbing, Weld
Range and Matthew’s Ridge, whereas microplaty
hematite-martite-specular hematite ore is more
common at Windarling and Wiluna West
(Duuring et al. 2017a).

In the Pilbara craton most deposits display
broad, near-surface, supergene goethite ± mar-
tite ores that constitute the bulk of the high-grade
iron ore, although narrower hypogene mag-
netite ± hematite ore zones are recognised in

deeper parts of most iron ore deposits (Duuring
et al. 2017b).

According to Hagemann et al. (2017) BIF-
hosted iron ore deposits in the Hamersley pro-
vince, Yilgarn and Pilbara cratons are classified
as: (1) granite-greenstone belt hosted, fault zone
controlled with mineralising fluids derived from
magmatic (± metamorphic) sources, together
with ancient, warm meteoric waters (most of the
deposits in the Yilgarn and Pilbara cratons, such
as Koolyanobbing or Mt Webber, belong to this
type); (2) sedimentary basin-hosted that are fault
controlled, (mostly normal faults), and mineral-
ising fluids sourced from early basinal (evapor-
itic) brines and ancient, warm meteoric waters.
These deposits contain martite-microplaty hema-
tite as their main ore minerals and are exemplified
by the giant deposits located in the Hamersley
province, such as Mt Tom Price or Mt Whale-
back; and (3) martite-goethite iron ore deposits,
such as Mining Area C in the Hamersley

Fig. 1 Location of significant BIF-hosted iron ore districts and deposits. The cumulative length of the bar graphs
beneath each locality indicates the Fe grade
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province, which are supergene-enriched via
interaction of BIF with Cretaceous to Paleocene
cold meteoric waters (Morris and Kneeshaw
2011) that gained access to the deposit site via
already emplaced ancient fault systems and as a
result of the interplay between exhumation and
surface modification. These deposits have no
evidence for deep hypogene roots.

2.2 Precambrian BIF-Hosted Iron Ore
Districts of Africa

2.2.1 Kapvaal Craton in South Africa
Commercial South African iron-ore deposits
associated with BIF are located in the Transvaal
and Griqualand West segments of the Neoar-
chaean to Palaeoproterozoic Transvaal Super-
group (Fig. 1). Since closure of the Thabazimbi
Mine in 2015 (Anglo American Press Release,
16/07/2015), the Griqualand West area has
become essentially the only productive region in
terms of volume and spatial distribution of iron
ore. Four deposits account for practically the
entire annual production in South Africa, which
at 2014 amounted to 78 Mt of high-grade ore
(Smith and Beukes 2016). These deposits are
Sishen and Kolomela (also previously known as
Sishen South), operated by Kumba Iron Ore, and
Khumani and Beeshoek, operated by Assmang
Ltd. All deposits occur on a roughly N–S trend
that connects the towns of Sishen and Postmas-
burg, the latter respectively situated at the
northernmost and southernmost extremities of a
doubly-plunging anticline locally known as the
Maremane Dome. Several smaller deposits and
occurrences of iron ore that have attracted
attention in the broader Maremane area (Land
2013) include Demaneng, Kapstevel, Doornpan,
Kareepan, MaCarthy, or Welgevonden.

The prevailing geological setting of the iron-
ore deposits at the Maremane Dome involves
karstification of Campbellrand dolostones at the
stratigraphic base of the Transvaal Supergroup,
followed by collapse of overlying Asbesheuwels
BIF into karstic sinkholes and apparent replace-
ment thereof by massive hematite. Texturally, the
ores range from massive to laminated, breccia

and conglomeratic types. On a regional scale,
these karst-hosted iron ore deposits are located
immediately below an angular unconformity,
where the Asbesheuwels BIF (mainly the Kuru-
man Member) is directly overlain by red-beds of
the late Paleoproterozoic Olifantshoek Super-
group (Gamagara-Mapedi formations: Beukes
et al. 2003; Smith and Beukes 2016). An ancient
supergene model is, therefore interpreted to be
the central ore-forming mechanism, under con-
ditions of lateritic weathering involving intense
leaching of silica and largely residual iron
enrichment as ferric oxides at the expense of BIF
(Smith and Beukes 2016).

Apart from the supergene class, smaller and
generally sub- to uneconomic iron ore deposits of
a hydrothermal origin are also present in the
Transvaal and Griqualand West areas, with the
Thabazimbi deposit being, until recently, the
economically most significant from the Transvaal
area (Netshiowi 2002). Hypogene iron ore at
Thabazimbi is interpreted to have formed by
hydrothermal replacement of Penge BIF, tem-
porally linked to folding and thrusting (Basson
and Koegelenberg 2017). The Penge BIF is the
stratigraphic equivalent to the Kuruman BIF
from the Griqualand West Basin. Minor deposits
of similar hydrothermal affinity are also known
from Giqualand West in association with the
Rooinekke BIF of the Koegas Subgroup (Smith
and Beukes 2016).

2.2.2 West African Craton in Guinea
BIF-hosted iron ore deposits of West Africa are
epitomised by the Pic de Fon deposit (Cope et al.
2008). The deposit has a strike length of 7.5 km
and width of approximately 0.5 km, and is
located at the southern end of the Simandou
Range in SE Guinea. The ore-bearing stratigra-
phy consists of three BIF intervals of which the
top two have undergone selective enrichment
into massive iron oxide ore (up to 65 wt.-% Fe)
over thicknesses as much as 250 m. Predominant
iron oxide phases are, in paragenetic order,
recrystallised martite (after magnetite), hematite
overgrowths and bladed microplaty hematite
replacing gangue. Chemical mass balance cal-
culations suggest that iron ore formation at Pic de
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Fon involved primarily conservative iron
enrichment through silica leaching, although net
addition of iron up to 36% is also locally
observed. Fluid circulation at Pic de Fon was
likely driven by post-Eburnean (2.1–2.0 Ga)
orogenic collapse or later Proterozoic thermal
events, with possible generation of late-stage
microplaty hematite during the Pan-African
orogeny at 750–550 Ma (Cope et al. 2008).

2.3 Precambrian BIF-Hosted Iron Ore
Districts of Brazil

Brazil contains three major BIF-hosted iron ore
districts: the Quadrilátero Ferrífero (QF) iron ore
province, Carajás Mineral Province (CMP), and
Urucum district. The following sections will
provide a brief geological overview.

2.3.1 Quadrilátero Ferrífero Province
The QF iron ore province (Fig. 1) is the largest
known accumulation of single itabirite-hosted
iron ore bodies worldwide with ore reserves of
about 9 Gt (52 wt-% Fe, Ministério de Minas e
Energia 2009) and over 3.5 Gt of high-grade iron
ore (> 65 wt-% Fe; Rosiere et al. 2008). Major
ore deposits that are currently under exploitation
are e.g. Casa de Pedra (>1.2 Gt high-grade ore),
Capitão do Mato (>147 Mt high-grade ore) and
Conceição (>470 Mt high-grade ore: Rosière
et al. 2008). Most of the iron ore bodies of the
QF consist of massive and schistose hypogene
iron ore with subordinate supergene iron
ore present in the weathering horizons. The
hypogene-supergene iron ore is characterized by
a complex iron (hydr-) oxide paragenetic
sequence including: (itabirite-hosted) mag-
netite ! (itabirite-hosted) martite ! (massive
ore-hosted) martite ! (massive ore-hosted) gra-
noblastic hematite ! (massive and schistose-ore
hosted) microplaty hematite ! (schistose ore-
and shear zone-hosted) specular hematite !
(lateritic ore-hosted) goethite (e.g., Rosière et al.
2008; Spier et al. 2008; Cabral and Rosière 2013;
Hensler et al. 2015). The different iron oxide
generations are the result of either replacement
(e.g. for martite, granoblastic hematite) or

precipitation (e.g. specular hematite) processes
(Rosière et al. 2008; Hensler et al. 2015; Oliveira
et al. 2015).

Laser ablation-ICP-MS mineral chemical
analysis of hypogene iron oxides from QF ita-
birite and related ore revealed trace element and
REE chemical signatures that are distinct for the
specific iron oxide generations (Hensler et al.
2015). Major mineralogical and chemical trends
include: (i) martitisation, which is accompanied
by an absolute depletion of Mg, Mn, Al, Ti and
enrichment of Pb, As and light rare earth ele-
ments (LREE) in martite; (ii) recrystallisation of
magnetite (and martite) to granoblastic and
locally microplaty hematite is an “isochemical”
process, in which major chemical changes are
absent; and (iii) schistose specular hematite is
trace element- and REE-depleted. The mineral
chemical changes from one iron oxide generation
to another one are interpreted to reflect distinct
mineralisation events, changing fluid conditions
and different fluid/rock ratios.

2.3.2 Carajás
The Carajás iron ore deposits are located in the
eastern part of the state of Pará with reserves of
17 Gt (>64 wt.-% Fe). The deposits are hosted by
an Archean metavolcano-sedimentary sequence,
and protoliths to iron mineralization are jaspi-
lites, under- and overlain by basalts, both of
which are greenschist-facies metamorphosed.
The major Serra Norte N1, N4E, N4W, N5E and
N5S iron ore deposits in the CMP are distributed
along, and structurally controlled by, the north-
ern flank of the Carajás fold (Rosière et al. 2006).
Varying degrees of hydrothermal alteration have
affected jaspilites to form high-grade iron ores
(Figueiredo e Silva et al. 2008, 2013; Lobato
et al. 2008) from distal to proximal zones. The
least-altered jaspilite contains portions of
hematite-free, recrystallised chert in equilibrium
with magnetite, interpreted as the early stage of
hydrothermal alteration. Variably altered jaspi-
lites may be brecciated, containing various
amounts of hematite types (e.g. microplaty and
anhedral), and vein-associated quartz, carbonate
and sulphide minerals. A hydrothermal parage-
netic sequence for the oxides is established from
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the earliest magnetite ! martite ! microplaty
hematite ! anhedral hematite (AnHem)- to the
latest ! euhedral-tabular hematite (EHem-Them).

Other mineralogical modifications are: (i) re-
crystallisation and cleansing of jasper with for-
mation of chert and fine quartz; (ii) progressive
leaching of chert and quartz, leaving oxides and a
significant volume of empty space; (iii) silicifica-
tion and dolomitisation with associated sulphides
and oxides in veins, breccias and along jaspilite
bands; (iv) advanced martitisation with the for-
mation of AnHem, partial microcrystalline
hematite recrystallisation to AnHem and partial
open-space filling with microplaty/platy hematite;
and (v) continued space-filling by comb-textured
EHem and THem in veinlets and along bands.

2.3.3 Urucum
The Urucum manganese and iron ore mining
district is located in the Mato Grosso state near
the Brazilian-Bolivian border and consists of
several open pit mines (e.g. Mineração Corum-
baense Reunida, Urucum Mineração mine). In
2005, reserves were estimated at about 3.1 Gt of
iron ore and 11 Mt of manganese ore (DNPM
2005; Walde and Hagemann 2007).

The iron ore is hosted in the Neoproterozoic
metasedimentary rocks of the Santa Cruz For-
mation of the Jacadigo Group, which contains
mainly hematite-rich BIFs and Mn ore horizons
with subordinate interbedded arkosic sandstone
(Urban et al. 1992; Walde and Hagemann 2007;
Piacentini et al. 2013). The protore BIFs are
interpreted to have been deposited in a glacio-
marine environment (e.g. Urban et al. 1992;
Klein 2005; Angerer et al. 2016). Recent
petrographic-mineralogical studies of the Santa
Cruz ore deposit (Angerer et al. 2016) distinguish
between a dolomite-chert-hematite BIF (35–52
wt.-% Fe) in an upper and lower carbonaceous
zone and chert-hematite BIF (45–56 wt.-% Fe) of
an intermediate siliceous zone. Deci- to meter-
thick diamictic hematite-rich chert (*16 wt.-%
Fe) and mud (59–66 wt.-% Fe) layers are dis-
continuously intercalated in the BIFs (Angerer
et al. 2016). Iron oxides of the BIFs are mainly
fine-grained (grain sizes < 20 µm) anhedral to
microplaty hematite. Locally microplaty hematite

is oriented parallel to the bedding. Beside gangue
minerals, diamictic hematite-rich chert layers
contain microcrystalline (grain sizes of 10–
20 µm) hematite “needles” and are interpreted to
represent a replacement product of fibrous sili-
cates. In the hematite-rich mud layers, different
hematite variations are present ranging from
relict hematite to granoblastic hematite.

The exact genesis of the ore deposits of the
Urucum mining district is still ambiguous (e.g.
Dorr 1964; Trompette et al. 1998; Walde and
Hagemann 2007; Viehmann et al. 2016). This is
mainly because most studies (e.g. Graf et al.
1994; Trompette et al. 1998; Freitas et al. 2011;
Piacentini et al. 2013; Angerer et al. 2016;
Viehmann et al. 2016) concentrated on the
depositional conditions of the protore BIFs dur-
ing the Neoproterozoic times rather than on the
post-depositional modification and upgrade of
the BIF to iron ore. Walde and Hagemann
(2007), however, favoured a genetic ore model
that includes the input of hypogene hydrothermal
activity during the upgrade of the protore BIF
and iron ore formation of Urucum, because of
some mineralogical features of the ore, such as
(1) the presence of braunite as indicator for ele-
vated temperatures; (2) the presence of magnetite
along fault zones; and (3) the emplacement of
quartz-tourmaline veins crosscutting the Jacadigo
Group. Gutzmer et al. (2008) argue based on
detailed whole rock and trace element geo-
chemistry analyses of high-grade ore samples
that supergene processes played a major role in
the formation of the Urucum iron ore district.
However, most recent geochemical investiga-
tions of the BIFs from the Urucum district
(Angerer et al. 2016; Viehmann et al. 2016)
could not observe any geochemical evidence for
a significant overprint and post-depositional
alteration of the Urucum successions.

2.4 India

The high-grade (>60 wt.-%) iron ore deposits (e.g.
Noamundi, Kiriburu, Megthaburu, Joda) of the
Noamundi area are located in the north eastern
part of India and hosted in the iron formations of
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the metasedimentary greenstone belt sequence of
the Archean Western Iron Ore Group (Beukes
et al. 2008; Roy and Venkatesh 2009; Bhat-
tacharya and Ghosh 2012). The overall annual
iron ore production of the entire mining area is
about 12 Mt and resources are estimated to be
about 3.3 Gt of high-grade iron ore (Bhattacharya
and Ghosh 2012). The unaltered protore BIF is
approximately 220 m thick and mainly consists of
thin, alternating chert- and hematite-magnetite-
rich mesobands. High-grade iron ore of the Noa-
mundi mining area can be separated in upper
goethite- and lower hematite-rich iron ore.
Goethite-rich ore is mainly associated with
reworked canga-type successions related to ero-
sion of Cretaceous to early Cenozoic land surface.
Hematite-rich ore accounts for the major part of
the iron ore resources and can be subdivided into
hard and soft-friable ore (Beukes et al. 2008;
Bhattacharya and Ghosh 2012). The former is
present particularly in the lower successions of the
iron ore bodies, whereas the latter is located
mainly in the saprolitic weathering zone of the ore
body. The hematite-rich iron ore contains different
generations of hematite (e.g. euhedral, anhedral,
cryptoplaty and microplaty) with minor relict
magnetite, martite and goethite.

Hard high-grade iron ore of the Noamundi
mining area is interpreted to have formed by
hydrothermal processes, involving the dissolu-
tion of quartz, likely cogenetic crystallisation of
magnetite, subsequent martitisation and precipi-
tation of microplaty hematite (Beukes et al. 2008;
Roy and Venkatesh 2009; Bhattacharya and
Ghosh 2012). Friable hematite-rich as well as
goethite-rich ores are interpreted to have largely
formed and/or been overprinted by supergene
lateritic processes during Cretaceous-Cenozoic
times (Beukes et al. 2008).

3 Oxygen, Hydrogen, Carbon
Isotope Data of BIF and Related
Iron Ore

Presently there are significant stable isotope data
sets for BIF-hosted iron ore deposits and districts
from Western Australia, South Africa, Guinea,

Brazil and India (Fig. 1). The following sections
review these data sets and their interpretation in
the regional context. All d18O and dD values are
presented in‰ relative to Vienna Standard Mean
Ocean Water (VSMOW), whereas d13C and
d18O on carbonates are shown in‰ relative to
Vienna Pee Dee Belemnite (VPDB).

3.1 Western Australia

Stable isotope data sets, mainly oxygen on quartz
and oxides, as well as carbon and oxygen on
carbonates are available for the Hamersley pro-
vince and the Yilgarn and Pilbara cratons
(Fig. 2).

3.1.1 Oxygen Isotope Data on Iron
Oxides and Silicates

Thorne et al. (2004) presented detailed oxygen
isotope data sets on quartz and oxides from the
Tom Price, Paraburdoo and Channar deposits.
The d18O values of magnetite and hematite from
hydrothermal alteration assemblages and high-
grade iron ore range from −9.0 to −2.9‰, and
thus are depleted up to 5–15‰ relative to the
magnetite of the host BIF (Fig. 2).

Thorne et al. (2009) calculated the oxygen
isotope composition of hydrothermal fluids
(d18Ofluid) in equilibrium with iron oxides using
the isotope fractionation of Becker and Clayton
(1976) for magnetite and of Yapp (1990) for
hematite and temperatures based on the fluid
inclusion trapping temperatures from BIF,
hydrothermal alteration assemblages, and high-
grade iron ores. Trapping temperatures were
pressure-corrected using stratigraphic recon-
structions of the Mt. Tom Price deposit (30 °C:
Taylor et al. 2001; Thorne et al. 2004) and the
Paraburdoo (40 °C) and Channar deposits (30 °
C; Dalstra 2006) during the likely time of
hydrothermal alteration in the Paleoproterozoic.

The range of d18Ofluid values for all of the
Hamersley iron ore deposits is shown in Fig. 2.
At Tom Price they range from 12.7 to 21.7‰ for
magnetite of the Dales Gorge and Joffre BIF
members, from −0.7 to −0.4‰ for magnetite in
distal alteration zones, from −3.5 to 1.2‰ for
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Fig. 2 Oxygen isotope values of different iron oxides (in
‰ relative to VSMOW) from various iron ore deposits
worldwide (mag: magnetite, mar: martite, phem: platy
hematite, mpl: microplaty hematite, spec: specular hema-
tite) (modified after Hensler et al. 2014; Hagemann et al.
2016). Hematite oxygen isotope data from the Pic de Fon
ore deposit were calculated on the basis of whole-rock and
quartz oxygen isotope data (Cope et al. 2008). A depletion

in 18O from iron oxide of the least altered protore
BIF/itabirite/jaspilite (grey box) to high-grade iron ore is
documented in most ore deposits. Furthermore, across the
paragenetic sequences of the Quadrilátero Ferrífero, Tom
Price, Noamundi and Transvaal ores, earlier formed iron
oxides (e.g. martite, granoblastic hematite) have mainly
lower d18O values relative to later formed iron oxides (e.g.
microplaty, platy and specular hematite)
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hematite in the intermediate alteration zones and
−8.3 to −5.8‰ and −6.7 to −4.3‰ for hematite
from proximal alteration and high-grade martite-
microplaty hematite ore, respectively (Thorne
et al. 2004). Similar trends are observed at the
Paraburdoo and Channar deposits (Fig. 2;
Thorne et al. 2009).

The systematic decrease of d18Ofluid values
from magnetite of the BIF to altered oxide-
silicate-carbonate and to monomineralic oxide
assemblages in the intermediate and proximal
alteration zones, respectively, are interpreted by a
variety of authors including Thorne et al. (2008),
Angerer et al. (2014) and Hagemann et al. (2016)
as evidence for the incursion of two hydrother-
mal fluids within the fault and shear zones. These
fluids transformed BIF to high-grade iron ore via
a series of complex fluid-rock reactions (cf.
Hagemann et al. 2016). The ore-forming fluids
are basinal brines (d18Ofluid values ranging
between −2.0 and 6.0‰) and meteoric water
(d18Ofluid values < −2‰).

Late-stage talc-bearing ore at the Mt. Tom
Price deposit (Fig. 2) formed in the presence of a
pulse of 18O-enriched basinal brines, indicating
that hydrothermal fluids may have repeatedly
interacted with the BIFs during the Paleopro-
terozoic (Thorne et al. 2009).

Hydrothermal quartz-hematite veins from the
Southern Batter fault zones within the Southern
Ridge ore body at Tom Price show restricted
d18O values for quartz from 16.1 to 18.3‰
(Hagemann et al. 1999). The d18Ofluid values
were calculated using temperatures of 160 °C,
estimated from microthermometric studies on the
same quartz samples, and the quartz-H2O frac-
tionation curve (Matsuhisa et al. 1979); the
d18Ofluid values range between −0.1 and 4.1‰.
Hagemann et al. (1999) interpret these data as
evidence for the influx of meteoric water or
basinal brines that show minor fluid-rock
reactions.

3.1.2 Spatial Distribution of d18O
Values

At Mt. Tom Price there is a clear spatial rela-
tionship between the depletion in 18O of hematite
and magnetite relative to the BIF and the

Southern Batter fault zone (Fig. 3). From a
structural-fluid dynamic point of view the
Southern Batter fault zone represents the main
conduit for ascending and descending
hydrothermal fluids in the Tom Price deposit
(Hagemann et al. 1999; Taylor et al. 2001). The
d18O values of samples proximal or within the
Southern Batter fault zone are expected to be the
most fluid dominated. For a given temperature
their oxygen isotope compositions are likely to
relate closely to those of the hydrothermal fluid,
in this case meteoric water characterized by
values from −8.6 to < 2‰ (Fig. 3). Farther from
the fault zones, and at the periphery of the
hydrothermal system, the d18Ofluid values of the
iron oxides (−2 to 6.0‰) represent oxygen
sourced from both the BIF and, to a lesser extent,
the hydrothermal fluids.

Similar spatial zonation patterns were
observed at Paraburdoo where d18Ofluid values of
high-grade ore located within or close to the 4E
Basal fault range between −9.6 and −6.0‰,
whereas the proximal alteration zones bordering
the fault zone display d18Ofluid between −0.9 and
−0.6‰ (Thorne et al. 2009, 2014). The least
altered Dales Gorge Member BIF display
d18Ofluid values of 8.8 and 13.0‰ (Thorne et al.
2009, 2014).

3.1.3 Carbon and Oxygen Isotope Data
on Carbonates

Detailed oxygen and carbon isotope analyses
were performed on hydrothermally altered
hematite-ankerite-magnetite in the North deposit,
Tom Price (Thorne et al. 2004). Lower d13C
values of ankerite (d13C; −4.9 ± 2.2‰) from the
hematite-ankerite-magnetite alteration zone,
when compared to unmineralised BIF, indicate
that the bulk of the carbon within the alteration
zone is not derived from the BIF sequence
(Thorne et al. 2004; Fig. 4). Similar oxygen
isotope compositions, but increasingly heavier
carbon isotopes from magnetite-siderite-iron sil-
icate alteration (−8.8 ± 0.7‰) to hematite–
ankerite–magnetite alteration zones (−4.9 ±

2.2‰), suggest the progressive exchange (mix-
ing) with an external fluid with a heavy carbon
isotope signature. It is likely that these saline
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fluids either reacted with the rocks from the
Wittenoom Formation, or mixed with a fluid
derived from the Wittenoom Formation
(0.9 ± 0.7‰), and thus provided such a fluid
composition (Fig. 4). Recent interpretation based
on thermodynamic modelling of the de-
silicification and carbonate addition processes at
Tom Price questions the sole capacity of silica-
dissolution of upward-flowing brines sourced

from dolomite of the Wittenoom Formation,
through shale-dominated Mt Sylvia and Mt
McRae Formations (Evans et al. 2013). Instead,
gravity-driven brines from an evaporitic source
on an up-temperature pathway are a possible
alternative solution to dissolve the large amount
of chert required to form a giant hematite iron ore
deposit such as at Mt. Tom Price (Evans et al.
2013). Likely, the de-silicification and carbonate

Fig. 3 Cross section of the Southern Ridge ore body at
the Mt. Tom Price deposit displays the stratigraphic units
and major normal faults, the spatial distribution of
hydrothermal alteration assemblages and high-grade ore,
and the d18O values (in ‰) of hematite and magnetite

samples. Samples obtained from open-pit grab samples
and diamond drill core. Note the low d18O values of
samples proximal to fault zones. Section shown facing
west. Reproduced with permission from Thorne et al.
(2009); Copyright 2009 Society of Economic Geologists
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addition processes in giant BIF-hosted deposits
are complex and may contain both upwards and
downwards flowing and/or possibly alternating,
hydrothermal fluids.

Angerer et al. (2014) presents carbon and
oxygen isotope data from early (co-magnetite)
and late (co-specular hematite) carbonate gener-
ations documented at the Koolyanobbing, Bee-
byn and Windarling deposits in the Yilgarn
craton (Fig. 5). The overall trend from heavy O
and light C in early carbonate-magnetite stages to
light O and heavy C in late carbonate-oxide
stages is similar to the trends observed in the
distinct alteration stages at the Mt. Tom Price
deposit (Fig. 4; Taylor et al. 2001; Thorne et al.
2004; 2008; Angerer et al. 2014). The signature
of the late-stage dolomite in Yilgarn deposits is
compatible with the down flow of meteoric water

and/or seawater into fault zones and associated
ore bodies, assuming that d13C of Archean sea-
water is about 0‰, and that the O isotope sig-
nature of sea-/meteoric water remained constant
during the hydrothermal process(es). The simi-
larity of C and O isotope patterns between
deposits in the Yilgarn (Fig. 5) and Hamersley
province (Fig. 4) may be a coincidence, although
at the least it suggests that contrasting processes
and fluid sources can lead to similar isotopic
values.

3.1.4 Hydrogen Isotope Data on Fluid
Inclusions in Quartz

Hydrogen isotopes were obtained from fluid
inclusions trapped in quartz from quartz-hematite
veins of the Southern Batter fault zones in the
Southern Ridge ore body at Tom Price. Fluid

Fig. 4 Oxygen versus carbon isotope diagram showing
the isotopic composition of diagenetic carbonates from
unmineralised BIF, magnetite–siderite–iron silicate,
hematite–ankerite–magnetite alteration and Wittenoom
Formation in the Hamersley province, Western Australia.
All samples are from the North deposit at the northern end

of the Mt. Tom Price deposit, except from the Wittenoom
Formation, which are from the Mt. Tom Price deposit.
Temperatures of carbonate formation are obtained from
Cochrane (2003). Modified after Thorne et al. (2014) and
Hagemann et al. (2016).
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inclusion waters yield a large range of dD values
from −90‰ to −35‰ (Hagemann et al. 1999)
with two populations at −53 to −66‰ and −34 to
−43‰, and a single analysis of −90‰. These
values were interpreted by Hagemann et al.
(1999) as compatible with either seawater that
was shifted to more negative values or, alterna-
tively, with meteoric water or basinal brines that
reacted with wallrocks.

3.2 Africa

3.2.1 Oxygen Isotope Data
on Hematite

The majority of stable isotope data from South
African BIF-hosted iron ores reported to date are
essentially confined to bulk-rock measurements
of massive hematite ore, irrespective of the tex-
tural variability of the ores. The general lack of
carbonates in the ores and in adjacent rocks

precludes them as targets for carbon and oxygen
on carbonate isotope analyses. Limited data from
early- and late-stage hematite from Thabazimbi
have been reported by Beukes and Gutzmer
(2008) and these are briefly referred to elsewhere
in this paper when hydrothermal deposits are
discussed in detail.

With respect to the predominant ancient-
supergene type of ores at the Maremane Dome,
the absence of systematic oxygen isotope studies
is mainly due to the obvious lack of recognised
alteration zones developed in BIF adjacent to the
ores that would themselves provide potential
first-order exploration vectors. Moreover, as
indicated earlier, karst-hosted iron ore deposits at
the Maremane Dome contain texturally diverse
ore types across space, with a strong detrital
component as encapsulated particularly in the
breccia and conglomeratic ore types. In fact, pre-
ore BIF may not be preserved at all in direct
contact with some of these ore occurrences

Fig. 5 Carbon and oxygen isotope data of hydrothermal
carbonate in the Yilgarn craton deposits Koolyanobbing
(K), Beebyn (B) and Windarling (W). Shown for
comparison are data fields for diagenetic siderite/
ankerite from the Dales Gorge BIF, hydrothermal ankerite

from Tom Price stage 1a and 1b alteration zones,
Paraburdoo Member of the Wittenoom dolomite (Taylor
et al. 2001 and references therein), and carbonate veins in
Yilgarn Craton orogenic gold deposits (Ridley 1997).
Modified after Angerer et al. (2014)
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(Moore et al. 2011). Such ores are invariably
unsuitable for targeted sampling aimed at stable
isotope analyses due to their inherently hetero-
geneous textural nature, and have thus led to the
predominantly bulk sampling approach.

Figure 6 provides a comprehensive summary
of oxygen isotope data for bulk hematite iron ore
samples from three localities of ancient-
supergene ore at the Maremane Dome of the
Griqualand West area, namely Sishen, Beeshoek
and Kolomela. The diagram also includes, for
comparative purposes, data for the hydrothermal
Thabazimbi ores from the Transvaal area. An
obvious first observation on the diagram of
Fig. 6 is the similarity in the range of d18O val-
ues for the supergene ores, between −4 and 3‰,
with approximately two-thirds of the data falling
in the range −4 to 0‰. Although the overall
range in d18O values probably reflects the
intrinsic sample heterogeneity behind the bulk
ore measurements, the overwhelmingly light
oxygen isotopic signature has been—and is
being—used as strong indication for the meteoric
character of the hydrothermal fluids implicated in
ore formation and, by extension, for the paleo-
supergene origin of the ores (Smith and Beukes
2016). The data range from the Thabazimbi ore is
comparatively larger, with recorded d18O values
as low as −6‰ and as high as 4‰. Interestingly,
similar measured d18O values for hematite of the
hydrothermal ores at Pic de Fon of Guinea also
record a large range of low d18O between a
maximum value of 1.3‰ and a minimum value
of −8.9‰, suggestive of an ultimately paleo-
meteoric source for the mineralising hydrother-
mal fluids.

Recent studies on altered BIF intersections
adjacent to, and intercalated with, massive iron
ore in the broader Kolomela area, have revealed
several generations of microplaty to specular
hematite veinlets and apparent replacement tex-
tures at the expense of the BIF (Papadopoulos
2016). Oxygen isotope data of micro-drilled
hematite from such occurrences are included in
Fig. 2. The data indicate that the vein and
replacement type hematite records generally
higher d18O values by comparison to adjacent
massive hematite ore, and this is an observation

that is in general agreement with similar signa-
tures in hydrothermal ore types as discussed
elsewhere in this paper. It is, therefore, possible
that the iron ores at the Maremane Dome are not
exclusively ancient-supergene in origin, and may
contain a significant hydrothermal component to
their formation, possibly in a fashion akin to
supergene-modified genetic models.

Oxygen isotope data from the Simandou iron
ore district of Guinea are solely obtained from
the Pic de Fon deposit and can be categorised
into two populations (Cope et al. 2008). Rela-
tively higher values from least-altered BIF sam-
ples, when compared to BIF from the Hamersley
or Kapvaal provinces, are interpreted to reflect
fluid-rock interaction processes during retro-
grade, greenschist facies conditions. In contrast,
samples of BIF that are significantly enriched in
iron record a shift towards much lower d18O
values (Fig. 2), comparable in their overall range
to those from other hydrothermal iron ore
deposits such as Thabazimbi (South Africa),
Noamundi (India) and Mt. Tom Price (Australia).
This is consistent with fluid-rock interaction
involving large volumes of isotopically light,
evolved meteoric water, at moderate tempera-
tures (<380 °C). A slight decrease in the d18O
values of coexisting quartz appears to conform to
the same interpretation by virtue of its limited
isotopic exchange with the same meteoric-
sourced fluids.

3.3 Brazil

3.3.1 Oxygen Isotope Data on Iron
Oxides

Oxygen isotope analyses across the complex iron
oxide paragenetic sequence of the QF reveal
distinct d18O signatures (Fig. 2: Hensler et al.
2014). With respect to the itabirite-hosted and
ore forming iron oxide generations, differences in
the oxygen isotope signature are particularly
observed between the itabirite-hosted hematite,
the early ore-forming iron oxides (martite and
granoblastic hematite) and the late ore-forming
iron oxides (microplaty and specular hematite).
The d18O values of ore-hosted martite range
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between −4.4 and 0.9‰ (Fig. 2) and are signif-
icantly depleted when compared to hematite from
least-altered itabirite (*7‰: Hoefs et al. 1982).
This strong depletion in 18O is likely the result of
the influx of large volumes of hydrothermal
fluids with light 18O signatures, and an extreme
chemical fluid-rock exchange at low tempera-
tures (<150 °C) and high fluid-rock ratios during
the martitisation and cogenetic iron ore forma-
tion. The recrystallised ore-hosted granoblastic
hematite has similar light d18O values compared
to ore-hosted martite, ranging between −4.1 and
0.6‰ (Fig. 2). Similar d18O signatures of martite
and granoblastic hematite assume that recrys-
tallisation of granoblastic hematite took place
under “isochemical” conditions with the martite,
thus without major oxygen isotope exchange.
This may be either due to the participation of
only small fluid volumes and/or because the
oxygen isotope composition of the fluid was in
equilibrium with the earlier formed martite dur-
ing recrystallisation. Relative to the early stage
iron oxides (martite and granoblastic hematite),

the later-stage microplaty and specular hematite
that form the schistose ore have significantly
heavier d18O values, ranging between 3.0–3.2‰
and −0.9–3.8‰, respectively (Fig. 2). This
increase in the d18O values of the schistose, ore-
forming hematite generations is likely to reflect
the precipitation of microplaty and specular
hematite from fluids with heavier oxygen isotope
compositions during the later-stage of ore for-
mation (Hensler et al. 2014). Interestingly, an
increase in the d18O ratios from earlier stage
hematite to later stage hematite is also recorded
in other high-grade iron ore deposits worldwide,
such as Noamundi, Thabazimbi, and Tom Price
(Gutzmer et al. 2006; Beukes et al. 2008; Thorne
et al. 2008, respectively).

Calculations of the d18O of fluids in equilib-
rium with the iron oxides of the QF were per-
formed using the water-hematite curve after
Yapp (1990) assuming temperatures of 145 °C
(Rosière et al. 2008) for martite, granoblastic and
microplaty hematite and at a temperature of
350 °C for specular hematite (Rosière et al.

Fig. 6 Compilation of bulk hematite oxygen isotope data
(versus VSMOW) for massive, laminated and
breccia/conglomeratic-type iron ores of the Transvaal
Supergroup, South Africa. The Sishen and Beeshoek
deposits and the Kolomela prospect in the Griqualand
West Basin represent examples of iron ore mineralisation

of an ancient supergene origin. By contrast, the Thabaz-
imbi deposit in the eastern Transvaal Basin is interpreted
as hydrothermal in origin. Sishen data from Gutzmer et al.
(2006); Beeshoek data from van Deventer (2009);
Heuninkranz data from Land (2013) and Papadopoulos
(2016); and Thabazimbi data from Netshiozwi (2002)
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2008). Fluids in equilibrium with martite and
granoblastic hematite have relatively low average
d18Ofluid values (approx. 0.8‰ and 1.6‰,
respectively), whereas microplaty hematite and
specular hematite have high average d18Ofluid

values (6.0‰ and 9.6‰, respectively). With
respect to the iron ore genesis and source of ore-
forming fluids, the oxygen isotope compositions
of the fluids in equilibrium with the distinct iron
oxide paragenesis are interpreted to reflect: (i) the
participation of isotopically light hydrothermal
fluids (e.g. meteoric water or basinal brines)
during the martitisation and likely cogenetic
upgrade of itabirite to high-grade iron ore; and
(ii) participation of modified meteoric water
(with elevated d18Ofluid values) and/or infiltration
of isotopically heavy fluids (e.g. metamorphic or
magmatic water) into the ore system during the
precipitation/crystallisation of microplaty and
schistose specular hematite.

Figueiredo e Silva et al. (2008, 2013) selected
samples for oxygen isotopes from the Carajás
iron ores and least altered jaspilite from:
(1) magnetite, (2) microplaty hematite, (3) an-
hedral hematite, (4) tabular hematite, (5) quartz
from different vein breccias, and (6) least-altered
(whole-rock basis) jaspilite containing the
assemblage microcrystalline hematite ± martite;
analyses of microcrystalline hematite were also
performed. The d18O values display a large range
(Fig. 2) from 15.2‰ for the least-altered jaspi-
lites (whole-rock analyses; not shown in Fig. 2)
to −9.5‰ for the paragenetically latest, euhedral-
tabular hematite (Fig. 2) in the high-grade iron
ore. The d18Ofluid values were calculated based
on: (1) homogenization temperatures, after pres-
sure correction, of fluid inclusions trapped in
quartz and carbonate crystals that are in textural
equilibrium with hematite and/or magnetite
(Figueiredo et al. 2008, 2013; Lobato et al.
2008), and (2) the fractionation factors of Yapp
(1990) for hematite, Zheng (1991, 1995) for
magnetite, and Matsuhisa et al. (1979) for quartz.
For magnetite, the average pressure-corrected
trapping temperature of 245 °C, obtained from
microthermometry analyses of fluid inclusions
within vein type 1 quartz-carbonate crystals that
are in textural equilibrium with magnetite, was

used. For hematite, trapping temperatures (245–
285 °C) of fluid inclusions trapped in rare quartz
in equilibrium with hematite were used. The
d18Ofluid values for the different hematite types
increased about 6 to 8‰ with respect to the least
altered jaspilite, whereas the average d18Ofluid

value for magnetite increased by about 6‰
compared to the respective d18O values. There is
a clear decrease in both the d18Ofluid and d18Ofluid

values from the paragenetically earliest to the
latest hematite types.

Oxygen isotope data on iron ore of the Uru-
cum mining district have been performed on
whole-rock banded iron ores, because mineral
separation was not feasible due to diminutive
hematite grain sizes (Hoefs et al. 1987). Calcu-
lations of the isotopic compositions of the two
minerals comprising the BIF (namely hematite
and quartz; Hoefs et al. 1987) reveal d18O values
ranging between 21.3 and 26.4‰ for quartz and
0.8 to 6.5‰ for hematite. Temperature calcula-
tions using different hematite-quartz fractionation
curves (Blattner et al. 1983; Matthews et al.
1983) propose that hematite (and quartz) crys-
tallised at temperatures between 250 °C and
280 °C, and that the involved fluid had a
d18Ofluid composition above 10‰ (Hoefs et al.
1987). With respect to the exceptional high
oxygen isotopic fluid compositions, Hoefs et al.
(1987) interpret that the isotopic composition of
the iron ore reflect the diagenetic and burial
metamorphic conditions, that have largely oblit-
erated primary depositional oxygen isotope sig-
natures of the BIF quartz and hematite. In a later
study, Yapp (1990) used the same oxygen iso-
tope data from the Urucum mining district that
were originally published by Hoefs et al. (1987)
in order to calculate the depositional tempera-
tures of the Urucum BIF and related d18Ofluid

values using the hematite–water and quartz-water
fractionation curves of Yapp (1990) and Knauth
and Epstein (1976), respectively. In contrast to
the relatively high crystallisation temperatures of
Hoefs et al. (1987), the calculated depositional
temperatures (Yapp 1990) are low (ranging
between 0 and 35 °C) and oxygen isotope sig-
natures of involved fluids range between −8.8
and 0.0‰. Yapp (1990) interpreted this data as
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an oxygen isotope signature that reflects the
primary glaciogene environment present during
the BIF deposition rather than an overprint and
modification of earlier isotopic signatures by
post-depositional processes.

Using the isotopic composition of reworked
rocks for the investigation of their depositional
conditions assumes that isotopic exchange during
diagenesis/metamorphism was negligible and
that the primary isotopic composition was pre-
served during the diagenesis/metamorphism of
the rocks.

3.3.2 Carbon and Oxygen Isotope Data
on Carbonates

Except one recently published carbon isotope
study by Figueiredo e Silva et al. (2013), that
was carried out on hydrothermal BIF-hosted
carbonates of the Carajás mining province, most
of carbon and oxygen isotope data on carbonates
from Brazilian BIF-hosted ore (e.g. from the QF
and Urucum) have been performed on (least-
altered) BIFs/itabirite in order to gain informa-
tion about the depositional conditions and envi-
ronment during which the BIFs were formed and
not to track post-depositional alteration and ore
genetic processes. Importantly, in order to allow
a conclusion to what extent carbon and oxygen
isotope signature at the QF and Urucum may
reflect post-depositional alteration and ore
genetic processes, detailed carbon and oxygen
isotope studies need to be conducted also on
highly altered (e.g., hydrothermal carbonate) and
iron enriched BIF ore.

Detailed carbon and oxygen isotope data
(Spier et al. 2007) on carbonates from the Cauê
dolomitic itabirite sequence of the Águas Claras
deposit reveal negative d13C values ranging
between −2.5 and −0.8‰ and d18O values
ranging between −8.5 and −2.4‰. Similar d13C
values have been obtained in another carbon and
oxygen isotope study on the carbonate-rich ita-
birites of the Aguas Claras deposit (Morgan et al.
2013), which reveal d13C values between −1.6
and 2.4‰. Respective d18O values differ from
the study of Spier et al. (2007) ranging between
−14.4 and −10.2‰. These differences in the
d18O composition in the study by Spier et al.

(2007) and Morgan et al. (2013) may be attrib-
uted to different sample locations within the
Aguas Claras deposit and, accordingly, to a dif-
ferent mineralogical content of the analysed
samples. In fact, Morgan et al. (2013) reports the
d18O values becoming less negative with
increasing depth, which may be related to dif-
ferent degree of weathering of the analysed
samples. However, Spier et al. (2007), as well as
Morgan et al. (2013), interpreted the d13C (and
partially also the d18O) signatures of the QF
itabirite to represent typical primary isotopic
signatures of marine carbonates, which precipi-
tated in a shallow marine environment from a
seawater-hydrothermal fluid.

With respect to the Urucum mining district,
carbon isotopic analyses have been carried out on
carbonates from BIF, Mn-rich ore zones and
carbonate-rich veinlets in Mn ore (Klein and
Ladeira 2004) and further on dolomite-chert-
hematite BIF of the Santa Cruz deposit (Angerer
et al. 2016). The results show relatively
homogenous negative d13C values ranging
between −7.0 and −3.4‰ and are interpreted to
reflect the typical glaciomarine environment in
which the BIFs were deposited during Neopro-
terozoic times (Klein and Ladeira 2004; Angerer
et al. 2016). The primary depositional carbon
isotopic signature of the Neoproterozoic BIFs of
the Urucum mining district has, therefore not
been obliterated by post-depositional alteration
and/or ore-forming fluids.

For the case of Carajás, carbonate samples
were selected from different hydrothermal vein
breccia types located mainly in the N4E deposit
(Figueiredo e Silva et al. 2013) and consist of:
(1) calcite and kutnahorite in discordant V1 veins
located in the distal alteration zone within jas-
pilites; (2) kutnahorite and dolomite in V4
breccias in high-grade ore, with kutnahorite in
textural equilibrium with an assemblage of mar-
tite and microplaty hematite; (3) calcite from
amygdaloidal basaltic wallrock; and (4) calcite
veins in hydrothermally altered basaltic wall-
rocks. Calcite-kutnahorite d13C and d18O values
from the distal alteration zones show a large d13C
range of −5.5 to −2.4‰, and a relatively narrow
d18O range of 9.3 to 11.7‰. However, dolomite
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matrix breccias from the advanced hydrothermal
zone, i.e., ore, exhibit a wider d18O range from
15.1 to 21.8‰ and a more restricted d13C range
from −5.0 to −3.9‰ (Fig. 7). This latter ranges
point to a single carbon source of possible
magmatic nature, whereas the larger d18O range
suggests multiple oxygen sources.

3.3.3 Hydrogen Isotope Data on Fluid
Inclusions

Hydrogen isotope data were obtained from fluid
inclusions trapped in quartz from hydrothermal

V1a, V2 and V3 vein types in the Serra Norte
iron deposits, Carajás (Fig. 8). The hydrogen
values from fluid inclusions trapped in V2 and
V3 quartz veins are interpreted to reflect fluids
synchronous with iron mineralization and are
restricted to −20 to −43‰ with two outliers at
−3 and −104‰ (Fig. 8).

3.3.4 Oxygen Isotope Data on Silicates
and Oxides

Oxygen isotope analyses of iron oxides of the
Noamundi mining area were performed on

Fig. 7 Carbon and oxygen
isotopes compositions of
carbonates in calcite
amygdale from the
hydrothermally basaltic wall
rock; calcite veins from distal
alteration zone of basaltic
wall rocks; calcite,
kutnahorite from V1b vein-
breccia in distal alteration
zone in altered jaspilites, and
dolomite and kutnahorite
from V4 vein-breccia in
proximal alteration
zone. Symbols shown in
(b) are also valid for (a). The
two circles in (a) correspond
to distal and proximal
alteration zones, respectively;
also shown are fields of
oxygen and carbon isotopic
composition of calcite from
the Paleoproterozoic Cu (Mo–
Au–Sn) Estrela deposit
(Lindenmayer et al. 2005)
(box in grey), and the
Archean Cu(Au) Cristalino
deposit (Ribeiro et al. 2007)
(empty box).
b Diagram showing
calculated carbon and oxygen
fluid values based on trapping
temperatures based on fluid
inclusions studies. Magmatic
field according to Kyser and
Kerrich (1990)
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cryptoplaty hematite from the hard iron ore and
martite from partly mineralised BIFs and ore
(Beukes et al. 2008). The oxygen isotope signa-
ture of cryptoplaty hematite ranges between −1.3
and 2.5‰. Relative to the ore-hosted cryptoplaty
hematite, martite from the mineralised BIF and
massive iron ore is depleted in 18O and has d18O
values ranging from −5.8 to −4.4‰ and from
−6.7 to −2.6‰, respectively. The depleted d18O
values of martite compared to cryptoplaty
hematite is interpreted to reflect the formation of
magnetite (as precursor mineral of martite) under
higher temperatures than cryptoplaty hematite
and a probable chemical inheritance of the oxy-
gen isotope signature in martite from the mag-
netite precursor (Beukes and Gutzmer 2008).
Additional interpretations about e.g. ore-forming
fluid characteristics and sources have not been
done so far by the means of the published oxygen
isotope data (Beukes and Gutzmer 2008).

4 Interpretation of Oxygen, Carbon
and Hydrogen Isotope Data
with Respect to Hydrothermal
Fluid Source(s), Fluid Flow
and Processes

Oxygen and carbon isotope analyses on precur-
sor BIF or, locally low-grade iron ore, have been
completed since the early 1970’s with landmark
papers by Becker (1971), Clayton et al. (1972)
and Becker and Clayton (1976) on carbon and
oxygen isotope ratios on BIF in the Hamersley of
Western Australia. The first study on specifically
iron ore was by Hoefs et al. (1982) who inves-
tigated oxygen isotope signatures on selected
iron ore from the QF in Brazil. It was not until
the end of the 1990’s that Hagemann et al. (1999)
and Powell et al. (1999) reported oxygen iso-
topes on specific iron ore types from Hamersley

Fig. 8 Diagram displaying calculated d18Ofluid and dD
isotope value for quartz and fluid inclusions, respectively
from the Serra Norte iron deposits. Also presented are
data from the Southern Ridge deposit at Tom Price in the
Hamersley Province of Western Australia (Hagemann

et al. 1999). The meteoric water line (Craig 1961), and
fields of typical magmatic waters (Ohmoto 1986) and
metamorphic waters as defined by Taylor (1974) are also
shown.
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iron deposits, and then Gutzmer et al. (2006)
published a now seminal paper on oxygen iso-
topes of hematite and the genesis of high-grade
BIF-hosted iron ores from a variety of deposits in
South Africa, Brazil, India, and Australia.

These early studies were then followed up
with detailed oxygen and carbon isotope inves-
tigations on iron oxides (both magnetite and
hematite) formed during specific paragenetic ore
stages in both the hypogene and supergene
environment. Whereas the early oxygen isotope
studies solely concentrated on the origin of the
precursor BIF, the investigations at the end of the
1990’s and thereafter also focused on the origin
of the iron ore with respect to their crustal
position, i.e., whether these ores are the product
of hypogene hydrothermal alteration and/or
weathering and supergene enrichment. In addi-
tion, other studies used the stable isotope (oxy-
gen and carbon isotopes) signatures of iron ore
and gangue carbonate to develop deposit-specific
fluid flow paths and hydrothermal models for the
origin of BIF-hosted iron ore.

With respect to the hydrogen isotope, only
limited data is available, and only from fluid
inclusions trapped in quartz veins. It is important
to point out that hydrogen data may overlap both
the magmatic and metamorphic fluid reservoirs,
making these isotopic signature alone non-
diagnostic.

The following sections will summarize the
fundamental contributions of stable isotopes in
the genesis of BIF-hosted iron ore but also pro-
vide a summary of the implications for the origin
of iron ore in specific iron ore districts through-
out the world.

4.1 Stable Isotope Analyses
and Genetic Implications

Before about 1990’s the most widely accepted
BIF-hosted iron ore model was a combination of
pure supergene enrichment via deep weathering
processes during the Mesozoic to Paleogene (e.g.
Dorr 1964) and diagenetic and metamorphic
dehydration of Paleoproterozoic goethite via
downwards penetration of supergene fluids up to

the base of weathering, i.e., the classic CSIRO-
AMIRA supergene-metamorphic model (Morris
1985). At the end of the 1990’s these models
were then challenged by the results of stable
isotope and fluid inclusion studies on iron oxides
and gangue minerals such as carbonates and
quartz, which allowed the detection and quan-
tification of a variety of hydrothermal fluids
including basinal brines (Hagemann et al. 1999;
Thorne et al. 2004), magmatic fluids (Figueiredo
e Silva et al. 2008) and ancient meteoric waters
(Hagemann et al. 1999; Thorne et al. 2004;
Figueiredo e Silva et al. 2008; Cope et al. 2008).
Much of the renewed interest in the genesis of
BIF-hosted iron ore was sparked by the avail-
ability of deep diamond cores, intercepting fresh,
hypogene iron ore, carbonates and quartz well
beneath the weathering horizon, which required a
re-think of the accepted geological models of the
time. It was at this time that the application of
stable isotopes, in combination with fluid inclu-
sions, revealed fundamental new data and
allowed new interpretations on the origin of BIF-
hosted iron ore. Some of the fundamental new
interpretations included:
1. The large spread of the oxygen isotope com-

position in iron oxides, in all of the deposits
that have been analysed to date, and a general
depletion of 18O from BIF-hosted to iron ore-
hosted iron oxides suggests the involvement of
meteoric water (d18Ofluid between −10 and
2‰) at the time of mineralisation, i.e. during
the upgrade of BIF to iron ore.

2. The presence of d18Ofluid data > 4‰ suggest
the involvement of an additional hydrother-
mal fluid, besides meteoric water, which was
determined to be of magmatic nature in the
case of the greenstone belt-hosted Carajás-
type iron ore deposits and basinal brines in
the case of the sedimentary basin-hosted
Hamersley-type deposits.

3. The spread in carbon isotope data indicates
that carbon is not necessarily derived from
carbonate-rich BIF units but also contains a
component of “external” carbon; in the case
of the Carajás deposit magmatic carbon, in
the case of the Hamersley deposits sedimen-
tary carbon from the underlying Wittenoom
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dolomite, and in the case of Yilgarn deposits
surface water (either seawater or meteoric
water).

4.2 Regional Interpretations

Where stable isotope analyses on oxides or
quartz associated with iron ore were conducted,
the results played a significant role in the iden-
tification of hydrothermal fluid types and in the
interpretation of fluid flow models for the
respective iron ore deposits.

In the itabirite-hosted iron ore of the QF, two
major trends are observed: (1) iron oxides that
form the high-grade iron ore have lower d18O
values than iron oxides from the protore itabirite;
and (2) across the ore-forming paragenetic iron
oxide sequence, a minor increase in the d18O
values is recorded. Hensler et al. (2014) sug-
gested that the strong decrease in d18O values is
likely related to the influx of large volumes of
meteoric water, with light oxygen isotopic sig-
nature, during the upgrade of itabirite to iron ore.
The same interpretation is favoured for the Pic de
Fon deposit in West Africa, where iron-enriched
BIF records a substantial shift towards low d18O
values compared to least-altered BIF (Cope et al.
2008). The development of large “feeder” sys-
tems, such as shear and fault zones, is likely
fundamental for the circulation of those large
fluid volumes and, therefore, for the significant
geochemical processes (e.g. de-silicification and
oxidation of magnetite to martite) during the
formation of high-grade iron ore bodies. With
respect to the iron ore, the minor increase of d18O
values from paragenetically earlier to later iron
oxides, thus from martite and granoblastic
hematite to microplaty and specular hematite,
may reflect the participation of an oxygen iso-
topic heavier water (e.g. modified heavier mete-
oric, metamorphic, or magmatic water) during
the iron ore modification.

The large Tom Price and Paraburdoo iron ore
deposits display a similar oxygen isotope trend
(Fig. 2) as recorded in the QF and the Pic de Fon
deposit, thus a strong d18O decrease from BIF-

hosted magnetite to ore-hosted hematite. Mete-
oric water likely played also a significant role in
shifting the d18Ofluid values of up to 8.5‰ for
magnetite in unaltered BIF to as low as −8.9‰
for martite and platy hematite in high-grade iron
ore of Tom Price, Paraburdoo and Pic de Fon
(Thorne et al. 2014; Cope et al. 2008). Oxygen
and hydrogen isotopes on quartz, hematite and
fluid inclusions, respectively from the Southern
Batter fault zone in the Southern Ridge deposit
also show significant negative d18Ofluid values for
quartz and hematite (up to −4‰) and, when
paired with the hydrogen values, suggest signif-
icant surface water influx (likely meteoric water)
into the fault zone and ore body (Hagemann et al.
1999). In the giant Carajás Serra Norte iron ore
deposits there is a systematic decrease in d18O
values of oxides from early to late paragenetic
stages (Fig. 2), indicating a progressive increase
in the influx of isotopically light, meteoric waters
with time and proximity to the high-grade, hard-
iron orebodies (Figueiredo e Silva et al. 2013).
Figure 8 displays d18Ofluid versus dD isotope
values for quartz and fluid inclusions, respec-
tively. Some data points from the Serra Norte
iron ore deposits fall within the field of primary
magmatic fluids (Taylor 1974), with two samples
that shifted the isotopic values towards lighter
d18O and heavier dD compared to those that
characterise average magmatic fluid. This shift
may indicate an uncertain amount of meteoric
water influx into the mineral system and subse-
quent fluid-rock reactions. Values of quartz
samples from the Southern Ridge iron ore
deposit in the Hamersley Province in Western
Australia (Hagemann et al. 1999) are also shown
in Fig. 8, and clearly display different popula-
tions in dD and d18Ofluid relative to Carajás,
suggesting different fluid sources and/or fluid-
rock reactions for these two datasets. Most of the
Carajás data points fall within the magmatic/
metamorphic water boxes, whereas the majority
of the Southern Ridge data plot outside these
boxes. The lack of lower 18O values towards the
meteoric water line in the Carajás samples could
be explained by the absence of data from late-
stage quartz veins (proximal alteration zone),
which better reflect the influx of meteoric water.
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Also, interestingly, the Carajás hydrogen isotope
data set is more restricted than that for the
Hamersley iron deposits (Hagemann et al. 1999;
Fig. 8), suggesting that basinal brines were not
involved (Figueiredo e Silva et al. 2008).

5 Implications for Exploration
of BIF-Hosted Iron Ore Systems

The decrease of d18O values in iron oxides from
the distal to proximal alteration zone including the
orebody may be used as a geochemical vector and
provides a potential exploration tool particularly
for finding high-grade iron ore deposits (e.g. in the
QF), in which hematite/magnetite are frequently
the only mineral that can be readily analysed. In
combination with magnetic and gravity imaging
this geochemical vector may assist in the identi-
fication of extensions of existing iron orebodies
and in finding new, deep-seated concealed iron
ore mineralisation. The mapping and identifica-
tion of major structural pathways, which facilitate
the circulation of large volumes of meteoric water
commonly reflected by light oxygen isotope val-
ues, will be crucial for identifying itabirite that is
upgraded to high-grade iron ore.

The systematic decrease in d18O values of
oxides from BIF-to iron ore-hosted iron oxides
indicates a progressive increase in the influx of
isotopically light, meteoric waters with time and
proximity to the high-grade, hard iron orebodies.

6 Limitations and Problems
of Stable Isotope Analyses
on BIF-Related Iron Ores

One of the overarching features of BIF-hosted
iron ores globally, irrespective of their exact
genetic origin (i.e. entirely supergene versus
mixed hypogene-supergene), is the relatively
large range in d18O data recorded in the iron
oxide fraction. This is particularly seen in bulk-
ore hematite isotopic data, suggesting that large
variations in d18O are probably the result of
analyses of highly heterogeneous mixtures of
multiple iron oxide generations. Such data are

likely to obscure rather than illuminate the origin
of the ores and their spatial and temporal devel-
opment. Nevertheless, in general, lowest d18O
values in iron oxides characterise the most enri-
ched portions of the ores, and this appears to
apply both in some mixed hypogene-supergene
deposits (e.g. Pic de Fon) and in those interpreted
to have formed by ancient supergene processes
only (e.g. Sishen). By contrast, hydrothermally
altered BIF adjacent to the massive ores contains
often texturally discrete generations of hematite
(e.g. specular, microplaty) that also display
heavy oxygen isotopes. This evident isotopic
trend may be associated with either multiple
fluids (e.g. evolved meteoric fluids versus basinal
brines) involved in iron remobilisation and
enrichment during the complex history of the
deposits, and/or isotopic exchange reactions in
structurally-controlled, largely single-fluid sys-
tems under progressively different fluid/rock
ratios and temperatures.

Irrespective of the causes for the isotopic
variations in space within a given deposit or
prospect, it is crucial to be able to constrain and
ensure as much as possible the integrity of the
stable isotope data obtained. In classic mixed
hypogene-supergene deposits such as those of the
Hamersley basin, a multi-isotopic approach (O,
C, H) on different mineral species (oxides, car-
bonates and silicates) combined with fluid inclu-
sion investigations has been demonstrated to
provide robust enough constraints on the nature
of the hydrothermal system and its development
in space (e.g. Thorne et al. 2008). This approach,
however, is limited with respect to carbon isotope
analyses in supergene-only deposits, which are
also typically carbonate-destructive.

The great majority of BIF-hosted deposits are
of hybrid origin (i.e. hypogene ore overprinted
by modern supergene enrichment or modified
ancient supergene-only ores). These likely record
a large variety of textural forms of iron oxides on
an equally large variety of scales, both in the
massive ores and in associated altered BIFs.
Isotopic analyses of minerals from these ores, in
the absence of rigorous petrographic and textural
analysis and documentation of detailed parage-
netic stages are likely to produce biased and
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misleading results. One must, therefore never
underestimate the importance of detailed field
work, petrography and mineral chemistry as the
essential “backbone” of sound sample selection
and robust geochemical and isotopic application
in iron-ore exploration campaigns.

7 Conclusions

Stable oxygen and carbon isotope analyses in
oxides, quartz and carbonate have significantly
influenced the models for BIF-hosted iron ore
worldwide.

Carbon and oxygen isotopes in carbonate
associated with carbonate-rich, unaltered BIF and
hydrothermal alteration carbonate suggest that d13C
and d18O values of carbonates shift significantly
from heavy to light d13C and light to heavy d18O
values during hydrothermal alteration and miner-
alisation processes, thus suggesting an external (to
the BIF) carbon source. Oxygen isotope studies on
iron oxides from different ore deposits worldwide
display a major decrease in the d18O values from
BIF- to iron ore-hosted oxides and display the
circulation and significance of large volumes of
light oxygen isotope meteoric water during the
upgrade of BIF to high-grade iron ore. Exploration
of hidden BIF-hosted iron ore or extension of
known iron ore bodies can be significantly assisted
with stable isotope analyses of oxides, quartz and
carbonate. Significant shifts in d18O and d13C
values likely indicate massive hydrothermal fluid
flow in the direction of high permeability fault
zones, which in many deposits coincide spatially
with zones of high-grade iron ore.
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Iron Isotopes Applied to BIF-Hosted
Iron Deposits

Lydia Maria Lobato, Rosaline Cristina Figueiredo e Silva,
Thomas Angerer, Mônica de Cássia Oliveira Mendes,
and Steffen G. Hagemann

Abstract

Published and unpublished iron isotope data
from banded iron formations (BIF) and their
BIF-hosted hypogene (hydrothermal) iron ores
from the Quadrilátero Ferrífero (itabirites),
Corumbá, and Carajás iron districts in Brazil,
as well as from the Hamersley province in
Australia are presented and discussed. BIF
constitutes a typically thinly bedded or lami-
nated chemical sedimentary rock, with
� 15% Fe and layers of chert, chalcedony,
jasper, or quartz, whereas itabirite is consid-
ered a laminated, metamorphosed iron forma-
tion rich in iron oxides, which may contain
carbonate minerals, amphiboles, and abundant
quartz. For the Paleoproterozoic Quadrilátero

Ferrífero district, the range in d56Fe values of
hypogene iron ores is similar to that of the
metamorphosed BIFs, and iron isotope varia-
tions are better distinguished in different
regional deformational domains. Light iso-
topic compositions dominate in the low defor-
mation domain (d56Fe = −0.42 ± 0.12 to
0.29 ± 0.04‰), whereas the eastern, high-
strain domain is characterized by heavy values
(d56Fe = −0.09 ± 0.08 to 0.37 ± 0.06‰;
Mendes et al., Mineral Deposita 52:159–180,
2017). Iron isotope composition for the Neo-
proterozoic iron formations of the Corumbá
region (hematitic, dolomite-rich: −1.83 and
−0.83‰; cherty-hematite: d56Fe −0.49‰) are
controlled by: (1) primary seawater signature,
(2) microbial activity, and (3) supergene
goethite alteration. Hydrothermal alteration is
reflected in the oxygen isotope data, but
apparently not in the iron isotope fractionation.
Iron and oxygen isotope pairing shows that
d56Fe values increase, while d18O values
decrease. In the Archean jaspilites of Carajás,
hypogene ores tend to display lighter d56Fe
values than their host BIF counterparts. Also,
there is a correlation between coupled iron and
oxygen isotope values that is clearer towards
lighter isotopic values, especially for d18O. In
the Paleoproterozoic Hamersley deposits, cor-
relation between d18O and d56Fe values sug-
gests a direct correlation of both isotope
systems during low-grade, greenschist-facies
metamorphism. On the other hand, despite the
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evident shift to negative d18O values and
apparent preservation of the metamorphic
d56Fe signature, iron ore and hydrothermally
modified BIF show a correlation between d18O
and d56Fe values. In contrast, in supergene-
modified samples a negative correlation is
apparent. The Carajás (+1.24 to + 0.44; one
sample − 0.30‰) and Hamersley (+ 1.02 to
− 0.29‰) hypogene ores display d56Fe in a
similar interval, reaching positive values,
whereas ores from the Quadrilátero Ferrífero
show a tendency towards lower values
(to − 0.80‰). This review indicates that the
application of iron isotopes in exploration is
presently limited mainly due to the restricted
dataset available for ore samples. Neverthe-
less, and despite all local differences, there is a
general tendency for hypogene ores to display
moderately lighter d56Fe values for all deposits
compared to precursor BIF. In contrast, a
strong supergene imprint in ore leads to
moderately heavier d56Fe values. As more
data become available, and if these trends are
confirmed, the use of this tool may be valuable
in the future, for instance to decipher the
hypogene or supergene origin of specific ore
zones, and as a consequence the probable
depth extension or interpretation of concealed,
deep orebodies.

Keyword

Iron isotopes � Iron deposits � Quadrilátero
Ferrífero � Corumbá � Carajás � Hamersley

1 Introduction

Stable isotope geochemistry has become exten-
sively applied to geosciences in the last decades,
with applications in a wide range of geological
processes, including mineral deposits (e.g., Horn
et al. 2006; Shanks 2014). Since the development
of the high-resolution mass spectrometers with
multiple collectors (MC-ICP-MS), analysis of
non-traditional stable isotopes, such as iron iso-
topes, has become possible. In particular, iron

isotope geochemistry is quite conspicuous
because of its relatively high concentrations on
Earth, making it a good tool for tracing the
geochemical cycle of Fe (e.g., Johnson and
Beard 2006; Dauphas et al. 2017).

Significant iron isotopic variability of natural
materials is demonstrated by studies conducted
in different geological environments (e.g.,
Levasseur et al. 2004; Williams et al. 2005b;
Horn et al. 2006; Johnson and Beard 2006;
Poitrasson 2006; Teng et al. 2008; Weyer 2008;
Schoenberg et al. 2009; Xiaohu Li et al. 2017).
Banded iron formations (BIF), for example,
show a relatively large range in iron isotope
compositions, varying from − 2.5 to + 2.2‰ in
d56Fe. In the study of BIF, these variations help
discern iron sources and construct models for
BIF genesis (e.g., Johnson et al. 2003, 2008a, b;
Frost et al. 2007; Whitehouse and Fedo 2007;
Fabre et al. 2011; Halverson et al. 2011; Pla-
navsky et al. 2012; Czaja et al. 2013; Cox et al.
2016).

Despite the increase of iron isotope mea-
surements for different geological settings, and
for BIF themselves, there is little systematic
application to hydrothermal BIF-hosted iron
ores (e.g., Mendes et al. 2017). Examples
include studies by Markl et al. (2006) of Fe-
bearing minerals in the Variscan Schwarzwald
hydrothermal vein deposits (Germany); mag-
netite in Kiruna-type (IOA Weis 2013; Weis
et al. 2013; Bilenker 2015; Bilenker et al. 2016;
Childress et al. 2016; Knipping et al. 2019;
Troll et al. 2019); magnetite and sulfides in
Archean Carajás IOCG deposits, Brazil (Santi-
ago 2016); magnetite in the Chinese Xinqiao
skarn deposit (Wang et al. 2011); and BIF-
hosted magnetite ores of the Anshan-Benxi area
in the North China craton (Dai et al. 2017).
Limited data from hydrothermal iron deposits
have shown that iron isotope ratios are partly
controlled by hydrothermal fluid circulation
(Horn et al. 2006; Markl et al. 2006), and by
the hydrothermal mineralization conditions
(Mendes et al. 2017).

The interaction of primary hematite with
hydrothermal fluids in most cases enriches the
lighter isotopes in the secondary hematite. For
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siderite, isotopes fractionate in the opposite
direction (Markl et al. 2006). Hydrothermal
fluids therefore preferentially scavenge the light
iron from iron-bearing minerals from surround-
ing rocks (e.g., Rouxel et al. 2003; Markl et al.
2006). Consequently, if a hydrothermal fluid
percolates through protore BIF, the isotope
composition of the hydrothermal fluid and its
eventual ores are expected to be relatively lower
in iron isotope values, whereas the residual BIF
tends towards higher d56Fe ratios. Precipitation
of Fe-bearing minerals results in the iron isotope
composition of residual fluids evolving with
time. Precipitation of Fe(III) minerals leaves the
remaining fluid enriched in light isotopes,
resulting in progressively lighter precipitates
from the same fluid.

The complexity of isotopic fractionation dur-
ing hydrothermal mineralization was emphasized
by Horn et al. (2006). The isotopic composition
suggests that fractionation can take place during
the precipitation of iron phases, with variation of
the d56Fe values even on the scale of a single
hematite crystal (d56Fe = − 0.5‰, in the core
and − 1.8‰, in the rim), reflecting the relative
increase in content of the lighter isotope in the
residual fluid (see also Steinhoefel et al. 2009).

Iron isotopes potentially identify precursors to
hydrothermal alteration products and their asso-
ciated ores. During hydrothermal processes, iso-
topic fractionation and isotopic composition of
iron ore minerals may indicate iron sources (i.e.,
sedimentary, magmatic or metamorphic, or fluid
evolution), allowing the reconstruction of pre-
cipitation and redox processes (Markl et al. 2006)
that take place during ore formation and/or
alteration.

This paper reviews and presents published
iron isotope data from the Brazilian Quadrilátero
Ferrífero (QF), Urucum (in Corumbá) and Car-
ajás (jaspilite) iron districts (Fig. 1a–c). New data
from Corumbá and Carajás, as well as from the
Hamersley (Fig. 1d) province in Australia (BIF
and iron ores), are presented. New and previ-
ously reported oxygen isotope results are also
introduced for some of the samples in order to
investigate the behavior and potential coupling
with iron isotope. The main goal of this

contribution is to show the variation of iron
isotopes from the protore BIF to their associated
high-grade iron ores, as well as compare and
contrast iron isotopes in the various iron ore
districts. A brief review on iron isotope frac-
tionation is included. Some future applications of
iron isotope studies to mineral systems are sug-
gested, with ideas about applying iron isotopes in
the context of exploration.

2 Brief Summary on Iron Isotopes

In this section, we briefly review the most rele-
vant information concerning iron fractionation in
natural environments. Since the goal of this
contribution is to evaluate how iron isotope
variations take place during the hydrothermal
upgrade of iron formations, the focus is directed
mainly towards this latter subject.

Several reviews have been published over the
past 15 years covering different aspects of iron
isotope geochemistry (e.g., Beard and Johnson
2004; Johnson et al. 2004, 2008a; Dauphas and
Rouxel 2006; Anbar and Rouxel 2007; Dauphas
et al. 2017). In the present review, emphasis is
given to the development of iron isotope sys-
tematics over the past decade, although still
highlighting the important discoveries made
before that time. The most important aspects in
the past 10 years include the recognition that
igneous rocks and minerals can display iron
isotopic variations; a better understanding of the
ancient iron marine cycle; and the first extensive
use of iron isotope measurements in modern
seawater to better understand the modern marine
iron cycle. The past decade has also seen a large
increase in the number of laboratory experiments
aimed at determining equilibrium and kinetic
fractionation factors needed to interpret iron
isotope variations in natural samples.

Before examining iron isotope composition of
iron ores, it is important to consider some aspects
of the isotopic compositions of their protolith
BIF. Iron is delivered to the depositional basins
mainly through submarine hydrothermal vent
fluids, with d56Fe composition being roughly
–0.5 to 0.0‰ (Beard et al. 2003; Severmann
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et al. 2004; Johnson et al. 2008a). The deposition
of iron oxides/hydroxides is influenced by the
availability of oxygen in the ocean, which is

reflected in the d56Fe signatures of iron forma-
tions (Johnson et al. 2008a; Planavsky et al.
2012). Quantitative oxidation of Fe(II) would

Fig. 1 Geological maps with sampling location for BIF-
hosted iron ore districts and deposits (modified after
Hagemann et al. 2016). a Quadrilátero Ferrífero (QF),
Brazil (after Dorr 1969; Rosière et al. 2008). The open
circles indicate locations of the Usiminas (MUS),
Bocaina, (MBC), Pau Branco (MPB), Várzea do Lopes
(MG), Casa de Pedra (MCP), Alegria (MAL), Morro
Agudo (MAG), Andrade (MAN), Conceição (MCO),
Cauê (MC) Mina de Fábrica (MF), and Dom Bosco
Syncline (DBS) deposits. The yellow square indicates the

southern Ouro Fino Syncline (OFS) portion of Gandarela
Sycline (GS) (see Sampaio et al. 2018). b Urucum
(Corumbá region), Brazil (after Walde and Hagemann
2007). Open circle with SC indicates the Santa Cruz
deposit. c Serra Norte, Carajás mineral province, Brazil
(after Figueiredo e Silva et al. 2008). Open circles indicate
the N4 and N5 iron deposits. d Hamersley, Australia (after
Angerer et al. 2012). Open cirlces indicate the TP Tom
Price (TP), Paraburdoo (PA), and Whaleback
(WB) deposits
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result in zero fractionation between the
hydrothermal iron source and iron oxyhydroxide
minerals. In contrast, partial Fe(II) oxidation
produces ferric oxides with positive d56Fe values
(Johnson et al. 2008b; Planavsky et al. 2012),
with consequent depletion of the ferrous iron in
the iron pool (Dauphas et al. 2004; Rouxel et al.
2005; Planavsky et al. 2012). Archean BIFs, for
example, tend to have positive d56Fe signatures
(Whitehouse and Fedo 2007; Fabre et al. 2011;
Czaja et al. 2013; Busigny et al. 2014) due to
non-quantitative fractionation in response to
limited availability of free oxygen. Similar sig-
natures are also observed for the Neoproterozoic
BIFs deposited during glaciation episodes
(Busigny et al. 2018). With the rise of atmo-
spheric oxygen, during the Great Oxidation
Event (GOE) at ca. 2.4 Ga (eg. Holland 2006
and references therein), the d56Fe signatures of
Paleoproterozoic BIF become similar to values of
the hydrothermal source due to quantitative
fractionation of iron (see recent discussion in
e.g., Lantink et al. 2018).

When considering the iron isotope fractiona-
tion, both biological and abiological mechanisms
must be taken into account. The largest iron
isotopic fractionations are associated with bio-
logically mediated or abiologically induced,
redox transformations between ferrous and ferric
iron (Johnson et al. 2002, 2008b; Beard and
Johnson 2004; Anbar et al. 2005). Mass-
dependent Rayleigh-type fractionation may
arise during progressive removal of relatively
56Fe-enriched iron oxides from the iron reservoir,
resulting in the relative enrichment of 54Fe in the
residual pool (Rouxel et al. 2005; Planavsky
et al. 2012).

Biologically induced dissimilatory iron
reduction (DIR) produces some of the largest
natural fractionations of stable iron isotopes
(Crosby et al. 2007). This mechanism is driven
by a bacterial metabolic process, with transfer-
ence of electrons to Fe-oxyhydroxides (Lovley
et al. 2004). The DIR produces aqueous ferrous
iron (Fe(II)aq) that is isotopically up to *3‰
lighter than the ferric iron substrate (Beard et al.
1999, 2003; Johnson et al. 2005; Crosby et al.
2005, 2007; Kunzmann et al. 2017).

At higher temperatures, fractionation typical
of hydrothermal fluids has been evaluated by
experimental procedures through the investiga-
tion of the fractionation of iron between saline
solutions and hematite (Saunier et al. 2011).
These experiments demonstrate the absence of
fractionation between fluid and precipitated
hematite at 200 °C, and negative fractionation at
even higher temperatures (Δ57Fefluid-hematite � –

0.5‰, at 300 °C), suggesting preferential trans-
port of isotopically light iron at tempera-
tures > 200ºC. At 800 °C, Sossi and O’Neil
(2017) show that experimentally determined
fractionation factors between minerals and
aqueous FeCl2 fluid have a minimal fractionation
between VIFe2+ and the fluid. If this represents
speciation of iron in fluids exsolving from mag-
mas, the fractionation between them should be
small, unless the iron is hosted in magnetite, with
both ferrous and ferric iron.

3 Geological Background
of Selected Iron-Ore Districts

3.1 Quadrilátero Ferrífero

The Quadrilátero Ferrífero (QF) province
(Fig. 1a), located in Minas Gerais state, plays a
significant role in the Brazilian mining industry,
hosting important gold and iron ore deposits,
besides manganese and bauxite resources. The
Minas Gerais iron ore corresponded to ca. 52%
of the total Brazil´s iron ore exports in 2014
(177.675 t, IBRAM 2015 report, http://www.
ibram.org.br/sites/1300/1382/00005836.pd).

Iron orebodies are hosted in Paleoproterozoic
banded iron formations (BIF) of the regionally
extensive Cauê Formation (Itabira Group, Minas
Supergroup: Dorr 1969; Fig. 1 of Mendes et al.
2017). The Minas Supergroup consists of a
platformal sedimentary succession, including
clastic (Caraça, Piracicaba and Sabará groups)
and chemical (Itabira Group) units metamor-
phosed to low greenschist facies (Dorr 1969).
The metamorphosed and oxidized Cauê BIFs are
commonly referred to as itabirites, and are
composed predominantly of iron oxides
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(hematite, magnetite and martite, after magnetite)
and quartz. Quartz itabirite is the most common,
followed by calcareous (dolomite and ankerite,
with minor calcite and siderite) and amphibolitic
itabirites, the latter resulting from the metamor-
phism of calcareous itabirites (Rosière et al.
2008).

The QF region experienced important defor-
mational events (e.g., Alkmim and Marshak
1998; Baltazar and Lobato 2020). The first was
the Neoarchean Rio das Velhas event, followed
by the 2.3–2.1 Ga Rhyacian-aged orogeny with
the generation of NE-SW-trending fold and
thrust belts verging to the NW. Then came the
orogenic collapse at ca. 2.1 Ga (Alkmim and
Marshak 1998). Finally, there was the Neopro-
terozoic Brasiliano orogeny, responsible for the
formation of fold and thrust belts verging to the
west (Alkmim and Marshak 1998), which
imposed regional temperature and pressure gra-
dients of 300–600 °C and 3–5 kbars, respec-
tively, from west to east (Pires 1995). These
tectono-metamorphic events resulted in a defor-
mational and metamorphic gradient in the region
that characterizes western, low-strain and eastern,
high-strain domains, the latter most affected by
Neoproterozoic tectonics (Rosière et al. 2001).

The evolution of the high-grade, hypogene
ores is interpreted to have occurred synchroni-
cally to the Rhyacian-aged orogeny (2.03 Ga,
Rosière et al. 2012), involving hydrothermal
fluids of different origins and compositions, with
formation of different generations of iron oxides
(Rosière and Rios 2004; Rosière et al. 2008).
During the first, contractional stage, reduced
metamorphic fluids and oxidized connate water
leached silica and carbonate from BIFs, and
mobilized iron, leading to the formation of

massive magnetite bodies, iron oxide veins and
iron-enriched itabirites. The second stage
involved low-temperature and low- to medium-
salinity fluids, resulting in oxidation of magnetite
to martite, and formation of anhedral and sub-
hedral hematite (Fig. 2a). Granular hematite
resulted from the recrystallization of these iron
oxide types during metamorphism. The third
mineralization stage involved percolation of sal-
ine hydrothermal fluids along shear zones, with
the formation of tabular hematite, precipitated
from low-temperature hydrothermal fluids.
Specularite (Fig. 2b) subsequently formed along
shear zones under high-strain and high-
temperature conditions, overgrowing previous
granular hematite. The Neoproterozoic, Brasil-
iano tectonic event was characterized by intense
deformation in the eastern domain of the QF,
where iron ores display a schistose structure,
with well developed specularite crystals formed
at high temperatures. These ores may have been
formed under lower crustal conditions during the
peak of the Rhyacian-aged orogeny, and then
were thrust upwards to shallower levels during
the Brasiliano Orogeny (Rosière et al. 2008).

3.2 Corumbá

Located near the Brazilian-Bolivian border
(south of the town of Corumbá), the Urucum
deposit lies between the southeastern edge of the
Amazon craton and the northeastern corner of the
Rio Apa block (Fig. 1 of Angerer et al. 2016).

The Banda Alta Formation of the Neopro-
terozoic Jacadigo Group in the Urucum massif,
southwestern Brazil, represents one of the largest
known Neoproterozoic hematite iron formations

Fig. 2 Photomicrographs, illustrating examples of dif-
ferent types of iron ores from districts discussed in the
text. a Massive iron ore, formed predominantly by
anhedral(A) (± subhedral(S)) hematite, Pau Branco
deposit, Quadrilátero Ferrífero (QF). b Specularite-
bearing, schistose iron ore from a high-strain ore zone,
Várzea do Lopes deposit, QF. c Sample of hematite mud
with compact, laminated texture and local chert lenses.
d Brecciated martite-hematite ore from the N4W deposit,
Carajás, where microcrystalline hematite is preserved.

e Brecciated euhedral-tabular (ET) hematite ore from the
N5E deposit, Carajás. f and g From Mt. Tom Price
deposit, Hamersley province, the former showing aggre-
gates of microplaty hematite (MpH) in high-grade ore,
and the latter representing martite-microplaty hematite
ore. Hem = hematite; Mt = martite; MHem = microcrys-
talline hematite; MpHem = microplaty hematite. Pho-
tomicrographs d, f, g taken under transmitted light; all
others reflected light

c
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(Fig. 1b). They are nodular and laminated, as well
as banded, and are hereafter referred to as BIF
following Walde and Hagemann (2007) and
Angerer et al. (2016, and references therein).
Several manganese oxide layers in the lower
stratigraphic zone, as well as colluvial hematite
ore (*45 to 62 wt% Fe) near the land surface,
represent significant metal resources (Walde et al.
1981; Urban et al. 1992; Walde and Hagemann
2007). In the Urucum massif, the lowermost
siliciclastic units of the Urucum Formation, the
intermediate Córrego das Pedras Formation,
and/or upper BIF and diamictite layers of the
Banda Alta Formation, rest unconformably above
a gneissic basement high of the Rio Apa Block
(Dorr 1945). The depositional age is uncertain,
and bracketed by a K–Ar cooling age of basement
granites at 889 ± 44 Ma (Hasui and Almeida
1970) and an Ar–Ar age of diagenetic cryp-
tomelane in the Mn-formation at 587 ± 7 Ma
(Piacentini et al. 2013).

The banded and chemical-sedimentary nature
of most of the hematite-rich rocks in the Banda
Alta Formation has been established by several
stratigraphic, petrographic and geochemical
studies (Urban et al. 1992; Klein and Ladeira
2004; Freitas et al. 2011; Angerer et al. 2016;
Viehmann et al. 2016). Stratigraphic studies have
established a variable BIF stratigraphy across the
Urucum region (Urban et al. 1992), with
dolomite-rich BIF facies in the lower strati-
graphic zone of the southeastern part of the
massif (Angerer et al. 2016). A glaciomarine
depositional environment has been invoked as a
suitable setting for Neoproterozoic iron forma-
tions, and several examples are been correlated
with Neoproterozoic ice ages (see reviews by
Hoffman et al. 2011; Gaucher et al. 2015; Cox
et al. 2013, 2016). According to Angerer et al.
(2016), the Banda Alta Formation BIF was
deposited in a redox-stratified marine sub-basin,
which was strongly influenced by glacial
advance/ retreat cycles with temporary influx of
continental freshwater and upwelling seawater
from deeper anoxic parts. Rare earth elements,
base metal ratios, and eNd suggest that dissolved
metals in the Urucum seawater were most likely
derived from a mix of terrigenous material of the

nearby Neoproterozoic Brasília Belt (Viehmann
et al. 2016) and low-temperature, hydrothermal
fluids (Angerer et al. 2016). No evidence exists
for high-temperature fluid source (Viehmann
et al. 2016).

The supergene upgrade of the Corumbá
hematite-rich BIF includes various significant
processes that have led to the sought-after, collu-
vial high-grade iron ore (Walde and Hagemann
2007). The congruent dissolution of chert and
carbonate from BIF forms the prominent, cav-
ernous high-grade ore in the colluvium. The dis-
solution of dolomite from the upper carbonate-
rich facies was probably themost efficient upgrade
process, which is indicated by the absence of
carbonate, but abundance of chert in BIF near the
surface. Incongruent chert and dolomite dissolu-
tion, under the influence of Fe-rich weathering
solutions, leaving fine, ochreous goethite residu-
als between partially dissolved hematite layers,
was the second-most important process.

3.3 Carajás, Serra Norte Jaspilite-
Hosted High-Grade Iron
Ore Deposits

The Carajás mineral province, located in the
eastern part of the state of Pará, Brazil, is the
best-known, preserved Archean region of the
Amazon Craton (Fig. 1 of Figueiredo e Silva
et al. 2013). It is considered one of most
important mineral provinces of the world, with
regards to production and growing potential for
Fe, Mn, Cu, Au, Ni, U, Ag, Pd, Pt, Os, Zn and
W. The Carajás iron ore deposits (Fig. 1c) were
discovered in 1967, with reserves estimated at 17
Gt of iron ore (> 64% Fe). The so-called Serra
Norte iron deposits are hosted by the Archean
metavolcanic-sedimentary sequence of the Grão
Pará Group, Itacaiúnas Supergroup (DOCEGEO
1988). The protoliths to iron mineralization are
jaspilites, under- and overlain by greenschist-
facies metabasalts. The basal contact of high-
grade iron ore is defined by a hydrothermally
altered basaltic rock mainly composed of chlorite
and microplaty hematite. The major Serra Norte
N1, N4E, N4W, N5E and N5S iron ore deposits
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are distributed along, and structurally controlled
by, the northern flank of the Carajás fold (Rosière
et al. 2006).

Practically unmetamorphosed, Archean BIF
(jaspilite) hosts high-grade iron ore (64% Fe) that
is mainly composed of martite, and different
types of hematite (Figueiredo e Silva et al. 2008,
2013). Three hydrothermal alteration zones are
associated with the Serra Norte deposits: (1) A
distal zone, which formed early (e.g., N4
deposit), is mainly characterized by recrystal-
lization of jasper and removal of the original,
fine-grained iron oxides, and by formation of
euhedral to anhedral magnetite. This magnetite
formed: (i) overgrowths on microcrystalline
hematite (Fig. 2d; MHem) in jasper layers,
(ii) grains in the nuclei of recrystallized chert,
uniformly associated with crosscutting quartz
veins, or (iii) grains in equilibrium with vein
quartz and calcite. (2) An intermediate zone is
characterized by widespread martitization
(Fig. 2d), with common quartz-hematite veins
that contain microplaty hematite and subordinate
sulfides (e.g., N5S deposit). Precipitation of
microplaty hematite and extensive martite alter-
ation followed the formation of magnetite in the
early alteration stage. (3) A proximal zone that
was produced by later alteration events and was
synchronous with the main ore-forming event.
This zone represents the most advanced stage of
hydrothermal alteration. It contains the high-
grade iron ore, with varying types of hard and
hard-porous ores. A complete oxide sequence
defined by martite ! microplaty hematite !
anhedral hematite ! euhedral-tabular hematite
(Fig. 2e) is best documented in the N5E deposit,
which contains the largest volume of hard, high-
grade iron ore in Carajás (see also Lobato et al.
2008).

A dual magmatic-meteoric hydrothermal
fluid-flow model is proposed for the high-grade
iron ore (Figueiredo e Silva et. al. 2013; Hage-
mann et al. 2016), in which an early, saline,
ascending modified magmatic fluid caused
widespread oxidation of magnetite to hematite.
Progressive influx of light 18O meteoric water,
mixing with the ascending magmatic fluids, is
interpreted to have been initiated during the

intermediate stage of alteration. The advanced
and final hydrothermal stage was dominated by
massive influx of low salinity, meteoric water,
which maintained intermediate temperatures of
240–310 °C, and concomitant formation of the
paragenetically latest, tabular hematite (Fig. 2e).

The giant Carajás iron deposits are unique in
their setting within an Archean granite-
greenstone belt and their modified magmatic-
meteoric hydrothermal system, when compared
to the other two end-member BIF iron deposit
types, namely the basin-related Hamersley type
and the metamorphosed metasedimentary, basin-
related Quadrilátero-Ferrífero type (e.g., Hage-
mann et al. 2016).

The Carajás BIF iron ore system also consti-
tutes a somewhat special case in that although the
protolith jaspilite is Archean in age (Santos
2003), the upgrade of BIF to high-grade iron ore
took place during Paleoproterozoic times (Fig-
ueiredo e Silva et al. 2008; Santos et al. 2010).

3.4 Hamersley High-Grade Iron Ore
Deposits

The Hamersley province covers an area of about
80,000 km2, and is situated between Archean
basement complexes of the Yilgarn and Pilbara
cratons (Fig. 1d). The stratigraphy in the pro-
vince constitutes mostly Neo-Archean–
Paleoproterozoic (2800–2300 Ma) sedimentary
rocks of the Mount Bruce Supergroup resting on
the Pilbara craton. The BIFs of the Hamersley
Group are part of the Mount Bruce Supergroup,
and host numerous bedded, high-grade orebodies
within the *2.6 Ga Marra Mamba Iron Forma-
tion (IF) and the *2.5 Ga Brockman IF (for
reviews see Thorne et al. 2008; Angerer et al.
2014, and references therein). The main types of
BIF-hosted high-grade iron ores, presently pro-
duced from the Hamersley province, are martite-
microplaty (Fig. 2f) hematite ore, hosted in the
Brockman IF, and martite-goethite ore in the
Brockman and Marra Mamba IFs.

The regionally abundant least-altered, yet
low-grade metamorphosed BIF, show variably
layered quartz-magnetite ± “early” hematite ±
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Fe-silicate ± Fe-carbonate assemblage (Krapež
et al. 2003; Klein 2005). Martite-microplaty
(Fig. 2f and g) hematite ore consists almost
entirely of martite bands or aggregates set in a
porous (up to 30 vol. %), randomly orientated
network of fine-grained (10–500 µm) hematite.
In high-grade ore zones, BIF and locally asso-
ciated shales are completely hematitized or lea-
ched leaving a martite residue. In peripheral
zones, these rocks are hydrothermally altered,
displaying distal carbonate–silicate-magnetite,
intermediate carbonate–silicate-hematite, and
proximal medium-grade martite-microplaty
hematite associations (Thorne et al. 2008). The
major martite-microplaty hematite orebodies
include Mount Whaleback, Mount Tom Price,
Paraburdoo, and Channar, with satellite deposits
such as OB25 at Eastern Ridge and Hashimoto,
both located in the South Ophthalmia Range
(Thorne et al. 2008). The hematite orebodies are
dominantly controlled by normal fault systems,
i.e., the Southern Batter Fault in Mount Tom
Price, the 4East Fault system in Paraburdoo, and
the Central Fault and East Footwall Fault Zones
in Mount Whaleback (Dalstra and Rosière 2008).
Orebodies commonly extend below the weath-
ering front to great depths, in places down to
500 m (e.g., Mount Whaleback). Goethite is
present above the weathering front.

Martite-goethite ore consists of martite and
various amounts of vitreous and ochreous goe-
thite, with only very local microplaty hematite
(Clout 2005). Important martite-goethite ore
deposits include the numerous Marra Mamba
iron formation (IF) orebodies in the Mining
Area C, Hope Downs, and Chichester Range
areas, as well as the Brockman BIF deposits in
the South Ophthalmia Range, Mining Area C
(Packsaddle), and Marillana area. The South
Ophthalmia Range, Mining Area C, and Hope
Downs orebodies are located in the structurally
complex flanks of regional folds. On the other
hand, the Chichester Range and Marillana
deposits are extensive areas of almost flat-lying
mineralized BIF lacking any structural com-
plexity (Clout 2005). Generally, martite-goethite
ore is limited to (paleo-) weathering zones and
rarely reach deeper than 150 m.

The origin of the high-grade iron ore of the
Hamersley province is subject to debate. Early
work established the importance of supergene
quartz leaching and goethite replacement in the
upgrading of BIF to martite-goethite ore (Morris
et al. 1980; Morris 1983; Morris and Horwitz
1983). Lascelles (2006) advocates a supergene-
modified syngenetic model, whereas a
supergene-metamorphic model was invoked by
others (Morris and Fletcher 1987; Morris 1985,
2002) to explain the development of microplaty
hematite-rich orebodies. Supergene-modified,
hypogene fluid models, involving hot fluids and
complex alteration, are suggested by various
other researchers (Barley et al. 1999; Hagemann
et al. 1999; Powell et al. 1999; Taylor et al. 2001;
Webb et al. 2004).

4 Methods

Carajás and Hamersley samples were analyzed
for Fe isotopes at the Geotop Isotope Laboratory,
Université du Québec à Montréal, according to
the methods used in Halverson et al. (2011).
Approximately 30 mg of pulverized samples
were weighed into Savillex™ teflon beaker and
dissolved for 24 h at 80 °C in a mixture of
double-distilled 6 M HCl, 7 M HNO3, and 50%
HF. The samples were then evaporated to dry-
ness with excess HNO3 to prevent the formation
of apatite, then re-dissolved in 2.0 mL of con-
centrated aqua regia and dried down again. The
samples were taken up again in 2.0 mL 2 M HCl
and again dried down. The resulting salt was
finally re-dissolved in 0.5 mL of 6 M HCl for
ion exchange chromatography. Iron was sepa-
rated using Bio Rad AG1 X4 (200–400 mesh)
resin loaded into custom Teflon columns and
separated from the matrix using 6 M HCl.
Purified iron was eluted from the columns in
2 M HCl, which was then dried down and sub-
sequently taken up in 0.5 M HNO3 and diluted
for isotopic measurement. Solutions were ana-
lyzed at the Geotop Isotope Laboratory at the
Université du Québec à Montréal on a Nu
Plasma II multi-collector inductively coupled
plasma mass spectrometer (MC-ICP-MS) in
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high-resolution mode via wet sample introduc-
tion. Instrumental mass bias was corrected by
using standard-sample-standard bracketing. Each
sample was analyzed three times yielding typical
1-sigma errors of < 0.1 per mil for d57Fe and <
0.05 per mil for d56Fe. The data are reported in
standard delta notation relative to the IRMM-14
reference standard.

Oxygen isotopes of samples from the
Hamersley province and from Corumbá were
analyzed at the Scottish Universities Environ-
mental Research Centre (SUERC), University of
Glasgow. Oxide separates were analyzed using a
laser fluorination procedure, involving total
sample reaction with excess ClF3 using a CO2

laser as a heat source (in excess of 1500 °C;
following Sharp 1990). All combustions resulted
in 100% release of O2 from the silica lattice. This
O2 was then converted to CO2 by reaction with
hot graphite, then analyzed on-line by a VG
Optima spectrometer. Reproducibility was
within ± 0.2‰ (1r), based on reproducibility of
one international and two internal laboratory
standards: UWG 2 (garnet = 5.8‰), GP147
(feldspar = 7.2‰) and SES 1 (quartz = 10.2‰).
All results are reported in standard notation
(d18O) as per mil (‰) deviations from the
Standard Mean Ocean Water (V-SMOW)
standard.

5 Published Iron and Oxygen
Isotope Datasets

5.1 Quadrilátero Ferrífero (QF)

A series of deposits (Fig. 1a) located in different
deformational domains of the QF have available
iron isotope data (Table 1). These were obtained
for both iron ores and their host itabirites and
show significant variations (Mendes et al. 2017).

The QF itabirites display two groups (Fig. 3):
quartz itabirites, which plot in two clusters, and
carbonate itabirites that coincide with the lowest
iron isotope cluster of the quartz itabirites. The
d56Fe values of itabirites have very similar iron
isotope ratios, varying from –0.95 to 0.27‰
(mean = –0.25‰; n = 14). The ranges for the

different studied mines are: Usiminas (d56Fe
from 0.02 ± 0.02‰ to 0.27 ± 0.07‰); Pau
Branco (d56Fe from –0.09 ± 0.21 and 0.11 ±

0.09‰); Várzea do Lopes (d56Fe = –0.65 ±

0.04‰); Casa de Pedra (d56Fe = –0.95 ± 0.11
to –0.84 ± 0.08‰). Itabirites from Várzea do
Lopes and Casa de Pedra have significantly
lighter d56Fe values. Quartz itabirites from the
eastern domain resulted in d56Fe varying from
–0.12 ± 0.01 to 0.11 ± 0.03‰ (Conceição
Mine and Morro do Agudo, respectively).

The deposition of the precursor sedimentary
rocks to the QF itabirites was probably favored
by the presence of an oasis of free oxygen in the
Minas basin. The negative to low, near-zero
positive d56Fe values for most of the quartz ita-
birites lie close or within the range reported for
hydrothermal fluids (d56Fe � –0.50 to 0‰),
suggesting complete or near-complete oxidation
of the dissolved Fe(II), which seems to be an
emerging scenario for Paleoproterozoic BIFs
(Planavsky et al. 2012). The most depleted d56Fe
values (–0.95 to –0.65‰) of quartz itabirites may
be explained by Rayleigh-type fractionation and
BIF deposition further away from the
hydrothermal source. Similarly, d56Fe values for
carbonate and amphibole itabirites, deposited in
shallower settings, were also a result of precipi-
tation from a depleted source away from
hydrothermal vents with negligible riverine Fe
(Mendes et al. 2017).

Even though some inferences of positioning
to the iron source can be made by the isotope
signature of Cauê BIFs, it is not straightforward
to define a stratigraphic sequencing, or the rela-
tive position on the depositional basin for the
BIFs based on isotope data for the studied iron
deposits, as a result of successive deformational
events and stratigraphic inversions. Also, there is
no record of a possible hydrothermal source for
the iron deposited in the Minas Basin, making it
impossible to determine the relative distance
from the submarine volcanic centers. Neverthe-
less, the iron isotope values suggest that the
Usiminas and Pau Branco deposits, and deposits
from the eastern domains were probably located
relatively closer to the iron sources than the
Várzea do Lopes and Casa de Pedra deposits
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(location in Fig. 1a). Casa de Pedra must have
been deposited closer to the shallower platform,
as suggested by the presence of carbonate.

The similarity between the iron isotope com-
position of iron ores and their host itabirites
suggests that hydrothermal mineralization did not
significantly alter the protore composition. Nev-
ertheless, the isotopic compositions of iron ores
from the low- and high-strain domains are quite
different, and may reflect distinct conditions of
hydrothermal mineralization as a result of varia-
tions in the thermodynamic conditions of the
fluid, such as acidity, salinity and temperature
(Rosière and Rios 2004; Rosière et al. 2008).
Their conclusions are mainly based on the
comparison of fluid inclusion data for each
domain. Although no additional, new data are
available, it is feasible to envisage redox varia-
tions to explain the indicated isotopic differences.
Besides, mechanisms of iron isotope fractiona-
tion may vary within the same domain.

Some other data for the QF are available from
Sampaio et al. (2018) and Teixeira et al. (2017).
The former evaluated d56Fe signatures of
magnetite-amphibole-carbonate-bearing itabir-
ites, as well as their hydrothermal and weathering
products. They investigated two drill holes in the
Ouro Fino (OFS) and Gandarela (GS) synclines
(Fig. 1a). The d56Fe ratios average − 0.87‰ in
the least altered samples. An analogous average
of − 0.84‰ was calculated for samples with
goethite (after amphibole), and of − 0.60‰ for
those with martite, as well as in others with
abundant goethite plus hematite (after martite).
An average of + 0.41‰ characterizes samples
with martite plus abundant microplaty hematite
and goethite, and minor clay minerals; a similar
signature is calculated for samples just beneath
the surface ground. The work of Teixeira et al.
(2017) focused on itabirite samples from the
Alegria Mine (Fig. 1a); they show d56Fe
between + 0.51 and + 1.33‰.

Fig. 3 Iron isotope data available for the Quadrilátero
Ferrífero (Mendes et al. 2017) and Urucum (Corumbá)
iron districts (Angerer et al. 2016), Brazil (Table 1). Field

of hydrothermal source is d56Fe � − 0.50 to 0‰ (Beard
et al. 2003; Severmann et al. 2004; Johnson et al. 2008b;
Planavsky et al. 2012) is shown
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5.1.1 Iron Isotope Data from Corumbá
The iron isotope data (Table 1) from Angerer
et al. (2016) show negative values for BIF. They
are low in the dolomite-rich hematite BIF
(d56Fe − 1.83 and − 0.83‰; Fig. 3), and higher
both in chert-hematite BIF (d56Fe − 0.49‰) and
associated (high-grade) hematite mud (Fig. 2c;
d56Fe = − 0.18 and 0.01‰). The goethite-
altered BIF has positive values (d56Fe =
0.76‰). Variable iron isotope values in hema-
tite are compatible with complex processes in the
Fe source (Tsikos et al. 2010), during precipita-
tion (Kunzmann et al. 2017), and during diage-
nesis (Johnson et al. 2008b). This dataset reflects
several iron isotopic fractionation processes
(Angerer et al. 2016) (see Discussion).

5.1.2 Iron Isotope Background
at Carajás

The only available iron isotope data from the Serra
Norte iron deposits in Carajás (Fabre et al. 2011;
Table 1) resulted from the investigation of the
redox changes of Earth’s ocean and atmosphere
between 2.7 and 2.1 Ga ago. Data were obtained
from the protore BIF of the N4 (Fig. 1c) deposit
and show consistent positive d56Fe values
from + 1.75 to + 1.07‰, with a mean value
of + 1.38 ± 0.23‰ (Table 1; Fig. 4). There is no

significant difference in isotope signatures
between iron oxides in silica (jasper)- and iron
(microcrystalline hematite)-rich microbands
(Table 1). According to Fabre et al. (2011), the
values are among the most positive ever measured
in BIF (Johnson et al. 2003, 2008a, b; Rouxel et al.
2005), except for older BIF like Akilia/Isua
(Dauphas et al. 2004; Whitehouse and Fedo
2007; Thomazo et al. 2009). However, Planavsky
et al. (2012) have shown that Archean BIF can also
have negative d56Fe values. These authors
obtained a d56Fe range from − 1.53 to + 1.61‰
for Archean to early Paleoproterozoic BIFs.

Partial oxidation of aqueous Fe(II) into Fe(III)
near the ocean surface, subsequent to the
upwelling of deep anoxic seawater, may have
been responsible for the positive iron isotopic
signatures (Fabre et al. 2011). According to these
authors, the “extremely high” d56Fe values in the
Carajás jaspilite resulted from oxidation of a high
degree of the upwelling Fe(II) mass (i.e., 44%,
based on assumed initial hydrothermal Fe with
d56Fe of 0.0‰). Planavsky et al. (2012) indicate
that positive d56Fe values for Archean BIFs are
considered to result from non-quantitative iron
oxidation in an oxygen-poor ocean, taking to the
preferential deposition of the isotopically heavier
iron.

Fig. 4 Results of Fe isotope
composition of jaspilites and
iron ore oxides (this study)
from the Serra Norte iron
district, Carajás, Brazil
(Table 1). Published results
by Fabre et al. (2011) are also
shown
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6 New Iron Isotope Results
and Iron-Oxygen Isotope Pairing

6.1 Corumbá: Iron and Oxygen
Isotope Pairing

Both iron and oxygen isotopes are sensitive
indicators for low- to high-temperature fluid-rock
interaction. The BIF and iron ore at Corumbá
have a simple modal mineral composition, con-
sisting of *50–99 vol % hematite, with the
remainder being chert and/or ferroan dolomite
(Angerer et al. 2016). The relationship of oxygen
and iron isotopes in hematite during BIF forma-
tion and subsequent alteration (hypogene and
supergene hydrothermal) are investigated for this
review.

Unpublished oxygen and published iron
(Angerer et al. 2016) isotope data have been
paired either using the same or lithologically and
stratigraphically closely associated samples
(Table 1). The oxygen isotope signature for
Neoproterozoic seawater is unknown, but most
probably between − 8 and 0‰ (Jacobsen and

Kaufman 1999; Veizer et al. 1999). However, it
is noted that the carbonate mean values reveal a
long-term increase of about + 8‰, in the Neo-
proterozoic and Cambrian to Present at 0‰
(Jacobsen and Kaufman 1999; Veizer et al.
1999). The d18O data reveal remarkable rela-
tionships with hematite d56Fe (Fig. 5). The chert-
dolomite-hematite BIF samples (C-6, C-11,
C-14; Fig. 5) show d18O > 0‰, and a negative
correlation between d18O and d56Fe. The range
of data implies non-equilibrium conditions. The
recrystallized (high-grade) hematite muds (H-14,
H-15; Fig. 5) are significantly depleted in d18O
(< 0‰), while showing non-fractionated d56Fe
(±0‰). Calculated d18Owater are up to 5‰
higher than that of d18Ohematite. The large range
of d18Owater results from uncertainties in the
prevailing temperatures (see caption of Fig. 5 for
temperature estimates and references of equa-
tions). Although there are no oxygen isotope data
available for the goethite-altered BIF (H-17), a
d18O value of < 0‰ may be assumed based on
published data of world-wide supergene goethite-
altered BIF (Gutzmer et al. 2006, and references

Fig. 5 Iron (Angerer et al.
2016) and oxygen
(unpublished) isotope data for
the Brazilian Urucum
(Corumbá) iron district are
shown in Table 1).
Equilibrium temperatures
99 °C, 118 °C, 173 °C and
d18Owater calculated with
quartz-H2O (Zheng 1993) and
hematite-H2O (Yapp 1990a,b)
based on data from this study
and from data of Hoefs et al.
(1987)
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therein). The data pairing reveals that during
certain alteration events, the isotope systems are
coupled, while in others they are decoupled (see
Discussion).

6.2 Carajás

Twenty samples of massive, high-grade iron ore
samples from the Serra Norte N4 and N5
deposits were analyzed including separates of
martite, microplaty hematite, anhedral hematite
and tabular hematite (Figueiredo e Silva et al.
2013; Table 1). Signatures are positive and vary
from + 0.44 to + 1.24‰, in d56Fe (Fig. 4). One
sample has a negative d56Fe signature of
–0.30‰, which corresponds to the late-stage
tabular hematite (Fig. 2e).

Two jaspilite samples show d56Fe of + 1.76
and + 0.64‰ (Table 1), which are similar to
results by Fabre et al. (2011). Other two samples
correspond to hydrothermally altered jaspilites
(Table 1), where magnetite occurs along quartz-
carbonate veins; d56Fe values are + 1.10
and + 1.24‰.

Figure 4 shows a decrease in isotopic signa-
ture from Archean jaspilite (Fabre et al. 2011) to
high-grade iron ore samples. There is also a
slight trend towards negative values from earlier
oxide magnetite to the latest tabular hematite
(Fig. 2e), indicating some fractionation during
advanced ore mineralization. Magnetite shows
the most positive values (up to + 1.24‰);
anhedral and microplaty hematite have the lowest
values of d56Fe at + 0.51 and + 0.46‰,
respectively.

6.2.1 Iron and Oxygen Isotope Pairing
Published oxygen isotope data (Figueiredo e
Silva et al. 2013) have been paired with the
present unpublished iron isotope data (Fig. 6a).
Oxygen isotope analyses on different oxide spe-
cies reveal that the heaviest d18OSMOW value
of + 10.7‰ is recorded for the protore jaspilite,
followed by magnetite, between –0.4 to 3.8‰,
and then by different hematite species such as
microplaty, anhedral and tabular (Fig. 2e), which
fall in the range of –8.5 to –2.4‰. Figure 6a

shows a progressive depletion in d18O values and
d56Fe from the earliest hydrothermal oxide
magnetite towards the latest tabular hematite.

6.3 Hamersley

Present iron isotope data from the Hamersley
province derive from published data of the least-
altered Dales Gorge Member BIF (Fig. 7), and
from unpublished data of seventeen samples of
altered BIF and hematite iron ore. The least-
altered BIF samples come from the greater
Paraburdoo region in the south (Johnson et al.
2008a; Steinhoefel et al. 2010), as well as from
the Wittenoom Gorge and Yampire Gorge in the
north of the province (Craddock and Dauphas
2011).

For the Dales Gorge Member, by far the most
important host rock in the Brockman IF, samples
include nine of hydrothermal martite-microplaty
hematite iron ore; two of supergene martite ore;
two of oxidized BIF; two of hydrothermally
altered BIF; and two of early-siderite breccias.
All rock samples were taken from diamond drill
cores in various iron ore deposits (Table 1).

In BIF from the Paraburdoo-region, magnetite
d56Fe values range from − 1.21 to + 1.19‰,
(average − 0.01‰). Wittenoom Gorge magnetite
BIF has d56Fe from − 0.29 to + 1.19‰ (average
0.37‰), and the Yampire Gorge from − 0.16
to + 1.04‰ (average 0.51‰). Taking only the
interquartile ranges of each data subset into
account, the entire BIF data range from − 0.3
to + 0.9‰ (Fig. 7). Associated anhedral hema-
tite has slightly higher values (Table 1; Fig. 7).

Hematite in martite-microplaty hematite ore
shows d56Fe values ranging from − 0.29 to +
1.02‰ (average 0.25‰). Magnetite in
hydrothermally altered BIF, associated with the
ore, shows d56Fe values ranging from − 0.30
to + 0.05‰. Martite from both oxidized BIF and
iron ore shows distinctively heavier 56Fe isotopes
(+ 0.80 to + 1.10‰) compared with least-altered
BIF and microplaty hematite ore (Fig. 7). A lim-
iting factor prohibiting the exact measurement of
isotope fractionation related to iron ore formation
is the absence of a true precursor BIF sample for
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any of the ore samples. Nevertheless, the inclu-
sion of oxygen isotope data allows deducing
scenarios of iron isotopic fractionation.

6.3.1 Iron and Oxygen Isotope Pairing
Oxygen isotopes were obtained for a number of
samples of the iron isotope data set to investigate
the behavior and potential coupling of the Fe–O
isotope system during hydrothermal and super-
gene alteration of BIF and iron ore development.

In order to establish a representative range of
Fe–O isotopes for least-altered Dales Gorge BIF,
separate published data sets on iron isotopes
(Johnson et al. 2008a; Craddock and Dauphas

2011) and oxygen isotopes (Powell et al. 1999)
were combined. These data are shown in Table 1
and Fig. 6b, together with published estimates of
the pristine Paleoproterozoic seawater isotopic
signature.

In unaltered BIF, anchizonal to low-
greenschist facies metamorphism (270–310 °C,
Becker and Clayton 1976) lead to significant
higher d18O and d56Fe values, compared to pri-
mary seawater signature. In altered BIF and iron
ore, the overall d18O values range from − 9 to 0‰
(Table 1, Fig. 6b). This marked difference (d18O
up to 10‰) between the heavy oxygen isotope in
metamorphic magnetite in the least-altered BIF

Fig. 6 Calculated d56Fe
versus d18O for: a Carajás,
and b Hamersley. Based on
data available in Table 1
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(square in Fig. 6b; Table 1), and hydrothermal
hematite (Powell et al. 1999) is in accordance with
published data and models of influx of meteoric
water depleted in d18O during ore formation
(Gutzmer et al. 2006; Thorne et al. 2009).

No major shift is shown in iron isotope data,
which are indistinguishable from the range of the
least-altered BIF. It is, however, interesting to
note that a positive correlation exists between
d18O and d56Fe values for most of the
hydrothermally altered BIF and ore samples
(samples with d56Fe < 0.60‰; Fig. 6b). For the
four supergene modified samples (with d56Fe
0.79–1.19‰) the correlation appears to be
negative.

Additional Fe–O isotope data also on
Hamersley (Dales Gorge member) were com-
bined by Li et al. (2013), who analyzed both
magnetite and hematite in BIF. The iron and
oxygen isotope signatures highlight a contrasting
behavior of these isotopes in the two oxides.

7 Discussion

7.1 Quadrilátero Ferrífero

Although metamorphism did not modify the iron
isotope composition of itabirites of the Cauê
Formation, hydrothermal fluids related to iron

mineralization generated ores that have some-
what lighter (lower) d56Fe ratios with respect to
the original protore BIF.

The iron isotope composition of the iron ores
is fairly similar to itabirites, suggesting that
hydrothermal mineralization did not significantly
alter the isotopic composition of the protores.
One must also take into account that the chemical
attributes of itabirites, the QF protores, no longer
reflect those of the original banded iron forma-
tion (Harder 1914; Rosière et al. 2008), since
modifications were attained via post-depositional
alteration and multiple events of metamorphism
(Rosière et al. 2008). On the other hand, iron ore
iron isotope signatures vary across the QF
(Figs. 1a and 3; Mendes et al. 2017), with dif-
ferences between the western-low and eastern-
high strain domains as defined by Rosière et al.
(2001).

Mineralization in the western, low-strain
domain is mainly characterized by percolation
of low-temperature, saline fluids carrying iso-
topically light Fe(II). Such fluids precipitated ores
with new iron oxides, depleted predominantly
in 56Fe (d56Fe = − 0.80 ± 0.01 to − 0.13 ±

0.06‰), in open spaces evolved from the leach-
ing of gangue minerals. Ores from this domain
have an isotope signature mostly within the
interval suggested for ‘mineralizing’ hydrother-
mal fluids (d56Fe � − 0.50 to 0‰; Rouxel et al.

Fig. 7 Distribution of Fe
isotope composition of oxides
and siderite in iron ores and
BIF of different ore deposits
from the Hamersley iron
district, Australia, including
both published and
unpublished data (data in
Table 1)
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2005; Markl et al. 2006; Fig. 3). According to
Mendes et al. (2017), hydrothermal fluids must
have become enriched in light iron isotopes by
leaching of Fe(II) from the basement and country
rocks (including host BIF), as suggested by Markl
et al. (2006), during different stages of the
Rhyacian-aged orogeny. The mechanisms of
isotope fractionation may have varied in the
western-low strain domain. Ores with d56Fe ratios
equivalent to the hydrothermal fluids may have
precipitated in equilibrium with these fluids. On
the other hand, iron ore with positive d56Fe ratios
is less common. Isotopic heavy iron ore may be a
result of kinetic fractionation as a consequence of
fast hematite precipitation as indicated by Skulan
et al. (2002).

In the eastern, high-strain domain, high-
temperature saline fluids, also carrying isotopi-
cally light Fe(II), precipitated oxides enriched in
heavy iron isotopes. Ores in this domain are
enriched in the heavier isotope (d56Fe =
− 0.09 ± 0.08 to 0.37 ± 0.06‰; Mendes et al.
2017; Fig. 3), and this may have occurred due to
iron isotope fractionation during redox transfor-
mation. This resulted in ores less depleted than
those of the low-strain domain, and implies that
both the isotopic composition of the mineralizing

fluids and the mineralizing conditions differed
from those in place in the western domain. Pre-
cipitation of hematite under P–T conditions in
the higher strain zone may have occurred out of
equilibrium with the hydrothermal fluid, result-
ing in preferential incorporation of the heavy iron
isotope into hematite. An alternative suggestion
by Mendes et al. (2017) is that positive d56Fe
values of ores could reflect positive kinetic
fractionation, resulting from rapid precipitation
of hematite. Figure 8 shows that the QF data are
compatible with those of the environmentally
similar Hamersley BIF and iron ores.

The variation in d56Fe composition with depth
in two drill holes (Fig. 1a) is used by Sampaio
et al. (2018) to interpret results in more or less
weathered samples, the latter considered to better
preserve interaction with a hydrothermal fluid. In
one of them (OFS), there is a shift from − 0.91‰
at depth to less negative values of − 0.60‰ near
the surface; the most weathered samples have
positive values of 0.30‰ and 1.33‰. In the
second hole (GS), d56Fe increases linearly
from − 0.11 to 1.23‰ towards the surface,
although the most negative values − 0.70‰
and − 1.16‰ are near the top. The most negative
d56Fe from the OFS can be explained by DIR

Fig. 8 Age versus d56Fe for
all ore data (in Table 1)
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and/or Rayleigh fractionation, while the more
positive from the GS may reflect oxidation dri-
ven by interaction with a hydrothermal fluid
enriched in iron.

7.2 Corumbá

Iron isotope fractionation discussed for the Cor-
umbá BIF are controlled by: (1) the primary
seawater isotopic signature, (2) microbial-aided
Fe(III) to Fe(II) reduction in the source Fe pool,
and (3) supergene Fe(III) to Fe(II) reduction and
dissolution. Particular processes responsible for
the oxygen isotope fractionation recorded in BIF
are: (1) precipitation from seawater; (2) rock
dehydration and recrystallization during pro-
tracted diagenesis; (3) interaction with
hydrothermal alteration fluids during diagenetic
gangue dissolution; and (4) interaction with
supergene weathering solutions.

Low d56Fe values between − 0.7 and − 0.1‰
(Beard et al. 2003; Severmann et al. 2004;
Johnson et al. 2008b; Klar et al. 2017) in chert-
hematite BIF and hematite mud indicate that a
deep ocean seawater was dominated by
hydrothermal Fe(II), hence without significant
iron isotope fractionation. Precipitation directly
from seawater is postulated for the rocks them-
selves (Klein and Ladeira 2004; Angerer et al.
2016; Viehmann et al. 2016), and thus an oxygen
isotope equilibration with seawater signature is
likely. The much lower d56Fe recorded in
hematite from carbonate-rich BIF (down
to − 1.8‰ in sample C-6; Fig. 5) is explained by
the temporary increase in low-d56Fe Fe(II) in the
seawater. This low-d56Fe Fe(II) likely formed by
dissimilatory iron reduction (DIR) of an oxidized
source prior to BIF precipitation (Beard et al.
1999, 2003), or by abiotic reduction (Balci et al.
2006). Resulting fertilization of the basin with
dissolved, isotopically light Fe(II) from a ferric
iron-rich substrate would cause an isotopically
light Fe-hydroxide precipitate in BIF. The Fe
source in which DIR takes place could be
weathered sedimentary rocks or BIF in the
stratigraphic footwall. According to this model,
microbial activity and associated fractionation by

about − 0.3 to − 1.3‰ was highest shortly
before and during precipitation of carbonate-rich
BIF (Angerer et al. 2016). Carbonate spheroids
in carbonate BIF layers are discussed as biogenic
relics, and thus support microbiological activity
in the basin (Angerer et al. 2016).

Late diagenesis occurred between * 100
and 180 °C, according to the hematite-quartz
pair thermometer (Hoefs et al. 1987). Non-
equilibrium oxygen isotope fractionation is
reflected in a range of oxygen isotope data
(samples C-6, C-11, C-14; Fig. 5). In contrast to
oxygen isotopes, diagenesis does not seem to
have any significant effect on the primary (i.e.,
hydrothermal and DIR influenced seawater) Fe-
isotope fractionation, although a general possi-
bility has been discussed by several authors
(Johnson et al. 2008b; Kunzmann et al. 2017, and
references therein). The observed negative Fe–O
isotope correlation (Fig. 5) must be interpreted as
a coincidental result of two distinct (decoupled)
fractionation processes.

During a late diagenetic hydrothermal over-
print, silica and carbonate dissolution caused
small-scale upgrade to high-grade laminated
hematite ore (Angerer et al. 2016). Hydrothermal
alteration took place under fluid temperatures of
100–250 °C (Angerer et al. 2016). Based on the
estimated temperature range, calculated d18Owater

of fluids ranges between − 2 and + 4‰, respec-
tively. Iron isotopes remain unfractionated
(d56Fe ± 0‰) during this syn-diagenetic
hydrothermal alteration (see laminated hematite
ore in Fig. 3). Diagenetic re-equilibration of
oxygen isotopes of hematite were accommodated
by recrystallization, hence Fe2O3 redistribution at
the microscale (Angerer et al. 2016). The con-
trasting lack of iron isotope fractionation shows
that Fe2O3 behaved as an immobile component at
the rock scale during these processes. The
decoupled nature of isotopic fractionation is,
therefore, a result of the different scales of
mobility of oxygen and iron.

Iron isotope fractionation occurred during
supergene alteration. Hematite from goethite-
altered BIF shows heavier 56Fe (0.76‰), com-
pared to unweathered BIF and laminated ore.
This indicates that hematite was not chemically
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inert during weathering. Abundant micro-
porosity in the hematite matrix of saprolitic BIF
indicates not only dissolution of silica and car-
bonate, but also partial dissolution of hematite. It
is inferred that 56Fe hematite represents a residue
after preferential dissolution of 54Fe. This is in
accordance with the established understanding
that weathering solutions have commonly light
iron isotopes as a result of Fe(II) dissolution
(Fantle and DePaolo 2004; Bergquist and Boyle
2006; Ingri et al. 2006). Weathering causes sig-
nificant fractionation also of oxygen isotopes,
where d18O values decrease by equilibration with
the meteoric fluid (Fig. 5). The coupling of 56Fe
and 18O isotopes supports the involvement of
characteristically light oxygen-enriched and
heavy iron-depleted supergene fluids.

7.3 Carajás

There is a general tendency for d56Fe of the
Archean jaspilites from Carajás to show higher
values (Figs. 4 and 6a) compared to hematite
ores, particularly those of late paragenetic stage
(Fig. 2e; Figueiredo e Silva et al. 2013). The iron
isotope data for protore BIF (jaspilites) coincide
with the heaviest d56Fe ore values (Fig. 4), sug-
gesting that fluid evolution and mineralization
did not alter significantly the iron isotope com-
position of the original oxides. However, a slight
trend towards negative values exists from the
early-stage magnetite to the latest tabular
(Fig. 2e) hematite, indicating some fractionation
during advanced ore mineralization, probably
due to high influx of hydrothermal fluid in the
waning mineralization stages.

Considering the dual magmatic-meteoric
hydrothermal fluid flow model for Carajás (Fig-
ueiredo e Silva et. al. 2013; Hagemann et al.
2016), it is worth mentioning the study by
Wawryk and Foden (2015). Wawryk and Foden
(2015) show that oxidized magmas crystallize
magmatic magnetite, which sequesters heavy Fe
thus producing an isotopically light magmatic-
hydrothermal fluid. This may explain the lower
d56Fe of the Carajás ore samples, compared to
protore BIF, as observed in Figs. 4 and 8.

The advanced alteration stage in high-grade
ore displays the most depleted d18O and d56Fe
values (Fig. 6a) and may represent the highest
fluid-rock ratio during hydrothermal alteration as
suggested by Figueiredo e Silva et al. (2013).
This depletion is interpreted to result from the
progressive mixture of descending, heated
meteoric water with ascending modified mag-
matic fluids.

7.4 Hamersley

At first sight, martite-microplaty hematite ore
d56Fe isotopes (2nd row Fig. 7; − 0.29 to +
1.02‰) are indistinguishable from the range of
the least-altered BIF (3rd and 4th rows; Fig. 7)
suggesting no significant fractionation through-
out microplaty hematite ore formation. However,
pairing of iron with oxygen isotope data reveals
cryptic iron isotope fractionation trends.

The interquartile range of magnetite d56Fe, in
the least-altered Dales Gorge Member BIF (from
different localities) (Fig. 7), is from − 0.3 to +
0.9‰ (Fig. 7). The data set of Steinhoefel et al.
(2010) from adjacent microbands in one sample
(− 0.94 to − 0.82‰, average − 0.87‰) indi-
cates that isotopic variability is low at the sample
scale. However, in comparison with the other
available data (Johnson et al. 2008a; Craddock
and Dauphas 2011), it is evident that the vari-
ability of d56Fe values is high at the stratigraphic
or regional scale. As yet, the reasons for this
spread of iron isotopes in BIF are not fully
understood (see “Brief summary on iron iso-
topes” section for references to literature focus-
ing on isotope data related to BIF deposition).

While the prominent variability of iron iso-
tope values in BIF, with a general shift towards
heavier signature compared to seawater, most
likely resulted from Fe source-related and depo-
sitional processes, it is unlikely that low-grade
metamorphism changed significantly the iron
isotopic budget of BIF. This is because Fe(III)
reduction associated with hematite to magnetite
replacement forming metamorphic assemblages
cannot produce heavier isotope values (Fe
reduction always decreases d56Fe; e.g., Beard
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et al. 1999, 2003). In contrast to iron isotopes,
the oxygen isotopic signatures in magnetite are
strongly dependent on metamorphic equilibra-
tion. In consequence, during deposition of BIF
(see stage 1 arrow in Fig. 6b) and metamorphism
(stage 2 arrow) iron and oxygen isotopes are not
coupled.

However, this contrasts with subsequent
carbonate-hematite alteration and hematite ore
formation in BIF (Fig. 6b). Although any sys-
tematic modification of iron isotopes in ore is
obscured by the large variety of d56Fe in least-
altered BIF, a positive correlation between d18O
and d56Fe (trend 3 arrow Fig. 6b) is evidence of
significant fractionation towards lower isotopic
values. Light d18O signatures of iron oxides
result from intense meteoric water influx (Gutz-
mer et al. 2006), and isotopic equilibration with
the ambient water, i.e., lowest values, is most
complete in zones of highest fluid-rock interac-
tion, for instances near ore-controlling structures
(Thorne et al. 2009). The observed covariance of
d56Fe with decreasing d18O thus means that iron
isotope equilibration takes place during ore for-
mation and is (as d18O) dependent on the inten-
sity of fluid-rock interaction. According to
Saunier et al. (2011), there is no iron isotope
fractionation between hydrothermal fluid and
precipitated hematite below 200 °C. The iron for
microplaty hematite, locally sourced from dis-
solved iron oxides, Fe-rich carbonates and sili-
cates, is thus characterized by ferrous Fe with
low d56Fe values. Based on a carbonate-altered
BIF (sample no. B, Fig. 6b), it can be speculated
that hot basinal brines, which caused such car-
bonate alteration (Barley et al. 1999; Hagemann
et al. 1999; Taylor et al. 2001; Thorne et al.
2004), were low in d56Fe and d18O, and thus
developed light isotopic signatures in carbonates
and oxides prior to the meteoric fluid flow.
Alternatively, or additionally, incongruent
dissolution/removal of heavy iron from Fe-rich
phases during oxidation and hematite mineral-
ization also caused low d56Fe values in iron ore
samples. The latter fractionation process is
invoked for magnetite oxidation, i.e., martitisa-
tion in ore. Although the involved meteoric
water, at temperature of * 80–100 °C and low

salinities (Thorne et al. 2008), cannot be very
rich in iron, the fluid seems to be able to frac-
tionate iron isotopes. In order to achieve this,
mineral-fluid exchange of iron during protracted
metasomatism at very high-fluid rock ratios is
crucial. A similarly directed Fe–O trend in the
Carajás hydrothermal hematite set (Fig. 6a) is
striking and implies a Fe–O isotope coupling.
However, this trend is formed by temporarily
distinct (early to late) hematite stages and is thus
discussed separately (see above). The Corumbá
BIF samples, on the other hand, are characterized
by disequilibrium during early microbial and late
diagenetic hydrothermal processes and thus lar-
gely recorded uncoupled iron and oxygen isotope
signatures.

Comparing the two Paleoproterozoic exam-
ples, QF and Hamersley, the range of d56Fe
values are similar, and most host BIFs and
hypogene iron ores fall within related ranges
(Figs. 3, 7 and 8). In the Hamersley Province a
two-stage model is invoked (Barley et al. 1999;
Hagemann et al. 1999; Taylor et al. 2001; Thorne
et al. 2004), and in the QF region Hensler et al.
(2015) proposed a dual basinal-meteoric fluid
mixing model. Mixing of meteoric fluids with
deeper crustal brines is also implied for hematite
precipitation in the Triassic Schwarzwald
hydrothermal vein deposits (Germany), where
d56Fe values range from − 0.49 to + 0.53 (Markl
et al. 2006). This range partly overlaps those of
the QF (− 0.80 to 0.37‰, excluding specularite)
and Hamersley (− 0.30 to + 1.10‰) iron ores.

In contrast to the hydrothermal hematite stage,
supergene-modified ore samples reveal a negative
correlation of d18O and d56Fe (trend 4 arrow
Fig. 6b). Hematite experienced isotopic fraction-
ation to heavy Fe during incongruent dissolution
of preferable light 56Fe. The resulting weathering
solutions are enriched in light iron isotopes
(Fantle and DePaolo 2004; Bergquist and Boyle
2006; Ingri et al. 2006). This supergene frac-
tionation process is the same one that has been
inferred for goethite-altered Corumbá ore.

In summary, while oxygen fractionation fol-
lows a trend of decrease for both hydrothermal
and supergene alteration, iron isotope fractiona-
tion shows marked differences: d56Fe decreases
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during hydrothermal alteration and increases
during supergene alteration. The observed cor-
relations suggest that during hypogene and
supergene alteration processes, oxygen and iron
isotope fractionations are coupled, and that fluid/
rock ratios play significant roles for the magni-
tude of fractionation.

8 Conclusions

Based on iron isotope data, and coupled iron and
oxygen isotope signatures of BIF-hosted iron
ores from the iron districts considered in this
contribution (Table 1), distributed in space and
time, the following conclusions can be inferred:

1. Archean, jaspilite-hosted Carajás hypogene
ores tend to display lower d56Fe values than
their host BIF counterparts (Fig. 4). There is a
correlation between coupled iron and oxygen
isotope through the paragenetic sequence,
progressively towards lower isotopic values,
especially for d18O (Fig. 6a).

2. The Carajás (+ 1.16 to − 0.30‰) and the
Paleoproterozoic Hamersley (+ 1.02 to
− 0.29‰) hypogene ores display similar d56Fe
intervals (Figs. 4 and 7). Ores from the Quad-
rilátero Ferrífero (QF) Paleoproterozoic Cauê
Formation show a tendency towards lower
values from + 0.37 to − 0.80‰ (Fig. 3).

3. In the Hamersley deposits, iron ore and
hydrothermally modified BIF show a positive
correlation between d18O and d56Fe (Fig. 6b),
indicating that iron and oxygen isotope frac-
tionation took place during oxidized meteoric
water influx with variable fluid/rock ratios. In
contrast, supergene-modified samples are
characterized by a negative correlation of
d18O and d56Fe, implying isotope coupling
under distinct fluid-rock processes.

4. Quartz and carbonate itabirites from the QF
have iron isotope signatures as a result of
their distinct positioning in the depositional
basin. The latter, with lower d56Fe ratios, is
inferred to be more distal from the iron source
than the former (Fig. 3).

5. The range in d56Fe values of hypogene iron
ores is similar to that of the QF itabirites
(Fig. 3). The iron isotope variations for the QF
iron ores are better depicted when data are
compared between the western, low-strain and
the eastern, high-strain deformation domains,
probably reflecting the different physical–
chemical characteristics of the involved saline
fluids that carried isotopically light Fe(II).
Percolation of low-temperature fluids domi-
nated the western domain, whereas the eastern
domain was typified by high-temperature
fluids. Precipitated oxides of this latter
domain became enriched in the heavy iron
isotopes due to iron isotope fractionation dur-
ing redox transformation, resulting in ores less
depleted than those of the low-strain domain.

6. Two processes controlled the iron isotopes in
the Corumbá BIF (Fig. 3): a deep ocean sea-
water signature, characterized by a hydrother-
mal Fe fertilization, and a microbial or abiotic
reduction in the iron source. This resulted in the
formation of BIF with both non-fractionated
d56Fe (± 0‰) and low d56Fe (− 0.5 to− 1.7‰;
also Fig. 5). Local, diagenetic hydrothermal
silica dissolution is reflected in the oxygen
isotope data, but not in the iron isotope frac-
tionation. Iron and oxygen isotope are coupled
in the supergene stage: d56Fe values increase,
while d18O values decrease (Fig. 5). This
supports the involvement of light oxygen
isotope-enriched and heavy iron isotope-
depleted weathering solutions.

7. Overall, and despite all local differences,
there is a general tendency for BIF d56Fe data
to display moderately heavier values for all
deposits compared to hypogene ores, which
tend to shift towards slightly lower values.
Direct coupling with oxygen isotopic values
observed in Carajás, Hamersley, and Cor-
umbá, indicate that d56Fe is a sensitive
recorder for the intensity and type of fluid-
rock interaction: lowest values are recorded in
rocks of highest fluid-rock ratios during
hydrothermal alteration and highest values
are recorded in rocks of highest fluid-rock
ratios during supergene/weathering alteration.
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9 Implications for Exploration

The application of iron isotope in exploration is
presently limited, although some promising
applications are here indicated. For example, the
correlation of increasing light oxygen and iron
isotopes towards zones of high fluid-rock ratios
may assist in targeting concealed shear zones,
which could have acted as a significant fluid
plumbing system, thereby facilitating the upgrade
of BIF to high grade iron ore. Hand samples or
drill core material from early, reconnaissance
mapping or drilling could be analyzed for oxygen
and iron isotopes. Any depleted values, when
compared to least-altered BIF or itabirites, could
be plotted into a geological map and contours of
equal isotope values or ranges that may identify
zones of oxygen and iron isotope depletion, hence
increased hydrothermal fluid flow.

10 Future Work

Iron isotope studies in ore deposits have only
been applied recently. Therefore, only limited
case studies of iron isotopes in ore deposits or
mineral systems have been conducted (e.g.,
Markl et al. 2006; Wang et al. 2011; Bilenker
2015; Santiago 2016). Most iron isotope studies
have been applied to BIF systems where the
redox environment is constrained and the
potential for bacterial Fe(III) reduction has been
established (Beard and Johnson 2004). Recently,
Mendes et al. (2017) showed that the iron isotope
composition of iron ore minerals varies system-
atically between deformational domains in the
QF of Brazil. These authors link fluid tempera-
tures and composition to different d56Fe values.
By analogy, the d56Fe isotopic composition of
iron oxide minerals in other iron ore systems
hosted in itabirite, such as at Simandou (Guinea;
Cope et al. 2008), could be analyzed in order to
test whether metamorphism, or the lack thereof,
and deformation in these deposits is linked to
specific hydrothermal fluids, and whether d56Fe
may be used to monitor and constrain such fluids.
Iron isotope studies could be easily expanded to
iron-oxide-copper–gold (IOCG) and iron-oxide-

apatite (IOA) systems, where magnetite is a
common alteration and, in rare cases, also an ore
mineral. Some data are available in Santiago
(2016) for IOCG deposits, and in Weis (2013),
Weis et al. (2013), Bilenker (2015), Bilenker
et al. (2016), Childress et al. (2016) Knipping
et al. (2019), Troll et al. (2019) for IOA deposits.

Although many studies of IOCG systems have
linked the origin of Cu to magmatic hydrother-
mal fluids (Williams et al. 2005a), the origin of
Fe is largely unknown. Orogenic gold systems,
in certain host rocks, contain magnetite as a
characteristic hydrothermal alteration mineral,
specifically in distal alteration zones (e.g., at the
giant Golden Mile in Western Australia). Here
the redox environment could be (better) con-
strained during hydrothermal fluid flow in distal
portion of the ore system. Furthermore, in distal
alteration zones of orogenic gold systems, the
d56Fe composition of magnetite could be differ-
entiated from that of the disseminated
orthomagmatic magnetite, in host rock basalt or
metamorphic equivalent, or metamorphosed
syngenetic magnetite in gold-associated BIF
deposits. Hydrothermal magnetite through fluid-
rock interaction would produce fluids that have
lower d56Fe values when compared to the
orthomagmatic magnetite. In ancient, now land-
based, volcanic-hosted massive sulfide systems,
iron isotopes could be applied to vent fluids in
order to better constrain the origin of the fluids,
particularly the origin of iron in the various sul-
fides that characterize these systems.
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Copper Isotopes Used in Mineral
Exploration

Ryan Mathur and Yun Zhao

Abstract

The use of copper isotopes related to ore
deposit location and genesis has greatly
expanded over the past twenty years. The
isotope values in ores, rocks, soils, and water
range greater than 10‰ and provide ample
isotopic variation to identify and interpret
complex geological process. From an explo-
ration standpoint, the copper isotope values in
waters, sulfides and weathered rocks vector to
mineralization at depth. Ground and surface
waters display the greatest potential for both
green and brownfields exploration, whereas
Fe-oxides and other related ore minerals
isotope compositions for exploration are
nascent. From an ore genesis perspective, the
copper isotopes serve as a redox proxy to aid
in unraveling magmatic and hydrothermal
processes related to metal sulfide precipita-
tion. In summary, the use of copper isotopic
approaches by the mining industry are ideal as
they point to processes directly related to the
metal of economic interest and should be

employed in all stages of the mine life from
exploration to extraction, and to environmen-
tal monitoring post-mining activities.

1 Introduction

Copper isotope analysis of different types of
earth materials is an expanding field in the tran-
sition metal isotope geochemistry. Copper iso-
topes are highly sensitive to redox reactions and
the majority of the studies completed to this point
have used the copper isotope ratios to trace and
understand geochemical reactions involving
electron transfer. Other mechanisms have been
proposed as causes for isotopic shifts such as
biogeochemical processes, liquid–vapour transi-
tions, mixing of different geochemical reservoirs
and other physiochemical characteristics related
to fluid-rock interactions. From a mineral
exploration perspective, the copper isotope sig-
natures in ores, rocks, fluids, and soils have been
used as a means to vector to ores and understand
the fundamental aspects of ore genesis.

The first reported copper isotope values of
earth materials was by Shields et al. (1965). The
errors were too large to identify the isotope dif-
ferences among these materials. It was not until
the introduction of advanced mass spectrometry
instrumentation in the mid 1990s that analytical
techniques allowed for more precise and accurate
isotope measurements. The Multi-Collector
Inductively-Coupled-Plasma Mass-Spectrometer
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(MC-ICP-MS) permitted the simultaneous mea-
surement of multiple metal isotopes with
enhanced ionization of the metals to produce
errors in the 4rd and 5th decimal place of isotope
ratios (Halliday et al. 1995). This significant
advancement led to the measurement of metal
isotope variations that were initially predicted to
be insignificant when isotopic fractionation
principles were first developed in the 1940s
(Urey 1947).

Copper ores received the majority of attention
in the earliest studies of copper isotope because
these materials contain large amounts of copper
and were relatively simple to purify for isotopic
analysis. It became apparent quickly within the
literature that the degree of Cu isotope fraction-
ation is significant and greater than the other
isotope systems of similar mass (Fe, Ni and Zn).
Thus, the mass spectrometry and purification of
copper from different analytes received enhanced
scrutiny to verify fractionation of greater than
10‰ (Fig. 1). The large range of isotopic com-
positions permits the ability to interpret and
identify a variety of different geological
processes.

Several different types of theoretical and
experimental papers ranging from low to high
temperature water–rock interactions have high-
lighted various mechanisms that lead to the
fractionation of Cu isotopes (Zhu et al. 2002;
Ehrlich et al. 2004; Weiss et al. 2004; Mathur
et al. 2005; Markl et al. 2006; Seo et al. 2007;
Pokrovsky et al. 2008; Balistrieri et al. 2008;
Wall et al. 2011; Maher et al. 2011; Guo et al.
2020). Perhaps the most unique aspect of the
studies of copper isotopes is the fact that redox
reactions at low temperatures induce some of the
largest fractionations measured in transition
metals reported to date.

In this chapter we will provide an overview of
the techniques used to measure copper isotopes,
mechanisms that fractionate copper and most
importantly, how these measurements can be
used by exploration geologists in rocks, soils and
solutions. Specifically, the organization of the
chapter will focus on two themes: (1) the use of
copper isotope signals in rocks, minerals and
waters as a vector, and (2) the use of copper

isotope signals in rocks and ores as a means to
define source of metals and trace metallogenic
processes. The techniques proposed here can be
applied to detect and define systems containing
copper rich minerals or minerals with higher
concentrations of copper. This chapter illumi-
nates the power of using copper isotope analysis
for a diversity of deposit types and materials that
formed in high to low temperature geological
settings through a comparative summary of the
salient points from published literature.

2 Analytical Methods

To obtain meaningful copper isotope measure-
ments on MC-ICP-MS, copper must be purified
from all other analytes in solution. Several papers
provide liquid ion chromatographic protocols to
separate copper from complex chemical matrices
(Marechal et al. 1999; Zhu et al. 2000; Marechal
and Albarede 2002; Mason et al. 2005; Mathur
et al. 2005, 2012a; Chapman et al. 2006; Borrok
et al. 2007; Petit et al. 2008; Lobo et al. 2014;
Sossi et al. 2015; Liu et al. 2014a, 2015). Each of
the papers have used anion exchange resins in the
chloride form and have eluted copper with dif-
ferent normalities of hydrochloric acids. The
process removes unwanted ions that could
cause a mass bias or interference during the
measurement.

The most common resin used to separate
copper is the BioRad MP-1 (maro porous HCl
form of the resin beads) in 10 ml BioRad col-
umns. Most of the columns used for the protocol
have been 10 ml BioRad spin chromatography
columns. The aspect ratio of the tapered end of
the column can impact the separation of copper.
Depending on the matrix of the solution, the
column procedure was repeated if the copper was
not adequately purified after one pass through the
column. The process uses relatively larger vol-
umes of ultrapure acids and has been scaled
based on the amount of ions placed on the resin.
More recently, Kidder et al. (2020) demonstrated
that using a clean-up cation exchange column in
an automated ion exchange chromatography is
ideal for high Na rich matrices.
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Recovery of 90–100% of the copper during
the chemical processing is critical to obtain
meaningful results. Marechal et al. (1999) first
pointed out that the resin can fractionate copper
during the chromatographic separation on the
order of 2–3‰ on synthetic solutions. They
noted that 63Cu is preferentially removed in the
first 10 ml compared to the following 15 ml of
copper eluted from the column. Different bond-
ing strengths of the copper chlorides attached to
the resin cause fractionation of copper during
elution. Zhu et al. (2000) and Mathur et al.
(2005) found the same relationships in natural
rock and mineral matrices.

Copper minerals that possess 10’s of % con-
centrations of copper do not require chemical
purification by the ion exchange chromatography

discussed above. Minerals such as chalcopyrite
(CuFeS2), chalcocite (Cu2S), Cu-oxides (like
copper carbonates such malachite and azurite),
and native copper (Cuº) have been dissolved and
diluted for isotopic measurement both with and
without chromatography and have generated the
same copper isotope value. Therefore, measure-
ment of these minerals does not require purifi-
cation (Mathur et al. 2005; Zhang et al. 2020;
Zhu et al. 2000).

The instrumentation setup and measurement
of copper isotope on different MC-ICP-MS sys-
tems is relatively similar. The measurements
were made in both wet and dry plasma in low-
resolution mode. Solution concentrations range
from 40 ppb in dry plasma mode up to 300 ppb
in a wet plasma. The copper isotope voltages

Fig. 1 Diagram showing variation in d65Cu values of
different types of deposits, rocks and waters and soils,
including porphyry deposits (Mathur et al. 2009; Wu et al.
2017), high-sulfidation epithermal deposits (Duan et al.
2015; Wu et al. 2017), skarn deposits (Maher and Larson
2007; Wang et al. 2017), sea floor hydrothermal deposits
(Zhu et al. 2000; Rouxel et al. 2004), volcanic-associated
massive sulfide (VMS) deposits (Mason et al. 2005;
Housh and Çiftçi 2008; Ikehata et al. 2011), Cu–Ni

deposits (Malitch et al. 2014; Ripley et al. 2015; Zhao
et al. 2017, 2019, 2022; Tang et al. 2020), sediment-
hosted stratiform copper (SSC) deposits (Asael et al.
2007, 2009, 2012), vein-type deposits (Haest et al. 2009),
native Cu from oceanic crust (Dekov et al. 2013) as well
as rocks and fluids (Mathur and Fantle 2015). The d65Cu
value of bulk silicate Earth (BSE) is 0.06 ± 0.20‰ (2SD)
(Liu et al. 2015)
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range from 2 to 10 V in this setup. On peak
background blank subtraction and matching of
standards and samples within 30% produces
reliable and repeatable measurements. Most
studies do not use gases other than Ar during the
measuring session.

There are two general approaches for mass
bias correction during measurement. The sim-
plest is through using the standard-sample-
standard bracketing technique (SSB). The NIST
976 is the most common standard used in the
literature, and copper isotope values are pre-
sented in the traditional per mil (‰) format rel-
ative to NIST 976 isotope standard. The second
method involves doping the samples with either
Ni or Zn standards and correcting mass bias
through the exponential law as presented in
Marechal et al. (1999). Since copper has only
two isotopes, same element spikes cannot be
added to solve for mass bias and there is no
means to identify mass dependence in the natural
samples nor during the measurements of copper
isotopes. In order for this method to work, the
added element standard must ionize in the
plasma in nearly the identical means as copper.
Smaller errors on the measurements have been
reported using these techniques (± 0.12‰ for
SSB in comparison to ± 0.06‰ for doping, 2r).
Liu et al. (2014a) established a method using a
combination of SSB and Zn-doping, yielding
external reproducibility better than ± 0.05‰
(2r). The best accuracy and precision reported
for doped samples was by the use of allium
reported in Sullivan et al. (2020; Yang et al.
(2019) with errors on the order of 0.03 ‰.

Error estimations for the analyses have been
assessed in various ways. The error associated
with background/blank copper is minimal in
comparison to the samples analysed and is not
considered a large source of error. Nor is the
instrumentation measurement error, the counting
statistics associated with measurement of copper
isotope ratios are normally in the 4th to 5th
decimal place of the measured value. The
repeatability of the measurement has been
assessed by comparing whole procedural repli-
cates, measuring the solution multiple times in
one session, and monitoring the variations of the

NIST standard throughout the session (in this
method the standard is bracketed to the other
standard nearest in the session). Of the three
techniques, the largest errors on samples reported
are the variation of the standard throughout the
session (Liu et al. 2014a).

2.1 Cu Isotope Fractionation
Factors, Evidence from
Experimental Work
and Field Studies

The Cu isotope fractionation factors in different
systems are of great importance for the applica-
tion of Cu isotopes tracking complicated geo-
logical processes. High temperature experimental
results show that the Cu-isotopic fractionation
factors between aqueous fluids and silicates are
controlled by Cu speciation in the fluids (e.g.
CuCl(H2O), CuCl2– and CuCl3

2−) and silicate
melts (CuO1/2), with D65Cufluid-melt ranging from
0.08 ± 0.01‰ to 0.69 ± 0.02‰ (Guo et al.
2020). The fractionation factor between liquid
and vapour (D65Cu liquid–vapour) is estimated to be
0.10 ± 0.07‰ at 400–450 °C (Rempel et al.
2012). Experimentally determined Cu isotope
fractionation factors between sulfide melt
and silicate magma are controlled by Ni contents
in sulfide, with high Ni (*25 wt%,
D65Cusulfide melt-magma = * −0.1‰;) showing
smaller fractionation than sulfides with low Ni
[0.1 to 1.2 wt%, D65Cusulfide melt-magma =
0.77 � 106/T2

– 4.46 � 1012/T4, where T is
in °K (Xia et al. 2019)]. In the experiment work
of Savage et al. (2015), sulfide phases also pref-
erentially incorporate light Cu isotopes relative to
bulk Cu (D65Cusulfide melt-bulk Cu = * −0.1‰).
Numerical Rayleigh fractionation modeling
based in massive sulphide ores in the Tulaer-
gen magmatic Ni–Cu deposit indicates that
D65Curesidual sulfide melt–MSS is approximately
1.0011 (Zhao et al. 2019). Finally, Ni et al.
(2021) demonstrated through evaporation by the
use of a laser, large copper fractionation factors
result in 10’s of ‰ fractionation during planetary
processes because of volatile nature of copper in
ultrahigh temperature processes.
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For lower temperature applications copper
isotope fractionation factors have been defined in
great detail for redox, phase change, adsorption
and other mechanisms. The oxidative dissolution
of copper sulphide minerals results in the heavier
isotope concentrating in the aqueous phase as
pointed out in multiple contributions (Zhu et al.
2000, 2002; Marechal and Albarede 2002; Ehr-
lich et al. 2004; Mathur et al. 2005; Markl et al.
2006; Asael et al. 2007; Fernandez and Borrok
2009). Sherman (2013) provides a detailed the-
oretical argument that demonstrates how kinetics
modelled with Rayleigh distillation models
explain values measured in supergene sulfides.
The lack electron transfer does not induce nearly
the same magnitude of copper isotope fraction-
ation as seen in the Cu oxide weathering exper-
iments in Plumhoff et al. (2021). Both biological
and adsorption mechanisms have been studied in
great detail in association with soil and envi-
ronmental geochemical where copper can be
fractionated at relatively smaller degree in com-
parison to the sulphide redox reactions (Pok-
rovsky et al. 2008; Bigalke et al. 2009, 2010,
2011; Weinstein et al. 2011; Liu et al. 2014b;
Fekiacova et al. 2015; Babcsányi et al. 2016; Li
et al. 2016; Song et al. 2016; Guinoiseau et al.
2017; Kusonwiriyawong et al. 2017; Dótor-
Almazán et al. 2017; Blotevogel et al. 2018;
Mihaljevič et al. 2018). These studies have
clearly shown how various mechanisms for
copper isotope fractionation operate in conjunc-
tion in the low temperature interactions charac-
teristic of the critical zone.

2.2 Copper Isotopes Used as a Vector
and for Source Information

2.2.1 Copper Isotope Signatures
in Minerals

Multiple studies have used the copper isotope
compositions to assess the lateral and vertical
variations as a means to use the copper isotope
values as a vector to track concealed orebodies.
The vector is developed through plotting isotope
values on maps or within cross sections to
deduce patterns through contouring of the data.

Most of these studies were performed on min-
eralization systems that operated at high tem-
peratures. Here, we will summarize the findings
and implications of the how and why copper
isotope values change in these economically
significant deposits.

The highest temperature systems concerning
sulfide mineralization are mafic–ultramafic
intrusions and associated deposits. In a large set
of peridotites, basalts and subduction related
andesites and dacites, Cu isotope fractionation is
insignificant during mantle partial melting and
magmatic differentiation, and the bulk silicate
Earth (BSE) has an average d65Cu value of
around 0.06‰ (Liu et al. 2015; Savage et al.
2015; Huang et al. 2016). However, mantle
metasomatism with involvement of recycling
crustal materials strongly fractionates Cu iso-
topes, spanning a wide range of d65Cu values
from − 0.64‰ to + 1.82‰ (Liu et al. 2015). It
seems that the addition of recycling crustal
materials into the mantle source would result in
obvious Cu isotope heterogeneity in the mantle
source. The magmas derived from mantle partial
melting are expected to inherit the Cu isotopic
compositions of their sources.

Recent studies show that significant Cu iso-
tope fractionation (*4‰ for d65Cu value) have
been involved during the formation of the mag-
matic Ni–Cu deposits (Fig. 2; Malitch et al.
2014; Ripley et al. 2015; Zhao et al. 2017, 2019,
2022; Brzozowski et al. 2020; Tang et al. 2020).
Many factors have been employed to explain the
large variation of Cu isotopes (*4‰ for d65Cu
value) in these deposits, including multiple
mantle sources, variable degree of mantle melt-
ing, different magmatic processes, crustal con-
tamination, R factor, and/or redox reactions
(Malitch et al. 2014; Ripley et al. 2015; Zhao
et al. 2017, 2019; Brzozowski et al. 2020; Tang
et al. 2020). The generation of magmatic Ni–Cu
deposits involves a series of stages: (1) mantle
melting; (2) magma ascent; (3) segregation of
sulfide melt from silicate melt and sulfide
enrichment; and (4) silicate mineral crystalliza-
tion and possible internal fractionation within
segregated sulfide melt (Barnes and Lightfoot
2005; Naldrett 2010). Malitch et al. (2014) assert

Copper Isotopes Used in Mineral Exploration 437



that the Cu isotopic variation observed in the
Noril’sk deposits region may result from multiple
magmatic processes, different magma pulses, or
assimilation of Cu from external sources. The
distinct difference in d65Cu values between the
sheet-style and conduit-style mineralization in
the Lake Superior area is likely caused by mantle
sources, variable degrees of melting, sulfide
retention, and sulfide liquid fractionation (Ripley
et al. 2015). It is difficult to precisely evaluate the
contribution of the factors causing significant
variations of Cu isotope compositions in the
mafic–ultramafic intrusions of the Noril’sk
region and Lake Superior area, since these
intrusions are in different locations with diverse
country rocks. Zhao et al. (2017 2019) reported a
systematical Cu and Fe isotopes study of the
Tulaergen Ni–Cu deposit, China. In this
deposit, > 2‰ variation of d65Cu values has
been observed, and the potential influence of
crustal contamination, hydrothermal overprint-
ing, diffusion, mantle sources or magmatic pro-
cesses are excluded (Zhao et al. 2017, 2019). On
the basis of negative correlation between d65Cu
and d56Fe values of chalcopyrite and positive
correlation between d65Cu values of chalcopyrite
and d56Fe values of whole-rocks, redox reactions
are expected to be the main factor governing the
Cu isotope fractionation in magmatic Ni–Cu
mineralization system (Zhao et al. 2017, 2019).
However, Tang et al. (2020) proposed that Cu
isotopic ratios show no correlation with
intrusion/orebody shape, location of sample in
the orebody, lithofacies or type of mineralization
in the Kalatongke and Baishiquan deposits. The
large variation of Cu isotopic compositions in
these deposits is attributed to the degree of partial
melting in the mantle source and associated
magmas (Tang et al. 2020).

Even though debates addressing processes
responsible for Cu isotope fractionation in
mafic–ultramafic intrusions need to be addressed
in further studies, Cu isotopes shed a new light
on mineral explorations. Malitch et al. (2014)
show a progression from lower copper isotope
values in distal mineralization (Kharaelakh
deposit) and the Talnakh occurrences to the
higher values proximal to the Noril’sk-1

intrusion. The negative correlation of S and Cu
isotope compositions for an individual intrusion
in the Noril’sk region may be a useful indicator
of the potential for hosting Ni-Cu-PGE sulfide
deposits (Malitch et al. 2014). The distinct dif-
ference of Cu isotopic compositions between
sulfides in disseminated sheet style and conduit
style mineralization may be indicative of differ-
ent types of mineralization, even though assimi-
lation of Cu from external sources should be
carefully evaluated (Ripley et al. 2015). Zhao
et al. (2017) reported the Cu isotopic composi-
tions in the Tulaergen deposit and point out that
the proximal parts of the system tend to enrich
light Cu isotopes than the distal samples. Zhao
et al. (2019) further modelled the Cu isotope
variation with the combination of PGE tenors,
and conclude that sulfide segregation enriches
light Cu isotopes, which is consistent high-
temperature experimental work (Xia et al. 2019).
Numerical calculations also indicate that signifi-
cant Cu isotope fractionation occurs between
monosulfide solid-solution (MSS) and evolved
sulfide melt, with heavy Cu isotopes preferring
evolved liquid to MSS (Fig. 3; Zhao et al. 2019).
Considering that Ni and IPGE are preferentially
incorporated in MSS, and Cu, Ni and PPGE tend
to enriched in evolved sulfide melt (e.g., Li et al.
1996; Barnes and Lightfoot, 2005; Naldrett,
2010, 2011), Zhao et al. (2019) proposed that the
mafic–ultramafic intrusions with light Cu iso-
topes may be favourable hosts for Ni and PGE
mineralization, whereas elevated d65Cu values
are potentially indicative of enrichment in Cu,
Ni, Pt, Pd, and Au (Fig. 3). We notice that the Cu
isotopes of the Baishiquan deposit are slightly
heavier than the Kalatongke deposit (Tang et al.
2020), which is potentially related to different
mineralization processes. Further work needs to
be done to clarify how to use Cu isotopes as a
vector for mineral exploration in different mafic–
ultramafic intrusions.

Perhaps the most studied mineralized systems
by Cu isotopes are porphyry copper and
hydrothermally related mineralization such as
skarns and epithermal gold deposits. Figure 4
shows the general patterns recorded in chal-
copyrites from porphyry copper deposits.
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Chalcopyrite in veins from cores of the systems
associated with higher temperature alteration
silicate minerals like biotite and potassium feld-
spar have lower copper isotope values that clus-
ter around 0‰ (Mathur et al. 2009, 2010, 2018;
Mirnejad et al. 2010; Wall et al. 2010; Braxton
and Mathur 2011; Asadi et al. 2015; Graham
et al. 2004; Li et al. 2010; Duan et al. 2016;
Gregory and Mathur 2017). In contrast, chal-
copyrite in veins from distal part of the systems
associated with lower temperature alteration sil-
icate minerals like phyllite and kaolinite have
higher copper isotope values. Other copper rich

minerals like bornite also show similar patterns
to chalcopyrite (Dendas 2011).

Skarns display an inverse pattern where the
higher copper isotope values are found in the
cores of the systems and the lower values are
found in the outer parts of the system (Maher
et al. 2003; Larson et al. 2003; Yao et al. 2016).
This inverse relationship is most likely related to
the mechanisms that are fractionating copper
during the formation of copper minerals from the
hydrothermal solution. Experimental studies
indicated that pH, fO2 and salinity related to
fluid-vapour separation controlled copper species

Fig. 2 Histograms of copper
isotopic compositions of
various types of basalts (Liu
et al. 2015), and magmatic
Ni–Cu deposits in the Lake
Superior area (Ripley et al.
2015), in the Noril'sk
Province (Malitch et al.
2014), in the Eastern gabbro
(Brzozowski et al. 2020), at
the Tulaergen deposit (Zhao
et al. 2017, 2019), and at the
Kalatongke and Baishiquan
deposits (Tang et al. 2020).
The d65Cu value of bulk
silicate Earth (BSE) is
0.06 ± 0.20 ‰ (2SD) (Liu
et al. 2015)
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Fig. 3 A schematic model for the Cu isotope fractionation in the Tulaergen magmatic Ni–Cu deposit (modified from
Zhao et al. 2019)

Fig. 4 Copper isotope values
show pattern from proximal
and distal locations in the
stockwork and skarns
associated with the intrusion
of porphyritic rocks.
Reproduced with permission
from Mathur and Wang
(2019); Copyright 2019
American Geophysical Union
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into the vapour phase (Maher et al. (2011). Thus,
perhaps the difference in fractionation patterns
between these two systems is related to metal
transport with different ligands. For instance,
CuCl species form in the acidic fluids associated
with porphyry copper deposits in silicate rocks in
contrast to CuCO species which form in buffered
reactions associated with skarn mineralization.
The different bonds strength associated with the
metal–ligand could lead to the different frac-
tionation factors during mineral precipitation.
Seo et al. (2007) provided theoretical calcula-
tions relating different bond strength calculations
that predicted the isotopic shifts that would be
potentially happening in this system.

Epithermal Au deposits show a similar pattern
to porphyry copper deposits (Duan et al. 2016)
and the gold rich ores in these systems also have
values that cluster around 0‰ (Saunders et al.
2015; Mathur et al. 2012b). Interestingly, the
pattern of lower values in the core of the deposits
and higher values on the borders is identical to
porphyry copper deposits. If porphyry copper
deposits are related to epithermal systems at
depth, the isotopic values at the cores of the
systems should be higher than that found in
porphyries, instead they are identical. To date,
the copper isotopes for a porphyry copper deposit
beneath an epithermal system was only carried
out at Yanacocha (Condon et al. 2012). At
Yanacocha, the values of copper isotopes in
chalcopyrite are lowest in the deepest parts of the
porphyry and become higher to the base of the
epithermal system. The two chalcopyrite and
chalcocite values at the base of the epithermal
system return 0‰ and then values become higher
to the outer portions of the epithermal system.
These preliminary data suggest that the two
hydrothermal systems are unique and not linked
to the same hydrothermal event.

Volcanogenic massive sulfide display the lar-
gest range of copper isotope variations within the
higher temperature hydrothermal systems.
Rouxel et al. (2004) presented values from an
active VMS site in the Mid-Atlantic and reported
ranges of copper isotope values of up to 3‰
which was attributed to reworking and later stage
mobilization of copper. Berkenbosch et al. (2015)

found smaller variations in a modern VMS in the
Pacific and noted that the liquid vapour parti-
tioning could explain the fractionation as vapours
emitted from the chimneys are metal rich.
Ancient VMS systems have not displayed as
much copper isotope variations in the massive
ores of the systems with values ranging around
1‰. These studies did not find simple, systematic
spatial variations with copper isotopes in massive
sulphides (Ikehata et al. 2011; Mason et al. 2005).

The lower temperature systems like sedi-
mentary copper and supergene copper deposits
display much larger copper isotopic variations
than PCDs and LMIs. The interpretations for the
copper isotope data involve understanding redox
reactions associated with copper migration at
lower temperatures. For sedimentary copper
deposits, classic deposits of the Kuperschifer
(Asael et al. 2007, 2009, 2012; Pękala et al.
2011) and the sedimentary copper deposits in the
Democratic Republic of Congo (Haest et al.
2009) have copper isotope values in sulfide and
oxide minerals that trace redox reactions and
reflect fluid pathways in these systems (Fig. 5).
Similar conclusions can be deduced from copper
isotope values of native copper in large occur-
rence of native copper deposits in Michigan,
USA (Bornhorst and Mathur 2017) and the
native Cu deposits in Brazil (Baggio et al. 2018).
Luczaj and Huang (2018) indicate little copper
isotope fractionation in MVT ores of the central
USA and point to the lack of redox reactions as
the cause for this homogeneity.

Copper isotope fractionation is greatest at the
lowest temperature deposits associated with
supergene processes. Copper isotope values
for sulfide minerals and residual Fe-oxides in
leached zones range from − 10‰ to + 15‰.
A general relationship of lower copper isotope
values in leach cap minerals in comparison to the
higher isotope values in the enrichment zones
point to oxidation associated with the migration
of the water table as the cause for the pattern.
Multiple studies have demonstrated the use of
copper isotope values in ores and leach cap
minerals can be used to assess the degree of
weathering (Mathur et al. 2005, 2009, 2010;
Mirnejad et al. 2010; Asadi et al. 2015).
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Specific examples of using the copper iso-
topes in exploration of supergene deposits are
present in the following two contributions.
Braxton and Mathur (2011) provide an excellent
example of how the copper isotope values in the
leach cap minerals can be used to identify the
presence of multiple weathering steps of previous
enrichment events. They demonstrated higher
copper isotope values in the Fe-oxides of the
leach cap correlate with larger concentrations of
copper at depth. Equally important, they pointed
to the fact that the copper isotope values of
chalcocite change down hydrogeologic gradients
and thus point to a flow path for the mineral-
ization fluid. Braxton and Mathur (2014) show
that in an area covered with Fe-oxide but no
mineralization at surface, copper isotopes of Fe-
oxide minerals vector to areas in the subsurface
where supergene chalcocite has been weathered

and concentrated. Both studies point to the value
in using copper isotope values in Fe-oxides on
the surface, which are abundant and useful in
identification of buried exploration targets.

Given that lower temperature process can
cause greater degrees of fractionation coupled
with the redox sensitivity of the Cu isotopes,
Mathur et al. (2018) recognized that the copper
isotope signature of chalcocite could be used to
trace its origin. The influence or overprint of
supergene processes in many mineral deposits
makes identification of the process of chalcocite
origins enigmatic. These authors suggested (as
shown in Fig. 6) that lower copper isotope values
in chalcocite originated from Cu-chloride com-
plexes which formed sedimentary copper deposit
chalcocite, whereas supergene chalcocite had
higher copper isotope values because it formed in
oxidative environments. Magmatic chalcocite
has values hovering around 0‰ as smaller
degrees of fractionation occur at higher temper-
atures (Fig. 6).

2.2.2 Copper Isotope Signatures
in Rocks

The use of rocks in their relationship to ores has
not been explored in any great detail. The main
purpose of these studies would be a means to link
the copper mineralization to the source materials
in some fashion. There is not a large variation of
copper isotopes compositions found in igneous,
metamorphic and sedimentary rocks, and the
range of copper isotope values is similar to that
of chalcopyrite formed at high temperatures at
0 ± 1‰ (Chapman et al. 2004; Sossi et al. 2015;
Fru et al. 2016; Wang et al. 2019; Liu et al. 2019,
2014a; Huang et al. 2016; Busigny et al. 2018).
Zheng et al. (2019) offered the first argument that
relates higher copper isotope values found in
rocks associated with the PCDs in Tibet. Their
argument focuses on a few values of intermediate
igneous rocks that slightly heavier (by approxi-
mately + 0.3‰) in which they argue the higher
signatures are originated from weathered copper
that is isotopically heavier copper transported by
subducted materials. In another contribution,
Wang et al. (2019) points to a similarity of the

Fig. 5 Copper isotope variations in sedimentary copper
deposits. Reproduced with permission from Asael et al.
(2009); Copyright 2009 Elsevier
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arc volcanic rock and sulfides in a non-economic
type sulfide deposit. This suggests ores and rocks
could have similar signatures and be used to trace
metals.

There are no systematic studies that relate the
mantle and metasomatized mantle to the genesis
of magmas that are metal rich and are transported
from the mantle through the lower crust into the
upper crust. Several studies have shown that
the metasomatized mantle (Liu et al. 2015;
Zweifelhofer et al. 2018) could have highly
variable copper isotope values, thus the starting
point for the magmas is not homogeneous.
Complicating the processes that could change the
copper isotope values during petrogenesis is the
fact that sulfide segregation at any point during
ascent could greatly impact the copper isotope
ratios found in the igneous rocks. At this point,
what exactly the copper isotope values indicate
in igneous rocks is not well constrained and more

study is needed to further interpret and under-
stand the values measured in the rocks associated
with ores at surface. One study by Höhn et al.
(2017) provides copper isotope variations in
pyrites from metamorphic deposits, yielding a
narrow d65Cu range of − 0.26 to 0.36‰. Thus,
how copper moves and what happens in the
mantle and metamorphic rocks still deserves
greater attention to resolve how the copper iso-
tope values in these rocks can be interpreted.

Slightly larger isotope variations have been
documented in sedimentary rocks. Again the
variations are on the order of 1‰ with no studies
to date that link the sedimentary rock copper
isotope signatures to ores directly. Although Chi
Fru et al. (2016) use the copper isotope signature
as a redox signal that marks the start of the Great
Oxidation Event in the Archean, to date not
many other applications to sedimentary systems
are available in the literature. Nonetheless, the

Fig. 6 The origins of chalcocite formation inferred
through copper isotope analysis of chalcocite. The copper
isotope compositions are linked to the different genetic

processes associated with the formation of chalcocite.
Reproduced from Mathur et al. (2018) (CC BY 4.0)
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application to finding paleofliud paths in sedi-
mentary rocks with residual copper isotope ratios
has potential in finding and understanding sedi-
mentary copper and petroleum systems.

2.2.3 Cu Isotope Signatures in Waters
and Soils

Copper isotope values in water has the greatest
exploration potential because waters can sample
the subsurface due to water rock interaction.
Isotopic information from groundwater is far
cheaper to obtain than data from drill core sam-
ples. Importantly, waters that have dissolved
copper originating from sulfide-water interaction
show unique copper isotope signatures. This is
due to the fact that 65Cu is favoured in the oxi-
dation of copper due to bonding energies
(Mathur et al. 2005; Pokrovsky et al. 2008;

Ehrlich et al. 2004; Wall et al. 2011). Thus, the
oxidation product, in this case a solution, is rel-
atively enriched in 65Cu. For instance modern
rivers and oceans have copper isotope values of
1.1 ± 0.3‰ (2r) (Bermin et al. 2006; Vance
et al. 2008, 2016; Little et al. 2014), and copper
derived from leaching of copper sulfides has
values of 1.2 ± 0.3‰ (2r) (Mathur et al. 2005,
2012a, 2014; Kimball et al. 2009; Mathur and
Fantle 2015). Kinetic processes clearly play an
important role in the extent of reactions and the
rates of sulfide dissolution, which controlled the
Cu isotope fractionation in the critical zone.

An example of this in nature is the case study
of the Pebble deposit in Alaska. This study
demonstrated that waters collected from seeps
within the 0.5% Cu grade contour (defined by
extensive drilling) has distinctly higher copper

Fig. 7 Diagrams showing
that Cu isotope compositions
of waters can be used to infer
the types of copper minerals
weathering if the starting
copper isotope composition of
the minerals are constrained.
Reproduced with permission
from Mathur et al. (2014);
Copyright 2014 Elsevier
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isotope values (2.6 ± 1.0‰, 2r) than waters
derived from seeps outside of this zone (Mathur
et al. 2013). The range of the 0.5% copper is
within 1.5 km distance from the mineralization
center in this deposit, and the copper isotopic
compositions are similar in these two mineral-
ization zones. Kidder et al. (2021) show that the
same patterns exists in groundwaters near PCDs
and exotic Cu mineralization.

Importantly, the waters are approximately
1.5‰ heavier than the surrounding waters. It has
been shown that the leaching of chalcopyrite
results in waters that are 1.5‰ heavier than the
leached chalcopyrite (Mathur et al. 2005; Kim-
ball et al. 2009; Borrok et al. 2008). Leaching of
other copper sulfide minerals also results in rel-
atively different copper isotope compositions in
waters. For instance, weathering of chalcocite
which results in waters that 3‰ heavier than the
leached chalcocite. Thus, using an estimation of
the starting copper isotope composition of an ore,
the copper isotope composition of the fluids not
only indicates the weathering of copper sulfide,
but also allows for the interpretation of the type
of mineral providing copper to solution (Mathur
et al. 2014).

The copper isotope composition of surface
fluids can also be complicated by multiple
types of other geochemical processes. For
instance, waters interacting with soils and bio-
logical materials can impact the copper isotope
composition of the fluids. Extensive studies on
the biological and mineralogical impacts of
clays on the copper isotope composition of
fluids should also be considered during inter-
pretation of the copper isotope values of waters
(Pokrovsky et al. 2008; Bigalke et al. 2009,
2011; Weinstein et al. 2011; Liu et al. 2014b;
Fekiacova et al. 2015; Babcsányi et al. 2016;
Guinoiseau et al. 2017). Real time changes in
copper isotope compositions of fluids and soils
on a flood plain have demonstrated daily 0.5‰
shift in the copper isotope values as reported
by Kusonwiriyawong et al. (2017). These
studies illustrate that other processes may also
impact the copper isotope signal in natural
waters, however none of these processes frac-
tionate copper in same direction and magnitude

as oxidation of copper sulfides. For instance, at
low temperature, no biological, adsorption or
temperature related process produces + 3‰
isotopic shifts.

Use of soils to target mineralization at depth
has not received much attention. The variety of
the studies of copper isotope and soils focus on
how the copper isotope signals can be used to
trace metal contamination (Sivry et al. 2008;
Bigalke et al. 2010; Li et al. 2016; Song et al.
2016; Blotevogel et al. 2018; Mihaljevič et al.
2018). Some hope does exist for using copper
isotope signatures in soils, as Mathur et al
(2012a, b) pointed out that the weathering of
soils with sulfides produces similar vertical pro-
files of copper isotope signatures as seen in leach
cap environments. However, more study is nee-
ded to clearly identify the potential of copper
isotope values in soils in mineral exploration.

3 Conclusions

Copper isotopic fractionation in ores and waters
have potential as vectors to ore deposits. The
greatest limitations of using the techniques is that
the vector can point to the presence of copper
sulfide mineralizaton, but cannot clearly be used
to indicate the amount of copper present in the
system. Used in tandem with other geophysical
and geochemical evidence the copper isotopic
data obtained clearly add valuable information
for the exploration geologist. Further study of
copper isotopic compositions of soils and rocks
will lead to further our understanding of how
these materials could be used in the search of ore
systems.

Aside from exploration vectors, the copper
isotopic evidence summarized above demon-
strate that the analysis provides a means to
quantify the degrees of weathering, different
types of metal transport in high and low tem-
perature systems, and electron transfer in all type
of geochemical reactions. Data used in this light
has clearly added value to ore genesis models
and the ability to capture reaction dynamics and
kinetics which was previously not quantified
and/or identified.
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The Potential of Zn Isotopes
in the Science and Exploration
of Ore Deposits

Jamie J. Wilkinson

Abstract

Since the turn of the Century, the growth in
development and application of zinc isotopes to
multiple fields in terrestrial and planetary
sciences has been exponential. The potential
for the application of zinc isotope systematics to
ore deposit formation processes was obvious
from the outset, given that they represent the
most significant concentrations of zinc on Earth
and because this approach allowed, for the first
time, direct assessment of zincmetal origins and
transport. This contribution presents a brief
summary of the notation and analytical proce-
dures for analysis of zinc isotopes and summa-
rizes the terrestrial data reported to date. These
results show that the variation in zinc isotope
composition in rocks and ore systems is in fact
rather small (<2‰), linked, at least in part, to the
single oxidation state in which zinc occurs in
nature. Based on an assessment of the literature,
the principal mechanisms for causing iso-
topic fractionation are all relatively low temper-
ature processes: (i) biogenic; (ii) supergene

dissolution-reprecipitation; (iii) adsorption–
desorption reactions; and (iv) hydrothermal pre-
cipitation. High temperature igneous processes
do not appear to produce significant isotopic
variations. In ore deposit studies, it currently
appears unlikely that zinc isotopes can be used to
constrain potential metal sources, apart from
zinc derived from carbonate host rocks which
tends to be isotopically heavy. However, there
are a number of systems in which systematic
variation in d66Zn of sulfides suggests that
Rayleigh-type fractionation during ore mineral
precipitation occurs, opening up the possibility
of using zinc isotopes to trace flow paths and
vector in towardsmineralized centers.Modeling
of such hydrothermal processes is currently
hindered by a paucity of experimentally-
determined fractionation factors, but as such
work is done, our ability to better understand and
utilize zinc isotopic zonation patterns for the
purposes of mineral exploration will be progres-
sively enhanced.

1 Introduction

Over the past decade and a half, new insights into
metal transport pathways and mechanisms in
Earth and Planetary systems have been made
possible by the development and application of
non-traditional stable isotopes (Albarède 2004;
Johnson et al. 2004). This burgeoning field has
been driven by technological developments in
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multicollector inductively-coupled-plasma mass
spectrometry (MC-ICP-MS). Utilizing plasma
ionization and multiple collection of ions, the
technique has enabled small isotopic variations
in poorly ionized elements to be resolved, a goal
that was not achievable with traditional thermal
ionization mass spectrometry (TIMS). Using
MC-ICP-MS, analytical precision is typically
around or below 0.05 ‰ (d value), several tens
or hundreds of times smaller than the isotopic
range measured to date in terrestrial rocks, min-
erals and sediments for a range of elements.
Nonetheless, analytical problems remain and
there are many studies that have focused on their
resolution (e.g. Moynier et al. 2017).

The ability to directly determine the isotopic
composition of ore-forming metals has opened
up a number of potential applications in studies
of hydrothermal ore systems that could shed light
on several key parts of the source-transport-trap
cycle (Fig. 1). There is the possibility that iso-
tope compositions may be able to pinpoint metal
sources in contrast to conventional stable isotope
systems such as O, H and S which can help to
identify sources of water or sulfur but may only
indirectly suggest where metals originated. Pb
isotope tracing of metal sources is hindered by
the complexities of correcting for radiogenic
decay. Ore metal isotope studies may also help to
understand the processes by which metals are
mobilized from source rocks or magmas and
what characteristics (e.g. mineralogy, pH, fO2) of
rocks and fluids contribute to efficient extraction;
metal stable isotopes may be especially powerful
for tracking redox changes because these are a
major control of isotopic fractionation. Fertile
hydrothermal fluids may leave a recognizable
metal isotope imprint of their passage that could
enable flow pathways to be identified. Finally, in
the ore deposit environment itself, isotopic vari-
ations may be useful for understanding the con-
trols of ore mineral deposition. Thus, the
application of these stable isotopes could impact
on every aspect of the source-transport-trap
paradigm. In the longer term, improved under-
standing of these processes, especially where
constrained by experimental data on fractionation

behavior, will lead to refinement of deposit
models and ultimately influence exploration
methods. More immediately, however, the
potential exists for metal isotopes to fractionate
in systematic ways in hydrothermal environ-
ments, leaving either zoning patterns that can
be directly utilized for vectoring towards
hydrothermal centres, or a diagnostic fingerprint
that may reflect efficient ore deposition—i.e. a
signature of system fertility.

In this paper, I summarize work done to date
on hydrothermal ore deposits, focusing on the
transition metal Zn. This is not intended to be an
exhaustive review; for this, the reader is referred
to Johnson et al. (2004), Cloquet et al. (2008),
Moynier et al. (2017) and Mathur and Wang
(2019). Rather, I focus on findings reported in the
literature and results from our own laboratory
that are beginning to advance our understanding
of processes of zinc transport and deposition in
ore systems, particularly in relation to possible
applications in mineral exploration.

2 Zinc Stable Isotopes

Zinc has five stable isotopes 64Zn, 66Zn, 67Zn,
68Zn and 70Zn (Table 1) with average natural
abundances of 48.63, 27.90, 4.10, 18.75 and
0.62% respectively (Rosman and Taylor 1998).
d66Zn is normally reported in the literature,
relating to the 66Zn/64Zn ratio, where the sub-
script “X” refers to an unknown and “STD” to a
reference material:

d66ZnX ¼ Zn66=64X � Zn66=64STD

Zn66=64STD

 !
� 103 ð1Þ

Thus, d66Zn refers to the 66Zn/64Zn isotope
ratio relative to the standard. There is currently
no universal standard for zinc isotope measure-
ments, with some data reported with respect to
IRMM 3702, some to the Johnson Matthey
Corporation zinc standard used by the Lyon
group (Lyon JMC 3-0749-L Zn) and, more
recently, to the ETH standard AA-ETH (Archer
et al. 2017). Data reported relative to IRMM
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3702 (=AA-ETH) can be recalculated to Lyon
JMC-Zn using the published offset between the
two standards of 0.28 ‰ (d66ZnIRMM 3702 =
d66ZnAA-ETH = d66ZnJMC-Zn + + 0.28 ‰;
Ponzevera et al. 2006; Cloquet et al. 2008;
Moeller et al. 2012; Archer et al. 2017). All
analyses referred to in this paper are relative to
the JMC-Zn standard.

3 Measurement of Zinc Isotopes

Zinc isotope analyses are normally carried out by
introduction of a solution into the MC-ICP-MS
and require a sample purification step to remove
potentially interfering contaminants from the
sample matrix (Albarède and Beard 2004). This

is done via column chemistry separation methods
using an ion exchange resin such as BioRad MP-
1 or AG1X8 (Mathur and Wang 2019). Such
methods can be quite involved and may need to
be developed for specific sample types to avoid
incomplete yields of the metal of interest as this
can lead to fractionation (Sossi et al. 2015). Until
recently, isotope measurements were typically
made using a copper spike in the zinc solution to
correct for instrumental mass bias and samples
were interspersed with standards (standard-
sample bracketing) in order to correct for drift.
More recently, double-spike Zn isotopic mea-
surements have been introduced and have yiel-
ded consistent results with those obtained by
standard bracketing techniques (Moynier et al.
2017). Advantages of the double spike technique

Fig. 1 Hydrothermal system
schematic highlighting
environments where
fractionation of zinc isotopes
may occur

Table 1 List of isotopes of zinc found in nature and statistics on the range of d66Zn values reported in the literature
from a compilation of 483 analyses

Element Isotopes Delta notation N Mean (‰) Min (‰) Max (‰) Range (‰) Average
precision (‰)

Zn 64Zn (48.63%)
66Zn (27.90%)
67Zn (4.10%)
68Zn (18.75%)
70Zn (0.62%)

d66Zn (66/64) 483 0.33 −0.43 1.34 1.77 0.07
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are that it provides high precision absolute ele-
mental abundances together with the isotope
ratios and accounts for mass discrimination dur-
ing chemical separation. This has been important
for the analysis of Zn in difficult matrixes such as
seawater (e.g. Conway and John 2015). Expec-
ted, natural, mass-dependent fractionation rela-
tionships can be checked by comparing
66Zn/64Zn with 67Zn/64Zn, 68Zn/64Zn and
70Zn/64Zn ratios, providing a useful check on
data quality. Typical long-term 2r precision of
measurements is around ± 0.04 ‰ (e.g. Chap-
man et al. 2006; Chen et al. 2013).

4 Natural Variation in Zinc Isotopes

Overall, relatively small variations in zinc iso-
tope compositions have been reported in terres-
trial rock and mineral samples. In a compilation
of over 400 analyses there is a total range of < 2
‰ and the majority of data (25th–75th per-
centiles) fall in the d66Zn range 0.08–0.36 ‰
(Fig. 2). This is due, at least in part, to the single
oxidation state in which zinc occurs, unlike other
transition metals like molybdenum, iron and
copper, for which redox changes can cause sig-
nificant isotopic fractionation.

There is limited evidence for possible frac-
tionation of Zn by igneous processes: single
measurements of granite, granodiorite (Viers
et al. 2007) and andesite (Bentahila et al. 2008)
gave d66Zn values of 0.47, 0.41 and 0.55 ‰
respectively, mostly slightly higher than basalts
that range from 0.2 to 0.5 ‰ (Cloquet et al.
2008) and which have an average of 0.32 ‰
(Fig. 2). However, the few more felsic volcanic
rocks analyzed appear to be depleted in the
heavier zinc isotopes (Fig. 2). The basalt stan-
dard BCR-1 is the most analyzed rock, with a
reported mean d66Zn value of 0.25 ± 0.09 ‰
(2r). The average igneous rock composition is
0.30 ± 0.07 ‰ (n = 77, 1r; Moynier et al.
2017) and Bulk Earth is thought to have a d66Zn
value of 0.28 ± 0.05 ‰ (Chen et al. 2013).

Clastic sedimentary rock data (as a proxy for
average continental crust) fall in a similar range
(average values of 0.12–0.53 ‰; Fig. 2) but

carbonates tend to be shifted towards higher
d66Zn, e.g. 0.91 ± 0.48 ‰ (2r) for recent deep-
sea carbonates from the Pacific (Pichat et al.
2003) and 0.04–0.87 ‰ (mean = 0.34 ± 0.35
‰, 2r) for cap dolostones formed just after the
Marinoan snowball Earth (Kunzmann et al.
2013). This is most likely due to a biogenic
fractionation by marine microorganisms that
preferentially take up light zinc isotopes—
thereby leading to their depletion in seawater—
potentially coupled with removal of light zinc
isotopes by burial in organic matter (e.g. Vance
et al. 2006; John et al. 2007, 2018). However,
positive isotope fractionations of *1 ‰ have
been predicted by ab initio modeling for zinc
carbonate relative to the parent solution (Fujii
et al. 2011), so an inorganic control of part of this
shift is perhaps possible.

We do not know much about the behavior of
zinc isotopes during supergene weathering but
measurable fractionations do occur. In their study
of a range of secondary zinc minerals from sev-
eral different base metal ore deposit types,
Mondillo et al. (2018) showed that willemite has
the greatest compositional variability (d66Zn
−0.42 to 1.39 ‰), spanning the entire range of
terrestrial variation in Zn isotopes recorded to
date. Both positive and negative fractionation
directions were recorded relative to the precursor
phase for all the minerals studied. The observed
data were explained with a model of isotopic
fractionation in which partial dissolution of pri-
mary sphalerite was followed by precipitation of
an initial secondary phase that preferentially
incorporated heavy Zn isotopes due to the
development of strong Zn–O bonds. Progressive
depletion of the residual fluid by this process led
to distillation effects ultimately resulting in the
formation of small amounts of late-stage,
isotopically-light, supergene zinc minerals.

Ferromanganese nodules also form in a
surficial environment where dissolution-
reprecipitation reactions, adsorption and biolog-
ical activity may play a role in isotopic frac-
tionation. Maréchal et al. (2000) concluded that
the high d66Zn values observed in nodules (0.53–
1.16 ‰; see Fig. 2) were related to marine bio-
logical productivity in a similar way to marine
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carbonates. The observed global distribution of
higher d66Zn in nodules from higher latitudes
could be explained by seasonal productivity
fluctuations. However, Little et al. (2014)
showed that preferential uptake of heavy zinc
isotopes is likely during adsorption from seawa-
ter onto manganese oxides (specifically d-MnO2)
so that the coupling of different effects, both
biological and inorganic, is likely.

More recently, Spinks and Uvarova (2019)
showed that terrestrial Fe–Mn crusts were also
enriched in isotopically heavy zinc, with those
overlying unmineralized sources more enriched
(by up to 0.54 ‰) than those overlying isotopi-
cally light sulfide mineralization (by up to 0.37
‰). They suggested the difference was due to
different zinc complexing behavior in the two
environments and noted that the isotopic contrast

could potentially be useful in mineral
exploration.

Finally, zinc isotope variability has been
recorded in modern submarine hydrothermal and
volcanic hot spring systems indicating the like-
lihood of fractionation during hydrothermal ore
deposit formation. Fluid d66Zn values measured
at a range of submarine vent sites ranged from
0.00 to 1.04 ‰, with the higher and more vari-
able values being linked to lower temperatures
(John et al. 2008). It was suggested that subsur-
face precipitation of isotopically light sphalerite
was the primary control of the variation in fluid
composition, supported by the observation of
vent chimney sulfide with lower or similar d66Zn
to the fluids. A similar mechanism of sphalerite
precipitation at depth was proposed to explain
the high d66Zn (*0.70 ‰) of thermal spring

Fig. 2 Summary of terrestrial d66Zn data from rocks,
ores and minerals, ordered in terms of increasing mean
value. The grey box on the left represents the entire
dataset. Sample types shown in black in the legend are
where there is only one analysis available; for other
sample types, the numbers of analyses are given on the
boxes. The legend is listed in the same order as the boxes

on the figure. Box boundaries = 25th and 75th per-
centiles; line = median; dot = mean; whiskers = the most
extreme values that are not outliers; circles = outliers
greater than 1.5 � the interquartile range away from the
25th or 75th percentile; triangles = outliers greater than
3 � the interquartile range away from the 25th or 75th
percentile
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waters at La Soufrière volcano, Guadeloupe
(Chen et al. 2014), in agreement with isotopic
fractionations calculated for aqueous complexes
of Zn using molecular dynamics (Black et al.
2011; Ducher et al. 2018).

5 Zinc Isotopes in Ore-Forming
Hydrothermal Systems

Hydrothermal processes can produce variations
in sulfide d66Zn by up to 0.9 ‰ (Wilkinson et al.
2005a; Mason et al. 2005; John et al. 2008). Yet,
there is still limited understanding of the controls
of isotopic fractionation. Below, I consider the
results reported to date from a range of
hydrothermal ore deposits and summarize the
current state of knowledge.

5.1 Sediment-Hosted Zn–Pb Deposits

Several studies have investigated hypogene Zn
isotope variation in sediment-hosted base metal
deposits. The first such study investigated pos-
sible controls on the zinc isotope composition of
sphalerite in the Irish Zn-Pb orefield (Wilkinson
et al. 2005a). Four possible controls on zinc
isotope variation were evaluated: (1) composi-
tional variability of the metal source terrain(s);
(2) multiple zinc sources; (3) precipitation tem-
perature; and (4) precipitation mechanism. The
d66Zn values obtained ranged from −0.17 to 0.64
‰, with one outlier at 1.33 ‰, encompassing the
terrestrial variation (Fig. 2). Although largely
overlapping with other sulfide data, the average
composition of the Irish sphalerites (0.15 ± 0.19
‰, 1r; omitting outlier) is isotopically light
compared to most rock samples.

This study showed that there was no clear
relationship between zinc isotopic composition
of sphalerite and fluid temperature, salinity or
likely source rocks. Wilkinson et al. (2005a)
concluded, based on the spatial variability in
d66Zn, that fractionation was induced via spha-
lerite precipitation with an inferred negative
kinetic isotopic effect during rapid supersatura-
tion. Thus, fluids evolved to heavier isotopic

compositions via a Rayleigh fractionation pro-
cess as they migrated upward and outward
through the ore deposits, generating late and/or
distal sphalerite with high d66Zn (Fig. 3).

Gagnevin et al. (2012) followed up this work
with a specific investigation of the Navan deposit
in Ireland and found that d66Zn was correlated
with d56Fe and d34S in sphalerite. They inter-
preted this to be a result of a negative kinetic Zn
(and Fe) isotope fractionation during sphalerite
precipitation, coupled with the linked process of
fluid mixing involving fluids of contrasting d34S.
Their sphalerite bulk concentrate samples gave a
mean d66Zn of 0.01 ‰ confirming the relatively
light average isotopic composition of Irish
sphalerites and suggesting that average ore has
lower d66Zn than that generally found in the
coarser crystalline sphalerite grains that are more
amenable to drilling out for isotopic analysis.

In a study of the Red Dog sediment-hosted Zn–
Pb district, Kelley et al. (2009) reached similar
conclusions regarding the control of zinc isotope
fractionation in sphalerite. Samples from shale-
hosted massive sulfide and stratigraphically
underlying vein-breccia deposits showed a range
of d66Zn values from 0.00 to 0.60 ‰. The lowest
values were observed in the vein-breccias and the
stratigraphically overlying (but structurally dis-
placed) ore deposits showed a systematic trend of
increasing d66Zn from south to north (Main-
Aqqaluk-Paalaaq-Anarraaq). The d66Zn values
were inversely correlated with sphalerite Fe/Mn
and tended to be higher in low-Cu sphalerite,
consistent with precipitation of sphalerite with
lower d66Zn closer to the principal hydrothermal
fluid conduits. It was inferred that Rayleigh frac-
tionation during sulfide precipitation led to the
preferential incorporation of light zinc isotopes in
the earliest sphalerite forming at deeper levels
(vein-breccias) and close to the principal fluid
conduits in the orebodies. This was followed by
precipitation of sulfides with higher d66Zn in
shallower and/or more distal parts of the flow path.

More recently, Gao et al. (2018) reported
similar trends from the giant Dongshengmiao
sediment-hosted Zn–Pb deposit, China. d66Zn
varied from 0.17 to 0.40 ‰ and showed a lateral
trend of increasing d66Zn from southwest to
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northeast within the main ore body. The lead
isotopic homogeneity of ore sulfides suggested
that there was only one significant source for
metal, thus precluding mixing of multiple metal
sources as a control of this pattern. It was

concluded that the most likely control on spatial
variations was Rayleigh fractionation during
hydrothermal fluid flow, with lighter Zn isotopes
preferentially incorporated into the earliest sul-
fides to precipitate.

Fig. 3 Open system Rayleigh fractionation model to
explain range and spatial distribution of d66Zn values of
sphalerite from the Irish Zn–Pb orefield. The model is
constrained by an imposed requirement to encompass the
total range of measured d66Zn, assumes a starting fluid
composition that is the same as that determined for Lower
Paleozoic basement greywacke samples (Crowther 2007),
assuming 100% extraction from these inferred source
rocks (Wilkinson et al. 2005b) and an instantaneous
equilibrium sphalerite-fluid fractionation factor e
(d66Znmineral − d66Znfluid) of −0.3 after the experimental
data of Veeramani et al. (2015). Sample data from
Wilkinson et al. (2005a; unpublished), Gagnevin et al.
(2012) and Crowther (2007). The histogram shows the
range of measured d66Zn for sphalerite with the 90th
percentile highlighted; the majority of the ore falls within
this range and, based on the model, could have formed
after precipitation of between 0 and *80% of the zinc in
solution. The “ore average” compositions given by the
bulk sphalerite concentrate data of Gagnevin et al. (2012)
indicate that the average ore composition is consistent
with having precipitated after *25–55% of the zinc in
solution had been removed. Spatially-constrained samples
from a traverse away from the Derryville Zone feeder
fault at the Lisheen deposit (Wilkinson, unpublished),
arbitrarily plotted on a linear distance scale on the x-axis
in red, can be interpreted in terms of progressive
precipitation of sphalerite from batches of fluid during

lateral flow, with the most distal sphalerite (at 730 m,
located at the edge of the orebody) having a composition
consistent with formation after about 80% of the zinc had
already been precipitated from batches of fluid arriving at
that point, i.e. the orebody as a whole represents a
depositional efficiency of 80%. The most extreme d66Zn
value measured, 1.33 ‰ from the Galmoy deposit, can be
explained by relatively proximal but very late-stage
precipitation of very small amounts of sphalerite in vugs
from fluids that had already deposited most (*99%) of
the original zinc in solution. Data plotting above the
model line in proximal samples can be accounted for by
rapid, disequilibrium precipitation of high proportions of
the zinc in solution in the core of the ore body, with
sphalerite compositions therefore approaching the initial
solution d66Zn value. Although the model is subject to
many uncertainties, it demonstrates how spatial and
temporal trends of increasing d66Zn can be explained by
Rayleigh fractionation processes during flow. The
observed pattern of increasing d66Zn from the centre of
hydrothermal deposits outwards thus has a firm theoretical
basis and can be utilized in exploration. The discovery of
minor, isotopically heavy sphalerite (or whole rocks with
high d66Zn controlled by trace amounts of sphalerite)
could therefore be indicative of the extensive precipitation
of sphalerite elsewhere in the vicinity. A gradient of
decreasing d66Zn towards ore would be predicted
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Zhou et al. (2014a, b) studied the Tianqiao,
Banbanqiao and Shanshulin carbonate-hosted
Pb–Zn deposits from the Sichuan–Yunnan–
Guizhou Pb–Zn metallogenic province, south-
west China. These deposits are associated with
dolomitization related to reverse faults and are
probably of the Mississippi Valley-type. Spha-
lerite from successive stages of deposition in all
three deposits exhibited increasing d66Zn values
in the range −0.26 to 0.71‰. Furthermore, d66Zn
values in the core of the Tianqiao No. 1 orebody
were lower than those on the periphery. Both
trends are consistent with a kinetic Rayleigh
fractionation effect during progressive precipita-
tion, with earlier/deeper sphalerite being prefer-
entially enriched in lighter zinc isotopes.

5.2 Volcanic-Hosted Massive Sulfide
Deposits

In their study of the undeformed Devonian
Alexandrinka volcanic-hosted massive sulfide
(VHMS) deposit in the Urals, Mason et al. (2005)
found that chalcopyrite-rich samples from vein
stockwork had lower d66Zn by *0.4 ‰ (−0.43
to −0.10 ‰) relative to sphalerite-bearing sam-
ples (−0.03 to 0.08 ‰) and attributed this to
equilibrium partitioning of isotopically light Zn
into chalcopyrite during its precipitation. Alter-
natively, it is possible that the zinc measured in
the chalcopyrite-rich samples (“Cu–Zn ore”;
Fig. 2) was principally contained within minor
sphalerite; in this case, the lower d66Zn could be
explained by preferential precipitation of light
zinc isotopes in more proximal and higher tem-
perature stockwork sphalerite. In a vent chimney
sample, d66Zn increased toward the chimney rim
by 0.26 ‰ (−0.03 to 0.23 ‰), which may have
been caused by changing temperature (hence
fractionation factor), or Rayleigh distillation.
Clastic sulfide samples, mostly containing < 15%
sphalerite, were isotopically light (−0.30 to −0.05
‰) possibly due to chalcopyrite predominance as
a Zn host, or post-depositional seafloor oxidative
dissolution and re-precipitation which led to
systematic negative shifts in d66Zn relative to the
primary sulfides.

5.3 Vein-Hosted Zn–Pb Deposits

The only vein-type deposit to have been inves-
tigated is the Zhaxikang Sb–Pb–Zn–Ag deposit
in Southern Tibet (Wang et al. 2017, 2018). The
origin of this fault/vein-controlled deposit is
controversial with both magmatic-hydrothermal
(Duan et al. 2016) and magmatic-hydrothermally
overprinted SEDEX (Wang et al. 2017) origins
being proposed. d66Zn values of sulfides range
from −0.03 to 0.38 ‰ (Fig. 2) and cannot dis-
tinguish between these alternatives. A trend of
decreasing d66Zn through part of the paragenetic
precipitation sequence was noted, although the
proposed explanation of boiling coupled with
mineral precipitation as a control (Wang et al.
2018) is inconsistent with the Rayleigh distilla-
tion models presented and no independent evi-
dence of phase separation was recorded.

5.4 Porphyry-Type and Other Ore
Deposits

To date, only a single determination of d66Zn has
been made in a porphyry system, from a chal-
copyrite separate from Chuquicamata, Chile.
This returned a typical crustal value of 0.19 ‰
(Maréchal et al. 1999). In porphyry deposits, the
focus has been on the primary ore metals, Cu and
Mo (see Cooke et al. 2014; Mathur and Zhao
2023). At the time of writing, no other deposit
types containing zinc as a major or minor com-
ponent have been investigated.

6 Discussion

6.1 Identifying Metal Sources

Despite suggestions to the contrary, it is not
considered here very likely that—at least at the
present time—zinc isotope measurements can be
used to identify the source of metals for
hydrothermal ore deposits. The principal reason
is because of the narrow compositional variabil-
ity of terrestrial reservoirs and the apparently
greater variability that is introduced during
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depositional processes. Added to this, there is
almost no information on how zinc isotopes may
be fractionated during extraction from a source
by hydrothermal fluids or potentially modified
during transport. Thus, it is difficult to identify
the primary source signal from samples where
various fractionation steps may have occurred
along the system flow path (Fig. 1). The one
exception might be where zinc is sourced from
carbonate rocks because these tend to have a
fairly distinctive, isotopically heavy composition
(Fig. 2). Consequently, questions such as the
possible importance of host rock sourcing of
metals for skarn deposits and the potential
derivation of metals from different aquifer com-
positions as an influence on the metal tenor of
MVT deposits—in particular the apparent rela-
tionship between carbonate aquifers and more
Zn-rich deposits (Sverjensky 1984)—may be
tractable.

6.2 Precipitation Efficiency

If source fluid compositions are known, or can be
inferred, the isotopic composition of precipitated
ore minerals could provide a clue to depositional
efficiency—a key parameter in ore studies, yet one
that has been almost impossible to constrain to
date. Any fractionation between fluid and mineral
will generate a progressive shift in isotopic com-
position of the mineral being deposited. Because
of the reservoir effect, locally high degrees of
precipitation in an ore body from a batch of fluid
will result in the average isotopic composition of
the ore approaching the input fluid composition
(Fig. 3). By contrast, lower degrees of precipita-
tion could produce a broad, highly-skewed dis-
tribution, which, with a negative Dfluid-mineral

fractionation would produce proximal ore with a
lower d66Zn than the input fluid and more distal
ore, precipitated later, with higher d66Zn than the
initial fluid. For example, in the Irish sediment-
hosted Zn–Pb deposits described above, the dis-
persion in zinc isotope compositions and slight
bias towards isotopically heavy compositions
within an ore lens could reflect intermediate pre-
cipitation efficiency in an open system.

6.3 Hypogene Isotopic Zonation

From the global compilation presented in Fig. 2,
it is possible to make the general observation that
d66Zn from copper-bearing ores (mixed miner-
alogy samples), dominated by Fe–Cu or Cu–Zn
sulfides is consistently low. Given that chal-
copyrite separates from the Alexandrinka VHMS
deposit returned some of the lowest d66Zn values
measured to date (Mason et al. 2005), one could
conclude that Zn substituted into the chalcopyrite
structure may be in a bonding environment that
favours the light isotopes. This would mean that
measurements of Cu–Zn ores may show a sys-
tematic shift to lower d66Zn towards the core of
systems due to an increase in chalcopyrite
abundance at higher temperatures. As a tool, this
has limited use because assay and sulfide zona-
tion patterns would be simpler and cheaper ways
to observe the same trends. However, if it is trace
sphalerite in such samples that is controlling the
signature then it implies that sphalerite can
record a systematic zoning from the high tem-
perature cores of hydrothermal systems out into
the typically lower temperature domains where
sphalerite becomes dominant.

Based on existing studies of low temperature,
sediment-hosted Zn–Pb systems, it appears that
Zn isotopes are fractionated systematically in this
way during ore formation. In all case studies
completed to date, it has been inferred that light
zinc isotopes are preferentially incorporated into
sphalerite (asphalerite-fluid < 1) so that fluids—and
later sphalerite precipitated from them—evolve
towards heavier compositions in time and space
(Figs. 3, 4). This behavior is consistent with what
has been observed in modern hydrothermal envi-
ronments (e.g. John et al. 2008). Such systematic
fractionation provides a theoretical basis for the
development of exploration tools that can utilize
zonation patterns of d66Zn in sphalerite (and
possibly altered rocks containing trace sphalerite
or other zinc-bearing minerals) around ore bodies
(Fig. 4). In the case of the Irish ore system, there is
evidence that d66Zn varies both vertically up
through the systems and laterally across individ-
ual orebodies, a trend that can be modeled using a
Rayleigh-type fractionation approach (Fig. 3).
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6.4 Supergene Isotopic Zonation

Similarly, in the supergene modification of pre-
existing sulfide deposits, the prediction of an
increase in d66Zn in most supergene minerals
where Zn is tetrahedrally-coordinated in rela-
tively strong Zn–O bonds (asecondary mineral-

sphalerite > 1) can produce a supergene ore that
is isotopically heavy but has peripheral or
paragenetically-late supergene Zn minerals that
have low d66Zn values because of the preferential
removal of heavy zinc isotopes from the fluid by
earlier precipitation (Mondillo et al. 2018).

7 Summary and Conclusions

The study of non-traditional stable isotopes in
general and as applied to ore deposits in partic-
ular remains at a fledgling stage. It has become
apparent that wider variations in isotopic

compositions are present in hydrothermal ore
deposits than in any other terrestrial environ-
ments; this makes them particularly interesting
for further investigation. Several studies have
inferred the probability of Rayleigh distillation
processes in the systematic fractionation of zinc
during precipitation of ore minerals. If this gen-
eral process is confirmed it will open up many
possible applications, with the isotope systemat-
ics potentially tracking flow pathways through
deposits and out into the “exhaust” region
(Fig. 1), the domain of spent ore fluids.

At the present time, models to explain isotope
fractionation patterns of ore metals are under-
constrained, particularly because of the limited
experimental data on fluid-mineral fractionations
and lack of knowledge on whether equilibrium or
kinetic fractionations are likely to prevail. There
is the additional complication of biologically-
mediated fractionation of Zn in low temperature
systems (e.g. Wanty et al. 2013). Consequently,

Fig. 4 Cartoon cross-section illustrating possible zinc
isotope zonation that might develop in a hydrothermal
zinc deposit. Geology based loosely on a SEDEX-type
system, but trends would be applicable to vein-hosted
hydrothermal deposits. Color scale illustrates pattern of
d66Zn that may be observed in sphalerite mineral
separates, or in whole rock where major to trace sphalerite
dominates the Zn budget of the sample. Distal

mineralization, at the margin of the orebody or developed
along escape structures, is fractionated towards heavier
isotopic compositions. Late-stage, overprinting mineral-
ization may also be isotopically heavy. Weakly-
mineralized satellite prospects may have compositions
similar to proximal sphalerite from an orebody if they are
formed by limited precipitation from similar source fluids
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current interpretations are somewhat speculative
and well-designed experimental studies to mea-
sure isotopic fractionations under relevant
hydrothermal conditions of metal extraction,
transport and metal sulfide deposition (Fig. 1) are
needed. Once these are available, quantitative
modeling will be better able to test alternative
hypotheses for natural datasets.

Despite the current limitations, the data sum-
marized here for zinc provide an indication of the
types of new insights that studies of ore metal
stable isotopes may provide. In time, these iso-
tope systems are likely to provide powerful new
tools for testing models of metal transport and
deposition and thereby improve the ore deposit
models that essentially underpin all modern
mineral exploration. More directly, the operation
of Rayleigh distillation processes may produce
patterns that help to unravel complex flow paths
and produce isotopic gradients that can be uti-
lized for vectoring towards the centre of
hydrothermal systems. It may be possible to
identify mixing between magmatic and country
rock-derived metals on the fringes of magmatic-
hydrothermal systems if there is an isotopic
contrast, such as for magmas intruding carbonate
sequences.

Notwithstanding these opportunities, the fact
remains that for a geochemical tool to achieve
widespread take up in the mineral exploration
industry it needs to be cheap, rapid and not
require a high level of technical knowledge to
apply. Zinc isotopes measurements and the sub-
sequent interpretation of the data do not presently
meet these requirements. This means that it is
unlikely that vectoring using zinc isotope zona-
tion will become a widely utilized method for the
foreseeable future. Even effective tools based on
mineral trace element chemistry, that are far
easier to apply, are still only being taken up
gradually by major explorers (e.g. Cooke et al.
2020a,b; Wilkinson et al. 2020) because they are
perceived to be relatively high cost and slow to
implement (*6 week turnaround time). Proba-
bly the most significant contribution that zinc
isotopes can make to studies of hydrothermal
systems in the immediate future is to help resolve
outstanding questions about hydrothermal

processes that conventional datasets have been
unable to solve, such as understanding extraction
of metals from source rocks, tracing flow paths
and identifying the controls of depositional
efficiency.
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Isotopes in Economic Geology,
Metallogeny and Exploration—
Future Challenges and Opportunities

David L. Huston and Jens Gutzmer

Abstract

Although the intent of this book is to provide
readers with an overview on the current and
past usage of isotopes in the broad disciplines
of economic geology, metallogenesis and
mineral exploration, some of the chapters
highlight future challenges and opportunities
for the use of both radiogenic and stable
isotopes within these disciplines and more
broadly. This concluding section identifies
and then discusses how some of these chal-
lenges might be overcome and the opportuni-
ties that might be realized.

1 Challenges to Isotopic Research

As described throughout this book, isotopic
research, both on radiogenic and stable isotopes,
has been essential to develop models for the
genesis of many types of mineral deposits,
including information on age and duration of

mineralizing events, tectonic and metallogenic
setting, fluid, metal and sulfur sources, and
alteration and fluid pathways. Despite the use-
fulness of this information, the application and
interpretation of isotopes in economic geology,
metallogenesis and exploration faces a number of
analytical and interpretational challenges.

1.1 Radiogenic Isotopes
and the Geochronology
of Mineralizing Systems

Many recent advances in ore genesis resulted
from an improving capability to understand
mineral systems in the 4th dimension, time,
which, in turn, has enabled direct linkages
between mineral systems, other geological sys-
tems such as tectonic systems, and Earth evolu-
tion. With the development of new analytical
techniques and the application of existing ana-
lytical techniques to new minerals, economic
geologists have much better insights into the
absolute ages and durations of mineralising
events. This insight enables not only a better
understanding of mineralizing processes but
allows temporal linkages of these processes to
other geological events that can be identified
and/or tested at scales from the global to the thin
section. Despite major advances in capability,
many challenges remain to incorporating time
into ore genesis and metallogenic models, and
exploration practices.
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One of the most significant challenges is to
develop methodologies for dating some classes
of mineral deposits and criteria for assessing ages
of others. A small proportion of deposits can be
robustly dated using ore minerals (i.e., those
minerals extracted for metal recovery). Dateable
ore minerals, however, are few, for example,
molybdenite (using the Re–Os systems: Norman
2023), cassiterite, tantalite and related minerals,
uraninite and other uranium minerals (U–Pb:
Chelle-Michou and Schaltegger 2023), sphalerite
(Rb–Sr: Christensen et al. 1995), scheelite (Sm–

Nd; Anglin et al. 1996), and the interpretation of
age data from some of these (e.g., uraninite and
sphalerite) can be fraught for many reasons,
including post-depositional open system beha-
viour (Chiaradia 2023).

A specific example of these challenges is the
fact that while uraninite can produce robust
unimodal U–Pb ages (e.g., Cross et al. 2011), it
more commonly gives a range of ages that can
span hundreds of millions of years (e.g., Polito
et al. 2005). Hence, one of the main challenges to
ore geochronology is determining the
geochronological significance of isotopic data:
do the data indicate mineralizing events, subse-
quent isotopic disturbance events or related pro-
cesses such as fluid or source mixing? For
example, Nash et al. (1981) argued that the for-
mation of some unconformity-related uranium
deposits involved repeated introduction of ura-
nium over periods of up to a billion years. More
recently, Ehrig et al. (2021) argued for two
periods of uranium introduction at the giant
Olympic Dam iron-oxide copper–gold deposit in
South Australia based on laser ablation-
inductively coupled plasma-mass spectrometry
(LA-ICP-MS) ages of uraninite—an early event
at ca 1590 Ma, and a later event at ca 500 Ma.
A challenge to ore geochronology is to determine
if multiple ages from uraninite (and other min-
erals) represent independent metal introduction
events, metal redistribution/recrystallization
events, or mixing ages.

Some deposit types, for example orogenic
gold (Vielreicher et al. 2015), can be dated using
non-ore minerals but an assumption must be
made (or relationship demonstrated) that the

dated non-ore mineral (e.g., monazite or xeno-
time) is coeval with the ore mineral (gold). Other
deposits can be dated using minerals in the
associated alteration assemblage; this requires,
however, the assumption that the alteration
assemblage directly relates to the mineralizing
event. A third method to infer mineralization
ages is assuming a relationship between a dated
rock and mineralization; for example, a skarn
deposit can be dated by assuming that its age is
the same as the associated granite, or an (as-
sumed) syngenetic deposit can be dated from the
age of the host rocks. In many (most) cases, such
assumptions are justified and the reported ages
reflect the ages of mineralization, but in other
cases, the assumption may be wrong. A chal-
lenge to ore geochronologists and economic
geologists is producing a set of criteria to assess
geological relationships and the resulting inferred
ages of mineralization.

The greatest challenge to ore geochronology
is dating mineralizing events for which dateable
ore, ore-related or alteration minerals are not
(known to be) present and that cannot be confi-
dently related to other dateable geological events.
A good example of this challenge are Mississippi
Valley-type deposits, which commonly lack
dateable minerals and have ambiguous or con-
troversial relationships to local and/or regional
geological events. This challenge may be partly
resolved by careful petrographic studies targeted
at identifying previously-unidentified but date-
able minerals. Other methods of dating, such as
paleomagnetic dating (Symons et al. 1998), may
offer alternative methods of determining ages.

In addition to challenges specific to mineral
deposit studies, geochronology more generally
faces continued challenges to produce more
precise and more accurate ages, including:
(1) precise determination and calibration of
decay constants across all isotopic systems used
in geochronology, (2) inter-laboratory and inter-
method (e.g., secondary ion mass spectrometry
(SIMS) versus LA-ICP-MS) calibration, (3) im-
provements in analytical precision, and (4) im-
provements in the understanding of isotopic
systems. Finally, the integration of “bulk” anal-
yses with low spatial resolution but high
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analytical precision with in-situ analyses with
high spatial resolution but (commonly) low
analytical precision is a challenge not only for
radiogenic isotopes but also for light and metallic
stable isotopes.

1.2 Radiogenic Isotopes in Tracing
and Mapping

One of the major challenges facing radiogenic
isotopic mapping is developing consistent
methodologies for mapping and interpreting the
significance of variations in isotopic data. As
discussed by Champion and Huston (2023),
Huston and Champion (2023) and Waltenberg
(2023), there are many options of parameters to
map, and multiple models of isotopic evolution
complicate these options. To be comparable,
isotopic maps must be constructed using similar
isotopic growth models, for similar parameters
and using similar interpolation methods (e.g.,
Champion and Huston 2023). Although it is
sometimes necessary to use locally constrained
models to address local questions, the use of
inconsistent methods/models between different
regions can produce erroneous maps and inter-
pretations. These issues are in addition to chal-
lenges of compiling datasets from different
sources and laboratories and the challenges of
constructing maps from low-density datasets.

A second challenge to isotopic mapping is to
understand and account for processes that affect
measured isotopic ratios and derived parameters.
These processes, which most strongly affect lead,
include pre-mineralizing processes that can
modify the source region (e.g., high-grade
metamorphism) and post-mineralizing processes
that can change initial ratios (e.g., ingrowth and
isotopic disturbance). Consistent criteria must be
developed to allow isotopic maps to account for
such processes, which can produce highly
anomalous isotopic signatures. A challenge
specific to the Lu–Hf system, in which several
tens of zircon spot analyses are acquired per
sample (e.g., Waltenberg 2023), is developing
consistent methods to determine meaningful

parameters (i.e., age and ɛHf) from complex data
populations that can be used in isotopic mapping.

The integration of “bulk” and in situ analyses
is also a challenge to the use of lead isotopes to
trace metal sources and mineralizing processes.
This challenge is particularly well illustrated by
the work of Gigon et al. (2020), who observed
variations in lead isotopic ratios of high spatial
resolution but low precision SIMS analyses of
galena from the HYC deposit in Australia much
greater than the variability observed in low res-
olution but high precision double-spiked thermal
ionization mass spectrometry (DS-TIMS) analy-
ses. Gigon et al. (2020) argued that the in situ
SIMS data indicate the mixing of two lead
sources, but these relationships are not seen in
the DS-TIMS data. Reasons for differences in the
datasets are, at this point, unclear.

Finally, like other isotopic systems, access to
inexpensive analyses with rapid turnaround is
also a challenge for radiogenic isotope analyses
used age determinations, source tracing and iso-
topic mapping. Analyses of most radiogenic
isotopic systems still occurs in University or
government research laboratories, although
commercial geochemical laboratories are starting
to offer lead isotope analyses using ICP-MS
analyses.

1.3 Light Stable Isotopes

The main challenges to the use and interpretation
of stable isotopes are the availability of abundant,
low cost and high quality analyses and recon-
ciling differences between bulk and in situ anal-
yses. As indicated by Barker et al. (2013),
analyses of light stable isotopes must have a fast
turn-around time, be relatively inexpensive and
be produced in large number before they are
routinely incorporated into mineral exploration
programs. The last point is critical, as large
populations are required to statistically assess
anomalies produced from isotopic data. The
availability of inexpensive microanalytical tools
such as LA-ICP-MS may achieve rapid produc-
tion of large numbers of rapid, inexpensive
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analyses, but as discussed below, interpretation
of the results are commonly not simple.

In reviewing stable isotopes in shale-hosted
zinc deposits, Williams (2023) found that sulfur
isotope values determined using in situ analysis
were much more variable that values determined
from bulk analyses. Hence, like radiogenic iso-
topes, the integration of bulk and in situ analyses
also presents a challenge to the interpretation of
stable isotope data. Even though sample aliquots
might only be a few milligrams, bulk analyses
homogenize variability seen in in situ analyses,
based on much smaller sample volumes. Conse-
quently, the challenge remains to integrate these
two broad analytical techniques, with implica-
tions for interpretating the scale and process of
mineralizing events.

.

1.4 Metallic Stable Isotopes

As variations in metallic stable isotopes were
only discovered in the last two to three decades,
research into this field is less mature, and the
challenges differ to other fields of isotopic
research. The main challenge for metallic stable
isotopes is to acquire sufficient data to document
natural variability in isotopic ratios and deter-
mine processes that cause this variation. The
amount of basis data varies according to metal;
for zinc, there is a small, but growing, dataset for
sediment-hosted deposits, but datasets for other
deposit types are very small, in some cases
constituting only a handful of analyses (Wilkin-
son 2023). The datasets for iron and copper are
larger (Lobato et al. 2023; Mathur and Zhao
2023), but still require additional data, particu-
larly to understand processes that control isotopic
fractionation.

A second challenge is the experimental
determination of temperature-dependent mineral-
fluid, mineral-melt and mineral–mineral frac-
tionation curves for common Fe-, Cu- and Zn-
bearing minerals, including biologically-
mediated fractionation. Although fractionation
curves for iron and copper isotopes have been
determined for some minerals (cf. Lobato et al.

2023; Mathur and Zhao 2023), similar curves for
zinc isotopes are limited (Wilkinson 2023).
Hence, one of the greatest challenge to inter-
preting metallic stable isotope data is the acqui-
sition of well-calibrated experimental
fractionation curves and understanding applica-
tion of experimentally determined equilibration
relationships to real world ore deposits.

A third challenge for metallic stable isotopes
is developing rapid and inexpensive analytical
methods, including automation. Like other iso-
topes, metallic stable isotopes will not be rou-
tinely used by the exploration industry until this
last challenge is met, although it is important to
stress that there is significant interest from
industry to use metallic isotopes to resolve
specific ore genesis problems.

2 Opportunities for Isotopic
Research

Like most other fields of scientific research, there
have been important advances in the capability to
determine isotopic ratios and understanding
processes that cause changes in isotopic ratios.
These advances present opportunities to apply
the isotopic data to geological and, more
specifically, mineral system problems.

In many cases, opportunities in isotopic
research have come from unorthodox research,
which, in some cases, were in conflict with per-
ceived wisdom at the time—for example,
expectations that isotopic fractionation should be
mass dependent or that metallic isotopes should
not fractionate. Some of these unorthodox
opportunities, as described in this book, have
provided not only entirely new datasets that can
be used to test new and existing models for
geological systems, but entirely new ideas about
processes involved in mineral systems and, more
broadly, Earth systems.

Like in many other fields in geoscience,
another important opportunity (and challenge)
for isotopic research is data integration. This
includes integration of different isotopic systems
and/or different analytical techniques, integration
of isotopic data with other geoscience data, and
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integration of isotopic data with data beyond
geoscience disciplines. Data integration can
occur from thin section to global scales and
commonly provides new insights into Earth
processes. This opportunity also extends to the
rapidly evolving fields of artificial intelligence
and machine learning. These fields offer oppor-
tunities for comprehensive evaluation of the
integrated data using statistical and stochastic
approaches that quantify relationships between
isotopic and other geoscientific datasets.

2.1 Radiogenic Isotopes
and the Geochronology
of Mineralizing Events

Despite the challenges described above, ore
geochronology has many opportunities, from
determining the timing and duration of mineral
systems, to the dating of mineralizing events
using new minerals and/or isotopic systems, to
integrating the geochronology data into process-
oriented numerical models of mineralizing
events, and to linking these events to other geo-
logical events at the district to global scales. As
summarized by Chiaradia (2023) and Chelle-
Michou and Schaltegger (2023), the duration of
individual mineralizing events in porphyry cop-
per systems typically last a few tens of thousands
or years, although multiple events may overprint
each other to produce to mineralizing systems
that last much longer and produce much larger
metal endowments. Although well constrained
for porphyry mineral systems, the duration of
mineralizing events for other systems is poorly
known. Moreover, information on the duration
and overprinting of mineralizing events can be
fed into exploration questions with direct explo-
ration implications: Do highly endowed deposits
require long durations? Or multiple events?

Although dating of some deposits is a chal-
lenge to ore geochronology, opportunities exist to
resolve some of these challenges. These include
recognition of dateable minerals in ore assem-
blages and dating of ore-related minerals not
commonly dated at present. Many dateable ore-
related minerals are not readily recognized during

routine petrography and require systematic
microanalytical methods such as scanning elec-
tron microscope (SEM)-based image analysis
(aka automated mineralogy: Sylvester 2012;
Schulz 2021) or similar microprobe-based tech-
niques for reliable identification. These tech-
niques not only identify dateable minerals but
also place these minerals in textural and parage-
netic context. Personal experience indicates that
SEM-based image analysis can identify dateable
minerals such as phosphates (e.g., apatite, mon-
azite and xenotime) in mineral deposits previ-
ously not known to have dateable minerals. In
addition, many deposits contain potentially date-
able minerals such as fluorite (U–Pb of Sm–Nd),
allanite (U–Th–Pb), rare earth element minerals
(Sm–Nd), scheelite (U–Pb) and titanite (U–Pb)
for which ages are not routinely determined.

Another opportunity for research in ore
geochronology is the integration of age data into
numerical models of mineral system evolution.
For example, Chelle-Michou et al. (2017) used
thermal models and Monte Carlo simulations to
simulate the evolution of the porphyry copper
mineral system during granite emplacement.
They combined this modelling with data on
endowment and the duration of mineralization
from eight porphyry copper deposits around the
world to conclude that system duration and the
total magma volume are the main controls on
copper endowment, and not magma enrichment
in sulfur or copper. This illustrates the potential
to combine geochronological data with mod-
elling to define the most important controls on
endowment for many types of mineral systems.

The growing dataset of high precision and
robust ages of mineral deposits also allows
linkage of mineralizing events to other geological
events at the local to global scales. This allows
not only the testing of genetic models, but also
incorporating mineralizing systems into Earth
evolution. As an example of the former, Phillips
et al. (2012) identified two gold mineralizing
events in the Victorian goldfields (southeast
Australia), an early event at ca 450–440 Ma
temporally associated with the Benambran Oro-
geny but not with magmatism, and a second
event at 380–370 Ma temporally associated the
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Tabberabberan Orogeny and with granitic mag-
matism (see also Wilson et al. 2020). Over the
last few decades, there has been a debate over the
role of magmatism in orogenic gold deposits and
the relationship of orogenic to intrusion-related
gold deposits. The combination of geochrono-
logical (e.g., Philips et al. 2012) and structural
(Wilson et al. 2020) syntheses allow for an
assessment of the roles of granites in orogenic
gold mineral systems (not necessary, at least for
the Benambran system in western Victoria) and
between orogenic and intrusion-related gold
deposits.

Meyer (1981), Lambert and Groves (1981),
Lambert et al. (1992), Kerrich et al. (2005) and
many others have shown that the distribution of
mineral deposits through time is not uniform,
with different classes of deposits having distri-
butions that can be related global tectonic events
and environmental changes. The early observa-
tions by Meyer (1981) and by Lambert and
Groves (1981) have largely held up, and the
greater availability of high precision geochrono-
logical data have refined deposit distributions
and demonstrated that the distribution of many
deposits are related to global tectonic processes
such as the assembly and break-up of supercon-
tinents and global environmental events such as
the Great Oxidation Event. Continued acquisition
of ore geochronology data will test current ideas
on global controls on metallogenesis and gener-
ate new ideas.

2.2 Radiogenic Isotopes in Tracing
and Mapping

Radiogenic isotope mapping has shown system-
atic spatial patterns in Sm–Nd, Pb–Pb and Lu–Hf
data that appear to be related to continental to
province-scale crustal boundaries identified using
other datasets (Champion and Huston 2023;
Huston and Champion 2023; Waltenberg 2023).
In many cases, the tectonic implications of these
boundaries are either poorly known or contro-
versial. The changes in isotopic characteristics
across these boundaries can provide important
constraints on the tectonic processes that

produced the boundaries. For example, Cham-
pion (2013) interpreted decreasing T2DM from
north to south in the North Australian Craton as
evidence for a long-lived convergent margin
along the southern margin, with implications to
metallogenesis of this province.

Armistead et al. (2021), using lead isotope
data from volcanic-hosted massive sulfide
(VHMS) and orogenic gold deposits, showed
that at the global scale the range in l has changed
with time, with the period after 1000 Ma having
a more restricted range that the period before.
Moreover, S Armistead (pers comm, 2022) sug-
gests that individual terranes have different lead
isotope characteristics that may be used as a
dataset to provide independent tests of paleotec-
tonic reconstructions and tectonic models, even
back into the Paleoarchean. Hence, radiogenic
isotope data and derived maps can be used to
place constraints on tectonic models, with
implications to metallogenic models.

Opportunities also exist to merge data from
different isotopic systems into one map. Vervoot
et al. (1999) demonstrated that ɛHf and ɛNd
strongly correlate for terrestrial rocks, indicating
that the two parameters are related by a simple
linear relationship. Use of this relationship raises
the possibility that isotopic maps from the Sm–

Nd and Lu–Hf systems can be combined into one
map. Another opportunity is extending isotopic
mapping to other isotopic systems, for example
the Re–Os system.

Owing to their increasing importance in the
energy transition, rare earth elements (REEs)
have become critical to the global economy, yet
mineral systems that form REE deposits are
poorly understood. As the Sm–Nd and Lu–Hf
isotopic systems are integral parts of REE min-
eral systems, these isotopic systems can provide
direct constraints on the sources of and processes
that enrich REEs.

Finally, Armistead et al. (2022) developed an
R tool to automatically calculate l and other
parameters from lead isotope data. Automation
of these calculations and isotope mapping
methods will allow more widespread use of iso-
topic data in metallogenic and tectonic studies,
and, ultimately, exploration.

470 D. L. Huston and J. Gutzmer



2.3 Light Stable Isotopes

Despite being a mature discipline, light stable
isotope research has seen several analytical
breakthroughs this century, leading to important
new insights into process in both Earth and
mineral systems (Huston et al. 2023a). These
analytical breakthroughs, and breakthroughs in
data integration, have and will continue to pro-
duce opportunities to apply isotope data to min-
eral system problems.

A feature of the four chapters on the use of
stable isotopes in specific mineral systems is data
integration. Huston et al. (2023b) integrate
oxygen-hydrogen and sulfur isotope data with
temporal data to infer that the fluid temperature
and sulfur source in VHMS mineral systems
have broadly changed with geological time.
Quesnel et al. (2023) integrate a range of isotopic
data from orogenic gold deposits with temporal
data to show how fluid sources have (and have
not) evolved through time, and Hagemann et al.
(2023) integrate data from Australia, Brazil and
South Africa to show the complexities and sim-
ilarities of ore fluids that upgraded iron formation
to form high-grade iron ore deposits. Finally,
Williams (2023) integrates isotopic data with
paragenetic observations from major shale-
hosted zinc deposits from the North Australian
Zinc Belt and the Northern Cordillera in North
America to assess differing hypotheses of ore
formation and the sources of sulfur and carbon.
All four studies illustrate the opportunity of the
integration of isotopic data with other data at the
global scale to provide insights into mineral
system processes not available through the study
of individual deposits.

Opportunities for data integration extend to
the microscopic scale as analytical capabilities
now allow collection of a wide range of isotopic
(and other) data from the same thin section and
even the same analytical spot. Collection of
comprehensive data from the same sample
enables a much clearer and more complete view
of stable isotopes and the processes that cause
their fractionation.

In addition to the opportunities offered by
microanalysis described above, the development
of effective techniques to analyze multiple iso-
topes, specifically sulfur isotopes, has offered
new insights into the sources of sulfur in mineral
deposits and processes that have affected the
sulfur cycle through time (Farquhar et al. 2000;
Caruso et al. 2022; Huston et al. 2023a,b).
Application of multiple sulfur isotope analyses to
other mineral systems will continue to provide
new constraints on sulfur sources and mineral-
izing processes.

Unlike multiple sulfur isotopes, clumped iso-
topes, that is combined variations of isotopes in
molecules (isotopologues), have not as yet been
used extensively in mineral system studies.
Clumped isotope analyses, mostly of CO2

extracted from carbonate minerals, provides
information about the temperature of mineral
formation that is independent of the isotopic
composition of the fluid (Ghosh et al. 2006).
Mering et al. (2018) have shown the potential of
clumped isotopes for a number of geothermal
systems and mineral deposits to indicate miner-
alization temperatures and infer d18O of the
mineralizing fluids. Because the fractionation of
clumped isotopes increases with decreasing
temperatures, clumped isotopes will be particu-
larly useful in low temperature mineral systems,
for example many basin-hosted systems. As
temperature calibrations are developed for min-
erals with higher temperature of closure to iso-
tope reordering, this new tool will have more
widespread application (Quesnel et al. 2022).
The potential of clumped isotopes is enhanced by
the development of new, rapid analytical tech-
niques for very small samples (Sakai et al. 2017).
Tunable mid-infrared laser absorption spectrom-
etry (TILDAS), as developed by Sakai et al.
(2017), differs from virtually all other methods of
isotopic analysis in that it uses infrared spec-
troscopy rather than mass spectrometry to
determine mass ratios.

Finally, recent analytical developments also
allow for determination of boron isotopes from
minerals in which boron is a minor constituent;
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previously boron isotope analyses have largely
been restricted to tourmaline. For example,
Codeço et al. (2019) determined hydrothermal
temperatures and d11B of ore fluids at the
Panasquiera W-Sn deposit in Portugal using
coeval tourmaline and white mica.

2.4 Metallic Stable Isotopes

Being a relatively new discipline, metallic
stable isotopes offer a number of opportunities
to counterbalance the challenges described
above. As both copper and iron occur naturally
in multiple valence states, one of the greatest
opportunities for the using isotopes of both
metals is to understand reactions, in particular
redox reactions, involved in hypogene miner-
alization and supergene enrichment (Lobato
et al. 2023; Mathur and Zhao 2023). The major
cause of iron isotope fractionation are redox
reactions that convert ferric to ferrous iron (or
vice versa). These reactions occur in many
geological environments and can include both
biologically mediated and abiological reactions
(Johnson et al. 2008; Lobato et al. 2023).
Hence, iron isotopes can be used to better
understand processes involved in formation of
not only iron ore deposits, but also other
deposits in which iron is a major component of
the ores.

As discussed by Mathur and Zhao (2023),
much of the variability in d65Cu in deposits
stems from redox and other reactions, either
during hypogene ore formation or supergene
overprinting. Although d65Cu variations occur in
high temperature systems such as orthomagmatic
mafic-hosted Ni–Cu deposits (Zhao et al. 2017),
the greatest fractionations are associated with
low temperature systems. Variations in d65Cu
can track redox reactions and reflect fluid path-
ways in sediment-hosted copper deposits (Haest
et al. 2009), whereas d65Cu data can be used to
assess the degree of weathering in leached caps
that have developed over porphyry copper
deposits and distinguish between hypogene ver-
sus supergene origins for copper minerals such as
chalcocite (Mathur and Zhao 2023).

All three metallic isotope systems discussed in
this book have potential as vectors to ore. Lobato
et al. (2023) indicate that decreases in d56Fe (and
d18O) may vector toward shear zones that have
acted as fluid conduits during the upgrading of
iron formation to iron ore. Similarly, Mathur and
Zhao (2023) show d65Cu zonation in a number of
deposit types (porphyry copper, epithermal,
skarn and layered mafic intrusion), indicating
that d65Cu may be a useful tool to distinguish ore
types and test linkages between deposit types in
the same district (e.g., between porphyry copper
and epithermal deposits), and assess gossanous
exposures. Wilkinson (2023) also notes zonation
in d66Zn in several sediment-hosted zinc depos-
its. These variations may have the potential for
use as deposit-scale vectors, but more case
studies are clearly required.

Finally, based upon current data, metallic
stable isotopes have limited opportunity as a tool
to identify metal sources. Mathur and Zhao
(2023) indicate that variability of d65Cu in
common rock types is limited, and most vari-
ability present in mineral deposits relates to
chemical reactions during hypogene mineraliza-
tion or supergene upgrading. Similarly, although
based on a much smaller dataset, Wilkinson
(2023) indicates that the variability in d66Zn in
common rock types is also small. With the
exceptions of Precambrian shales and iron for-
mation, d56Fe of sedimentary and igneous rocks
overlap each other and bulk silicate Earth
(Dauphas and Rouxel 2006), limiting the utility
of iron isotopes to determine iron sources in
most ore deposits.

3 Conclusions

The syntheses of isotopic research related to
mineral system science presented in this book
highlight the importance of isotopes to develop
knowledge of geological processes important to
ore formation. Moreover, each chapter has
identified important challenges and opportuni-
ties for continued contributions of isotopes to
ore formation at all scales and to mineral
exploration.
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Many of the challenges to isotopic science in
economic geology, metallogenesis and explo-
ration relate to the availability and quality of data.
For a number isotopic systems that have only
recently become viable due to analytical devel-
opments, the amount of data available is relatively
small and gathering sufficient data to determine
natural variations in isotopic ratios is a funda-
mental challenge, but also a major opportunity for
further research. For other, more mature isotopic
systems, improving analytical quality through
inter-laboratory and inter-method calibration is a
major challenge. A related challenge is the inte-
gration of bulk and in situ analyses. For most
isotopic systems, the development of rapid and
inexpensive analyses is essential to enable the use
of isotopic data in routine mineral exploration,
although it must be stressed that the data are used
by industry to resolve specific ore genesis ques-
tions. New analytical methods, such as TILDAS
(Sakai et al. 2017) may offer the opportunity for
rapid, high-precision isotopic analyses necessary
for routine usage in mineral exploration.

The opportunities for isotopic research are
many and varied. They range from the develop-
ment of new analytical techniques for an
increasing number of isotopic systems, through
the application of these new developments and
more conventional analyses to develop and test
concepts of ore systems, and to the integration of
data from multiple isotopic systems with other
geological data. Perhaps the most exciting
opportunity in isotopic research is this integration
at scales from the global to the microscopic. Such
integration at the global scale has already proved
successful in documenting secular changes in the
characteristics of mineral systems and the
implications of these changes to mineral system
processes. Isotopic research continues to be a
backbone to the development of models of ore
formation, but it faces a major challenge to
become widely used in mineral exploration.
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